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PREFACE

The objective of this book is to review the field of ra-
diogenic isotope geology in a concise manner, in order
to give readers an overview of the subject and to allow
them to critically assess the past and future literature.

The approach is historical for three reasons: firstly,
to give an impression of the development of thought in
the field so that the reader can understand the origin of
present ideas; secondly, to explain why past theories
have had to be modified; and thirdly, to present ‘fall
back’ positions lest current models be refuted at some
future date. The need for this type of approach has been
illustrated by several recent papers that have attempted
to ‘resurrect’ old theories that had been discarded in
the face of apparently strong evidence against them.
Hence, we see that a knowledge of the ‘classic work’
in the field is an important starting point for current
research.

The text is focussed on three types of literature.
Firstly, it attempts to give accurate attribution of new
ideas or methods; secondly, it reviews classic papers,
although these may not have historical precedence; and
thirdly, it presents case studies that have evoked con-
troversy in the literature, as examples of alternative
interpretations of data.

The radiogenic isotopic systems described in this
book offer an analytical ‘tool-box’ of methods. The
varied physical and chemical properties of different
parent–daughter pairs suit them to a range of differ-
ent dating and tracing tasks. Together, they allow
constraints to be placed on the behaviour of complex
natural systems in the solid and environmental Earth
sciences.

The book is organised so that each chapter is a
nearly free-standing entity covering one segment of
the field of radiogenic isotope geology. However, the
reader may benefit from an understanding of the thread,
which, in the author’s mind, links these chapters to-
gether.

Chapter 1 introduces radiogenic isotopes by dis-
cussing the synthesis and decay of nuclides within the
context of nuclear stability. Decay constants and the

radioactive decay law are introduced. Chapter 2 then
provides an experimental background to many of the
chapters that follow by discussing the details of mass
spectrometric analysis (TIMS and ICP-MS) together
with isochron regression fitting.

The next three chapters introduce the three pillars of
lithophile isotope geology, comprising the Sr, Nd and
Pb isotope methods. The emphasis is on their applica-
tions to geochronology and their evolution in terrestrial
systems. Chapter 3 covers the Rb–Sr system, since this
is one of the simplest and most basic dating methods.
Chapter 4 covers the Sm–Nd system, including the use
of Nd model ages to date crustal formation. Chap-
ter 5 examines U–Pb geochronology and introduces
the complexities of terrestrial Pb isotope evolution in a
straightforward fashion. Each chapter ends with an ex-
amination of these isotopes as environmental tracers,
focussing particularly on the oceans.

Chapters 6 and 7 apply Sr, Nd and Pb, as geochem-
ical tracers, to the study of oceanic and continental
igneous rocks. This is appropriate, because these iso-
topes are some of the basic tools of the isotope geo-
chemist, which together may allow an understanding
of the complexities of mantle processes and magmatic
evolution. These methods are supplemented in Chap-
ters 8 and 9 by insights from the Re–Os, Lu–Hf and
other lithophile isotope systems, arising from their dis-
tinct chemistry.

Chapter 10 completes the panoply of long-lived iso-
topic dating systems by introducing the K–Ar and Ar–
Ar methods, including their applications to magnetic
and thermal histories. This leads us naturally in Chap-
ter 11 to the consideration of rare gases as isotopic
tracers, which give unique insights into the degassing
history of the Earth.

Chapter 12 introduces the short-lived isotopes of the
uranium decay series, covering classical and recent
developments in the dating of Quaternary-age sedi-
mentary rocks. This prepares us for the complexities
of Chapter 13, which examines U-series isotopes as
tracers in igneous systems. Short-lived processes in

xiii



xiv Preface

Histogram of the numbers of figures used in the sec-
ond edition of Radiogenic Isotope Geology according
to their publication dates (in biennial samples). The
hatched area represents new material added since the
publication of the first edition.

mantle melting and magma evolution are the focus of
attention.

Chapter 14 examines the most important of the cos-
mogenic isotopes. These are not ‘radiogenic’ in the
strictest sense, but represent a vast and growing field
of chronology and isotope chemistry that is especially
pertinent to environmental geoscience.

Finally, in Chapters 15 and 16, we examine two
specialised fields that are on the fringes of radiogenic

isotope analysis, but which provide powerful geologi-
cal tools. The ‘extinct’ nuclides discussed in Chap-
ter 15 are used to throw light on the early evolu-
tion of the solar system. Lastly, Chapter 16 exam-
ines the use of (radiogenic) fission-track analysis as
a specialised dating tool for low-temperature thermal
histories.

The text is gathered around a large number of di-
agrams, many of which are classic figures from the
literature. Because of the centrality of these figures
in the text, they give an indication of the historical
coverage of the field in this book. The adjacent fig-
ure shows a ‘snap-shot’ of this data set, in the form of
a histogram of the numbers of diagrams used from a
series of two-yearly periods over the past fifty years.
This analysis shows a ‘period of emergence’ of isotope
geology in the first thirty years, followed by a ‘mature
period’ with essentially uniform coverage over the last
twenty years. The period of coverage ends in Decem-
ber 2002. Material from 2003 and subsequent years
will be reviewed on the web site that supports this book
(radiogenic.com).

I am very grateful to Conrad Guettler for his encour-
agement to begin this work, and to subsequent CUP ed-
itors Matt Lloyd and Sally Thomas for their ongoing
assistance with the updating of the text. I also thank
the many members of the geological community who
gave helpful comments on the text during its evolution,
and acknowledge the many authors and publishers for
permission to reproduce their classic figures. Finally,
and especially, I thank my family for their support and
encouragement over the years, without which this book
would not have been completed.



Acknowledgements

I am very grateful to the publishers listed below for permission to redraw figures from journals and books
for which they hold the copyright. Author acknowledgement for all figures is given within individual figure
captions, and corresponding titles, journal names, volumes and pages are contained in the list of cited references
at the end of each chapter.

Elsevier Science Publishers B.V.
Earth and Planetary Science Letters: 150 figures
Geochimica et Cosmochimica Acta: 87 figures
Chemical Geology: 35 figures
Nuclear Instruments and Methods: 6 figures
Nuclear Tracks: 6 figures
Lithos: 2 figures
Quaternary International: 1 figure

Macmillan Magazines Ltd
Nature: 64 figures

American Geophysical Union
Journal of Geophysical Research: 21 figures
Geophysical Research Letters: 8 figures
Water Resources Research: 4 figures
G cubed: 1 figure

American Association for the Advancement of Science
Science: 32 figures

Geological Society of America
Geology: 17 figures
Geological Society of America Bulletin: 2 figures

Springer-Verlag GmbH & Co.
Contributions to Mineralogy and Petrology: 20 figures
Neodymium Isotopes in Geology (DePaolo, 1988): 1 figure

The Royal Society of London
Philosophical Transactions, Royal Society of London 8 figures

Annual Reviews Inc.
Annual Review of Earth & Planetary Sciences: 5 figures

Blackwell Scientific Publishers
Australian Journal of Earth Sciences: 3 figures

xv



xvi Acknowledgements

Oxford University Press
Journal of Petrology: 3 figures

The American Physical Society
Reviews of Modern Physics: 2 figures

Blackie Ltd
Handbook of Silicate Rock Analysis (Potts, 1987): 2 figures

Society for Sedimentary Geology (SEPM)
Journal of Sedimentary Petrology: 2 figures

The University of Chicago Press
Astrophysical Journal: 2 figures
Journal of Geology: 1 figure
Radiocarbon Dating (Libby, 1955): 1 figure

Academic Press, Inc.
Icarus: 1 figure

American Chemical Society
Environmental Science and Technology: 1 figure

American Geological Institute
Geotimes: 1 figure

McGraw-Hill, Inc.
Ages of Rocks, Planets and Stars (Faul, 1966): 1 figure

National Research Council of Canada
Canadian Journal of Earth Science: 1 figure

University of California Press
Nuclear Tracks in Solids (Fleischer et al., 1975): 1 figure

Geological Association of Canada: 1 figure
Geoarchaeology: 1 figure
Journal of the Geological Society of London: 1 figure
Memoirs of the Institute of the University of Padova: 2 figures
Meteoritics and Planetary Science: 2 figures
Paleoceanography 1 figure
Quaternary Research 1 figure
Quaternary Science Review 1 figure
Radiocarbon: 2 figures
Reviews of Scientific Instruments: 1 figure
Scottish Journal of Geology: 1 figure
Tectonics: 1 figure
Tectonometrics: 1 figure
Zeitschrift für Physik: 1 figure

Total books 64 figures
Own 42 figures



1 Nucleosynthesis and
nuclear decay

1.1 The chart of the nuclides

In the field of isotope geology, neutrons, protons and
electrons can be regarded as the fundamental building
blocks of the atom. The composition of a given type
of atom, called a nuclide, is described by specifying
the number of protons (atomic number, Z ) and the
number of neutrons (N ) in the nucleus. The sum of
these is the mass number (A). By plotting Z against N
for all of the nuclides that have been known to exist (at
least momentarily), the chart of the nuclides is obtained
(Fig. 1.1). In this chart, horizontal rows of nuclides

Fig. 1.1. Chart of the nuclides in coordinates of proton number, Z , against neutron number, N. (�) = stable nuclides;
( ) = naturally occurring long-lived unstable nuclides; (�) = naturally occurring short-lived unstable nuclides. Some
geologically useful radionuclides are marked. Smooth envelope = theoretical nuclide stability limits. For links to
more detailed nuclide charts on the web, see radiogenic.com.

represent the same element (constant Z ) with a variable
number of neutrons (N ). These are isotopes.

There are 264 known stable nuclides, which have
not been observed to decay (with available detection
equipment). These define a central ‘path of stability’,
coloured black in Fig. 1.1. On either side of this path,
the zig-zag outline defines the limits of experimentally
known unstable nuclides (Hansen, 1987). These tend
to undergo increasingly rapid decay as one moves out
on either side of the path of stability. The smooth outer
envelopes are the theoretical limits of nuclide stability,
beyond which ‘prompt’ decay occurs. In that case the



2 Nucleosynthesis and nuclear decay

synthesis and decay of an unstable nuclide occurs in
a single particle interaction, giving it a zero effective
lifetime. As work progresses, the domain of experi-
mentally known nuclides should approach the theoret-
ical envelope, as has already occurred for nuclides with
Z < 22 (Hansen, 1987).

Recent experiments on the Darmstadt heavy-ion ac-
celerator, reviewed by Normile (1996), have helped
to expand the field of experimentally known unstable
nuclides on the neutron-rich side of the path of stabil-
ity (Fig. 1.1). These new isotopes were manufactured
by bombarding target material with 238U, triggering
fission reactions that produce a few very-neutron-rich
nuclei. The products were separated by mass spectrom-
etry and their properties examined using high-energy
detectors (e.g. Fig. 14.41). Knowledge about these un-
stable nuclei will improve our understanding of the
nucleosynthetic r-process, which operates within this
part of the nuclide chart (Fig. 1.7).

A few unstable nuclides have sufficiently long half-
lives that they have not entirely decayed to extinction
since the formation of the solar system. A few other
short-lived nuclides are either continuously generated
in the decay series of uranium and thorium, or pro-
duced by cosmic-ray bombardment of stable nuclides.
These nuclides, and one or two extinct short-lived iso-
topes, plus their daughter products, are the realm of
radiogenic isotope geology. Most of those with half-
lives over 0.5 Myr are marked in Fig. 1.2. Nuclides

Fig. 1.2. Unstable nuclides with half-lives (t1/2) over
0.5 Myr, in order of decreasing stability. Geologically
useful parent nuclides are marked. Some very-long-
lived radionuclides with no geological application are
also marked, in brackets.

with half-lives over 1012 yr decay too slowly to be ge-
ologically useful. Observation shows that all of the
other long-lived isotopes either have been or are being
applied in geology.

1.2 Nucleosynthesis

A realistic model for the nucleosynthesis of the ele-
ments must be based on empirical data for their ‘cosmic
abundances’. True cosmic abundances can be derived
from stellar spectroscopy or by chemical analysis of
galactic cosmic rays. However, such data are difficult
to measure at high precision, so cosmic abundances are
normally approximated by solar-system abundances.
These can be determined by solar spectroscopy or
by direct analysis of the most ‘primitive’ meteorites,
carbonaceous chondrites. A comparison of the latter
two sources of data (Ross and Aller, 1976) demon-
strates that there is good agreement for most elements
(Fig. 1.3). Exceptions are the volatile elements, which
have been lost from meteorites, and elements of the
Li–Be–B group, which are unstable in stars.

It is widely believed (e.g. Weinberg, 1977) that,
about 30 minutes after the ‘hot big bang’, the mat-
ter of the universe (in the form of protons and neu-
trons) consisted mostly of 1H and 22%–28% by mass
of 4He, along with traces of 2H (deuterium) and 3He.
Hydrogen is still by far the most abundant element in
the universe (88.6% of all nuclei) and, with helium,
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Fig. 1.3. Comparison of solar-system abundances (rela-
tive to silicon) determined by solar spectroscopy and by
analysis of carbonaceous chondrites. After Ringwood
(1979).
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makes up 99% of its mass, but naturally occurring
heavy nuclides now exist up to atomic weight 254 or
beyond (Fig. 1.1). These heavier nuclei must have been
produced by nucleosynthetic processes in stars, rather
than in the big bang, because stars of different ages
have different compositions that can be detected spec-
troscopically. Furthermore, stars at particular evolu-
tionary stages may have compositional abnormalities,
such as the presence of 254Cf in supernovae. If nucle-
osynthesis of the heavy elements had occurred in the
big bang, their distribution would be uniform through-
out the universe.

1.2.1 Stellar evolution

Present-day models of stellar nucleosynthesis are
based heavily on a classic review paper by Burbidge
et al. (1957), in which eight element-building pro-
cesses were identified (hydrogen burning, helium burn-
ing, α, e, s, r, x and p). Different processes were
invoked to explain the abundance patterns of differ-
ent groups of elements. These processes are, in turn,
linked to different stages of stellar evolution. It is there-
fore appropriate at this point to summarise the life-
history of some typical stars (e.g. Iben, 1967). The
length of this life-history depends directly on the stel-
lar mass, and can be traced on a plot of absolute mag-
nitude (brightness) against spectral class (colour), re-
ferred to as the Hertzsprung–Russell or H–R diagram
(Fig. 1.4).

Fig. 1.4. Plot of absolute magnitude against spectral
class of stars. Hatched areas show distributions of the
three main star groups. The postulated evolutionary
path of a star of solar mass is shown.

Gravitational accretion of a star of solar mass from
cold primordial hydrogen and helium would probably
take about 106 yr to raise the core temperature to about
107 K, when nuclear fusion of hydrogen to helium can
begin (Atkinson and Houtermans, 1929). This process
is also called ‘hydrogen burning’. The star spends most
of its life at this stage, as a ‘main-sequence’ star, where
equilibrium is set up between energy supply by fusion
and energy loss in the form of radiation. For the Sun,
this stage will probably last about 1010 yr, but a very
large star with fifteen times the Sun’s mass may remain
in the main sequence for only 107 yr.

When the bulk of hydrogen in a small star has been
converted into 4He, inward density-driven forces ex-
ceed outward radiation pressure, causing gravitational
contraction. However, the resulting rise in core temper-
ature causes expansion of the outer hydrogen-rich layer
of the star. This forms a huge low-density envelope
whose surface temperature may fall to about 4000 K,
observed as a ‘red giant’. This stage lasts only one tenth
as long as the main-sequence stage. When core temper-
atures reach 1.5 × 107 K, a more efficient hydrogen-
burning reaction becomes possible if the star contains
traces of carbon, nitrogen and oxygen inherited from
older generations of stars. This form of hydrogen burn-
ing is called the C–N–O cycle (Bethe, 1939).

At some point during the red-giant stage, core tem-
peratures may reach 108 K, when fusion of He to car-
bon is ignited (the ‘helium flash’). Further core con-
traction, yielding a temperature of about 109 K, follows
as the helium supply becomes exhausted. At these tem-
peratures an endothermic process of α-particle emis-
sion can occur, allowing the building of heavier nu-
clides up to mass 40. However, this quickly expends
the remaining burnable fuel of the star, which then
cools to a white dwarf.

More massive stars (of several solar masses) have a
different life-history. In these stars, the greater gravita-
tionally induced pressure–temperature conditions al-
low the fusion of helium to begin early in the red-giant
stage. This is followed by further contraction and heat-
ing, allowing the fusion of carbon and successively
heavier elements. However, as supplies of lighter ele-
ments become exhausted, gravitationally induced con-
traction and heating occur at an ever increasing pace
(Fig. 1.5), until the implosion is stopped by the attain-
ment of neutron-star density. The resulting shock wave
causes a supernova explosion, which ends the star’s life
(e.g. Burrows, 2000).

In the minutes before explosion, when tempera-
tures exceed 3 × 109 K, very rapid nuclear interactions
occur. Energetic equilibrium is established between
nuclei and free protons and neutrons, synthesising
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Fig. 1.5. Schematic diagram of the evolution of a large
star, showing the nucleosynthetic processes that occur
along its accelerating life-history in response to increas-
ing temperature. Note that time is measured back-
wards from the end of the star’s life on the right. After
Burbidge et al. (1957).

elements like Fe by the so-called e-process. The su-
pernova explosion itself lasts only a few seconds,
but is characterised by colossal neutron fluxes. These
very rapidly synthesise heavier elements, terminating
at 254Cf, which undergoes spontaneous fission. Prod-
ucts of the supernova explosion are distributed through
space and later incorporated in a new generation of
stars.

1.2.2 Stages in the nucleosynthesis of
heavy elements

A schematic diagram of the cosmic abundance chart
is given in Fig. 1.6. We will now see how various nu-
cleosynthetic processes are invoked to account for its
form.

The element-building process begins with the fusion
of four protons to one 4He nucleus, which occurs in
three stages:

1H + 1H → 2D + e+ + ν

(Q = +1.44 MeV, t1/2 = 1.4 × 1010 yr)
2D + 1H → 3He + γ

(Q = +5.49 MeV, t1/2 = 0.6 s)
3He + 3He → 4He + 2 1H + γ

(Q = +12.86 MeV, t1/2 = 106 yr)

where Q is the energy output and t1/2 is the reaction
time of each stage (the time necessary to consume one-
half of the reactants) for the centre of the Sun. The long
reaction time for the first step explains the long duration
of the hydrogen-burning (main-sequence) stage for

Fig. 1.6. Schematic diagram of the cosmic abundances
of the elements, highlighting the nucleosynthetic pro-
cesses responsible for forming various groups of nu-
clides. After Burbidge et al. (1957).

small stars like the Sun. The overall reaction converts
four protons into one helium nucleus, two positrons
and two neutrinos, plus a large output of energy in the
form of high-frequency photons. Hence the reaction
is very strongly exothermic. Although deuterium and
3He are generated in the first two reactions above, their
consumption in the third accounts for their much lower
cosmic abundances than that of 4He.

If heavier elements are present in a star (e.g. carbon
and nitrogen) then the catalytic C–N–O sequence of
reactions can occur, which also combines four protons
to make one helium nucleus:

12C + 1H → 13N + γ

(Q = +1.95 MeV, t1/2 = 1.3 × 107 yr)
13N → 13C + e+ + ν

(Q = +2.22 MeV, t1/2 = 7 min)
13C + 1H → 14N + γ

(Q = +7.54 MeV, t1/2 = 3 × 106 yr)
14N + 1H → 15O + γ

(Q = +7.35 MeV, t1/2 = 3 × 105 yr)
15O → 15N + e+ + ν

(Q = +2.70 MeV, t1/2 = 82 s)
15N + 1H → 12C + 4He

(Q = +4.96 MeV, t1/2 = 105 yr)
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The C–N–O elements have greater potential energy
barriers to fusion than hydrogen, so these reactions
require higher temperatures to operate than the sim-
ple proton–proton (p–p) reaction. However, the reac-
tion times are much shorter than for the p–p reaction.
Therefore the C–N–O reaction contributes less than
10% of hydrogen-burning reactions in a small star like
the Sun, but is overwhelmingly dominant in large stars.
This explains their much shorter lifespan in the main
sequence.

Helium burning also occurs in stages:

4He + 4He → 8Be (Q = +0.09 MeV)
8Be + 4He → 12C∗ (Q = −0.37 MeV)

12C∗ → 12C + γ (Q = +7.65 MeV)

The 8Be nucleus is very unstable (t1/2 < 10−15 s) and
the Be/He equilibrium ratio in the core of a red gi-
ant is estimated at 10−9. However, its life is just
long enough to allow the possibility of collision with
another helium nucleus. (Instantaneous three-particle
collisions are very rare.) The energy yield of the first
stage is small, and the second is actually endother-
mic, but the decay of excited 12C∗ to the ground state
is strongly exothermic, driving the equilibria to the
right.

The elements Li, Be and B have low nuclear bind-
ing energies, so they are unstable at the tempera-
tures of 107 K and above found at the centres of
stars. They are therefore bypassed by stellar nucle-
osynthetic reactions, leading to low cosmic abun-
dances (Fig. 1.6). The fact that the five stable iso-
topes 6Li, 7Li, 9Be, 10B and 11B exist at all has
been attributed to fragmentation effects (spallation) of
heavy cosmic rays (atomic nuclei travelling through
the galaxy at relativistic speeds) as they hit inter-
stellar gas atoms (Reeves, 1974). This is termed the
x-process.

Problems have been recognised in the x-process
model for generating the light elements Li, Be and
B, since cosmic-ray spallation cannot explain the ob-
served isotope ratios of these elements in solar-system
materials. However, Casse et al. (1995) proposed that
carbon and oxygen nuclei ejected from supernovae
can generate these nuclides by collision with hydro-
gen and helium in the surrounding gas cloud. This
process is believed to occur in regions such as the
Orion nebula. The combination of supernova pro-
duction with spallation of galactic cosmic rays can
explain observed solar-system abundances of Li, Be
and B.

Following the synthesis of carbon, further helium-
burning reactions are possible, to produce heavier

nuclei:
12C + 4He → 16O + γ (Q = +7.15 MeV)
16O + 4He → 20Ne + γ (Q = +4.75 MeV)

20Ne + 4He → 24Mg + γ (Q = +9.31 MeV)

Intervening nuclei such as 13N can be produced by
adding protons to these species, but are themselves
consumed in the process of catalytic hydrogen burning
mentioned above.

In old red-giant stars, carbon-burning reactions can
occur:
12C + 12C → 24Mg + γ (Q = +13.85 MeV)

→ 23Na + 1H (Q = +2.23 MeV)
→ 20Ne + 4He (Q = +4.62 MeV)

The hydrogen and helium nuclei regenerated in these
processes allow further reactions, which help to fill in
gaps between masses 12 and 24.

When a small star reaches its maximum core temper-
ature of 109 K, the endothermic α-process can occur:

20Ne + γ → 16O + 4He (Q = −4.75 MeV)

The energy consumption of this process is compen-
sated by strongly exothermic reactions such as

20Ne + 4He → 24Mg + γ (Q = +9.31 MeV)

so that the overall reaction generates a positive energy
budget. The process resembles helium burning, but is
distinguished by the different source of 4He. The α-
process can build up from 24Mg through the sequence
28Si, 32S, 36Ar and 40Ca, where it terminates, owing to
the instability of 44Ti.

The maximum temperatures reached in the core of a
small star do not allow substantial heavy-element pro-
duction. However, in the final stages of the evolution
of larger stars, before a supernova explosion, the core
temperature exceeds 3 × 109 K. This allows energetic
equilibrium to be established by very rapid nuclear re-
actions between the various nuclei and free protons
and neutrons (the e-process). Because 56Fe is at the
peak of the nuclear binding-energy curve, this element
is most favoured by the e-process (Fig. 1.6). However,
the other first-series transition elements V, Cr, Mn, Co
and Ni in the mass range 50–62 are also attributed to
this process.

During the last few million years of a red giant’s life,
a slow process of neutron addition with emission of
γ rays (the s-process) can synthesise many additional
nuclides up to mass 209 (see Fig. 1.7). Two possible
neutron sources are

13C + 4He → 16O + n + γ
21Ne + 4He → 24Mg + n + γ
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Fig. 1.7. Neutron-capture paths of the s-process and r-process shown on the chart of the nuclides. The hatched
zone indicates the r-process nucleosynthetic pathway for a plausible neutron flux. Neutron ‘magic numbers’ are
indicated by vertical lines, and mass numbers of nuclide-abundance peaks are marked. After Seeger et al. (1965).

The 13C and 21Ne parents can be produced by proton
bombardment of the common 12C and 20Ne nuclides.

Because neutron capture in the s-process is relatively
slow, unstable neutron-rich nuclides generated in this
process have time to decay byβ emission before further
neutron addition. Hence the nucleosynthetic path of
the s-process climbs in many small steps up the path
of greatest stability of proton/neutron ratio (Fig. 1.7)
and is finally terminated by the α decay of 210Po back
to 206Pb and 209Bi back to 205Tl.

The ‘neutron-capture cross-section’ of a nuclide ex-
presses how readily it can absorb incoming thermal
neutrons, and therefore determines how likely it is to
be converted to a species of higher atomic mass by
neutron bombardment. Nuclides with certain neutron
numbers (e.g. 50, 82 and 126) have unusually small
neutron-capture cross-sections, making them particu-
larly resistant to further reaction, and giving rise to
local peaks in abundance at masses 90, 138 and 208.
Hence, N = 50, 82 and 126 are empirically referred to
as neutron ‘magic numbers’.

In contrast to the s-process, which may occur over
periods of millions of years in red giants, r-process neu-
trons are added in very rapid succession to a nucleus
before β decay is possible. The nuclei are therefore
rapidly driven to the neutron-rich side of the stability
line, until they reach a new equilibrium between neu-
tron addition and β decay, represented by the hatched
zone in Fig. 1.7. Nuclides move along this r-process

pathway until they reach a configuration with low
neutron-capture cross-section (a neutron magic num-
ber). At these points a ‘cascade’ of alternating β decays
and single neutron additions occurs, indicated by the
notched ladders in Fig. 1.7. Nuclides climb these lad-
ders until they reach the next segment of the r-process
pathway.

Nuclides with neutron magic numbers build to ex-
cess abundances, as with the s-process, but they oc-
cur at proton-deficient compositions relative to the s-
process stability path. Therefore, when the neutron flux
falls off and nuclides on the ladders undergo β decay
back to the stability line, the r-process local abundance
peaks are displaced about 6–12 mass units below the
s-process peaks (Fig. 1.6).

The r-process is terminated by neutron-induced fis-
sion at mass 254, and nuclear matter is fed back into the
element-building processes at masses of about 108 and
146. Thus, cycling of nuclear reactions occurs above
mass 108. Because of the extreme neutron flux pos-
tulated for the r-process, its occurrence is probably
limited to supernovae.

The effects of r- and s-process synthesis of typical
heavy elements may be demonstrated by an examina-
tion of the chart of the nuclides in the region of the
light rare earths (Fig. 1.8). The step-by-step building
of the s-process contrasts with the ‘rain of nuclides’
produced by β decay of r-process products. Some nu-
clides, such as those from 143Nd to 146Nd, are produced
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Fig. 1.8. Part of the chart of the nuclides in the area of the light rare earths to show p-, r- and s-process product
nuclides. After O’Nions et al. (1979).

by both r- and s-processes. Some, such as 142Nd, are
s-only nuclides ‘shielded’ from the decay products of
the r-process by intervening nuclides. Others, such as
148Nd and 150Nd, are r-only nuclides that lie off the
s-process production pathway.

Several heavy nuclides from 74Se to 196Hg lie iso-
lated on the proton-rich side of the s-process growth
path (e.g. 144Sm in Fig. 1.8), and are also shielded
from r-process production. In order to explain the ex-
istence of these nuclides, it is necessary to postulate
a p-process by which normal r- and s-process nuclei
are bombarded by protons at very high temperature
(>2 × 109 K), probably in the outer envelope of a su-
pernova.

1.3 Radioactive decay

Nuclear stability and decay are best understood in the
context of the chart of nuclides. It has already been
noted that naturally occurring nuclides define a path in
the chart of the nuclides, corresponding to the greatest
stability of proton/neutron ratio. For nuclides of low
atomic mass, the greatest stability is achieved when
the numbers of neutrons and protons are approximately
equal (N = Z ) but as atomic mass increases, the sta-
ble neutron/proton ratio increases until N /Z = 1.5.
Theoretical stability limits are illustrated on a plot
of N /Z against mass number (A) in Fig. 1.9 (Hanna,
1959).

The path of stability is in fact an energy ‘valley’
into which the surrounding unstable nuclides tend to
fall, emitting particles and energy. This constitutes
the process of radioactive decay. The nature of par-
ticles emitted depends on the location of the unstable

nuclide relative to the energy valley. Unstable nuclides
on either side of the valley usually decay by ‘isobaric’
processes. That is, a nuclear proton is converted to a
neutron, or vice-versa, but the mass of the nuclide does
not change significantly (except for the ‘mass defect’
consumed as nuclear binding energy). In contrast, un-
stable nuclides at the high end of the energy valley
often decay by emission of a heavy particle (e.g. an α

particle), thus reducing the overall mass of the nuclide.

1.3.1 Isobaric decay

The various decay processes indicated in Fig. 1.9 can
best be understood by looking at example sections of
the chart of nuclides. Figure 1.10 shows a part of the
chart around the element potassium. The diagonal lines
indicate isobars (nuclides of equal mass), which are
displayed on energy sections in Figs. 1.11 and 1.12.

Nuclides deficient in protons decay by transforma-
tion of a neutron into a proton and an electron. The
latter is then expelled from the nucleus as a negative
‘β’ particle (β−), together with an anti-neutrino (ν̄).
The energy released by the transformation is divided
between the β particle and the anti-neutrino as kinetic
energy (Fermi, 1934). The observed consequence is
that the β particles emitted have a continuous energy
distribution from nearly zero to the maximum decay
energy. Low-energy β particles are very difficult to
separate from background noise in a detector, making
the β-decay constant of nuclides such as 87Rb very
difficult to determine accurately by direct counting
(section 3.1).

In many cases the nuclide produced by β decay is left
in an excited state, which subsequently decays to the
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Fig. 1.9. Theoretical stability limits of nuclides illustrated on a plot of N/Z against mass number (A). Lower limits
for α emission are shown for α energies of 0, 2 and 4 MeV. Stability limits against spontaneous fission are shown
for half-lives of 1010 yr and zero (instantaneous fission). After Hanna (1959).

Fig. 1.10. Part of the chart of the nuclides, in coordinates of atomic number (Z ) against neutron number (N) in
the region of potassium. Stable nuclides are shaded; the long-lived unstable nuclide 40K is hatched. Diagonal lines
are isobars (lines of constant mass number, A).

ground-state nuclide by a release of energy. This may
be lost as a γ ray of discrete energy, or may be trans-
ferred from the nucleus to an orbital electron, which
is then expelled from the atom. In the latter case, nu-
clear energy emitted in excess of the binding energy
of the electron is transferred to the electron as kinetic
energy, which is superimposed as a line spectrum on
the continuous spectrum of the β particles. The meta-
stable states, or ‘isomers’, of the product nuclide are
denoted by the superfix ‘m’, and have half-lives from
less than a picosecond up to 241 years (in the case of
192mIr). Many β emitters have complex energy spectra
involving a ground-state product and more than one

short-lived isomer, as shown in Fig. 1.11. The decay
of 40Cl can yield 35 different isomers of 40Ar (Lederer
and Shirley, 1978), but these are omitted from Fig. 1.12
for the sake of clarity.

Nuclides deficient in neutrons, e.g. 38K (Fig. 1.11),
may decay by two different processes: positron emis-
sion and electron capture. Both processes yield a prod-
uct nuclide that is an isobar of the parent, by transfor-
mation of a proton into a neutron. In positron emission
a positively charged electron (β+) is emitted from the
nucleus together with a neutrino. As with β− emission,
the decay energy is shared between the kinetic energies
of the two particles. After having been slowed down
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Fig. 1.11. A simple energy section through the chart of
nuclides along the isobar A = 38 showing nuclides and
isomers. Data from Lederer and Shirley (1978).

by collision with atoms, the positron interacts with an
orbital electron, whereby both are annihilated, yielding
two 0.511-MeV γ rays. (This forms part of the decay
energy of the nuclear transformation.)

In electron-capture decay (EC) a nuclear proton is
transformed into a neutron by capture of an orbital
electron, usually from one of the inner shells, but pos-
sibly from an outer shell. A neutrino is emitted from
the nucleus, and an outer orbital electron falls into the
vacancy produced by electron capture, emitting a char-
acteristic X-ray. The product nucleus may be left in an
excited state, in which case it decays to the ground state
by γ emission.

When the transition energy of a decay route is
less than the energy equivalent of the positron mass
(2mec2 = 1.022 MeV), decay is entirely by electron
capture. Thereafter, the ratio β+/EC increases rapidly
with increasing transition energy (Fig. 1.12), but a
small amount of electron capture always accompanies
positron emission even at high transition energies.

It is empirically observed (Mattauch, 1934) that ad-
jacent isobars cannot be stable. Since 40Ar and 40Ca are

Fig. 1.12. Energy section through the chart of nuclides
along isobar A = 40. Isomers are omitted for simplicity.
For nuclides with more than one decay mechanism the
percentages of transitions by different decay routes are
indicated. Data from Lederer and Shirley (1978).

both stable species (Fig. 1.10), 40K must be unstable,
and exhibits a branched decay to the isobars on either
side (Fig. 1.12).

1.3.2 Alpha- and heavy-particle decay

Heavy atoms above bismuth in the chart of nuclides
often decay by emission of an α particle, consisting
of two protons and two neutrons (He2+). The daughter
product is not an isobar of the parent, and has an atomic
mass reduced by four. The product nuclide may be
in the ground state, or remain in an excited state and
subsequently decay by γ emission. The decay energy
is shared between kinetic energy of the α particle and
recoil energy of the product nuclide.

The U and Th decay series are shown in Fig. 12.2.
Because the energy valley of stable proton/neutron ra-
tios in this part of the chart of the nuclides has a slope
of less than unity, α decays tend to drive the products
off to the neutron-rich side of the energy valley, where
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they undergo β decay. In fact, β decay may occur be-
fore the corresponding α decay.

At intermediate masses in the chart of the nuclides, α
decay may occasionally be an alternative to positron or
electron-capture decay for proton-rich species such as
147Sm. However, α decays do not occur at low atomic
numbers because the path of nuclear stability has a
Z /N slope close to unity in this region (Fig. 1.1). Any
such decays would simply drive unstable species along
(parallel to) the energy valley.

An exotic kind of radioactive decay was discovered
in the 235U to 207Pb decay series (Rose and Jones,
1984), whereby 223Ra decays by emission of 14C di-
rectly to 209Pb with a decay energy of 13.8 MeV. How-
ever, this mode of decay occurs with a frequency of
less than 10−9 that of the α decay of 223Ra.

1.3.3 Nuclear fission and the Oklo natural
reactor

The nuclide 238U (atomic number 92) undergoes spon-
taneous fission into two product nuclei of different
atomic numbers, typically about 40 and 53 (Sr and
I), together with various other particles and a large
amount of energy. Because the heavy parent nuclide
has a high neutron/proton ratio, the daughter products
have an excess of neutrons and undergo isobaric decay
by β emission. Although the frequency of spontaneous
fission of 238U is less than 2 × 10−6 that of α decay,
for heavier transuranium elements spontaneous fission
is the principal mode of decay. Other nuclides, such
as 235U, may undergo fission if they are struck by a
neutron. Furthermore, since fission releases neutrons,
which promote further fission reactions, a chain reac-
tion may be established. If the concentration of fissile
nuclides is high enough, this leads to a thermonuclear
explosion, as in a supernova or atomic bomb.

In special cases where an intermediate heavy-
element concentration is maintained, a self-sustaining
but non-explosive chain reaction may be possible. This
depends largely on the presence of a ‘moderator’. Ener-
getic ‘fast’ neutrons produced by fission undergo mul-
tiple elastic collisions with atoms of the moderator.
They are decelerated into ‘thermal’ neutrons, having
velocities characteristic of the thermal vibration of the
medium, the optimum velocity for promoting fission
reactions in the surrounding heavy atoms. One natural
case of such an occurrence is known, termed the Oklo
natural reactor (Cowan, 1976; Naudet, 1976).

In May 1972, 235U depletions were found in uranium
ore entering a French processing plant and traced to
an ore deposit at Oklo in the Gabon republic of cen-
tral Africa. Despite its apparent improbability, there is

overwhelming geological evidence that the 235U deple-
tions were caused by the operation of a natural fission
reactor about 1.8 Byr ago. It appears that, during the
Early Proterozoic, conditions were such that the se-
ries of coincidences needed to create a natural fission
reactor were achieved more easily than at the present
day.

This probably began when uranium dispersed in
granitic basement was eroded and concentrated in
stream-bed placer deposits. It was immobilised in this
environment as the insoluble reduced form due to the
nature of prevailing atmospheric conditions. With the
appearance of blue–green algae, the first organisms
capable of photosynthesis, the oxygen content of the
atmosphere, and hence of river water, probably rose,
converting some reduced uranium into more-soluble
oxidised forms. These were carried down-stream in
solution. When the soluble uranium reached a river
delta, it must have encountered sediments rich in or-
ganic ooze, creating an oxygen deficiency that again
reduced and immobilised uranium, but now at a much
higher concentration (up to 0.5% uranium by weight).

After burial and compaction of the deposit, it was
subsequently uplifted, folded and fractured, allowing
oxygenated ground-waters to re-mobilise and concen-
trate the ores into veins over 1 m wide of almost pure
uranium oxide. Hence the special oxygen-fugacity
conditions obtaining in the Proterozoic helped to pro-
duce a particularly concentrated deposit. However,
its operation as a reactor depended on the greater
235U abundance (3%) at that time, compared with
the present-day level of 0.72%, which has been re-
duced by α decay in the intervening time (half-life
700 Myr).

In the case of Oklo, light water (H2O) must have
acted as a moderator, and the nuclear reaction was con-
trolled by a balance between loss of hot water (by con-
vective heating or boiling) and its replacement by an
influx of cold ground-water. In this way the estimated
total energy output (15 000 megawatt years, represent-
ing the consumption of six tons of 235U) was probably
maintained at an average of only 20 kilowatts for about
0.8 Myr.

Geochemical evidence for the occurrence of fis-
sion is derived firstly from the characteristic elemen-
tal abundances of fission products. For example, ex-
cess concentrations of rare earths and other immobile
elements such as Zr are observed. Concentrations of
alkali metals and alkaline earths were probably also
enriched, but these elements have subsequently been
removed by leaching. Secondly, the characteristic iso-
tope abundances of some elements can be explained
only by invoking fission (Raffenach et al., 1976).
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Fig. 1.13. Bar charts to compare the isotope compo-
sitions in normal Nd, Oklo ore, and reactor fission-
product waste. Data from Cowan (1976).

The Nd isotope composition of the Oklo ore is very
distinctive (Fig. 1.13). 142Nd is shielded from isobaric
decay of the neutron-rich fission products (Fig. 1.8),
so its abundance indicates the level of normal Nd. Af-
ter correction for enhanced abundances of 144Nd and
146Nd due to neutron capture by the large-cross-section
nuclides 143Nd and 145Nd, Oklo Nd has an isotopic
composition closely resembling that of normal reactor
fission-product waste (Fig. 1.13).

Evidence for a significant neutron flux is also
demonstrated by the isotope signatures of actinide el-
ements. For example, the abundant isotope of uranium
(238U) readily captures fast neutrons to yield an appre-
ciable amount of 239U, which decays by β emission to
239Np and then 239Pu (Fig. 1.14). The latter decays by
α emission with a half-life of 24 400 yr to yield more
235U, contributing an extra 50% to the ‘burnable’ fuel,
as in a ‘fast’ breeder reactor (‘fast’ refers to the speed
of the neutrons involved). Because the fission products
of 239Pu and 235U have distinct isotopic signatures, it
is determined that very little 239Pu underwent neutron-
induced fission before decaying to 235U. Hence, the
low flux and prolonged lifetime of the natural reactor
are deduced.

1.4 The law of radioactive decay

The rate of decay of a radioactive parent nuclide to
a stable daughter product is proportional to the num-
ber of atoms, n, present at any time t (Rutherford and

Fig. 1.14. Nuclear reactions leading to ‘breeding’ of
transuranium element fuel in the Oklo natural reactor.

Soddy, 1902):

−dn

dt
= λn [1.1]

where λ is the constant of proportionality, which is
characteristic of the radionuclide in question and is
called the decay constant (expressed in units of recip-
rocal time). The decay constant states the probability
that a given atom of the radionuclide will decay within
a stated time. The term dn/dt is the rate of change
of the number of parent atoms, and is negative be-
cause this rate decreases with time. On rearranging
equation [1.1], we obtain

dn

dt
= −λn [1.2]

This expression is integrated from t = 0 to t , given that
the number of atoms present at time t = 0 is n0:∫ n

n0

dn

n
= −λ

∫ t

t=0
dt [1.3]

Hence

ln

(
n

n0

)
= −λt [1.4]

which can also be written as

n = n0e−λt [1.5]

A useful way of referring to the rate of decay of a
radionuclide is the ‘half-life’, t1/2, which is the time
required for half of the parent atoms to decay. On sub-
stituting n = n0/2 and t = t1/2 into [1.5], and taking
the natural logarithm of both sides, we obtain

t1/2 = ln 2

λ
= 0.693

λ
[1.6]
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The number of radiogenic daughter atoms formed, D∗,
is equal to the number of parent atoms consumed:

D∗ = n0 − n [1.7]

but n0 = neλt (from [1.5]); so substituting for n0 in
[1.7] yields

D∗ = neλt − n [1.8]

i.e.

D∗ = n(eλt − 1) [1.9]

If the number of daughter atoms at time t = 0 is D0,
then the total number of daughter atoms after time t is
given as

D = D0 + n(eλt − 1) [1.10]

This equation is the fundamental basis of most
geochronological dating tools.

In the uranium-series decay chains, the daughter
products of radioactive decay (other than three Pb iso-
topes) are themselves radioactive. Hence the rate of
decay of such a daughter product is given by the dif-
ference between its rate of production from the parent
and its own decay rate:

dn2/dt = n1λ1 − n2λ2 [1.11]

where n1 and λ1 are the abundance and decay constant
of the parent, and n2 and λ2 correspond to the daughter.

However, [1.5] can be substituted for n1 in [1.11] to
yield

dn2/dt = n1,initiale
−λ1tλ1 − n2λ2 [1.12]

This equation is integrated for a chosen set of initial
conditions, the simplest of which sets n2 = 0 at t = 0.
Then

n2λ2 = λ1

λ2 − λ1
n1,initial(e

−λ1t − e−λ2t ) [1.13]

This type of solution was first demonstrated by Bate-
man (1910) and is named after him. Catchen (1984) ex-
amined more general initial conditions for these equa-
tions, leading to more complex solutions.

1.4.1 Uniformitarianism

When using radioactive decay to measure the ages of
rocks, we must apply the classic principle of uniformi-
tarianism (Hutton, 1788), by assuming that the decay
constant of the parent radionuclide has not changed
during the history of the Earth. It is therefore impor-
tant to outline some evidence that this assumption is
justified.

The decay constant of a radionuclide depends on
nuclear constants, such as a (which equals the square
of the elementary charge, divided by Planck’s constant
and the velocity of light). Shlyakhter (1976) argued
that the neutron-capture cross-section of a nuclide is
very sensitively dependent on nuclear constants. Be-
cause neutron absorbers (such as 143Nd and 145Nd) in
the 1.8-Byr-old Oklo natural reactor give rise to the
expected increases in abundance of product isotopes
(Fig. 1.13), this constrains nuclear constants to have
remained more or less invariant over the last 2 Byr.

The possibility that physical conditions (e.g. pres-
sure and temperature) could affect radionuclide decay
constants must also be examined. Because radioac-
tive decay is a property of the nucleus, which is
shielded from outside influence by orbital electrons,
it is very unlikely that physical conditions influence
α or β decay, but electron-capture decay could be
affected. Hensley et al. (1973) demonstrated that the
electron-capture decay of 7Be to 7Li is increased by
0.59% when BeO is subjected to 270 ± 10 kbar pres-
sure in a diamond anvil. This raises the question of
whether the electron-capture decay of 40K to 40Ar
could be pressure-dependent, affecting K–Ar dates. In
fact, this is very unlikely, because under high-pressure–
temperature conditions at depth in the Earth, K–Ar sys-
tems will be chemically open and unable to yield dates
at all, while at crustal depths the pressure dependence
of λ will be negligible compared with experimental
errors.

There are a few ways in which the invariance
of decay constants has been verified experimentally.
Uranium-series dates have been calibrated against
coral growth bands back to one thousand years (sec-
tion 12.4.2), the radiocarbon method has been cali-
brated against tree rings (dendrochronology) back to
10 kyr (section 14.1.4), and K–Ar ages have been cali-
brated against rates of sea-floor spreading over periods
of several million years (section 10.4). In addition, age
agreements between systems with very different decay
constants also provide supporting evidence.

There have been many attempts to test the consis-
tency of various decay constants by comparing ages
for geologically ‘well-behaved’ systems using differ-
ent dating methods (e.g. Begemann et al., 2001). As
well as verifying the uniformitarian assumption, such
geological decay-constant comparisons allow the val-
ues for poorly known decay schemes to be optimised
by comparison with better-known decay schemes. At
present, the uranium decay constants are the most well
established, and therefore the basis for most compar-
isons. However, a promising new calibration is the ‘as-
tronomical timescale’, which is based on the tuning of
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Table 1.1. Summary of decay constants and half-lives of long-lived nuclides

Decay constant

Nuclide Steiger and Jäger (1977) ‘Best value’ Half-life Reference

40K(40Ar) 5.81 × 10−11 11.93 Byr Beckinsale and Gale (1969)
40K(40Ca) 4.962 × 10−10 1.397 Byr
40K(total) 5.543 × 10−10 1.25 Byr
87Sr 1.42 × 10−11 1.402 ×10−11 49.44 Byr Minster et al. (1982)
147Sm 6.54 × 10−12 106.0 Byr Lugmair and Marti (1978)
176Lu 1.867 × 10−11 37.1 Byr Scherer et al. (2001)
186Re 1.666 × 10−11 41.6 Byr Smoliar et al. (1996)
190Pt 1.477 × 10−12 469.3 Byr Brandon et al. (1999)
230Th 9.1577 × 10−6 75.69 kyr Cheng et al. (2000)
232Th 4.9475 × 10−11 14.01 Byr Jaffey et al. (1971)
231Pa 2.116 × 10−5 32.76 kyr Robert et al. (1969)
234U 2.826 × 10−6 245.25 kyr Cheng et al. (2000)
235U 9.8485 × 10−10 Unchanged 703.8 Myr Jaffey et al. (1971)
238U 1.55125 × 10−10 Unchanged 4 468.0 Myr Jaffey et al. (1971)

glacial cycles to the Earth’s orbital motions (section
10.4).

The best approach to the improvement of decay con-
stants is new and better measurement. Where this is not
possible, a useful alternative is acceptance by the geo-
logical community of a ‘recommended value’. The
most successful application of this procedure was the
IUGS Subcommission on Geochronology (Steiger and
Jäger, 1977). The recommendations served as a useful
standard for 20 years but are now in need of revision.
Therefore, Table 1.1 presents these values where ap-
plicable, together with a compilation of the best values
of decay constants obtained since that time, by various
methods. Full references and further details are given
in the appropriate chapters.
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2 Mass spectrometry

In order to use radiogenic isotopes as dating tools or
tracers, they must be separated from non-radiogenic
isotopes in a ‘mass spectrometer’. The concept of sep-
arating positive ions according to their mass was con-
ceived by Thompson, who proposed the use of this
technique in chemical analysis (Thompson, 1913). The
first type of mass spectrometer to be invented was a
‘magnetic-sector’ instrument, and one of the earliest
such instruments was described by Dempster (1918).
A cloud of positive ions was accelerated and colli-
mated, then passed through a sector-shaped magnetic
field, which separated the ions by mass. Aston (1927)
used such an instrument to make the first isotope-ratio
measurements on lead.

Other methods of mass separation are also possible,
such as the ‘quadrupole’ instrument (section 2.2.2).
A fore-runner of this design was actually the first in-
strument to be named a mass spectrometer (Smyth
and Mattauch, 1932). However, the first high-precision
mass spectrometer (Nier, 1940), was based on the
magnetic-sector approach. Nier’s design pioneered so
many of the features of modern mass spectrometers
(Fig. 2.1) that these have often been called ‘Nier-type’
instruments.

Fig. 2.1. Schematic illustration of the basic features of a ‘Nier-type’ magnetic-sector mass spectrometer. Solid and
open circles represent the light and heavy isotopes of an element. After Faul (1966).

The normal method of ionising a sample in a mass
spectrometer is simply to heat it under vacuum, ei-
ther from a gaseous source, as in the case of the rare
gases He, Ne, Ar and Xe, or from a purified solid sam-
ple loaded on a metal filament. Hence the method is
termed thermal-ionisation mass spectrometry (TIMS).
However, thermal ionisation is only effective if the
sample is first purified by extraction from the matrix
that makes up most of the rock sample. Therefore, the
normal starting point of precise isotopic measurements
by TIMS is chemical separation of the element to be
analysed.

More recently, the use of an inductively coupled
plasma (ICP) source has relaxed some of the require-
ments for chemical purification before mass spectrom-
etry (section 2.5). In particular, minerals with relatively
high concentrations of radiogenic elements may be
analysed by in situ laser ablation. However, in ma-
trices such as whole-rocks, where the concentration of
radiogenic isotopes is often low, it is still necessary
to pre-concentrate most samples, after which they are
introduced into the plasma in aqueous solution. There-
fore, methods of dissolution and chemical extraction
will now be examined.
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2.1 Chemical separation

Geological samples, which are commonly silicates,
are routinely dissolved in concentrated hydrofluoric
acid (HF), although some laboratories use perchloric
acid (HClO4) as well. Most rock-forming minerals will
dissolve in hot concentrated HF at atmospheric pres-
sure. However, certain resistant minerals such as zircon
must be dissolved under pressure in a bomb, in order
to achieve the temperatures of up to 220 ◦C necessary
for decomposition. The bomb liners and beakers used
for dissolution are almost universally made of poly-
fluorinated ethylene (PFE).

The conventional bomb-dissolution technique for
zircons is described by Krogh (1973). A more re-
cent technique, pioneered by Krogh and described by
Parrish (1987), is to place several ‘micro-capsules’
carrying different samples into one larger bomb. The
micro-capsules are open to vapour transfer of HF, but
Pb blanks are very low (less than 50 pg), showing
that volatile transfer of Pb between samples does not
occur.

A major problem that may be encountered after dis-
solution in HF is the formation of fluorides that are
insoluble in other ‘mineral’ acids (e.g. hydrochloric
acid, HCl). Refluxing with nitric acid (HNO3) helps
to convert these into soluble forms. Experiments by
Croudace (1980) suggested that this process was pro-
moted if additional nitric acid was added before com-
plete evaporation of the HF stage.

If at some stage complete dissolution is not achieved,
it may be necessary to decant off the solution and
return the undissolved fraction to the previous stage
of the process for a second acid attack (Patchett and
Tatsumoto, 1980). When complete dissolution has
been achieved, the solution may need to be split into
weighed aliquots, so that one fraction can be ‘spiked’
with an enriched isotope for isotope-dilution analysis
(section 2.4) while another is left ‘unspiked’ for ac-
curate isotope-ratio analysis (section 2.3). Following
dissolution, the sample is often converted into a chlo-
ride for elemental separation, which is normally per-
formed by ion exchange between a dilute acid (eluent)
and a resin (stationary phase) contained in quartz or
PFE columns.

2.1.1 Rb–Sr

The separation of Rb and Sr, and the preliminary sep-
aration of Sm–Nd, is often performed on a cation-
exchange column eluted with dilute (e.g. 2.5 M) HCl.
Columns are normally calibrated in advance of use by
means of test solutions. Finally, before separation of

the sample, the column resin is cleaned by passing se-
quential volumes of 50% acid and water.

A small volume of the rock solution is loaded into
the column, washed into the resin bed carefully with
eluent, and then washed through with more eluent until
a fraction is collected when the desired element is re-
leased from the resin. For TIMS analysis, the sample
is evaporated to dryness, ready to load onto a metal
filament. Elements are eluted from the cation column
by HCl in roughly the following order: Fe, Na, Mg,
K, Rb, Ca, Sr, Ba, rare-earth elements (Crock et al.,
1984). This series is defined by increasing parti-
tion coefficient onto the solid phase (resin), requir-
ing increasing volumes of eluent to release successive
elements.

It is very important to remove the ‘major elements’
of the rock, e.g. Na, K and Ca, from the Sr cut. Nitric
acid is not effective for this purpose because it does
not separate Sr from Ca (Fig. 2.2). Rb must also be

Fig. 2.2. Elution curves for various elements from cation
exchange columns: (a) with hydrochloric acid and (b)
with nitric acid. Modified after Crock et al. (1984).
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eliminated from Sr because 87Rb causes a direct iso-
baric interference onto 87Sr. Small levels of Rb are not
a problem in an otherwise clean sample because the
Rb burns off before collection of Sr data begins. How-
ever, the presence of significant amounts of Ca in the Sr
cut prevents burn-off of Rb, causing major interference
problems.

2.1.2 Sm–Nd

Rare-earth elements (REE) may be separated as a
group on a cation-exchange column eluted with dilute
mineral acid, but because the chemical properties of
individual rare earths are so similar, more refined tech-
niques must be used for separations within the REE
group. This is necessary for TIMS analysis because
there are several isobaric interferences (e.g. 144Sm
interferes onto 144Nd). Ba must also be kept to a
minimum in the REE cut because it suppresses the
ionisation of trivalent REE ions. This can be done by
switching to a dilute (e.g. 2 M) nitric acid medium
after collection of the Sr cut, whereupon Ba is rapidly
washed off the column ahead of the rare earths (Crock
et al., 1984). The REE can be stripped most quickly as
a group in about 50% HNO3 (Fig. 2.2).

Several methods of separation between the rare
earths have been used:

(1) Hexyl di-ethyl hydrogen phosphate (HDEHP)-
coated Teflon powder (stationary phase) with
dilute mineral-acid eluent (Richard et al.,
1976). In this technique, which may be called
the ‘reverse-phase’ method, light REE are
eluted first, whereas in the other techniques,
heavy REE are eluted first. The reverse-phase
method yields sharp elution fronts but long
tails (Fig. 2.3). It is very effective for removing
the Sm interference from 144Nd, and at present
most popular. However, substantial Ce is usu-
ally present in the Nd cut, so 142Nd cannot be
measured accurately (section 2.2.3). Similarly,
the separation between light REE is not good
enough for Ce isotope analysis.

(2) Cation-exchange resin with hydroxy-isobutyric
acid (HIBA) eluent (Eugster et al., 1970; Dosso
and Murthy, 1980). This method requires more
work in preparation of eluent, whose pH must
be carefully controlled. It is therefore less pop-
ular than (1) for Nd, but very effective for Ce
(Tanaka and Masuda, 1982; Dickin et al., 1987).

(3) Anion-exchange resin with methanol–dilute
acetic acid–dilute nitric acid eluent (Hooker
et al., 1975, O’Nions et al., 1977). This method

Fig. 2.3. Elution profiles of light REE from a reverse-
phase HDEHP column, showing sharp peak fronts and
long tails.

is least popular at present, but may be better
than (1) if an analysis of 142Nd is required.

(4) An alternative approach described by Cassidy
and Chauvel (1989) is to use high-pressure liq-
uid chromatography (HPLC).

2.1.3 Lu–Hf

Precise Hf isotope analysis requires a high-quality sep-
aration from Zr, because the presence of Zr strongly
suppresses ionisation of Hf. However, separating Hf
and Zr is difficult because of the similar chemistries of
these elements. In addition, Ti also has similar chem-
istry to Hf, and, because of its high abundance in mafic
rocks, this must be efficiently removed. Hence, the
method developed by Patchett and Tatsumoto (1980)
involved three stages of ion-exchange column separa-
tion. It was also necessary to carry out much of the
procedure in HF, due to the risk of deposition of insol-
uble fluorides.

Although Hf isotope analysis is now performed by
MC-ICP-MS, it is still necessary to purify Hf before
analysis in order to obtain good data. A revised method
developed by Barovich et al. (1995) has been used quite
widely. This also involves three stages of (anion) col-
umn chemistry, but only the first is eluted with HF. The
second and third columns are eluted principally with
H2SO4. A modification of this process by David et al.
(1999) was able to use only two columns by having a
multi-step elution process with several changes in type
of acid (e.g. H2SO4–H2O–HF–HCl).

2.1.4 Lead

Lead (Pb) and uranium (U) have normally been
separated from zircons by elution with HCl on
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Fig. 2.4. Plot showing the distribution coefficient (KD)
of Pb from dilute HBr onto anion-exchange resin as a
function of molarity. The curve represents a best fit to
the data points. After Manton (1988).

anion-exchange columns (Catanzaro and Kulp, 1964).
However, this method is not able to separate Pb from
the large quantities of Fe in whole-rock samples, which
then causes unstable Pb emission during mass spec-
trometry. A widely used alternative is to elute all ele-
ments except Pb from a miniature anion column with
dilute hydrobromic acid (Chen and Wasserburg, 1981).
The distribution coefficient for Pb onto the resin has
a maximum value at just under 1 M HBr, and falls
off sharply on either side (Fig. 2.4). Elution with HBr
effectively strips most elements, including Fe, from
the column. However, an alternative is to elute with
a mixture of 0.5 M HBr and 0.5 M HNO3, which re-
moves Zn more efficiently than does HBr alone (e.g.
Kuritani and Nakamura, 2002). Finally, Pb is collected
with 6 M HCl or water. (Pb also has a maximum distri-
bution coefficient onto the solid phase at 2–3 M HCl,
which falls off in more dilute and more concentrated
acid.)

The purity of Pb samples is improved by a second
pass through an ion-exchange column. This could in-
volve a second pass through the same column (after
cleaning). However, a smaller clean-up column gives
better results. For example, Kuritani and Nakamura
(2002) used a clean-up column with only 10 µl of anion

resin. Alternatively, Manton (1988) showed that the
distribution coefficient for Pb onto anion resin in di-
lute HBr is large enough for the absorption of small Pb
samples onto a single large resin bead. The Pb is subse-
quently back-extracted into water. Yields from zircon
samples were about 50%, after an equilibration period
(with stirring) of about 8 h. Alternatively, the process
can be accelerated by agitation in an ultrasonic bath.
The somewhat low efficiency may be outweighed by
the high purity of the product.

An alternative method for separation of Pb from
rocks is to use a two-stage electro-deposition method
by which Pb is first deposited onto the cathode at an
accurately regulated potential, then redissolved and
redeposited in a miniature cell on the anode (Arden
and Gale, 1974). This method yields a high quality of
separation, but is cumbersome to operate. Neverthe-
less, the anion stage may be useful alone for purifying
galena Pb.

Levels of environmental contamination introduced
during laboratory procedures are determined by the
analysis of ‘blanks’. These are measured by taking an
imaginary sample through the whole chemical separa-
tion procedure, after which the amount of extraneous
contamination introduced is measured by isotope di-
lution (section 2.4). Blank levels must be minimised
in all of the chemical procedures described above, but
particularly strenuous efforts are necessary to limit Pb
contamination due to its relatively high concentration
in the environment compared with its concentration in
normal rocks.

The minimum laboratory requirements to maintain
low blanks would be an overpressure air system, sub-
boiling distillation of all reagents in quartz or PFE
stills and evaporation of all samples under filtered air.
For typical terrestrial whole-rock samples, acceptable
total-chemistry blanks would normally be less than a
nanogram (1 ng = 10−9 g) for Pb, Sr and Nd. This is
necessary because the samples to be analysed often
contain less than a microgram (1 µg = 10−6 g) of the
element of interest. However, in the analysis of very
small samples (e.g. single zircons) blanks of a few
picograms (1 pg = 10−12 g) are necessary (e.g. Rod-
dick et al., 1987), since the Pb sample itself may weigh
less than 1 ng.

2.2 Ion sources

As noted above, the traditional start of mass-
spectrometric analysis is to heat the sample under vac-
uum, leading to thermal ionisation. With the excep-
tion of the rare gases, thermal ionisation is normally
achieved by loading a solid deposit of the sample onto a
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Fig. 2.5. The arrangement of filament ribbons on com-
monly used single- and triple-filament bead assemblies.
Note that only one side filament is shown attached to
the ‘triple’ bead.

metal filament, which can then be subjected to resistive
heating. However, the manner by which the sample is
deposited and then heated has a major effect on the
efficiency of the analysis. Therefore these procedures
will be discussed in some detail.

2.2.1 Thermal ionisation

For some elements such as Sr, stable emission of metal
ions is achieved from a salt deposited directly onto a
single metal filament (Fig 2.5a), usually tantalum (Ta).
The loading procedure involves evaporating the salt
solution onto the filament before insertion into the vac-
uum system. The sample is often loaded in phosphoric
acid, which seems to (a) displace all other anion species
to yield a uniform salt composition, (b) destroy organic
residues (such as ion-exchange resin) mixed with the
sample and (c) glue the sample to the filament. Dur-
ing mass-spectrometric analysis, the filament current
is raised by means of a stabilised power supply to yield
a temperature at which simultaneous volatilisation and
ionisation of the sample occurs.

However, for many elements, stable volatilisation
and ionisation of metal species do not occur at the
same temperature. This problem was noted by Ingram
and Chupka (1953), who first proposed the use of mul-
tiple source filaments (Fig. 2.5b). In this configuration,
one or more filaments bearing the sample load can be
heated to the optimum temperature for stable volatilisa-
tion, while another, hotter filament can be used to ionise
the atomic cloud by bombarding it with electrons.

This method is particularly effective for REE analy-
sis, where the sample is usually loaded onto one or both
of the Ta side filaments of a triple-filament bead. These

are held at a moderate temperature (about 1400 ◦C) at
which REE volatilisation is most stable. The centre
filament (usually Re) is held at a much higher temper-
ature (about 2000 ◦C), which promotes ionisation of
the metal vapour. To some extent the ratio of metal to
oxide species can be controlled by the centre-filament
temperature, which may help to suppress REE isobaric
interferences. The properties of the REE under such
conditions vary from light to heavy rare earths. La and
Ce tend to form oxides unless extremely high centre-
filament temperatures are used, whereas heavier REE
tend to form the metal species (Hooker et al., 1975;
Thirlwall, 1982).

Uranium and thorium may also be analysed by the
triple-filament technique. Again, the temperature of
the centre filament controls the metal/oxide ratio of
the emitted ions (Li et al., 1989). The triple-filament
method was also used in the first successful analysis of
Hf (Patchett and Tatsumoto, 1980). However, Hf anal-
ysis is now exclusively performed by ICP-MS (section
2.5.2).

An alternative to TIMS analysis with multiple fil-
aments is to use special conditions to control the
evaporation–ionisation behaviour from a single fila-
ment. For example, in the case of Pb, the sample is
usually loaded on a rhenium filament in a suspension
of silica gel (Cameron et al., 1969). This is thought
to form a blanket over the sample, which effectively
retards volatilisation of Pb so that the filament can be
raised to a higher temperature (at which fractionation
of Pb is more reproducible) without burning off the
sample uncontrollably.

Early Nd isotope determinations (Lugmair et al.,
1975; DePaolo and Wasserburg, 1976) were performed
using NdO+ ions, whose emission from a single-
filament source was promoted by relatively high
oxygen pressures in the mass spectrometer source
housing. Some workers have continued to use this
method, rather than the more popular multiple-filament
method, since it can yield higher efficiency. Oxygen
may be bled into the source in minute amounts to
increase oxide emission. Alternatively, loading with
silica gel may achieve the same objective without de-
grading source vacuum (Thirlwall, 1991a). Uranium
may also be analysed as the oxide by mixing it with
TaO2 powder on a tungsten filament.

A different approach to single-filament U and Th
analysis is to use graphite to promote the formation of
metal ions (Edwards et al., 1987). In this procedure it is
critical to prevent oxidation during sample loading by
avoiding the use of oxidising acids and by maintaining
temperatures below the point of visible glowing. Noble
et al. (1989) applied a similar technique to Nd isotope
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analysis. The use of platinised graphite was argued to
give greater thermal stability to the reducing agent.

2.2.2 Plasma-source mass spectrometry

Technically, plasma-source mass spectrometry is a
kind of thermal-ionisation mass spectrometry, because
it relies on heating in a gas plasma to achieve ionisa-
tion of the sample. However, for practical purposes, the
term ‘TIMS’ is usually restricted to the case of ther-
mal ionisation achieved by a heated filament under
vacuum. Therefore, plasma-source mass spectrometry
is regarded as a distinct technique.

Plasma-source mass spectrometry was invented in
the late 1970s when the inductively coupled plasma
(ICP) was first attached to a mass spectrometer (MS)
to produce the ICP-MS (Houk et al., 1980). The ICP
source consists of a plasma torch made by using a
radio-frequency (RF) generator to induce intense eddy
currents in a stream of ionised argon gas. The RF
generator transmits about a kilowatt of power into
the plasma, raising its temperature to about 5000 ◦C
and causing very efficient ionisation of most ele-
ments (Houk, 1986). Furthermore, the extreme tem-
perature of the plasma ensures that nearly all of these
ions are monatomic ions, which are ideal for mass-
spectrometric analysis.

When the ICP-MS was first conceived, it was found
most convenient to use a quadrupole mass spectrom-
eter (Dawson, 1976) as the analyser (Fig. 2.6). This
analyser has four rods, which are arranged parallel to
the path of the ion beam. When alternating voltages
with variable frequencies are applied to these rods, the

Fig. 2.6. Schematic illustration of an ICP-MS instrument with quadrupole analyser.

analyser can be tuned to allow ions of a certain mass
to pass through to the collector, while all other masses
are de-focussed. By rapidly changing the electrical fre-
quencies on the rods, the quadrupole analyser can be
made to ‘scan’ the mass spectrum from mass zero to
250, allowing the detector (usually an ion multiplier)
to measure the relative abundance of every mass in the
‘spectrum’. A detailed review is given by Potts (1987).

The main technical breakthrough in the development
of the ICP-MS was the physical feat of actually feed-
ing a plasma at 5000 ◦C and atmospheric pressure into
a mass spectrometer whose analyser pressure is about
108 times lower (10−5 mbar). This was achieved by
firing the plasma at a two-stage water-cooled orifice,
with continuous pumping of the intermediate space by
a mechanical pump (Fig. 2.6). Subsequent technical
developments in ICP-MS over the next twenty years
have mainly involved greatly increasing the efficiency
of sampling the plasma by the mass spectrometer.
This has allowed ICP-MS to reach remarkable sen-
sitivity, with detection limits as low as parts per tril-
lion (picograms per gram). However, the precision of
isotope-ratio measurements by conventional ICP-MS
is limited by instabilities in the plasma. By rapidly
scanning the ‘mass spectrum’, the quadrupole anal-
yser can achieve precision of around 1%, but this is a
practical limit for single-collector analysis. This level
of precision was found to be useful in early develop-
ment of the Re–Os method (section 8.1), but is not
useful for most radiogenic isotopic systems. Hence,
to apply ICP-MS to these systems it was necessary to
introduce multiple-collection techniques to cancel out
the instability of the source.
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Fig. 2.7. Simplified plan view of the VG Elemental Plasma 54 instrument. After Halliday et al. (1998).

To perform multiple-collection mass spectrometry
(MC-MS) with a plasma ion source it was necessary to
link the ICP source with a magnetic-sector mass spec-
trometer of the type normally used in TIMS instru-
ments (section 2.3). This involved two main technical
challenges. The first problem is that magnetic-sector
mass spectrometry requires a large accelerating voltage
to raise ions to the high velocities at which magnetic
separation is efficient. However, in order to keep the
whole analyser assembly at electrical ground, the ion
source must be at up to 8000 V positive. For MC-ICP-
MS, this means isolating the plasma at up to 8000 V
positive, with all of the attendant engineering prob-
lems. The second problem is that magnetic-sector mass
spectrometry requires an ion beam with a very small
range of ion energy, whereas the ICP source generates
ions with a relatively large energy range. This was over-
come in the first MC-ICP-MS instruments by using
both quadrupole and electrostatic pre-filters to smooth
the energy distribution in the ion beam before it entered
the magnetic sector (Fig. 2.7). Subsequent instruments
have used a variety of other filtering devices to achieve
similar objectives.

2.2.3 Mass fractionation

The process of volatilisation and ionisation during
mass spectrometry requires the breaking of chemical
bonds, but the strength of these bonds is mass-

dependent. Therefore, excitation of the sample leads
to mass-dependent fractionation, which can be under-
stood by approximating the chemical bond between
two atoms as a harmonic oscillator.

The energy of a molecule (or part of an ionic lattice)
decreases with decreasing temperature, but at absolute
zero it has a certain finite value called the zero-point en-
ergy, equal to 0.5hν (where h is Planck’s constant and ν

is the vibrational frequency). A bond involving the light
isotope of an element has a higher vibration frequency
and hence a higher zero-point energy than one involv-
ing a heavier isotope, as illustrated in Fig. 2.8. The
difference in bond energies diminishes as temperature
rises, but still persists. Because the potential-energy
well of the bond involving the lighter isotope is al-
ways shallower than that for the heavier, the bond with
the lighter isotope is more readily broken. Hence it is
preferentially released from the hot filament, causing
isotopic fractionation.

In a plasma-source mass spectrometer (section
2.2.2), fresh sample is continually fed into the plasma
torch. Hence, mass fractionation produces a fairly con-
stant (but large) discrepancy between the isotopic com-
position of the solid sample and the ion cloud. In
contrast, solid-source TIMS analysis produces smaller
fractionation effects, but the continual process of frac-
tionation starts to ‘use up’ the lighter isotope on the
filament so that the isotopic composition of the sample
becomes progressively heavier (the ‘reservoir effect’).
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Fig. 2.8. Schematic diagram of potential energy against
bond length for a hypothetical molecule made of two
isotopes, based on the ‘harmonic-oscillator’ model.

Eberhardt et al. (1964) showed that this process follows
a Rayleigh fractionation law (Fig. 2.9). The magnitude
of this effect could yield totally unacceptable errors
of up to 1% in measured isotope ratio. However, for
elements with two or more non-radiogenic isotopes, an
internal normalisation for such mass-dependent frac-
tionation can be performed.

Fig. 2.9. Effect of within-run fractionation, over time,
on a sample of natural rubidium undergoing isotopic
analysis. Points are observed ratios; the dashed line
schematically indicates the actual composition of Rb on
the filament. Data from Eberhardt et al. (1964).

In the case of strontium, the fractionation of
87Sr/86Sr can be monitored using the 88Sr/86Sr ra-
tio, since 88Sr and 86Sr are both non-radiogenic (i.e.
produced only by nucleosynthetic processes in stars).
The ratio 86Sr/88Sr is constant throughout the Earth and
is taken to be 0.1194 by international convention. This
value cannot be measured absolutely, but was origi-
nally estimated from the average beam composition
half-way through very many TIMS runs. The devi-
ation of the observed 86Sr/88Sr ratio from 0.1194 at
each point through the run is divided by the difference
between the two masses (�mass = 2.003) in order to
calculate a fractionation factor per mass unit:

F =
(86Sr/88Sr)obs

0.1194
− 1

�mass
[2.1]

This fractionation factor can then be used to correct
the observed (raw) 87Sr/86Sr ratio, for which �mass =
1.003: ( 87Sr

86Sr

)
true

=
( 87Sr

86Sr

)
obs

(1 + F�mass) [2.2]

This has the effect of improving the within-run pre-
cision of the 87Sr/86Sr ratio from about 1% to better
than 0.01%. Neodymium metal analyses are similarly
normalised for fractionation (Fig. 2.10) using an in-
ternationally agreed value of 146Nd/144Nd = 0.7219
(O’Nions et al., 1979). However, Nd oxide analyses are
normalised with respect to different values (Wasser-
burg et al., 1981), which are incompatible with the Nd
metal normalising value.

The fractionation correction described above is
usually called the linear law, but the power law
(Wasserburg et al., 1981; Thirlwall, 1991b) is
effectively identical. Both of these laws assume that
fractionation is proportional to mass difference only,
and is independent of the absolute masses of the frac-
tionating species. In other words, fractionation per
mass unit is constant. However, this is an approxima-
tion to the real evaporation process, in which fractiona-
tion per mass unit must vary inversely with the absolute
masses of the evaporating species. Russell et al. (1978)
first observed a breakdown of the linear law in isotopic
analysis of the ‘light’ element Ca. To remedy this, they
introduced an ‘exponential’ law, whereby the fraction-
ation factor depends also on the mass of the evaporating
species. This gave a better fit to Ca isotope data than
did the linear law (Fig. 2.11).

These problems are much less severe for Sr and Nd
isotope analysis because of their heavier masses. How-
ever, Thirlwall (1991b) found small deviations from
linear-law behaviour in a large data set of Sr standard
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Fig. 2.10. Plot of raw 146Nd/144Nd ratios and fractionation-corrected 145Nd/144Nd ratios (normalised with respect to
146Nd/144Nd = 0.7219) for a single mass-spectrometer run. Each point is a mean of ten scans of the mass spectrum,
while horizontal lines are grand means. After Noble (personal communication).

analyses. This is revealed by a correlation between nor-
malised 87Sr/86Sr and average observed 86Sr/88Sr ra-
tios for complete runs (Fig. 2.12). Thirlwall found that
he could eliminate the correlation by retrospectively
applying an exponential-law correction to the data.
This is described as follows:[

(87Sr/86Sr)norm

(87Sr/86Sr)corr

]ln(86/88)

=
[

(86Sr/88Sr)obs

0.1194

]ln(87/86)

[2.3]

Fig. 2.11. Plot of measured/true 44Ca/48Ca versus
40Ca/44Ca ratios, showing fit of linear and exponential
fractionation laws to typical data from two runs. After
Russell et al. (1978).

where ‘norm’ and ‘corr’ refer to products of linear
normalisation and exponential correction, and where
86, 87 and 88 are the actual masses of evaporating ions.

This model assumes that strontium evaporates from
the filament as the species ‘Sr’. On the other hand,
Habfast (1983) suggested that a strontium sample on
a rhenium filament might evaporate as a species such
as SrReO4 rather than atomic Sr. Hence the ‘apparent
mass’ of 88Sr which should be used in the exponential
correction would be about 330 rather than 88. Under

Fig. 2.12. Plot of fractionation-corrected 87Sr/86Sr ratios
against mean un-corrected 86Sr/88Sr ratios for measure-
ments of the SRM987 standard over a period of several
months. The error bar indicates average within-run pre-
cision. After Thirlwall (1991b).
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such conditions the exponential law might actually pro-
duce a worse fit to the true fractionation behaviour of
the sample than the linear law. However, Thirlwall’s
data suggest that evaporation from a tantalum filament
does occur as the metal species, so the exponential
model is an improvement over the linear model.

Thirlwall (1991b) argued that between-bead preci-
sion of Nd isotope analyses could also be improved
to a level comparable to within-run precision by us-
ing a secondary normalisation against 142Nd/144Nd.
This is based on an observed correlation between
fractionation-corrected 143Nd/144Nd and 142Nd/144Nd
ratios from standard runs over a period of months
(Fig. 2.13). Subsequent work on Nd fractionation dur-
ing MC (multi-collector)-ICP-MS analysis of Nd re-
vealed similar behaviour (Vance and Thirlwall, 2002).
However, because mass fractionation in the plasma
source is an order of magnitude larger, the effect is
much bigger (Fig. 2.13).

Vance and Thirlwall showed that this problem could
be solved using two alternative approaches. One is to
apply a post-analysis correction to 143Nd/144Nd ratios
using the information from the 142Nd/144Nd ratio, as in
Fig. 2.13. An alternative approach is to choose masses
for the fractionation monitor that bracket the masses
to be corrected. For example, the mean mass of 143Nd
and 144Nd is 143.5, which is the same as the mean mass
of 142Nd and 145Nd. Therefore, 142Nd/145Nd represents
the ideal monitor ratio for fractionation correction of

Fig. 2.13. Plot of fractionation-corrected 143Nd/144Nd
ratio against 142Nd/144Nd ratio for analyses of a labo-
ratory standard over a period of several months using
normalisation with respect to 146Nd/144Nd = 0.7219.
(◦) = TIMS data; (●) = MC-ICP-MS data. After Vance and
Thirlwall (2002).

143Nd/144Nd ratios. This approach is only possible if
interferences of Ce on 142Nd are low, and is there-
fore not feasible for TIMS analysis using the popular
‘reverse-phase’ Nd separation (section 2.1.2). How-
ever, for most TIMS analysis the fractionation problem
can be avoided by collecting data near a 146Nd/144Nd
ratio of 0.7219. For Nd analysis by MC-ICP-MS it is
necessary to take account of this problem in order to
achieve reproducibilities comparable to those obtained
with TIMS. However, Ce isobaric interferences can be
accurately corrected in MC-ICP-MS analysis, so 142Nd
can be used as one of the fractionation monitors.

Internal fractionation correction is only possible
when there are two or more isotopes present in a con-
stant ratio. This is not the case for Pb isotope anal-
ysis by TIMS, or in the isotope-dilution analysis of
Rb, so an external correction must be used. This de-
pends on achieving uniform fractionation behaviour
between standards and different samples, so that an
across-the-board correction can be made to all runs. In
the case of Pb, the use of a silica-gel blanket on the fila-
ment achieves this objective by reducing the magnitude
of fractionation processes drastically, from a previous
between-lab variation of about 3% to a present-day
variation of about 0.3%. This improvement is partly
due to the higher filament temperatures possible using
silica gel. Because bond energy levels become closer
with increasing temperature, the magnitude of isotope
fractionation falls with increasing temperature. How-
ever, for this technique to work well, the Pb sample
has to be well purified during the chemical separation
(section 2.1.4). In the analysis of uranium, fraction-
ation effects may similarly be reduced by running at
high temperature as the oxide. Alternatively, analysis
as the metal ion produces larger but relatively consis-
tent degrees of fractionation, which can be corrected
by comparison with standard runs.

When the relevant nuclides exist, double spiking
with two artificial isotopes may be used to apply an
internal fractionation correction to elements such as
Pb with only one natural non-radiogenic isotope (sec-
tion 2.4.2). In MC-ICP-MS analysis the two isotopes
that form this double spike do not even have to be the
same element as the isotope ratios being corrected. For
example, the two isotopes of thallium can be used to
correct Pb isotope data (section 2.5.4).

2.3 Magnetic-sector mass spectrometry

In a typical ‘magnetic-sector’ instrument (Fig. 2.1) the
nuclides to be separated are ionised under vacuum and
accelerated through a high potential (V ) before passing
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between the poles of a magnet. A uniform magnetic
field (H ) acting on particles in the ion beam bends
them into curves of different radii (r ) according to the
following equation:

r2 = m

e

2V

H 2
[2.4]

where m/e is the mass/charge ratio for the ion in ques-
tion. Since most of the ions produced by TIMS or ICP
sources are singly charged, the different isotopes in
the sample will be separated into a simple spectrum
of masses. The relative abundance of each mass is
then determined by measuring its corresponding ion
current, captured by a Faraday bucket or a multiplier
detector.

2.3.1 Ion optics

The ion-optic properties of an instrument determine
how the cloud of ions generated in the source is ac-
celerated, focussed into a beam, separated by the mag-
netic field, and collected for measurement. Correct ion-
optic alignment is essential to obtain reliable results,
because, if part of the ion beam hits an obstruction,
different masses may be affected to different degrees,
leading to a bias in the results.

Most older mass spectrometers follow Nier’s (1940)
design (Fig. 2.1). From the filament (several kilo-
volts positive), the beam traverses a series of focussing
source plates (the ‘collimator stack’). These plates are
at progressively lower potential and bring the beam to
a principal focus at the source slit (zero volts). There-
after, the beam slowly diverges (Fig. 2.14). In the y di-
rection, the magnet brings each nuclide (isotope) beam

Fig. 2.14. Schematic diagram of the envelope of a double-nuclide beam from the source slit to the collector slit in
a Nier-type mass spectrometer.

back into focus at the primary collector slit, which is
wide enough to let the whole of one nuclide beam
through into the collector. This focussing effect of a
sector-shaped magnet was already understood by As-
ton (1919).

To bring a heavier nuclide into the collector, the
magnetic field may be increased, or the momentum of
the ions may be reduced by lowering the high-voltage
(HV) potential across the collimator stack. If the whole
of one nuclide beam is focussed into the collector slit
in the y direction, an apparently flat-topped peak is
produced when the magnetic field or HV is varied
to sweep the mass spectrum across the collector slit
(e.g. Fig. 2.15). In practice, the magnetic field rather
than the HV is normally switched to bring different
nuclide beams into the collector, because the field can

Fig. 2.15. The appearance of flat-topped ‘peaks’ when
strontium 88, 87 and 86 nuclide beams are swept across
a triple (Faraday)-collector system by varying the mag-
netic field strength.
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be more precisely monitored and controlled, using a
‘Hall probe’. This is used to sense the field strength
and adjust the magnet power supply in a feed-back
loop (‘field control’). The magnet (whose pole pieces
are perpendicular to the beam) does not focus in the z
direction, and in this direction the beam is ‘clipped’ by
baffle plates.

This type of magnet design has a disadvantage, be-
cause the process of switching from one mass to an-
other changes ‘fringing fields’ which are generated by
the ends of the magnet poles. The change in these fring-
ing fields may cause slight convergence or divergence
of the beam, so that different amounts of different nu-
clide beams are clipped by the collector slit. Hence, a
slight bias is introduced into the beam current reach-
ing the collector, according to whether the magnet is
switching ‘up-mass’ or ‘down-mass’.

Instruments built since 1980 feature refinements in
the design of the magnet pole pieces, based on theoret-
ical work by Cotte (1938). If the pole pieces are set at
a slightly oblique angle to the beam, the fringing fields
generated by the magnet have the effect of focussing
the beam in the z direction (Fig. 2.16). However, the
focussing effect in the y direction is weakened, so the
distance from the magnet exit pole to the principal fo-
cus in the y plane is increased. Therefore this design
is referred to as ‘extended geometry’. The ion optics
in this type of machine are shown in Fig. 2.17. This
configuration has three advantages:

(1) Because the whole of the z-focussed beam can
pass through the collector slit, the transmission
of the machine (defined as the number of ions
in the source required to yield each ion at the
collector) is improved.

Fig. 2.17. Schematic diagram of the ion optics of an extended-geometry machine between the source and collector
slits (compare with Fig. 2.14).

(2) Small variations in fringing field do not cause
signal bias, so accuracy is improved.

(3) Extended geometry increases the distance be-
tween nuclide beams at the collector, so mul-
tiple Faraday buckets can be more easily
accommodated. Hence a magnet of 30 cm ra-
dius yields a beam separation equivalent to
that formerly obtained with a magnet of 54 cm
radius.

Fig. 2.16. The effect of differently shaped pole faces in
generating fringing fields that cause focussing of the
ion beam in the y and z planes: (a) exit pole piece per-
pendicular to beam yields short focal length in the x
direction but no focussing in z; and (b) the normal to
the exit pole face (n) is at an angle ε to the beam di-
rection, yielding a longer focal length in x and also z
focussing.
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Fig. 2.18. Effect of magnet entry pole face shape: (a)
a flat pole face yields an oblique curved focal plane at
collector; and (b) a convex pole face yields a flat focal
plane perpendicular to the flight path.

If one of the magnet pole faces (e.g. the entry pole)
is made slightly convex, this changes the normally
oblique focal plane of nuclide beams in the y direction
into a flat plane perpendicular to the beams (Fig. 2.18).
This facilitates the installation of multiple collectors,
whose spacing can then be adjusted to fit ion beams
one atomic mass unit (a.m.u.) apart in any part of
the spectrum. However, a more complex adjustable
multiple-collector configuration can be constructed on
the oblique focal plane. At higher mass numbers the
spacing of the collectors becomes closer and closer un-
til their outer grounded screens are actually touching
during uranium analysis.

A very high vacuum throughout the ion path is essen-
tial, otherwise the ion beam becomes scattered, partic-
ularly to the low-mass side, by inelastic collisions with
air molecules. Such beam scattering becomes serious at
analyser pressures >10−8 mbar. This causes the forma-
tion of a tail from one peak that may interfere with the
adjacent nuclide. The problem is particularly severe in
the case of a small peak down-mass from a very large
peak. For example, interference by 232Th onto 230Th
may be severe for silicate rocks with 232Th/230Th ra-
tios approaching 106. The magnitude of interference
by a peak on a position one a.m.u. lower is called the
‘abundance sensitivity’ of the instrument (measured
in ppm of the peak size). A typical specification for a

single-focussing TIMS machine with analyser vacuum
<5 × 10−9 mbar is 2 ppm at 1 a.m.u. from 238U.

If a very high abundance sensitivity is essential, it
can be obtained by adding a type of ion-energy filter
between the magnet and collector, thereby creating a
double-focussing machine. The ion-energy filter has
the effect of removing ions with unusually high or low
energy (i.e. velocity). Thus, ions that have suffered a
collision, and therefore lost energy, should be weeded
out. Three types of filter that have been applied to this
task are ‘electrostatic’, quadrupole, and ion-retardation
types. They typically result in a 10–100-fold improve-
ment in abundance sensitivity.

2.3.2 Detectors

Ion beams in mass spectrometry normally range up to
about 10−10 A. For beams as small as 10−13 A, the most
suitable detector is the Faraday bucket. This is con-
nected to electrical ground (Fig. 2.1) via a large re-
sistance (e.g. 1011 �). Electrons travel from ground
through this output resistor to neutralise the ion beam,
and the potential across the resistor is then amplified
and converted into a digital signal. A typical ion beam
of 10−11 A then generates a potential of 1 V, converted
to, say, 100 000 digital counts. Traditionally, an indef-
inite lifetime has been assumed for Faraday buckets.
However, the very narrow buckets in modern multi-
collector arrays quickly become coated inside with
sample debris when large beams are analysed. This
degrades ion-beam measurements by allowing stray
beams to escape from the Faraday bucket. This prob-
lem is now solved by putting absorbent charcoal blocks
in the buckets.

For ion beams smaller than about 10−13 A, the elec-
trical noise of the Faraday amplifier becomes signif-
icant relative to the signal size, so that some form of
signal multiplication is necessary. One of the most use-
ful approaches was pioneered by Daly (1960). In the
Daly detector, ions passing into the collector are at-
tracted by a large negative potential (e.g. 20 kV). Col-
lision of each ion with the polished electrode surface
(Fig. 2.19) yields a secondary electron shower. When
this impinges on a phosphor, the resulting light pulse is
amplified by a photo-multiplier (situated behind a glass
window, outside the vacuum system). In the analogue
mode this system can have a gain (i.e. amplification)
about 100 times that of the Faraday cup. Because ions
do not strike the multiplier directly, the detector has a
long lifetime.

The Daly detector can only be used with positive
ion beams. On the other hand, channel electron multi-
pliers (CEM) can be used to amplify either positive
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Fig. 2.19. Schematic diagram of a Daly detector, show-
ing the means of amplification of an incoming positive-
ion beam. After Daly (1960).

or negative ion beams. These devices are therefore
used for Re and Os analysis by negative-molecular-
ion TIMS (section 8.1). The negative ion enters the
orifice of the CEM at a potential near zero, releasing
electrons when it strikes the semi-conducting channel
wall. These electrons are multiplied during further col-
lisions, as they are attracted to a positive HV collector.
Because the collector is at high voltage, the signal can-
not be amplified directly, but a pulsed ion-counting sig-
nal can be transmitted through an isolating capacitor
to low-voltage pulse-counting electronics (e.g. Kurz,
1979). The drawback of CEM detectors is their ten-
dency to suffer damage when struck by heavy ions.
Therefore signal sizes should be minimised to prolong
their life.

2.3.3 Data collection

Depending on the size of the ion beam, it is neces-
sary to measure each nuclide signal for up to an hour
to achieve high-precision data. To achieve this in a
single-collector TIMS machine the magnetic field is
‘switched’ to cycle round a sequence of peak positions.
On switching to a new peak there is a waiting period of
1–2 s to allow the output resistor and amplifier to reach
a steady state in response to the new ion current. Then
data are collected for a few seconds. In practice, each
peak must normally be corrected for incomplete decay
of the signal from previous peaks (termed ‘dynamic-
zero’, ‘tau’ or ‘resistor-memory’ correction). The com-
puter then cycles round and round a series of peaks,
baseline/background(s) and interference monitor po-
sition(s), interpolating between successive measure-

Fig. 2.20. Schematic illustration of the principle of linear
time interpolation for a strontium ion beam growing at
an (immense) rate of 30% per scan.

ments of the same peak to correct for growth or decay
of the beam size. A simple linear time interpolation
may be used (Fig. 2.20), but Dodson (1978) developed
a more sophisticated ‘double-interpolation’ algorithm,
which can make better allowance for non-linear beam
growth or decay.

Before isotope ratios can be determined from the
different signals, background electronic noise must be
subtracted in order to determine net peak heights. In
TIMS analysis this is done by measuring a baseline
position in each collector channel at approximately
0.4 a.m.u. above a whole-mass position, usually a few
a.m.u. away from the masses of interest. In plasma-
source analysis, backgrounds are often measured un-
der each peak (‘on peak zeros’) before the analysis
starts in order to remove the memory effects of previ-
ous samples from the nebuliser.

From a single cycle of time-interpolated net peak
heights, a set of net peak ratios is extracted. These are
often collected in blocks of ten scans. The cycle time
round a set of peaks may be shortened by the mea-
surement of backgrounds and interferences ‘between
blocks’ rather than ‘within-scan’. For a single-collector
TIMS instrument, collecting 200 scans in about 3 h
might give a statistical within-run precision of 0.004%



2.4 Isotope dilution 29

(2σ = two standard errors on the mean). That is, the
scatter of data around the mean suggests that one
can be 95% confident that the ‘correct’ answer lies
within 0.004% (40 ppm) of either side of the mean.
For 87Sr/86Sr this is equivalent to 0.71000 ± 0.00003
(2σ ).

Occasional signal ‘spikes’ and other perturbations
outside normal random error are inevitable in a long
mass-spectrometer run. It is generally regarded as ac-
ceptable to run through the data a few times and test for
outliers which are more than a certain number of popu-
lation standard deviations (SD) from the mean (Pierce
and Chauvenet, 1868; in Crumpler and Yoe, 1940). The
cut-off level should depend on the size of data set, so
that only a minimal number of outliers resulting from
normal random variation will be rejected. In practice
the cut-off would normally be between two and three
SD.

Ideally, a multiple-collector machine can analyse
isotope ratios in a ‘static’ mode without peak-jumping.
However, this may be limited, firstly by the extent to
which all of the Faraday buckets are identical in terms
of beam-transmission characteristics; and secondly by
the extent to which the gain of each bucket’s amplifier
system can be calibrated. Until the 1990s, these prob-
lems did not allow static analysis to achieve the highest
levels of analytical precision, necessary for Sr or Nd
isotope analysis.

The alternative approach for high-precision analy-
sis is double- or triple-collector peak-jumping (multi-
dynamic analysis). The simplest (double-collector)
method is given below:

High collector: 87 88 91.4 –
Low collector: 86 87 90.4 85
Place in sequence: 1 2 3 4

After background subtraction, the 85Rb monitor is used
to correct both 87Sr peaks. The following algorithm
represents an approximation, assuming unit mass dif-
ferences between the isotopes:(

87

86

)
true

=
[(

87

86

)
1

(
87

86

)
2

1

0.1194

]0.5

[2.5]

where suffices denote places in the scan sequence. This
equation cancels out beam growth or decay and am-
plifier bias, as well as performing a power-law mass-
fractionation correction, all in a single calculation. To
use the exponential law for evaporation of Sr as the
metal, the function above is raised to the power of
0.5036 (Thirlwall, 1991b). Using multi-dynamic anal-
ysis, within-run precision should reach 0.002% (2σ )
after 3 h. Triple-collection analysis allows a further

improvement in efficiency. In this method, two double-
collector determinations on adjacent collectors are av-
eraged to yield a more precise result.

Unfortunately, while within-run precision can be
taken to lower and lower levels by more efficient sam-
ple ionisation and data collection, between-run repro-
ducibility often reaches a limiting 2σ value of about
0.004% (40 ppm), which is difficult to break through.
Thirlwall (1991b) attributed this phenomenon to im-
perfect centring of some peaks during dynamic mul-
tiple collection. This occurs because mass separations
decrease as absolute masses increase, so the collec-
tors are actually set slightly different distances apart.
Using the above example, if the three collectors are
set up with masses 86–87 perfectly centred (position 1
in the sequence) then at position 2 the peaks will be
slightly off-centre. This slight mis-centring may am-
plify any non-idealities in the optical path of the beam,
so that slightly different source configurations (for dif-
ferent bead numbers) yield small systematic variations
in isotope ratio.

A more recent development in multi-collector anal-
ysis obtains the best compromise between static and
multi-dynamic analysis, by allowing the signal from
each Faraday bucket to be switched in turn to each am-
plifier channel. This cancels out the electrical gains of
the different amplifiers, without the problem of peak
switching. Reproducibilities of better than 10 ppm (2σ )
can then be achieved in isotope-ratio measurements
(Finnigan MAT technical report, 2001). Provided that
the ion-optical bias of each collector can be accurately
calibrated, this system offers a new level of precision
and accuracy in isotope-ratio mass spectrometry. It
should be particularly useful for applications such as
seawater Sr, 186Os and 142Nd, for which isotopic vari-
ations are at the limits of analytical precision.

2.4 Isotope dilution

Isotope dilution is generally agreed to be the supreme
analytical method for very accurate concentration de-
terminations. In this technique, a sample containing
an element of natural isotopic composition is mixed
with a ‘spike’ solution, which contains a known con-
centration of the element, artificially enriched in one
of its isotopes. When known quantities of the two so-
lutions are mixed, the resulting isotopic composition
(measured by mass spectrometry) can be used to cal-
culate the concentration of the element in the sample
solution. The element in question must normally have
two or more naturally occurring isotopes, one of which
can be enriched on a mass separator. However, in some
cases a long-lived artificial isotope is used.
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2.4.1 Analysis technique

Before use, the isotopic composition of a ‘spike’ must
be accurately determined by mass spectrometry. This
measurement cannot be normalised for fractionation,
because there is no ‘known’ ratio to use as a fraction-
ation monitor. Therefore, several long runs are gen-
erally made, from which the average midpoint of the
run is taken to be the actual spike composition. The
concentration of the spike is generally determined by
isotope dilution against standard solutions (of natu-
ral isotopic composition) whose concentrations are
themselves calculated gravimetrically. Metal oxides
are generally weighed out, but if these are hygroscopic
(e.g. Nd2O3) then accurate weighing requires part of a
metal ingot.

A simple example of isotope-dilution analysis is the
determination of Rb concentration for the Rb–Sr dat-
ing method. Typical mass spectra of natural, spike and
mixed solutions are shown in Fig. 2.21.

In the mixture, each isotope peak is the sum of spike
(S) and natural (N) material. Hence,

87Rb
85Rb

= R = moles 87N + moles 87S

moles 85N + moles 85S
[2.6]

However, the number of moles of an isotope is equal
to the number of moles of the element as a whole, mul-
tiplied by the isotopic abundance. If the total numbers
of moles of natural and spike Rb are represented by
MN and MS, then

R = MN · %87N + MS · %87S

MN · %85N + MS · %85S
[2.7]

where percentages indicate the isotopic abundances
in the spike and natural solutions. This equation is

Fig. 2.21. Summation of spike (hatched) and natural ion beams to generate aggregate mixed peaks, as illustrated
by rubidium isotope dilution.

rearranged in the following steps:

R(MN · %85N + MS · %85S)

= MN · %87N + MS · %87S

RMN · %85N + RMS · %85S

= MN · %87N + MS · %87S

RMN · %85N − MN · %87N

= MS · %87S − RMS · %85S

MN(R · %85N − %87N)

= MS(%87S − R · %85S)

MN = MS
%87S − R · %85S

R · %85N − %87N
[2.8]

If we insert figures for the isotopic abundance of nat-
ural Rb and the isotopic abundance of a typical spike,
such that 27.83/72.17 is the natural 87Rb/85Rb ratio and
99.4/0.6 is the spike 87Rb/85Rb ratio, then the number
of moles of natural Rb is given by

MN = 99.4 − R · 0.6

R · 72.17 − 27.83
MS [2.9]

where R is the measured isotope ratio. Since number of
moles = molarity × mass, the molarity of the natural
sample is given by

MolarityN = 99.4 − R · 0.6

R · 72.17 − 27.83

wtS
wtN

MolarityS

[2.10]

Molarity is then multiplied by atomic weight to yield
concentration:

ConcN = At. wtN
99.40 − R · 0.6

R · 72.17 − 27.83

wtS
wtN

ConcS

At.wtS
[2.11]
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Because there are only two isotopes of Rb, no in-
ternal correction for fractionation is possible in the
measurement of 87Rb/85Rb. However, in the isotope-
dilution analysis of Sr, fractionation correction based
on measurement of the 88Sr/86Sr ratio is possible,
which allows a much more accurate measurement of
the 84Sr/86Sr ratio (spike Sr/natural Sr) to be made.

Isotope dilution is potentially a very-high-precision
method. However, error magnification may occur if
the proportions of sample to spike which are mixed
are far from unity (Fig. 2.22). Consequently, it is gen-
erally believed that the analysed peaks in an isotope-
dilution mixture should have an abundance ratio of
close to unity. In actual fact, the ideal composition
of the mixture is half-way between those of the natu-
ral and spike compositions. However, the best preci-
sion normally required in an isotope-dilution analysis
is about 1 per mil (0.1%), which is two orders of mag-
nitude worse than the precision normally achieved in
Sr or Nd isotope-ratio measurements. Hence, signifi-
cantly non-ideal spike–natural mixtures can be toler-
ated under normal circumstances.

The only other sources of error in isotope-dilution
analysis are incomplete homogenisation between sam-
ple and spike solution, and weighing errors. The first
of these can be overcome by centrifuging the sample

Fig. 2.22. Estimates of error magnification in isotope-
dilution analysis as a function of the total number of
moles of sample/spike. Cases are shown for three dif-
ferent percentages of spike isotope enrichment, mixed
with a natural sample with a 50–50 isotopic abundance
ratio. After De Bièvre and Debus (1965).

solution to check for any undissolved material and re-
peating the dissolution steps as necessary until com-
plete solution is achieved. Given sufficient care, includ-
ing the use of non-hygroscopic standard material and
correct balance calibration, spike solutions can be cali-
brated to 0.1% accuracy (Wasserburg et al., 1981). The
use of mixed spikes (e.g. Sm–Nd, Rb–Sr) then elimi-
nates further weighing errors in the analysis of these
ratios in sample material. The result is that isotope-
dilution accuracy can exceed 1% with ease, and 0.1%
if necessary. This compares very favourably with all
other methods of concentration determination.

2.4.2 Double spiking

The selection of an arbitrary non-radiogenic ratio
for fractionation normalisation (e.g. 88Sr/86Sr =
8.37521) results in no loss of information for terrestrial
samples. However, for meteorites, use of such a proce-
dure means that the true isotopes responsible for certain
anomalous isotope ratios cannot be uniquely identified.
An example is provided by inclusions EK 1-4-1 and C1
of the Allende chondritic meteorite (Papanastassiou
et al., 1978), for which several mixing models of nu-
cleosynthetic components are possible (e.g. Clayton,
1978).

The double-spike isotope-dilution technique can be
used to overcome this problem by correcting for frac-
tionation in the mass-spectrometer source, thus allow-
ing comparison of all of the isotope ratios in a suite
of samples, including those used for fractionation nor-
malisation. The theory of double spiking was first in-
vestigated in detail by Dodson (1963). The calculations
may be made iteratively (e.g. Compston and Oversby,
1969) or algebraically (e.g. Gale, 1970). However, it
is not usually possible to calculate ‘absolute’ values of
isotopic abundance because there is not normally any
absolute standard to calibrate the double spike.

Double spiking has been used to study processes of
Sr isotope fractionation in the solar nebula, as sampled
by inclusions and chondrules in the Allende meteorite,
relative to the composition of all terrestrial samples
(Patchett, 1980). Variations in 88Sr/86Sr ratio versus
84Sr/86Sr ratio were found to fit a mass-fractionation
line very well (Fig. 2.23). Ca–Al inclusions were en-
riched in the lighter isotopes of Sr, which is surprising,
since these inclusions are thought to be relatively early
condensates from the nebula, which should therefore
be enriched in heavy isotopes. The simplest explana-
tion for the effect is that the inclusions condensed from
an isotopically light region of the nebula.

Several workers have investigated the use of dou-
ble Pb spikes to allow within-run mass-fractionation
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correction of Pb isotope ratios. Most of these stud-
ies utilised double stable-isotope spikes such as
207Pb–204Pb (Compston and Oversby, 1969; Hamelin
et al., 1985), which necessitate two separate mass-
spectrometer runs, one with spike and one without.
This is because the spike interferes with the determi-

Fig. 2.23. Plot of 88Sr/86Sr ratio against 84Sr/86Sr ratio for
samples from Allende chondrules. Instrumental mass
fractionation has been corrected using a double-spike
algorithm. After Patchett (1980).

Fig. 2.24. Error propagation in Pb double-spike analysis: (a) the effect of differing proportions of spike to natural
Pb; and (b) the effect of within-run precision. After Hamelin et al. (1985).

nation of natural 207Pb and 204Pb. In contrast, the use
of a 202Pb/205Pb double spike allows both concen-
tration determination and a correction for analytical
mass fractionation to be made on a single Pb mass-
spectrometer run (Todt et al., 1996). These isotopes
are difficult to manufacture, but the procedure for
205Pb was described by Parrish and Krogh (1987). The
double-spiking technique has not been used widely for
Pb, because between-run fractionation has been con-
trolled successfully by the silica-gel loading technique.
In addition, the double-spike method may cause error
magnification if the spike/sample ratio is not close to
optimal, or if the mass-spectrometer run is not of high
precision (Fig. 2.24).

More recent work on double-spike TIMS Pb analysis
has been done by Powell et al. (1998), Galer (1999)
and Thirlwall (2000). However, the advent of plasma-
source mass spectrometry has offered an alternative
approach for fractionation correction in the analysis of
common Pb (see below).

2.5 Applications of MC-ICP-MS to
radiogenic isotopes

MC-ICP-MS is a more expensive technology than con-
ventional TIMS, both to build and to operate. This is
because the instruments have several complex engi-
neering systems, involving the RF generator, the torch
assembly with its argon supply, and the ion-extraction
system with its pumps, in addition to the magnetic-
sector analyser. Hence, MC-ICP-MS is most effec-
tively applied to isotope systems where TIMS has



2.5 Applications of MC-ICP-MS 33

encountered technical difficulties. A few of these sys-
tems will be described.

2.5.1 Hf–W
182W is the decay product of the short-lived nuclide
182Hf (t1/2 = 9 Myr). As an extinct nuclide 182Hf can
place important constraints on the origin and early his-
tory of the solar system, but the very high ionisation
potential of tungsten (7.98 eV, similar to that of os-
mium) precludes its analysis as a positive ion by TIMS.
The first high-precision W isotope measurements were
made by negative-ion TIMS, but MC-ICP-MS proved
ideally suited to the analysis of this element. Follow-
ing the establishment of the method (Lee and Halliday,
1995), these authors made numerous W isotope analy-
ses of meteoritic and planetary samples, throwing new
light on the timing of terrestrial core formation and the
formation of the solar nebula (section 15.5.4).

2.5.2 Lu–Hf

The Lu–Hf isotope system was first exploited using
positive-ion TIMS analysis (section 9.1), but the high
ionisation potential of hafnium (6.65 eV) has always
rendered TIMS Hf analysis difficult, requiring large
sample size and high-purity ion-exchange separation
in order to achieve good results. The ability of MC-
ICP-MS to achieve excellent ionisation on impure sam-
ple solutions makes the method ideal for Hf isotope
analysis. Whole-rock samples containing as little as
100 ng Hf can be analysed after pre-concentration only
(Blichert-Toft et al., 1997), and zircons can be anal-
ysed in situ by laser-probe MC-ICP-MS (Thirlwall and
Walder, 1995). Previously, TIMS analysis of Hf also re-
quired a very demanding chemical separation method
(Patchett and Tatsumoto, 1980), Hence, for all of these
reasons, MC-ICP-MS has effectively rendered TIMS
analysis of hafnium obsolete.

2.5.3 U–Th

Thorium is another element with a high ionisation po-
tential (6.97 eV). It is routinely analysed by TIMS, but
the poor ionisation efficiency is a significant problem,
particularly for samples with large common-thorium
(232Th) contents (section 13.1). Such samples are well
suited to simultaneous analysis on a Faraday and Daly
collector. In this approach the small 230Th beam is anal-
ysed on a Daly or multiplier collector, while the large
232Th beam is analysed simultaneously on a Faraday
collector (e.g. Luo et al., 1997). In order to calibrate the
relative gain of the Daly and Faraday collectors, Luo
et al. added uranium of known isotopic composition

directly to the Th sample. The 235U/238U ratio mea-
sured on two Faraday collectors is used for mass
fractionation correction of both U and Th, while the
234U/235U ratio is used to calibrate the Daly/Faraday
collector gain. Results for the Table Mountain Latite
standard gave excellent external (between-run) pre-
cision, as well as internal (within-run) precision. In
more recent work, the method was used successfully to
duplicate TIMS analyses of carbonate samples (Shen
et al., 2002) and igneous rock analysis (Pietruszka
et al., 2002).

2.5.4 Pb–Pb

Pb isotope analysis has long been performed by TIMS,
but the existence of only one stable non-radiogenic iso-
tope has always made mass fractionation the principal
source of analytical error. Mass fractionation occurs in
the plasma source, but it is almost completely indepen-
dent of the chemistry of the species involved. There-
fore, the two stable isotopes of thallium (202 and 205)
can be used to make accurate fractionation corrections
for Pb (Walder and Furuta, 1993).

More detailed experiments (White et al., 2000) ap-
peared to reveal small differences between the mass-
fractionation behaviours of Pb and Tl, although these
could be corrected for. Some minor problems were
also found by Thirlwall (2002) and attributed to subtle
solution-chemistry effects in the nebuliser. However,
Collerson et al. (2002) observed coherent fractiona-
tion behaviour between Pb and Tl, demonstrated by
plotting interference-corrected raw ratios for both ele-
ments on a log–log plot. Hence, they were able to ob-
tain accurate fractionation-corrected Pb isotope data
on several different types of sample, with an average
reproducibility of about 300 ppm.

It is concluded that MC-ICP-MS can achieve accura-
cies of Pb isotope analysis approaching those produced
by the much more experimentally demanding double-
spiking methods using TIMS (section 2.4.2). Therefore
it can be expected that MC-ICP-MS will take over from
TIMS as the preferred method for Pb isotope analysis
where large suites of samples must be analysed to high
precision. This would apply to studies of igneous pet-
rogenesis and especially to Pb isotope analysis as an
environmental tracer, such as in the study of seawater
evolution from the analysis of ferromanganese crusts
(Christensen et al., 1997).

2.5.5 U–Pb

Another area where MC-ICP-MS has been success-
fully applied is the in situ U–Pb analysis of zircons by
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Fig. 2.25. Schematic illustration of the equipment set-
up for feeding laser-ablated material into the ICP
source. After Halliday et al. (1998).

laser ablation, for applications in geochronology. An
infra-red or (more usually) an ultra-violet laser is used
to ablate the sample inside a small chamber, which is
at atmospheric pressure. The atomic sample cloud in
the chamber is carried to the plasma by the argon ‘sam-
pler’ gas flow, and is then ionised in the plasma in the
usual way (Fig. 2.25).

Walder et al. (1993a) used a glass standard to calcu-
late the efficiency of laser-ablation MC-ICP-MS for ion
production. They found that the efficiency was com-
parable to that of ion-microprobe analysis using the
SHRIMP (section 5.2.3). However, because the vol-
ume of sample excavated by laser ablation can be larger
than that with the SHRIMP, laser-ablation MC-ICP-
MS can generate ion beams large enough for analysis
by multiple Faraday collectors (Halliday et al., 1998).
Hence the instrument is potentially capable of generat-
ing ages with higher precision than the SHRIMP. The
instrument used by Halliday et al. (1998) was fitted
with a wide flight tube to permit simultaneous analysis
of U and Pb.

Some problems remain in the accurate calibration of
U/Pb ratios measured during the laser-ablation process.
However, Horn et al. (2000) proposed that 202Tl, 205Tl
and 235U spikes could be added by solution nebulisa-
tion to the gas stream from laser ablation of the sample.
Use of a zircon standard showed that elemental U/Pb
fractionation during ablation could be quantified for a
given laser power, spot size and depth of excavation.
This calibration procedure then allowed U/Pb fraction-
ation during sample ablation to be calibrated. Pb mass
fractionation during beam extraction from the plasma
was also corrected. Horn et al. applied this procedure
on a quadrupole ICP-MS, whose ultimate precision is

limited to about ±1% (2σ ) by the instability of the
plasma. However, the use of this spiking technique in
combination with MC-ICP-MS offers the possibility
of matching the dating precision of ion microprobes
such as the SHRIMP (section 5.2.3).

2.5.6 Sm–Nd

Experiments to test the effectiveness of MC-ICP-MS
for Nd isotope analysis were reported by Walder et al.
(1993b) and Luais et al. (1997). Most analyses were
made in static multi-collection mode, but a few multi-
dynamic analyses gave similar results to static analysis.
It was shown that Sm interference corrections could be
made very accurately, so that Nd isotope ratio determi-
nations could be made on bulk REE separates from a
cation column, without secondary clean-up to remove
Sm. In addition, the typical analysis time was only
20 min per sample.

Disadvantages of the ICP method were the longer
instrument-setup times, the need to analyse more stan-
dards and the slightly lower external (between-run)
reproducibility. This was found to be about 30 ppm
over short periods, but 60 ppm over a period of a year.
However, results of a more recent study (Vance and
Thirlwall, 2002) suggest that this lower reproducibil-
ity was due to the inadequacy of the exponential law
to correct for the large fractionation factors encoun-
tered with ICP, which are more consistent than TIMS
fractionation effects, but usually more than an or-
der of magnitude larger. Vance and Thirlwall showed
that these problems could be solved using information
from the fractionation of additional non-radiogenic
ratios, therefore allowing MC-ICP-MS to generate
reproducibilities comparable to those with TIMS.
However, TIMS Nd analysis is simpler and cheaper,
making it accessible to a wider range of users. There-
fore, it appears that Nd isotope analysis will be a niche
where TIMS will be applied for some time to come.

2.6 Isochron regression-line fitting

When radiogenic isotope ratios for a co-genetic sam-
ple suite (e.g. 87Sr/86Sr) are plotted against the par-
ent/daughter ratio in those samples (e.g. 87Rb/86Sr),
the points should ideally define a perfect straight line
or ‘isochron’ (section 3.2.2). Typically, the slope of
this isochron line can then be used to determine the
age of the system. However, since both quantities in-
volved are measured experimentally, experimental er-
rors are inevitable. Hence, these errors must be consid-
ered when calculating the slope of a best-fit line though
the data.
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Fig. 2.26. Schematic illustration of least-squares regression analysis with different conditions of weighting; (a)
infinite weighting of x (all errors in y); (b) infinite weighting of y; (c) fixed weighting of x versus y; and (d)
individual weighting of each point, inversely proportional to squares of standard deviations. After York (1967).

A straight line fitted to an array of points is termed a
‘linear regression’. One of the best approaches involves
minimising the sum of the squares of the distances
that data points lie away from a line drawn through
the points, and hence is called a least-squares fit. This
involves iteration, and is therefore done by calculator
or computer.

2.6.1 Types of regression fit

In simple linear-regression programs, one ordinate is
defined as ‘free of error’ and the regression line is cal-
culated to minimise the mis-fit of points in the other
ordinate (Figs. 2.26a, b). If the data define a very gentle
slope and are somewhat scattered, disastrous fits can
be produced by regressing onto the wrong ordinate.
Where errors are present in both ordinates, as in the
case of the isochron fit, a two-error regression treat-
ment must be used (Figs. 2.26c, d). Several methods
of this type have been presented in the literature (e.g.
McIntyre et al., 1966; York, 1966; York, 1967; Brooks
et al., 1972; Ludwig, 1997), sometimes including a
ready-to-run computer program.

In cases where the actual deviations of the data
points from the regression line are equal to or less than
those expected from experimental error, all regression

treatments effectively give the same isochron age and
initial ratio. In such cases, the only matter of de-
bate is the manner in which experimental errors are
assigned.

Ideally, the analysed error in 87Sr/86Sr and 87Rb/86Sr
ratios (for example) would be determined by measur-
ing the reproducibility of an almost infinite number
of duplicates (Brooks et al., 1972). Since this is very
time-consuming, the best empirical estimate is proba-
bly the long-term reproducibility of standard analyses.
Within-run precision of sample analyses is almost cer-
tainly an under-estimate of error, since it is typically
about 50% of the reproducibility error. For 87Rb/86Sr
ratios, quoted accuracies must include an estimate for
sample-weighing errors, spike-calibration errors etc.,
as well as mass-spectrometry errors (in the case of iso-
tope dilution).

While some of the regression programs in use
provide the facility for weighting each data point
according to its precision of measurement, this may
sometimes be detrimental, as it tends to ‘destabilise’
the fit. In practice, 87Rb/86Sr and 87Sr/86Sr errors are
probably best assigned as a blanket percentage (e.g.
0.5% and 0.002% 1σ , respectively). If one point has a
particularly bad precision, it is better to re-analyse it
than give it less weight in the regression.
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2.6.2 Regression fitting with correlated
errors

In conventional isochron analysis (e.g. Rb–Sr), analyt-
ical errors in the two ordinates (isotope ratio and ele-
mental abundance ratio) are effectively uncorrelated.
However, in the lead isotope dating methods, this is far
from the case. In common Pb–Pb dating, correlated
errors are found between 207Pb/204Pb and 206Pb/204Pb,
due to the greater analytical uncertainties on the small
204Pb peak (which is common to both ratios) and due to
the uncertainty of mass fractionation. These two corre-
lation lines have different slopes, and while the former
may be important for very small Pb beam sizes, the lat-
ter is normally dominant. Data for the NBS 981 stan-
dard shown in Fig. 2.27 yield a correlation coefficient
of 0.94 (Ludwig, 1980).

In U–Pb zircon dating, errors may exhibit a
much stronger correlation. This is because errors
in 206Pb/238U and 207Pb/235U are mainly attributable
to the elemental U/Pb ratio, which may be five or
more times less reproducible than the 206Pb/207Pb
ratio (Davis, 1982). This difference arises from the
analytical errors inherent in isotope dilution and from
uncertainties in common-Pb correction (section 5.2).
Regression treatments for correlated errors using the
least-squares technique were given by York (1969)
and Ludwig (1980). Davis (1982) used the alterna-
tive ‘maximum-likelihood’ method, and showed that
the two approaches yielded similar estimates of error

Fig. 2.27. Results of seven analytical runs on the NBS 981
Pb standard performed with large beam sizes at vary-
ing filament temperatures. Data cluster near the mass-
fractionation line. Solid square = ‘true value’. After
Ludwig (1980).

using test data (see also Titterington and Halliday,
1979).

2.6.3 Errorchrons

Brooks et al. (1972) argued that ‘a line fitted to a set
of data that display a scatter about this line in excess
of the experimental error is simply not an isochron’.
They proposed that Rb–Sr regression fits with excess
or ‘geological’ scatter (McIntyre et al., 1966) should
be called ‘errorchrons’ and treated with a high degree
of suspicion. This raises the problem of how to detect
the presence of geological scatter, bearing in mind the
fact that analytical errors are only probabilities.

The sum of the squares of the mis-fits of each point to
the regression line (i.e. squared residuals; York, 1969)
or sum of χ2 (Brooks et al., 1968; 1972), may be
divided by the degrees of freedom (number of data
points minus two) to yield mean-squared weighted
deviates (MSWD), which represents the most conve-
nient expression of scatter. If the scatter of data points
is, on average, exactly equivalent to that predicted
from the analytical errors, then the calculation will
yield MSWD = 1. Excess scatter of data points yields
MSWD > 1, whereas less scatter than predicted from
experimental errors yields MSWD < 1.

Problems may arise with the interpretation of these
MSWD values, since the analytical errors input into
the program are only estimates of error. To address
this problem, Brooks et al. (1972) constructed a ta-
ble of probabilities (Table 2.1) to distinguish between
errorchrons and isochrons from their MSWD values.
They established a ‘rule of thumb’ that, on average,
if MSWD < 2.5, then the data define an isochron,
whereas if MSWD > 2.5, they define an errorchron.
Unfortunately this rule of thumb has been much abused
over subsequent years, because the original objectives
of Brooks et al. (1972) have been misunderstood. They
set up the MSWD = 2.5 cut-off in order to reject er-
rorchrons with a 95% certainty of excess scatter over
analytical error. This corresponds to only 5% confi-
dence that a fit with MSWD = 2.5 is an isochron (e.g.
Wendt and Carl, 1991). However, many workers have
wrongly assumed that if MSWD is less than 2.5 then
there is a high degree of confidence that the suite is
a true isochron (where analytical errors express most
or all of the error on the age). In actual fact, MSWD
must be near unity for one to have a high degree of
confidence that the data represent a true isochron.

2.6.4 Dealing with errorchrons

Because the number of errorchrons will continually in-
crease as analytical errors decrease, the suggestion that
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Table 2.1. MSWD values indicating 95% confidence of an errorchron

Number of samples regressed

Number of duplicates 3 4 5 6 8 10 12 14 26

10 4.96 4.10 3.71 3.48 3.22 3.07 2.98 2.91 2.74
20 4.35 3.49 3.10 2.87 2.60 2.45 2.35 2.28 2.08
30 4.17 3.32 2.92 2.69 2.42 2.27 2.16 2.09 1.89
40 4.08 3.23 2.84 2.61 2.34 2.18 2.08 2.00 1.79
60 4.00 3.15 2.76 2.53 2.25 2.10 1.99 1.92 1.70

120 3.92 3.07 2.68 2.45 2.18 2.02 1.91 1.83 1.61

Numbers underlined just exceed the MSWD = 2.5 cut-off.

errorchrons be rejected outright is unhelpful. There-
fore, other workers have looked for ways of quantify-
ing geological scatter in terms of an error on the age
result. McIntyre et al. (1966) emphasised that statis-
tical error estimation of errorchrons cannot be prop-
erly meaningful unless the geological reasons for the
mis-fit are understood. Therefore, they suggested four
alternative approaches for error handling. These are as
follows:

(1) No excess scatter above predicted analytical er-
rors (i.e. a true isochron).

(2) All excess scatter is attributed to Rb/Sr, equiva-
lent to assuming that there are small differences
between the initial ages of the samples.

(3) All excess scatter is attributed to 87Sr/86Sr,
equivalent to assuming that there is variation
in the initial isotopic ratio of samples.

(4) Excess scatter is attributed to some combination
of models (2) and (3).

The program of York (1966) allows the analytical er-
rors on X and Y ordinates (e.g. 87Rb/86Sr and 87Sr/86Sr)
to be multiplied in equal and uniform proportion by an
error factor (

√
MSWD) until the expanded errors equal

geological scatter (MSWD = 1). The error on the cal-
culated age will be magnified by this process to give
a reasonable estimate of uncertainty, which includes
both geological and analytical scatter.

Some form of error expansion must always be per-
formed if a meaningful geological error estimate is to
be given for a data set with MSWD > 1, because this
is a definite indicator that excess scatter of some form
is present. The only uncertainty is whether the excess
scatter is geological or analytical. The York (1966)
procedure is the most common method of dealing with
excess scatter, but it is an arbitrary procedure that takes
no account of geological processes and their resulting
contribution to errors. Where initial ratio variability is
suspected, option (3) of McIntyre (above) is preferable

(amplification of isotope ratios only). However, this
can lead to misinterpretation of a data set if all points
are not identical in age.

A new DOS/Windows-based computer program in-
corporating these concepts was provided by Ludwig
(1997). Amongst several types of isochron fit, this pro-
gram (Isoplot version 2.95) provides York-type fits un-
der three categories which are similar to those above:

(1) Fits based on individually assigned analytical
errors. Errors on the age are calculated (a)
based on analytical errors only (applicable if
MSWD ≤ 1); and (b) by equal expansion of as-
signed analytical errors. A warning was given
that the latter approach can give rise to seri-
ous errors if the assigned analytical errors are
significantly variable.

(2) A fit based on expansion of assigned errors to
encompass the scatter, but all points have equal
weights. If the assigned errors are uniform, fit
(1b) is the same as fit (2).

(3) A fit based on model (3) of McIntyre, with ex-
cess scatter absorbed by expanding initial ratios
only. Sketches to show categories (1) and (3) are
presented in Fig. 2.28.

Misinterpretation of errorchrons is usually due to a
failure to visualise the distribution of data and atten-
dant errors adequately. This can be avoided by using a
graphical presentation. Various types of graphical as-
sessment using isochron diagrams will be discussed
for the Rb–Sr method (section 3.2.2). However, an al-
ternative approach is the so-called ‘bootstrap method’
(Kalsbeek and Hansen, 1989). In this method a set of
errorchron data is analysed by computer to see how sta-
ble the regression line is to the application of a greater
weighting to various points. This test is performed by
successive random selection of a sample of points from
the data set, such that this sample is equal in size to
the data set. (This is not as strange as it sounds.) What
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Fig. 2.28. Sketches to show the effects of Ludwig’s
Model 1 and Model 3 on a four-point errorchron (MSWD
= 6.9) with one aberrant point with larger error. (In-
put data: 0.06, 0.1, 0.5106, 0.002; 0.10, 0.1, 0.511, 0.002;
0.14, 0.1, 0.5114, 0.002; and 0.13, 0.1, 0.511 35, 0.005.)

will normally happen is that a few points are selected
more than once, while others are omitted. By repeating
this process a few thousand times, a probability distri-
bution is set up, portraying the stability of the best-fit
line against the influence of certain sub-sets of the data
suite (Fig. 2.29).

If geological errors are randomly distributed, the fre-
quency histogram derived from the data set will have
a symmetrical (Poisson) distribution. In this case the
result is identical to expanding analytical errors by√

MSWD. (Of course, a true isochron should always
yield a Poisson distribution, because analytical errors
are assumed to be random.) However, if geological
scatter is uneven, the probability histogram of an er-
rorchron may be skewed or even bimodal (Fig. 2.29)
and hence highly suspect in terms of age assignment.
This diagram therefore constitutes an excellent visual
test for isochron data quality, and could help to avoid
the misinterpretation of problematical data sets.

A more recent form of the bootstrap approach was
described by Powell et al. (2002). The objective of their
method was to downplay the significance of extreme
data points that lie outside a Poisson distribution, by
amplifying the errors on these data points more than
the main data set (similar to Fig. 2.28). This approach
was intended to generate more ‘robust’ ages and error
estimates by avoiding the distortion of an isochron age
that could occur with full weighing of ‘aberrant’ points,
while also reducing the ‘temptation’ to exclude such
points from the calculation, as many workers do. The
ideal approach would be to collect more data in order
to resolve the non-Gaussian data more clearly, but in
the real world this might not be possible.

Fig. 2.29. Frequency distribution of 10 000 selection per-
mutations from three sets of errorchron data. 95% (2σ )
confidence limits of the ‘bootstrap’ age determination
are indicated (P2.5 and P97.5). Arrows represent symmet-
rical 2σ confidence limits resulting from expansion of
analytical errors until MSWD = 1. After Kalsbeek and
Hansen (1989).
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3 The Rb–Sr method

Rubidium, a group-1 alkali metal, has two naturally
occurring isotopes, 85Rb and 87Rb, whose abundances
are 72.17% and 27.83%, respectively. These figures
yield an atomic abundance ratio of 85Rb/87Rb = 2.593
(Catanzaro et al., 1969), which is a constant throughout
the Earth, Moon and most meteorites due to isotopic
homogenisation in the solar nebula. 87Rb is radioac-
tive, and decays to the stable isotope 87Sr by emis-
sion of a β particle and anti-neutrino (ν̄). The decay
energy (Q) is shared as kinetic energy by these two
particles:

87
37Rb → 87

38Sr + β− + ν̄ + Q

3.1 The Rb decay constant

The low decay energy for this transformation
(275 keV) has always caused problems in the accu-
rate determination of the Rb decay constant. Because
the decay energy is divided between the β particle and
the anti-neutrino, the β particles have a smooth dis-
tribution of kinetic energy from the total energy down
to zero. When attempting to determine the decay con-
stant by direct counting, the low-energy β particles
cause great problems because they may be absorbed
by surrounding Rb atoms before they ever reach the
detector. For example, in a thick (>1 µm) solid Rb
sample, attenuation is so severe that a false frequency
maximum is generated at about 10 keV (Fig. 3.1).

One way to avoid the attenuation problem is to use
a photo-multiplier with a liquid scintillator solution
doped with Rb. The β particles will be absorbed by
molecules of the scintillator (emitting flashes of light)
before they can be absorbed by other Rb atoms. The
major problem with this method is that a low-energy
cut-off at about 10 keV must be applied in order to
avoid the high background noise associated with liquid
scintillation. The consequent extrapolation of count-
rate curves down to zero energy leads to a large un-
certainty in the result (Fig. 3.1). Hence this method
has given values for the 87Rb half-life from 47.0 ±

1.0 Byr (Flynn and Glendenin, 1959) to 52.1 ± 1.5 Byr
(Brinkman et al., 1965).

Another approach to direct counting is to make mea-
surements with progressively thinner solid Rb sources
using a proportional counter. The results are then ex-
trapolated to a theoretical source of zero thickness to
remove the effect of self-absorption. The proportional
counter has a much lower noise level, so the energy
cut-off can be set as low as 0.185 keV. Rb films with
thicknesses down to 1 µm were measured by Neumann
and Huster (1974), and extrapolated to zero thickness
by Neumann and Huster (1976) to derive an 87Rb half-
life of 48.8 ± 0.8 Byr (equivalent to a decay constant
of 1.42 × 10−11 yr−1).

An alternative approach to determining the Rb decay
constant is to measure the amount of 87Sr produced
by decay of a known quantity of 87Rb in the labora-
tory over a known period of time. This method was
first attempted by McMullen et al. (1966) on a ru-
bidium sample they had purified in 1956, and was
repeated on the same sample batch by Davis et al.
(1977). Unfortunately, McMullen et al. omitted to
measure the small but significant level of residual 87Sr
present in their rubidium before they put it away on
the shelf. Hence, the accuracy of their determination
was compromised. However, this problem contributes
less than 1% uncertainty to the later determination
of Davis et al. (1977). Their proposed value for the
87Rb half-life (48.9 ± 0.4 Byr, equivalent to a de-
cay constant of 1.42 × 10−11 yr−1) can therefore be
taken to support the value of Neumann and Huster
(1976).

A third approach to the determination of the Rb
decay constant is to date geological samples whose
ages have also been measured by other methods with
more reliable decay constants. This method has the
disadvantage that it involves geological uncertainties,
such as whether all isotopic systems closed at the same
time and remained closed. However, it provides a use-
ful check on the direct laboratory determinations. In
this respect it is worth noting that Pinson et al. (1963)
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Fig. 3.1. Plot of activity against kinetic energy for β

particles generated by 87Rb decay. Solid lines = solid Rb
sources; dashed lines = liquid scintillator measurements.
After Neumann and Huster (1976).

proposed a rubidium half-life of 48.8 Byr on the basis
of Rb–Sr dating of stony meteorites.

During the last thirty years, values of the decay con-
stant used in geological age calculations have varied
between 1.47 × 10−11 and 1.39 × 10−11 yr−1 (t1/2 =
46.8–50.0 Byr). The most commonly used value of
1.42 × 10−11 yr−1 (t1/2 = 48.8 Byr) was adopted by
international convention (Steiger and Jäger, 1977), but
probably needs to be revised. For example, very precise
U–Pb and Rb–Sr isochrons for chondritic meteorites
can be made to agree only if the 87Rb decay constant
is reduced to 1.402 (±0.008) × 10−11 yr−1, equivalent
to a half-life of 49.4 ± 0.3 Byr (Minster et al., 1982).

3.2 Dating igneous rocks

The Rb–Sr method has largely been superseded as a
means for dating igneous rocks. However, the method
provides a good illustration of the principles of isotope
dating, and will therefore be reviewed here to demon-
strate those principles. This application begins from the
general equations for radioactive decay (section 1.4).
Hence, the number of 87Sr daughter atoms produced
by decay of 87Rb in rock or mineral since its formation
t years ago is given by substituting into decay equation
[1.10]:

87Sr = 87SrI + 87Rb(eλt − 1) [3.1]

where 87SrI is the number of 87Sr atoms present ini-
tially. However, it is difficult to measure precisely the
absolute abundance of a given nuclide. Therefore it is

more convenient to convert this number into an iso-
tope ratio by dividing by the number of atoms of 86Sr
(which is not produced by radioactive decay and there-
fore remains constant with time). Hence we obtain:( 87Sr

86Sr

)
P

=
( 87Sr

86Sr

)
I

+
87Rb
86Sr

(eλt − 1) [3.2]

The present-day Sr isotope ratio (P) is measured by
mass spectrometry, and the atomic 87Rb/86Sr ratio is
calculated from the Rb/Sr weight ratio. If the initial
ratio (87Sr/86Sr)I is known or can be estimated, then t
can be determined, subject to the assumption that the
system has been closed to Rb and Sr mobility from
time t until the present:
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[3.3]

3.2.1 Sr model ages

When the Rb–Sr method was first used in geochronol-
ogy, the poor precision attainable in mass spectrometry
limited the technique to the dating of Rb-rich minerals
such as lepidolite. These minerals develop such high
87Sr/86Sr ratios over geological time that a uniform
initial 87Sr/86Sr ratio of 0.712 could be assumed in all
dating studies without introducing significant errors.
Such determinations are called ‘model ages’ because
the initial ratio is predicted by a model rather than mea-
sured directly.

Subsequently, the Rb–Sr method was extended to
less exotic rock-forming minerals such as biotite, mus-
covite and K-feldspar, with lower Rb/Sr ratios. How-
ever, discordant dates were often generated by as-
suming an initial ratio of 0.712 when the real initial
ratio was higher. This problem was first recognised
by Compston and Jeffery (1959), and was overcome
by the invention of the isochron diagram (Nicolaysen,
1961). Model ages subsequently re-appeared in more
specialised aspects of Rb–Sr dating, such as meteorite
chronology, and as an important approach in the Sm–
Nd method (section 4.2).

3.2.2 The isochron diagram

An examination of equation [3.2] shows that it is equiv-
alent to the equation for a straight line:

y = c + xm [3.4]

This led Nicolaysen (1961) to develop a new way of
treating Rb–Sr data, by plotting 87Sr/86Sr (y) against
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Fig. 3.2. Schematic Rb–Sr isochron diagram for a suite
of co-magmatic igneous minerals.

87Rb/86Sr (x). The intercept (c) is then the initial
87Sr/86Sr ratio of the system. On this diagram, a suite
of co-magmatic minerals having the same age and ini-
tial 87Sr/86Sr ratio, and which have since remained as
closed systems, define a line termed an ‘isochron’. The
slope of this line, m = eλt − 1, yields the age of the
minerals. If one of the minerals is very Rb-poor then
this may yield the initial ratio directly. Otherwise, the
initial ratio is determined by extrapolating back to the
y axis a best-fit line through the available data points
(Fig. 3.2). Because λ87Rb is so small, for geologi-
cally young rocks the slope may be quite accurately
approximated by λt . Such an approximation does
not hold for nuclides with shorter half-lives such as
K and U.

The isotopic evolution of a suite of hypothetical min-
erals in the isochron diagram is illustrated in Fig. 3.3.
At the time of crystallisation of the rock, all three min-
erals have the same 87Sr/86Sr ratio, and plot as points
on a horizontal line. After each mineral has become
a closed system (effectively at the same instant for
the minerals in a high-level, fast-cooling intrusion)

Fig. 3.3. Rb–Sr isochron diagram on axes of equal magnitude showing production of 87Sr as 87Rb is consumed in
two hypothetical samples.

isotopic evolution begins. On a diagram where the two
axes have the same scale (Fig. 3.3), the points move up
straight lines with a slope of −1 as each 87Rb decay
increases the 87Sr/86Sr ratio and reduces the 87Rb/86Sr
ratio by the same amount. Each mineral composition
remains on the isochron as its slope increases with time.
In practice, the y axis is usually very much expanded
to display rocks of geological age in a suitable format,
and the growth lines are then nearly vertical.

Another development of the Rb–Sr method
(Schreiner, 1958), was the analysis of co-genetic
whole-rock sample suites, as an alternative to sepa-
rate minerals. To be effective, a whole-rock suite must
display variation in modal mineral content, such that
samples display a range of Rb/Sr ratios, without in-
troducing any variation in initial Sr isotope ratio. In
actual fact, perfect initial ratio homogeneity may not
be achieved, especially in rocks with a mixed magmatic
parentage. However, if the spread in Rb/Sr ratios is suf-
ficient, then any initial ratio variations are swamped,
and an accurate age can be determined. Initial ratio het-
erogeneity is a greater problem in Sm–Nd isochrons,
and is therefore discussed under that heading (section
4.1.2). Schreiner’s proposal actually preceded the in-
vention of the Rb–Sr isochron diagram, but some of his
data are presented on an isochron diagram in Fig. 3.4
to demonstrate the method.

Graphical calculation of isochron ages was super-
seded in the 1960s by the application of least-squares
regression techniques (section 2.6), but the isochron
diagram remains a very useful means for assessing the
distribution of data points about a regression. However,
Papanastassiou and Wasserburg (1970) found that the
vertical scale of the isochron diagram was too com-
pressed to allow clear portrayal of the experimental
error bars on their data points. To overcome this prob-
lem they developed the ε notation, which they defined
as the relative deviation of a data point from the best-fit
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Fig. 3.4. Rb–Sr whole-rock isochron for the ‘red granite’
of the Bushveld complex, using the data of Schreiner
(1958).

isochron in parts per 104. This is given by

ε =
(

(87Sr/86Sr)measured

(87Sr/86Sr)best-fit
− 1

)
× 104 [3.5]

Figure 3.5 shows a combined mineral isochron dia-
gram and ε diagram for an Apollo 11 sample from
the Sea of Tranquillity. A limitation of the ε diagram
is that the vertical error bars only describe errors in
87Sr/86Sr ratio, whereas errors in Rb/Sr ratio can also
cause points to deviate from the line. In practice,
the samples dated by Papanastassiou and Wasserburg
(1970) had small Rb/Sr ratios, so errors in this variable
were normally subordinate to errors in the Sr isotope
ratio.

Provost (1990) has pointed out that isochrons de-
termined on granitic rocks are dominated by errors
in Rb/Sr ratio rather than 87Sr/86Sr ratio (Fig. 3.6a).
He developed a new version of the isochron plot
(Fig. 3.6b), with non-linear axes, which attempts to
portray both sources of error at once. Uncertainties
in isotope ratio and Rb/Sr ratio both generate vertical
or sub-vertical error bars, but their meaning changes
progressively across the diagram from an error on the
initial ratio (left-hand side) to an error on the age (right-
hand side). Unfortunately this diagram is conceptually
quite difficult to understand, so a more practical ap-
proach may be to improve the ε diagram of Papanas-
tassiou and Wasserburg by adding error bars that rep-
resent the effect of Rb/Sr uncertainties on each data
point, in the form of equivalent errors in ε value.

3.2.3 Erupted isochrons

A primary basic magma should inherit the isotopic
composition of its mantle source, provided that melt-
ing occurs under equilibrium conditions. Tatsumoto
(1966) first suggested, on the basis of U–Pb data, that

Fig. 3.5. Rb–Sr data for lunar mare sample 10017 plot-
ted on a conventional isochron diagram and on a di-
agram of ε Sr against Rb/Sr. After Papanastassiou and
Wasserburg (1970).

primitive basic magmas could also inherit the par-
ent/daughter ratio of their mantle source. If different
magma batches were to sample the elemental and iso-
topic composition of different source domains, this
might lead to the eruption of an ‘isochron’ suite whose
slope would yield the time over which these sources
were isolated. This concept was examined for the Rb–
Sr system in alkalic ocean-island basalts by Sun and
Hanson (1975).

Average compositions for fourteen different ocean-
island basalts were plotted on an isochron diagram
(Fig. 3.7). The data are fairly scattered, but form a posi-
tive correlation with a slope age of about 2 Byr. Individ-
ual ocean islands may also define arrays with positive
slope, but usually with more scatter. Sun and Hanson
attributed the positive correlations between Rb/Sr ra-
tio and isotopic composition to mantle heterogeneity,
suggesting that the apparent ages represented the time
since mantle domains were isolated from the convect-
ing mantle. Brooks et al. (1976a) termed these ages
‘mantle isochrons’.
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Fig. 3.6. Rb–Sr data for the Agua Branca adamellite,
Brazil, plotted (a) on the conventional isochron dia-
gram; and (b) on an ‘improved’ isochron diagram. After
Provost (1990).

Fig. 3.7. Rb–Sr isochron diagram for young volcanic
rocks (mostly alkali basalts) from ocean islands. After
Sun and Hanson (1975).

The mantle-isochron concept was extended to con-
tinental igneous rocks by Brooks et al. (1976b). Be-
cause these are often ancient (unlike most ocean-island
basalts), it was necessary to correct measured 87Sr/86Sr
ratios back to their calculated initial ratios at the time

Fig. 3.8. Pseudo-isochron for quartz and olivine norites
from Arnage (◦) and Haddo House (●) in NE Scotland,
yielding an apparent age of 1160 ± 420 Myr (2σ ) prior
to intrusion. After Brooks et al. (1976b).

of magmatism, before plotting them against Rb/Sr ra-
tios (e.g. Fig. 3.8). Hence Brooks et al. termed these
plots ‘pseudo-isochron’ diagrams. They listed thirty
examples, from both volcanic and plutonic continental
igneous rock suites, where the data formed a roughly
linear array. The controversial aspect of this work was
that Brooks et al. rejected the possibility that pseudo-
isochrons were mixing lines produced by crustal con-
tamination of mantle-derived basic magmas. Instead,
they believed them to date mantle differentiation events
that established domains of different Rb/Sr ratio in the
sub-continental lithosphere.

It is a fundamental assumption of the mantle
isochron model that neither isotope nor elemental ra-
tios are perturbed during the ascent of magma through
the crust. However, it is now generally accepted that
this assumption is not upheld with sufficient reliabil-
ity to attribute age significance to erupted isochrons.
For example, the Haddo House norites of NE Scotland
(Fig. 3.8) are known to contain pelitic xenoliths, so
this array must document crustal assimilation. An-
other pseudo-isochron example from Lower Tertiary
lavas of NW Scotland (Beckinsale et al., 1978) can
be attributed to Sr depletion in the melt by plagio-
clase fractionation, followed by crustal contamination
(Fig. 3.9). Breakdown of the mantle-isochron model
can also be caused by low degrees of melting in the
mantle source, leading to fractionation between Rb, an
ultra-incompatible element, and Sr, a moderately in-
compatible element. Hence it is concluded that only
isotope–isotope mantle isochrons (such as those pro-
vided by the Pb–Pb system) can reliably be interpreted
as dating the ages of mantle differentiation events.
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Fig. 3.9. Pseudo-isochron diagram for Tertiary lavas
from the Isle of Mull, NW Scotland, showing an appar-
ent age of 68 Myr prior to eruption. Vectors illustrate
effects of crystal fractionation and crustal contamina-
tion. Modified after Beckinsale et al. (1978).

3.2.4 Meteorite chronology

Meteorites have been the subject of numerous Rb–Sr
dating studies, but some of the most important Rb–Sr
results on meteorites are initial-ratio determinations.
These have significance, both as a reference point for
terrestrial Sr isotope evolution, and as a model age tool
for estimating the relative condensation times of solar-
system bodies.

The first accurate measurement of meteorite initial
ratios was made by Papanastassiou et al. (1969) on
basaltic achondrites. These differ from chondritic me-
teorites in showing evidence of differentiation after
their accretion from the solar nebula. However, they
might not have participated in the full planetary dif-
ferentiation process which generated iron meteorites.
Their low Rb/Sr ratios have resulted in only limited
radiogenic Sr production since differentiation, so an
accurate initial-ratio determination is possible.

In order to make this determination, Papanastassiou
et al. analysed whole-rock samples from seven dif-
ferent basaltic achondrites, yielding an isochron
(Fig. 3.10) without any excess scatter over analytical
error. An age of 4.39 ± 0.26 Byr was calculated us-
ing the old decay constant (λ = 1.39 × 10−11 yr−1).
The initial ratio of 0.69899 ± 5 was referred to by
Papanastassiou et al. as the ‘basaltic achondrite best
initial’ or BABI. This value represents a bench-mark
against which other meteorite initial ratios may be
compared. Birck and Allègre (1978) repeated this
study with the addition of separated minerals from
Juvinas and Ibitira, yielding an identical initial ratio,
but an improved age determination of 4.57 ± 0.13 Byr
(with the same decay constant). However, Rb–Sr

Fig. 3.10. Rb–Sr isochron diagram for whole-rock sam-
ples of basaltic achondrites, showing the determination
of ‘BABI’. After Papanastassiou and Wasserburg (1969).

mineral isochrons are not possible for other achon-
drites due to later disturbance of the Rb–Sr system.

The determination of precise initial ratios for chon-
dritic meteorites is problematical because their Rb/Sr
ratios are much higher than those of basaltic achon-
drites. However, by separating out low-Rb/Sr-ratio
phosphate minerals, Wasserburg et al. (1969) and Gray
et al. (1973) were able to determine good initial ra-
tios for the chondrites Guarena and Peace River. Gray
et al. also determined accurate initial ratios by anal-
ysis of bulk samples from the achondrite Angra dos
Reis (ADOR) and Rb-poor inclusions from the car-
bonaceous chondrite Allende.

These initial ratios can be translated into a relative
chronology for meteorite condensation (Fig. 3.11) by
assuming a homogeneous Rb/Sr ratio in the solar neb-
ula (Papanastassiou et al., 1969). The results are only
‘model’ ages because they depend on an assumed com-
position for the source reservoir (solar nebula), and
they would be rendered invalid if it did not evolve as
a homogeneous reservoir. The estimate of the Rb/Sr
ratio in the solar nebula was based on cited spectro-
scopic measurements from the Sun, yielding a value
of 0.65 that is capable of generating an increase in
87Sr/86Sr ratio of about 0.0001 in 4 Myr.

If we assume a homogeneous Sr isotope distribution
in the solar nebula, the Allende data suggest it to be the
oldest known object in the solar system, pre-dating the
condensation of basaltic achondrites by about 10 Myr
(Fig. 3.11). Similarly, Angra dos Reis has a model age
about 5 Myr older than the BABI. Application of the
same model to the high initial ratios of Guarena and
Peace River would imply unduly late condensation
from the solar nebula. Therefore, Gray et al. interpreted
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Fig. 3.11. Plot of initial Sr isotope compositions for se-
lected meteorites against model ages for condensation
or differentiation–metamorphism, based on assumed
Rb/Sr ratios in major reservoirs. ADOR = Angra dos Reis.
After Gray et al. (1973).

these as metamorphic ages produced by re-distribution
of Rb and Sr between mineral phases within chondritic
bodies. However, basaltic achondrites and ADOR
are themselves products of planetary differentiation.
Therefore, a better interpretation (Tilton, 1988) is that
the entire model chronology really indicates times of
differentiation and metamorphism, rather than conden-
sation. Subsequent work has confirmed this interpre-
tation (e.g. Halliday and Porcelli, 2001).

3.3 Dating metamorphic rocks

3.3.1 Open mineral systems

Mineral and whole-rock Rb–Sr systems may respond
differently to metamorphic events. 87Sr generated by
decay of Rb occupies unstable lattice sites in Rb-rich
minerals and tends to migrate out of the crystal if sub-
jected to a thermal pulse, even of a magnitude well
below the melting temperature. However, if fluids in
the rock remain static, Sr released from Rb-rich min-
erals such as mica and K-feldspar will tend to be taken
up by the nearest Sr sink such as plagioclase or apatite.
Hence, the whole-rock system may remain closed,
even though mineral systems are open.

The idea of using whole-rock analysis to see back
through a metamorphic event that disturbed mineral
systems was first conceived by Compston and Jeffery
(1959). The model was illustrated graphically by Fair-
bairn et al. (1961) on a plot of isotope ratio against
time (Fig. 3.12). After the formation of the rock at
time t0, different minerals move along different growth

Fig. 3.12. Plot of Sr isotope ratio against time to model
the effect of a metamorphic event that opens Rb–Sr
mineral systems, but not the whole-rock system. t0 =
age of rock; tM = age of metamorphism; tP = present.
After Fairbairn et al. (1961).

lines, whose steepnesses correspond to their Rb/Sr
ratios. Isotopic evolution continues until the minerals
are homogenised by a thermal event at time tM. There-
after, isotopic evolution continues, along different
growth lines, to the present day (tP). Individual min-
erals in this model are open systems during the meta-
morphism. Therefore, a mineral isochron yields the age
of cooling from the thermal event, when each mineral
again became a closed system. However, a whole-rock
domain of a certain minimum size remains as an effec-
tively closed system during the thermal event, and can
be used to date the initial crystallisation of the rock.

The effects of metamorphism on mineral and whole-
rock systems can also be demonstrated on the isochron
diagram, Fig. 3.13 (Lanphere et al., 1964). All sys-
tems start on a horizontal cord. Isotopic evolution
then occurs along near-vertical parallel paths (due to
the extreme amplification of the y axis). During the
thermal event, isotope ratios are homogenised to the
whole-rock value. If this involved only 87Sr, then ver-
tical vectors would be produced. However, a possible
complication illustrated in Fig. 3.13 involves limited
re-mobilisation of Rb. Rb-rich minerals tend to suf-
fer some Rb loss, while Rb-poor phases may be con-
taminated by growth of Rb-rich alteration products,
leading to somewhat unpredictable vectors (R). After
the event, whole-rock evolution continues undeflected,
while mineral systems define an isochron whose slope
yields the age of metamorphism.

A practical example of dating plutonism and
metamorphism by whole-rock and mineral analysis of
the same body was provided by the work of Wetherill
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Fig. 3.13. Hypothetical behaviour of a partially dis-
turbed mineral–whole-rock isochron. Evolution lines:
1 = period from igneous crystallisation to metamor-
phism; R = metamorphic re-homogenisation; 2 = period
from metamorphism to present day.

et al. (1968) on the Baltimore gneiss (Fig. 3.14).
Several mineral isochrons all yield ages of about
290 Myr, interpreted as the time of closure of mineral
systems after isotopic homogenisation associated with
the Appalachian orogeny. The good fit of points to the
mineral isochrons is evidence that complete isotopic
homogenisation on a mineralogical scale was achieved
during the metamorphic event. In contrast, whole-rock
samples define an isochron whose slope corresponds
to an age of 1050 Myr. This was interpreted as the
time of crystallisation of igneous precursors of the
gneiss. However, more recent studies have shown that
even whole-rock Rb–Sr systems may be open during
metamorphism. Therefore the 1050 Myr age of the
Baltimore gneiss could alternatively represent the time
of closure of Rb–Sr whole-rock systems after high-
grade Grenvillian metamorphism. More examples of
open whole-rock systems will be discussed below.

3.3.2 Blocking temperatures

After Rb–Sr mineral systems have been opened in the
thermal pulse of a regional metamorphic event, there
must come a time when mineral systems are again
closed to element mobility. By dating the closure or
‘blocking’ of various mineral systems, Rb–Sr ages give
information about the cooling history of metamorphic
terranes. This was first demonstrated by Jäger et al.
(1967) and Jäger (1973), working on the central Euro-
pean Alps.

Jäger et al. found that, in rocks of low metamorphic
grade round the exterior of the Central Alps, Hercynian
Rb–Sr ages (>200 Myr) were preserved both in biotites
and in muscovites. On moving to a higher metamor-

Fig. 3.14. Rb–Sr isochrons for the Baltimore gneiss,
showing 1038 Myr ‘plutonic’ and 285–292 Myr meta-
morphic ages defined by whole-rocks (●) and minerals
(◦). The data are shown in the diagram of Provost (1990)
for comparison. After Provost (1990).

phic grade characterised by the appearance of stilp-
nomelane (which Jäger et al. believed equivalent to
a temperature of 300 ± 50 ◦C), Rb–Sr biotite ages of
35–40 Myr were measured. Jäger et al. attributed these
younger ages to Rb–Sr biotite systems opened at the
peak of Lepontine metamorphism. They argued that
the temperature of 300 ◦C at which biotites were just
opened at the peak of metamorphism would correspond
to the temperature at which biotites would re-close up
to several million years after suffering a higher peak
temperature (e.g. >500 ◦C within the central staurolite
isograd). In other words, Jäger et al. concluded that
biotite had a blocking temperature of 300 ± 50 ◦C for
the Rb–Sr system.

The blocking temperature of white mica (muscovite
and phengite) was similarly constrained to 500 ± 50 ◦C
by the first re-setting of the white mica Rb–Sr ages
‘somewhat outside the staurolite–chloritoid boundary’
(Purdy and Jäger, 1976). However, unlike biotite, white
micas can undergo primary crystallisation below the
Rb–Sr blocking temperature, so that ages as low as
35–40 Myr have been obtained even from the outer
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zones of low-grade Alpine metamorphism. These ages
are argued to date new mica growth at the peak of meta-
morphism (Hunziker, 1974). This makes the muscovite
Rb–Sr system a more problematical tool than biotite
for studying post-orogenic cooling processes.

Jäger et al. (1967) obtained biotite ages of about
12–16 Myr from the Simplon and Gotthard areas of
the Central Alps, and results averaging about 8 Myr
older in coexisting muscovites. Clark and Jäger (1969)
used these data to make two different estimates of cool-
ing rate for the Central Alps. Firstly, the age differ-
ence between muscovite and biotite closure (200 ◦C)
leads to a cooling rate of about 25 ◦C/Myr between
500 and 300 ◦C. Secondly, the biotite ages yield cool-
ing rates of about 20–25 ◦C/Myr between 300 and
0 ◦C (average surface temperature at the present day).
Division of these results by an estimated geothermal
gradient (25–40 ◦C/km) allows the calculation of up-
lift rates between 0.5 and 1.0 km/Myr for the Central
Alps, which compare well with modern uplift rates of
0.4–0.8 mm/yr obtained from geodetic measurements.
More recent calculations of past uplift rate make use of
combined Rb–Sr, K–Ar and fission-track cooling ages
(section 16.6).

Purdy and Jäger (1976) recognised that the blocking
temperature of 300 ± 50 ◦C for biotite might need to
be revised if new experimental data for the stability of
stilpnomelane were obtained. Most workers continue
to use a value of 300 ◦C; however, experimental work
(e.g. Brown, 1971) points to an upper stability limit
of 440–480 ◦C at about 4 kbar for stilpnomelane, im-
plying a biotite Rb–Sr blocking temperature of over
400 ◦C. This would be consistent with evidence from
SW Norway, where biotites subjected to temperatures
of over 400 ◦C in the Caledonian orogeny nevertheless
preserve (800 Myr) Sveco-Norwegian ages (Verschure
et al., 1980).

A more direct method of determining blocking
temperatures is to measure mineral ages in deep
boreholes. Del Moro et al. (1982) determined biotite–
whole-rock Rb–Sr ages at depths of up to 3.8 km in the
Sasso 22 well in the Larderello geothermal field, Italy.
All of the biotites exhibited almost complete retention
of 87Sr at directly measured in-hole temperatures up to
nearly 380 ◦C, supporting a biotite closure temperature
of about 400 ◦C. However, Cliff (1985) has argued
that, in active geothermal systems, convective heat
transport could generate localised thermal pulses
whose durations are too short to allow significant
diffusional loss of Sr, thus yielding an anomalously
high blocking temperature.

Blocking temperatures can also be determined
theoretically, from calculations of the temperature

dependence of volume-diffusion processes (Dodson,
1973; 1979). Ideally, closure of the Rb–Sr system rep-
resents an instantaneous transition from a time when
Rb and Sr were completely mobile to when they were
completely immobile. In a fast-cooling igneous body
the moment of crystallisation is a good approximation
to this ideal. However, in a slow-cooling regional
metamorphic terrane there is a continuous transition
from a high-temperature regime, when radiogenic 87Sr
escapes from crystal lattices by diffusion as fast as it is
produced, to low-temperature conditions when there is
negligible escape of 87Sr (Fig. 3.15). In such a system,
the apparent age of a mineral such as biotite corre-
sponds to a linear extrapolation of the low-temperature
87Sr growth line back into the x axis. The temperature
prevailing in the system at the time of the apparent age
of the mineral is then defined as the blocking temper-
ature of the mineral in question (Dodson, 1973). This
blocking temperature is dependent on cooling rate,
since the slower the cooling, the longer the time during
which partial loss of daughter product may occur, and
the lower the apparent age will be (Fig. 3.15).

If a mineral is in contact with a fluid phase that can
remove radiogenic Sr from its surface, then the rate of

Fig. 3.15. Schematic diagram to show variation of tem-
perature and Sr isotope ratio with time in a mineral
cooling from a regional metamorphic event. T0 = peak
metamorphic temperature; TC = closure or ‘blocking’
temperature; tC = apparent closure age. After Dodson
(1973).
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loss of 87Sr depends on the rate of volume diffusion
across a certain size of lattice. In the case of biotite,
this diffusion will be predominantly parallel to cleav-
age planes rather than across them. Assuming that the
Arrhenius law is obeyed, Dodson (1979) calculated
blocking temperatures (at a cooling rate of 30 ◦C/Myr)
of 300 ◦C for the Rb–Sr system in biotites of 0.7 mm
diameter. This was based on experimental work on ar-
gon diffusion in biotite (Hofmann and Giletti, 1970),
because the two elements are thought to have similar
diffusional behaviour in crystal lattices.

A problem with the volume-diffusional control of
blocking temperature is that large (30 cm) fissure-
filling biotites in the Central Alps have the same ages,
and hence apparent blocking temperatures, as small
(<1 mm) ground-mass biotites in adjacent gneisses.
Dodson (1979) suggested three possible explanations:

(1) Diffusion geometry is independent of grain
size. This could be due to the effects of stress
on the crystal lattice.

(2) Sr loss is controlled by the rate at which ra-
diogenic atoms leave the site where they were
formed.

(3) Blocking temperature is not kinetically con-
trolled, but depends on a change in the biotite
lattice at the blocking temperature.

The susceptibility of Sr to mobilisation by fluids in-
creases complexity in the interpretation of Sr blocking
temperatures. Such problems do not arise for argon, be-
cause it is an inert gas. Therefore the latter element is a
more reliable tool for studies of ‘thermochronology’.
This subject is discussed in detail in section 10.5.

3.3.3 Open whole-rock systems

The Rb–Sr whole-rock method was widely used as a
dating tool for igneous crystallisation during the 1960s
and 1970s, but lost credibility during the 1980s as evi-
dence of whole-rock open-system behaviour mounted.
For example, Rb–Sr isochrons in metamorphic terranes
can yield good linear arrays whose slope is nevertheless
a meaningless value between the protolith and meta-
morphic ages. This problem is probably caused by the
need to sample over a relatively large geographical area
in order to maximise the range of Rb/Sr ratios. A good
example is provided by the Arendal charnockites of
south Norway (Field and Raheim, 1979a; 1979b).

Eight whole-rock sample suites were collected from
individual outcrops of Arendal charnockite over an
area of several km2. They yielded ages that were dom-
inantly in two groups, of about 1540 and 1060 Myr.
Field and Raheim (1979a) interpreted the older age

as the time of formation of the high-grade charnock-
ite mineralogy and the younger as dating a subsequent
low-grade event. This was manifested as slight min-
eralogical alteration, probably associated with irregu-
larly spaced narrow fractures which traverse the area.
The younger re-setting event also fell within error of
the 1063 ± 20 Myr age of undeformed granite sheets
in the area.

In order to test the effect of making a regional sample
collection from an area of slightly disturbed gneisses,
Field and Raheim (1979b) collected a suite of eight
samples over an area of 1 km2. The data (Fig. 3.16)
define a good linear array with an apparent age of
1259 ± 26 Myr. The MSWD value of 1.58 implies
that the scatter of data about the line could proba-
bly be accounted for by analytical error, but there
is no geological evidence for an event at this time.
Therefore, Field and Raheim attributed the linear ar-
ray to a series of closely spaced en échelon arrays with
slopes corresponding to the age of re-setting, defined

Fig. 3.16. Rb–Sr ‘isochron’ diagram for Arendal charnoc-
kites showing fictitious 1259-Myr regional isochron
composed of a series of en échelon local isochrons with
the same slope as separated minerals. After Field and
Raheim (1979b).
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by a 1035 Myr mineral isochron. Because the range in
Rb/Sr ratio at each locality is small (e.g. ‘locality 4’,
Fig. 3.16), samples lying on each sub-isochron do not
deviate much from the fictitious composite ‘isochron’.
It is therefore concluded that, in areas where Rb–Sr
systems may have been disturbed, detailed sampling is
necessary to measure the mobility of the species before
regional geochronological interpretations are made.

Whole-rock open-system behaviour can occur at
even lower grades of metamorphism in fine-grained
acid volcanic rocks. Such units are attractive for ab-
solute calibration of the stratigraphic column because
they are conformable with sedimentary strata. They
tend to have large and variable Rb/Sr ratios, thus yield-
ing good isochrons. However, experience has shown
that they are particularly susceptible to loss of radio-
genic Sr. A good example is provided by the Stockdale
rhyolite of northern England.

The Stockdale rhyolite is a fine-grained, flow-
banded lava, included in the uppermost Ordovician
succession, and is argued to have a bio-stratigraphic
uncertainty of less than 0.5 Myr. Gale et al. (1979) de-
termined a sixteen-point whole-rock isochron, which
yielded an age of 421 ± 3 Myr (2σ ) with MSWD =
1.92. They argued that, because of the relatively small
number of data points, this MSWD value could be
attributed to experimental errors (section 2.6.3), and
hence that the 421 Myr age probably represented the
time of eruption of the lava. However, if this age were
correct, it would require substantial revision of the Or-
dovician timescale determined by other methods.

McKerrow et al. (1980) argued that because a sec-
tion of the Stockdale rhyolite that lay inside the Shap
granite aureole gave the same age (424 ± 18 Myr) as
the rest of the lava (421 Myr), the whole unit was proba-
bly disturbed by some kind of hydrothermal event after
eruption and subsequent burial. Compston et al. (1982)
sought to explain the excess scatter over analytical er-
ror by invoking a re-setting event post-dating the erup-
tion of the lava (estimated at 440 Myr from McKerrow
et al., 1980). Consistently with this, re-examination of
the probability table of Brooks et al. (section 2.6.3)
indicates that for sixteen data points an MSWD value
of 1.92 indicates up to a 95% probability that the result
is not an isochron.

A perfect isochron would imply complete re-setting,
but apparently this did not occur. Plotting isotope ratios
at 395 Myr ago (the date of intrusion of the Shap gran-
ite) on a pseudo-isochron diagram (Fig. 3.17) allows
an assessment of scatter introduced by an event after
eruption. Compston et al. found that if the four sam-
ples with highest Rb/Sr ratios were removed, together
with one sample (no. 5) with an anomalously high Sr

Fig. 3.17. Rb–Sr pseudo-isochron diagram for the Stock-
dale rhyolite at the time of Shap granite emplacement
(395 Myr ago) to show possible open-system behaviour
of Sr in samples outside the hatched zone. Four sam-
pling sites are distinguished by different symbols. After
Compston et al. (1982).

content, then all of the other samples lie close to a 440-
Myr reference line. In fact a regression through ten of
these points yields a ‘minimum’ age of 430 ± 7 Myr.
Compston et al. also noted that isochrons calculated
individually for each of the four sampling localities
yield lower MSWD values than the combined data set.
This evidence warns us that the combined data set is
unsuitable for constructing a single isochron, despite
the attractively precise result. Compston et al. calcu-
lated a weighted mean of 412 ± 7 Myr for the four
local isochrons and interpreted this as the time of hy-
drothermal alteration of the rhyolite. Insofar as the Rb–
Sr evidence ‘marks a real event’, 412 Myr may be the
date of this event.

The evidence for open-system Rb–Sr systematics in
numerous environments, coupled with the availability
of high-precision U–Pb and Ar–Ar ages, means that
these other methods have now superseded the Rb–Sr
method for dating igneous crystallisation. However,
Rb–Sr isochrons still find uses in certain specialised
applications. One such application is the direct dating
of metallic ore deposits, where phases suitable for U–
Pb or Ar–Ar analysis are not always available. We will
therefore examine some applications in this area.

3.4 Dating ore deposits

Metallic ore deposits have always been notoriously dif-
ficult to date reliably. The most common approach to
dating such deposits is to analyse gangue mineralisa-
tion and hope that this material was deposited dur-
ing the same episode as the associated metallic ores.
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Another alternative has been to date fluid inclusions be-
lieved to form part of a hydrothermal ore-forming sys-
tem. One or two successful attempts at this technique
have been reported (e.g. Sheppard and Darbyshire,
1981), but fluid-inclusion populations may represent
more than one stage in the evolution of a hydrothermal
system, leading to complex mixtures that have no age
significance.

Typically, the large-ion lithophile (LIL) elements
which comprise most long-lived decay systems do not
partition into metal sulphides, preventing direct dat-
ing of such ores. However, LIL elements may partition
onto some sulphide ores in just sufficient abundances
to allow analysis. One sulphide ore mineral that has
successfully been dated by this means is sphalerite.

Nakai et al. (1990) made the first successful Rb–Sr
isochron determination on sphalerite samples from a
Mississippi Valley Type (MVT) lead–zinc deposit from
Tennessee. The sphalerite grains were found to have
low Sr contents, averaging only 1 ppm. As a result,
fluid inclusions in the sphalerite grains, estimated to
make up only 300 ppm by weight of the host mineral,
actually contained more Sr than the host. Therefore, it
was necessary to remove these inclusions by crushing
the samples and leaching with de-ionised water before
dissolving the sphalerite host for analysis.

This procedure gave a suitable range of Rb/Sr ra-
tios and generated the errorchron shown in Fig. 3.18.
One outlier, believed to have been disturbed during
a deformation event, was excluded from the data set,
after which the remaining seven points gave an age
of 377 ± 29 Myr (2σ ). This is a ‘scatter error’, de-
termined by expanding the analytical errors to reduce
the original MSWD of 62.6 to unity (section 2.6.3).
The fluid inclusions leached during crushing were also

Fig. 3.18. Rb–Sr isochron diagram for sphalerite grains
from the Coy mine, Tennessee. (●) = sphalerite host;
(+) = fluid inclusions. The open symbol was excluded
from the age calculation. After Nakai et al. (1990).

analysed, and were found to lie on the isochron defined
by the host phase (Fig. 3.18); however, these analyses
were not included in the isochron calculation. The age
of 377 ± 29 Myr suggested that MVT mineralisation
occurred during the Acadian orogeny (380–350 Myr
ago), which caused the expulsion of basin brines from
strata within the deformation zone in the Appalachians.
These fluids were then transported to the west, caus-
ing ore deposition when they mixed with other fluids
during their return to the surface.

Brannon et al. (1992) applied this method to other
MVT deposits. However, the range of Rb/Sr ratios
in the ores themselves was not sufficient for the de-
termination of a precise isochron. Therefore, it was
necessary to combine analyses of the host sulphide
with fluid inclusions (Fig. 3.19a). This procedure
yielded a precise age (269 ± 6 Myr, 2σ ), but was
effectively a ‘two-point’ isochron, raising fears that,

Fig. 3.19. Rb–Sr isochron analysis of sphalerite host
(●) and extracted fluid inclusions (◦) from MVT lead–
zinc deposits: (a) West Hayden, Wisconsin; and (b)
Polaris, arctic Canada. After Brannon et al. (1992) and
Christensen et al. (1995a).
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if the host sulphide and the inclusions were not co-
genetic, the calculated age might be geologically
meaningless.

Further studies by Nakai et al. (1993) revealed two
more examples (from the Pine Point MVT deposit in
Canada and the Immel mine in east Tennessee) where
the inclusions lay on a well-defined host isochron.
However, analysis of the Polaris MVT deposit in arc-
tic Canada provided an example where the inclusions
lay off a well-defined host isochron (Christensen et al.,
1995a). In this case the host (ore minerals) gave an age
of 366 ± 15 Myr , in good agreement with the age of the
wall-rocks from paleomagnetic evidence, whereas the
inclusions defined a cloud of points above the isochron
(Fig. 3.19b). Seven of these leachate samples lay just
outside error of the sphalerite isochron, whereas four
were more radiogenic, suggesting that the inclusion
population included primary inclusions that were co-
genetic with the ores, together with more radiogenic
secondary inclusions.

To avoid possible complications arising from mix-
ing between host ores and fluid inclusions, Christensen
et al. (1995b) tested for mixing relationships when they
dated sphalerites from the Canning Basin MVT deposit
of western Australia. They found that Sr concentrations
in the sphalerite host grains exhibited no correlation
with the 87Rb/86Sr ratio, suggesting that the sphalerite
residues after crushing and leaching were not signifi-
cantly contaminated by Sr from unopened inclusions
(Fig. 3.20a). On the other hand, Rb contents were found
to be strongly correlated with the 87Rb/86Sr ratio. Since
the fluid inclusions contain negligible Rb, these Rb
contents must have originated from the host sulphide
ore itself. Therefore the isochron must also date the
sulphide ore itself.

Pettke and Diamond (1996) used a similar approach
to test the possibility of mixing in the sphalerite-
inclusion Rb–Sr isochron of Brannon et al. (1992).
They plotted the data on a graph of Sr isotope ratio
against the reciprocal of Sr concentration, on which
mixing processes generate straight lines (Fig. 3.20b).
On this graph, the fluid inclusions have Sr contents that
are essentially infinite (relative to the low abundances
in the host), so they are plotted on the y axis. The results
of this analysis showed that one of the isochrons deter-
mined by Brannon et al. (1992) was probably a mixing
line generated by sampling of sphalerite grains with
a few un-released inclusions (sample 58-B). There-
fore, this age determination is meaningful only if the
host and the fluid were co-genetic. However, the other
isochron (sample 10-C) does not exihibit the mixing
effect, so this age is more reliable. Since both isochrons
gave results within error (269 ± 6 and 270 ± 4 Myr),

Fig. 3.20. Plots to test for mixing relationships between
sphalerite hosts and inclusions: (a) 87Rb/86Sr ratio versus
Rb and Sr concentrations in the Canning Basin MVT de-
posit, Australia; (b) Sr isotope ratio versus reciprocal of
Sr concentration from the West Hayden MVT deposit,
Wisconsin. After Pettke and Diamond (1996).

it was concluded that this is a reasonable estimate of
the age of ore deposition.

Another sulphide mineral successfully used to date
ore deposition is the mercury sulphide galkhaite.
This hydrothermal mineral was found associated with
Carlin-type gold mineralisation in Nevada, and was
used to estimate a date of 39 ± 2 Myr for gold min-
eralisation at the Getchell deposit in northern Nevada
(Tretbar et al., 2000).

3.5 Dating sedimentary rocks

Absolute dating of the time of deposition of sedimen-
tary rocks is an important problem, but one that is
very difficult to solve. Accurate dates depend on thor-
ough re-setting of isotopic clocks. In the case of Rb–Sr
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dating of sediments, this rests on the assumption that
Sr isotope systematics in the rock were homogenised
during deposition or early diagenesis, and thereafter re-
mained as a closed system until the present day. How-
ever, we will see that these two requirements may be
mutually exclusive.

In principle, sedimentary rocks may be divided into
two groups according to the nature of the Rb-bearing
phase present. Allogenic (detrital) minerals are moder-
ately resistant to open-system behaviour during burial
metamorphism, but problems arise from inherited iso-
topic signatures. Authigenic minerals are deposited di-
rectly from seawater and hence display good initial Sr
isotope homogeneity. However, they are highly suscep-
tible to recrystallisation after burial and do not neces-
sarily remain closed systems.

In practice, the two distinct dating approaches as-
sociated with these sediment types have tended to
converge. Analysis of detrital sediments has moved
towards the analysis of fine-grained, almost authigenic,
minerals such as illite, in order to escape the effects of
the detrital component. In contrast, analysis of authi-
genic minerals has been focussed on the sub-authigenic
mineral glauconite, since the truly authigenic Rb-
bearing evaporite minerals are too susceptible to burial
metamorphism to be viable geochronometers.

3.5.1 Shales

Detrital Rb-bearing minerals (mica, K-feldspar, clay
minerals etc.) can be expected to contain inherited
old radiogenic Sr. Therefore, dating of such material
should give an average of the provenance ages of the
sedimentary constituents. However, if sufficiently fine-
grained shales are sampled, it appears that the con-
stituent minerals (mainly illite) often suffer substantial
exchange of Sr during post-depositional diagenesis. In
this case they may develop an almost homogeneous
initial Sr isotope composition soon after deposition,
thereafter remaining effectively closed systems until
the present day.

Compston and Pidgeon (1962) pioneered whole-
rock Rb–Sr dating of shales, and found that, in some
circumstances (e.g. the State Circle shale from SE Aus-
tralia), the above conditions were closely approached.
However, in other cases (e.g. the Cardup shale of
W Australia), gross inherited 87Sr/86Sr variations re-
mained, preventing the calculation of a meaningful
age. Compston and Pidgeon attributed this to un-
decomposed detrital micas, probably sericite. In con-
trast, the carbonaceous shales of the Cardup unit con-
tained much less detrital mica and, taken alone, gave a
tentative depositional age of 660 Myr.

Subsequent work on the dating of shales sought to
avoid problems of contamination with detrital micas
and feldspars by analysing separated clay-mineral frac-
tions, whose purity is checked by X-ray diffraction
(XRD). XRD analysis of illites can also yield informa-
tion about the nature and origin of clay minerals in a
shale that is to be dated.

The ‘illite crystallinity index’ (Kubler, 1966) is de-
fined as the width of the (001) XRD peak at half its
height. A well-crystallised illite, characteristic of a
relatively high-temperature history, has sharp peaks
and therefore a low index, whereas low-temperature
illites are more disordered and have irregular peaks
with large indices. In addition to this discriminant, il-
lite has high-temperature (2M) and low-temperature
(1M) polymorphs, which can also be distinguished
by XRD (Dunoyer de Segonzac, 1969). ‘1M’ illites
with a large crystallinity index are characteristic of
low-temperature growth and recrystallisation in the
sedimentary–diagenetic regime, whereas ‘2M’ illites
with a small index are indicative of temperatures of
zeolite-facies metamorphism or above. The latter re-
flect a detrital component, or post-diagenetic metamor-
phism.

A comparison of Rb–Sr whole-rock and clay min-
eral analysis of a Precambrian shale from Mauritania
(W Africa) is shown in Fig. 3.21 (Clauer, 1979). Four
clay fractions were analysed, containing smectite and
the 1M illite polymorph with a crystallinity index over
6 (very-low-grade metamorphism is characterised by
an index below 5.75). These define an array that is
collinear with associated dolomites, yielding an age of
860 ± 35 Myr and an initial ratio of 0.7088, character-
istic of Precambrian seawater. A whole-rock sample
(4) shown by XRD to be free of detrital feldspar also

Fig. 3.21. Rb–Sr isochron diagram for whole-rock shales
(▲); separated illites (●); and a carbonate sample (�)
from Mauritania. Numbered whole-rock samples are
discussed in the text. After Clauer (1979).
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Table 3.1. Age data (in Myr) for shales from the Yangtze gorge, based on whole-
rock or coarse clay (left column) and fine clay separates (right)

Coarse fraction or whole-rock Fine fraction

573 ± 7 (Rb–Sr > 1.5 µm)
613 ± 23 (Rb–Sr)
568 ± 12 (U–Pb whole-rock)
572 ± 14 (Rb–Sr whole-rock) 435–415 (Rb–Sr < 1 µm)
570 ± 4 (Rb–Sr)
574 ± 20 (Rb–Sr) 565–490 (Rb–Sr)
602 ± 15 (Rb–Sr ∼ 1.5 µm) 460 ± 9 (Rb–Sr < 1 µm)

Stratigraphic Cambrian–Precambrian boundary
614 ± 18 (Rb–Sr > 1.5 µm)
700 ± 5 (Rb–Sr > 1.5 µm) 580 ± 25 (Rb–Sr < 1 µm)
691 ± 29 (Rb–Sr)
580–420 (Rb–Sr > 1.5 µm)
727 ± 9 (Rb–Sr > 1.5 µm) 460–340 (Rb–Sr < 1 µm)
728 ± 27 (Rb–Sr) 500–360 (Rb–Sr < 1 µm)
608 ± 15 (Rb–Sr > 1.5 µm)

lay on the isochron. However, two whole-rocks with
traces of microcline (2 and 3) lay slightly above it,
whereas one with 15% microcline (1) was displaced
well above the isochron. It appears from this example
that whole-rock Rb–Sr dating of shales is an unreliable
geochronometer, but that analysis of separated illite
fractions may give meaningful ages of diagenesis or
low-grade metamorphism. However, there is always a
danger that the detrital component might not be com-
pletely eliminated from the illite fraction. An important
example of this problem is provided by the dating of
the Sinian–Cambrian boundary.

In China, the Sinian (youngest Precambrian)–
Cambrian boundary is very well exposed, with an
apparently continuous fossil-rich succession of black
shales across the base of the Cambrian. Rb–Sr analysis
of shales would be a very convenient method of dating
this boundary if reliable ages for deposition or early
diagenesis could be obtained. Some of these results,
summarised by Cowie and Johnson (1985) and Odin
et al. (1985), are shown on the left-hand side of Table
3.1. They appear to support an age of about 600 Myr
for the base of the Cambrian. However, the analysis
of fine-grained fractions (right-hand column in Table
3.1) almost invariably gave ages significantly lower
than the whole-rock or coarse clay fractions. This sug-
gests that a diagenetic event affected the rocks some
time after deposition, so that the data in the left column
of Table 3.1 are probably mixed ages of inherited and
diagenetic components, rather than depositional ages.

This interpretation is supported by recent U–Pb zir-
con dates on tuff and bentonite from near the base of

the Cambrian in Morocco, China and Siberia, which
confirm a young boundary age near 540 Myr (Comp-
ston et al., 1990; Bowring et al., 1993). Therefore,
Rb–Sr dating of shales cannot be considered a reliable
technique for dating sedimentary deposition.

3.5.2 Glauconite

The mineral glauconite offers an attractive possibility
for dating sedimentary rocks directly, due to its high
Rb content, easy identification and widespread strati-
graphic distribution. Glauconite is a micaceous min-
eral similar to illite which is best developed in macro-
scopic pellets (called ‘glauconies’ by Odin and Dod-
son, 1982). These are probably formed by the alter-
ation of a very-fine-grained clay precursor intermixed
with organic matter in a faecal pellet. Glauconies form
near the sediment–water interface in the marine envi-
ronment. However, by studying pellets on the present-
day ocean floor, Odin and Dodson (1982) have shown
that ‘glauconitisation’ is a slow process that may take
hundreds of thousands of years to reach completion.
During this process, the potassium content of the pel-
let increases, and this can therefore be used to monitor
the maturation of the pellet.

Rb–Sr analysis of Holocene glauconies (Clauer
et al., 1992) shows that Sr isotope equilibrium with
seawater is achieved only slowly as the potassium con-
tent increases. The Rb–Sr data can be used to calculate
a model Sr age for the pellet by making the initial
ratio equal to the isotopic composition of seawater Sr
at the estimated time of sedimentation (see below).
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Fig. 3.22. Rb–Sr model ages of Holocene (zero-age)
glauconies as a function of potassium content. The open
symbol indicates the clay fraction. After Clauer et al.
(1992).

A zero-age pellet starts with a high apparent model
age due to a large content of Sr in detrital mineral
phases. However, as it matures, the pellet homogenises
with seawater so that the model age falls to zero in a
fully equilibrated pellet (Fig. 3.22). Analysis of the
potassium content of glauconies therefore provides an
essential screening procedure, in order to select only
fully mature material for dating.

Cretaceous and younger glauconies often yield ages
concordant with those obtained from other dating
methods (e.g. Harris, 1976), but Paleozoic glauconies
commonly give ages that are 10%–20% younger than
expected. Early workers (e.g. Hurley et al., 1960) at-
tributed this to post-depositional uptake of K and Rb
during diagenesis. However, Morton and Long (1980)
attributed the young ages to loss of 87Sr from the ex-
pandable layers of the clay lattice, by some form of ion
exchange with circulating brines.

Morton and Long calculated model ages for a se-
ries of glauconite separates, using initial ratios based
on the 87Sr/86Sr ratio of seawater at the time of de-
position (see section 3.6.1). They showed that, in
some cases, erroneous glauconite model ages could
be increased to near the stratigraphic age by leach-
ing with ammonium acetate, which is thought to re-
move excess loosely bound Rb from the expandable
layers of the lattice. In contrast, leaching with acetic

acid or HCl had unpredictable effects on the glau-
conite age, probably due to removal of some tightly
bound Sr.

Similar experiments were performed on glauconites
from the 525-Myr-old Bonneterre Formation (Mis-
souri) by Grant et al. (1984). Eight un-leached glau-
conite pellets gave model ages in the range 413–
440 Myr. However, the most radiogenic sample (model
age 426 Myr) converged only slightly towards the
true age when subjected to ammonium acetate leach-
ing (437 Myr). Therefore, more rigorous criteria are
needed in order to determine whether old glauconites
have suffered open-system behaviour, prior to a dating
attempt. Until such criteria are developed, glauconite
dating in the Paleozoic must be regarded as a monitor
of diagenetic processes rather than a viable dating tool
for stratigraphic correlation.

3.6 Seawater evolution

Biogenic carbonates fulfil two of the requirements of
a sedimentary dating tool: they are fairly resistant to
diagenetic alteration; and, since they are secreted di-
rectly from seawater by the organism, they contain no
detrital fraction. Unfortunately, the negligible Rb con-
tent of carbonates precludes application of the con-
ventional Rb–Sr dating method. However, calibration
of the seawater Sr isotope evolution path would allow
the ‘initial’ 87Sr/86Sr isotope ratios of carbonates to be
used as an indirect dating tool. In the following section
we will assess the realisation of this concept, as well
as the application of Sr isotopes as an oceanographic
tracer.

3.6.1 Measurement of the curve

Interest in the strontium isotope composition of sea-
water dates back to Wickman (1948). He argued that
decay of 87Rb to 87Sr in crustal rocks over geological
time, and its subsequent release into the hydrosphere
by erosion, should have led to a 25% increase in sea-
water Sr isotope composition over the last 3 Byr. This
model was tested by Gast (1955), who analysed car-
bonates of various ages as a means of characterising the
evolution of seawater through geological time. How-
ever, he found that any natural variations were of the
same order as the analytical errors of 87Sr/86Sr analy-
sis pertaining at that time (about 0.004), thus refuting
Wickman’s model. Evidently the average crustal Rb/Sr
ratio assumed by Wickman was an over-estimate.

Resolution of the actual extent of seawater Sr iso-
tope variation through time had to wait fifteen years
for the advent of more precise mass spectrometry.
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Peterman et al. (1970) measured the 87Sr/86Sr compo-
sition of macro-fossil shell carbonates with an order-
of-magnitude improvement in precision (±0.0005,
2σ ). They found a total isotopic range of 0.0022 (4 ×
analytical error), which would have been impercepti-
ble using earlier equipment. Peterman et al. showed
that, contrary to Wickman’s prediction, the seawater
Sr isotope ratio actually decreased during the Paleo-
zoic, reaching a minimum during the Mesozoic, before
rising quickly to a maximum at the present day.

In order to avoid the effects of post-depositional
alteration, Peterman et al. rejected any recrystallised
shell material, which they claimed to be able to recog-
nise visually. The possibility of Sr exchange between
matrix and un-recrystallised shells was rendered un-
likely by the good compositional agreement between
different shells in a bed. A mixture of different types
of mollusc was used (belemnites, bivalves and bra-
chiopods). Since no variation among such classes was
seen at the present day, they were assumed to behave
in the same way as fossils.

Additional data were collected by Dasch and Bis-
caye (1971) and Veizer and Compston (1974) from
different types of sample material. Dasch and Bis-
caye used Cretaceous-to-Recent pelagic foraminifera,
whereas Veizer and Compston analysed ‘sedimentary
carbonate’ (in other words not macro-fossil carbonate)
to test its reliability for the determination of seawater Sr
isotope ratios. In both cases the authors found general
agreement with the data of Peterman et al. (1970). This
implies global homogenisation of seawater Sr, which
can be attributed to the very long residence time of Sr in
seawater (about 2.5 Myr; Hodell et al., 1990) compared
with the average mixing time of oceanic water (about
1.6 kyr; section 14.1.7). However, Veizer and Comp-
ston recognised that ‘sedimentary carbonate’ is more
susceptible to post-depositional exchange with pore
waters. They argued that since detrital grains would
normally have radiogenic Sr isotope signatures, post-
depositional exchange would normally be expected to
raise 87Sr/86Sr ratios. Therefore the minimum Sr iso-
tope ratio found at any given time should be the most
reliable guide to contemporaneous seawater composi-
tion.

While the analysis of whole-rock carbonate pro-
vides fewer constraints on post-depositional processes,
it provides more opportunity for sampling, and is es-
sential for Precambrian carbonates. Using the prin-
ciples outlined above, Veizer and Compston (1976)
performed a reconnaissance study of the Sr isotope
evolution of Precambrian seawater. They found uni-
formly unradiogenic Sr isotope ratios in Archean car-
bonates, with values only slightly elevated over those

Fig. 3.23. Sr isotope composition of marine carbonates
over the last 3.5 Byr, from which the isotopic evolution
of seawater is deduced (shaded band). After Veizer and
Compston (1976).

for contemporaneous upper mantle (Fig. 3.23). How-
ever, there was a substantial rise in Sr isotope ratio
during the Proterozoic, reaching a maximum in the
early Cambrian which was similar to the present-day
composition.

A major expansion of the seawater Sr data set
was achieved by Burke et al. (1982), who presented
786 isotopic analyses of marine carbonates, phos-
phates and evaporites, with good coverage of all
of Phanerozoic time except the Lower Cambrian
(Fig. 3.24). In addition, work by Derry et al. (1989),
Asmerom et al. (1991) and Kaufman et al. (1993) ex-
tended the curve back to the Late Proterozoic. In the
absence of fossil material, the latter studies were per-
formed principally on whole-rock carbonates, which
are susceptible to contamination by fluid-borne Sr dur-
ing post-depositional alteration. Therefore, Sr was ex-
tracted from bulk carbonates by leaching with dilute
acetic acid to reduce the amount of contamination from
detrital phases containing radiogenic Sr.

Following the wide-ranging study of Burke et al.
(1982), subsequent work was generally devoted to im-
proving precision on small segments of the curve.
This requires material to be well-dated stratigraphi-
cally and carefully screened before analysis in order to
exclude the possibility of post-depositional alteration.
In Paleozoic rocks, this screening is best achieved
chemically. Brand and Veizer (1980) showed that open-
system diagenesis of carbonates is accompanied by a
decrease in Sr/Ca ratio and an increase in Mn con-
tent (Fig. 3.25). However, Mn-enriched calcite can be
detected by cathodoluminescence, so sections of shell
can be screened for alteration before sample analysis.
Popp et al. (1986) showed that samples of brachiopod
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Fig. 3.24. Sr isotope data for Phanerozoic carbonates. The solid line indicates the lower bound of most of the data,
which is the most probable seawater Sr composition. After Burke et al. (1982).

Fig. 3.25. Summary of diagnostic chemical changes that
occur during the diagenetic alteration of carbonates.
Boxes represent primary fields. After Brand and Veizer
(1980).

shell prepared in this way gave more reliable results
than whole brachiopod shells (which were sometimes
contaminated by unradiogenic Sr) or whole-rock car-
bonates (which were usually contaminated by radio-
genic Sr).

The use of high-quality brachiopod shells and
belemnites from around the world allowed Veizer et al.
(1999) to present a complete Sr evolution curve for the
Mesozoic and Paleozoic, based on 1450 new analyses.
They utilised the interior shell layers from brachiopods
and single laminae of belemnites, and much of their

material exhibited excellent preservation of textures
on a sub-micrometre scale, as demonstrated by exami-
nation under the scanning electron microscope (SEM).
This study therefore constitutes a successor to that of
Burke et al. (1982) in giving an overview of seawater
Sr evolution between 100 and 500 Myr ago.

Construction of a very precise seawater Sr isotope
evolution curve for the last 100 Myr was made easier by
the availability of numerous Deep Sea Drilling Project
(DSDP) cores. These cores provide overlapping con-
tinuous sections with well-preserved microfossils such
as foraminifera. Relatively constant sedimentation
rates in these sections are used to interpolate between
biostratigraphic and magnetostratigraphic calibration
points. This avoids the age uncertainty involved in cor-
relating short stratigraphic sections from different lo-
calities.

Two different sampling approaches have been
adopted for DSDP core material. DePaolo (1986) per-
formed a study on a single DSDP hole reaching back
to the Early Miocene, but with duplicate analysis of
all samples to improve analytical precision. In his ap-
proach, bulk samples of foram–nano-fossil ooze were
analysed by direct acetic acid leaching of washed
whole-rock samples. This necessitates a correction
for post-depositional exchange in order to determine
original seawater compositions. These corrections
were based on the analysis of pore waters. However,
pore waters displayed relatively small deviations in
87Sr/86Sr ratio from the carbonate fraction (<0.0001),
and were also found to have Sr contents an order of
magnitude lower (Richter and DePaolo, 1987). Hence
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Fig. 3.26. Plot of Sr isotope ratio against age for forams from eight DSDP holes (distinguished by symbol shapes).
Solid symbols and crosses indicate most reliable data; open symbols may be slightly disturbed. After Hess et al.
(1986).

it was argued that corrections for Sr exchange were
smaller than mass-spectrometric reproducibilities.

In the other approach (Hess et al., 1986), hand-
picked whole foram tests were analysed. These were
screened for secondary alteration by SEM examina-
tion and chemical analysis (e.g. Mn and Sr content).
Figure 3.26 shows data from eight partially overlap-
ping DSDP sections. Slight scatter is seen, but much
of this can be attributed to analytical error rather than
diagenetic effects. In selected samples from two sites,
pore waters had very similar isotope ratios to forams.
At one other site, pore waters were somewhat more ra-
diogenic, but there was no evidence that the foram data
had been perturbed. Most subsequent studies have also
employed hand-picked forams. Since less than 50 ng
of Sr is now needed for a precise analysis, this may be
possible on a few forams or even a single foram. As an
additional precaution, Martin and Macdougall (1991)
were able to break open large Cretaceous forams to
examine them by SEM for internal calcite growth.

The high-precision seawater Sr isotope evolution
curve can be used as a stratigraphic dating tool, with a
(conservative) precision as good as 0.5 Myr for periods
of rapid Sr isotope evolution, but as bad as 2 Myr dur-
ing periods of slow isotopic evolution. This precision
cannot compete with biostratigraphic dating in the Cre-
taceous and Tertiary periods, but it may be useful for
calibration of un-fossiliferous borehole sections (e.g.

Rundberg and Smalley, 1989; McArthur et al., 2001).
An interesting observation by Hess et al. (1986) in

their Cretaceous–Tertiary data set was a ‘spike’ in sea-
water Sr isotope ratio at the so-called ‘K–T boundary’
(Fig. 3.26). They speculated as to whether a meteorite
impact could have released sufficient Sr, either from
the bolide or in the terrestrial impact ejecta, to ex-
plain this peak. If the spike in 87Sr is attributed to a
meteorite, it is critical to demonstrate that it occurred
at exactly the correct stratigraphic level. Martin and
Macdougall (1991) collected data from four widely
spaced localities around the world, which appeared to
support the model. However, detailed analysis of sam-
ple suites close to the K–T boundary in Denmark and
Antarctica failed to find such a spike (McArthur et al.,
1998). Instead, the data of McArthur et al. (1998) fit-
ted the lower bound of the more-scattered older data
(Fig. 3.27), suggesting that the elevated values in these
older studies reflect diagenetic alteration, despite the
precautions taken to exclude this effect.

To examine this problem further, MacLeod et al.
(2001) studied Sr isotope variation in a section across
the K–T boundary in a DSDP hole off Florida. Because
this section is close to the impact site, the spherulitic
K–T boundary horizon here is 10 cm thick, and can
therefore be studied in more detail. Bulk carbonates
from the spherulitic layer itself are radiogenic, due
to exchange of Sr with silicate phases (Fig. 3.28).
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Fig. 3.27. Variation of Sr isotope ratio in the vicinity
of the K–T boundary, showing data of McArthur et al.
on macro-fossils and leached chalk (●) in comparison
with data from Martin and Macdougall (1991) (◦). Af-
ter McArthur et al. (1998).

Fig. 3.28. Variation in Sr isotope ratio in various types
of sample at the K–T boundary, from a DSDP site off
Florida. (◦) = Cretaceous foram taxon; (●) = Tertiary
foram taxon; (♦) = dolomite rhomb overgrowths; (+)
= bulk carbonate; (×) = silicate. After MacLeod et al.
(2001).

However, to test for global seawater Sr variations,
MacLeod et al. analysed the isotopic compositions
of two different groups of foraminifera in the vicin-
ity of the boundary. The results (Fig. 3.28) showed
that forams found only above the boundary (Tertiary
taxa) generally had more radiogenic Sr than those that
straddled the boundary (Cretaceous taxa).

MacLeod et al. considered two alternative explana-
tions for these observations. One is that the Tertiary
taxa (solid symbols in Fig. 3.28) were more suscepti-
ble to contamination by overgrowths because they have
thinner tests. However, an analysis of such overgrowths

suggested that this might lower rather than increase
the 87Sr/86Sr ratio (Fig. 3.28). The other explanation
is that the Tertiary strata were contaminated by Cre-
taceous forams reworked elsewhere from below the
boundary and then carried into the section as clastic
sediment. The fact that the drill hole comes from part
way down the continental slope makes this a signifi-
cant possibility. This would imply that the Tertiary taxa
best represent the composition of seawater Sr after the
impact, and hence that a very small (0.00003) increase
in seawater 87Sr/86Sr ratio occurred across the bound-
ary. This suggests that the impact event at the boundary
did have a small effect on seawater Sr. However, this
evidence needs to be tested at a site less susceptible to
sedimentary reworking.

Neogene seawater evolution has provided a chal-
lenge to geochemists to find the most short-term varia-
tions in Sr isotope evolution which can be documented.
In early work on this question, Hodell et al. (1990) de-
termined a smooth evolution curve. However, Dia et al.
(1992) and Clemens et al. (1993) claimed to observe
changes in 87Sr/86Sr ratio, correlated with δ 18O, with
a periodicity of about 0.1 Myr (Figs. 3.29a–c). This
was surprising, in view of the long seawater residence
of Sr. However, subsequent work by Henderson et al.,
(1994) and Clemens et al., (1995) failed to reproduce
these cycles in three drill cores (including two used in
the original work). Instead, the new data fell on the
evolution path defined by Hodell et al. (1990). Hence,
the apparent periodicity in the earlier work is attributed
to analytical artefacts and does not reflect seawater Sr
isotope evolution.

For the data of Dia et al. (1992), the analytical arte-
fact was apparently a breakdown in the accuracy of
the fractional correction. Thus, Clemens et al. (1995)
were able to reproduce the temporal periodicity using
a linear-law fractionation correction, but this also gen-
erated a positive correlation between 88Sr/86Sr ratio
and fractionation-corrected 87Sr/86Sr ratios, indicative
of a fractionation bias (section 2.2.3). After correction
of this bias, the periodicity disappeared (Fig. 3.29d).
The data of Clemens et al. (1993) were not subject to
this bias, since the more accurate exponential law was
used. However, Henderson et al. (1994) showed that
only eight of 75 samples analysed by Clemens et al.
(1993) lay outside 2σ (95%) confidence limits from
the linear evolution path of Hodell et al. (1990). Since
four outliers would be expected at this confidence limit,
the apparent periodicity in this data set is probably not
statistically significant (Fig. 3.29b).

Farrell et al. (1995) carried out a study with sim-
ilar sampling density and analytical precision to the
above work, but using 455 samples extending over the
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Fig. 3.29. Comparison between seawater Sr and oxygen
isotope data for the past 400 kyr: (a) oxygen isotope
record; (b) data of Clemens et al. (1993) expressed by
2σ error limits; (c) and (d) data of Dia et al. (1991) and
Henderson et al. (1994), respectively, on the same drill
core. Modified after Henderson et al. (1994).

past 6 Myr. These data constrain the seawater evolution
curve to an average confidence limit of ±0.00002 (2σ ).
The curve exhibits undulations with a periodicity of
1–2 Myr, which are realistic reflections of changing Sr
fluxes, given a 2.5 Myr residence time of Sr in the ocean
system.

3.6.2 Modelling the fluxes

The first model for the Sr isotopic composition of sea-
water was constructed by Faure et al. (1965) to explain
the present-day Sr isotope ratio of the North Atlantic.
They suggested that there was a balance between the
supply of unradiogenic Sr by erosion of young vol-
canics, radiogenic Sr from old crustal rocks, and Sr

Fig. 3.30. Illustration of a glacial–erosional model to ex-
plain the seawater Sr evolution curve of Peterman et al.
(shaded band). After Armstrong (1971).

of intermediate composition from the erosion of car-
bonates. This model was adopted by Peterman et al.
(1970) to explain the rise and fall of seawater Sr iso-
tope ratio during the Phanerozoic. Armstrong (1971)
supplemented this model, suggesting that peaks in sea-
water Sr isotope ratio during the Carboniferous and
Tertiary periods were due to enhanced glacial erosion
of old shields with elevated 87Sr contents (Fig. 3.30).
However, in other ways the model remained largely
unchallenged.

A major advance in modelling seawater Sr evolu-
tion was the proposal of Spooner (1976) that the un-
radiogenic Sr flux was due to submarine hydrother-
mal exchange with basaltic crust, rather than sub-aerial
erosion of basic rock. Spooner calculated that the hy-
drothermal flux must be six times the magnitude of
the river-water Sr flux. However, this was based on
high estimates of the isotopic compositions of run-
off (0.716) and hydrothermally buffered water (0.708).
Subsequent analysis of hydrothermal vent waters from
the East Pacific Rise (Albarède et al., 1981) indicated
much less radiogenic compositions. Albarède et al.
estimated the flux of hydrothermally recycled Sr as
less than one-quarter of the flux due to continental
run-off. This model predicted an average Sr isotope
composition for run-off between 0.710 and 0.711, in
good agreement with major rivers such as the Amazon
(Brass, 1976). The magnitudes of present-day Sr fluxes
were further refined by Palmer and Edmond (1989),
who measured the Sr budgets and isotope compositions
of hydrothermal vent fluids and of most of the world’s
major rivers. Taken together, the complete data set of
Palmer and Edmond led to an estimated global river
flux of 3.3 × 1010 mol Sr per year, with an 87Sr/86Sr
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Fig. 3.31. Plot of seawater Sr isotope composition over
the last 85 Myr against percentage continental flooding
(relative to the present-day land area). After Spooner
(1976).

ratio of 0.7119, and an ocean-ridge hydrothermal Sr
flux of about one-half this magnitude, with an 87Sr/86Sr
ratio of 0.7035.

The recognition of competing riverine and hy-
drothermal fluxes raises the question of how these
fluxes interacted in the past to cause variations in
seawater isotope ratio with time. Spooner (1976) as-
sumed that the hydrothermal Sr flux was fairly con-
stant over time. Therefore, he attributed the increase
in 87Sr/86Sr ratio since the Cretaceous principally to
an increase in continental exposure (and hence run-
off of Sr) over the last 85 Myr (Fig. 3.31). In contrast,
Albarède et al. (1981) argued that a drop in the ocean-
ridge Sr-exchange flux from a Mesozoic value nearly
four times higher was more important than a rise in the
flux of continental run-off. However, these two effects
are difficult to separate, since they are bound together
as a system. A drop in spreading rate causes ridge col-
lapse and a consequent fall in sea-level, so continental
exposure should increase as hydrothermal buffering of
seawater decreases.

In addition to run-off and hydrothermal exchange,
two other fluxes have been proposed to control seawa-
ter Sr. One, which has been widely accepted, although
small in size, is the Sr released from ocean-floor car-
bonates by diagenetic recrystallisation (Elderfield and
Gieskes, 1982). This is estimated at about 10% of the
run-off flux and tends to dampen isotopic fluctuations
because it recycles old seawater Sr.

Fig. 3.32. Simplified circulation model for the present-
day seawater Sr budget. Modified after DePaolo (1987).

Another proposed flux is the sub-surface outflow of
continental groundwater, from below the water table,
into the sea (Fig. 3.32). This flux was termed ‘run-
out’ by Chaudhuri and Clauer (1986), who proposed
that it could explain seawater Sr isotope fluctuations
that are not in harmony with variations in sea-level.
For example, run-out would be affected by the length
of the continental perimeter as well as the extent of
continental uplift, so plate-tectonic configurations that
form super-continents would be characterised by low
run-out, whereas fragmented continents (such as those
existing at the present day) should be characterised
by high run-out. This model attributes the rising Sr
isotope ratio during the early Cretaceous (despite rising
sea-level) to progressive continental break-up at that
time.

Chaudhuri and Clauer suggested that the run-out
(continental groundwater) Sr flux could be almost as
large as the riverine run-off flux. This proposal has re-
ceived very little attention over subsequent years, but
a similar model based on studies of groundwater flow
in the Bengal Fan was recently proposed by Basu et al.
(2001). Basu et al. cited evidence that this groundwater
flux could supply as much strontium to the sea as the
riverine Sr flux of the Ganges–Brahmaputra system. If
this flux were extrapolated world-wide, it might imply
a doubling of the continental Sr flux, as proposed by
Chaudhuri and Clauer (1986). This would have a fairly
dramatic effect on calculations of global Sr fluxes, in-
cluding a reduction of the estimated oceanic residence
time of Sr to 2 Myr. However, our present knowledge
of groundwater Sr fluxes is too poor to constrain the
importance of this process.

3.6.3 The effects of Himalayan erosion

The best opportunity to study the interaction of com-
peting fluxes in the buffering of seawater Sr is during
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periods of rapid change in isotope ratio with time. The
Tertiary represents one such period, which is charac-
terised by an overall trend of increasing Sr isotope ra-
tio, on which several smaller steps are superimposed.
These variations can be represented in terms of the rate
of change of Sr isotope ratio with time (Fig. 3.33).

Raymo et al. (1988) attributed the general trend of
seawater evolution over the last 40 Myr to increased
rates of uplift of the Himalayas, Tibet and Andes. This
could have caused a substantial increase in the supply
of radiogenic Sr to the oceans, since the rivers which
rise in these regions (Ganges–Brahmaputra, Yangtze
and Amazon) together supply 20% of the total solid
load to the oceans. On the other hand, changes in the
hydrothermal Sr flux are not thought to have occurred
during the Neogene, since ocean-spreading rates have
been nearly uniform during this time.

Additional evidence for the control of seawater Sr
by Himalayan erosion rates was provided by Richter
et al. (1992). Ar–Ar thermochronology was used to

Fig. 3.33. Representation of seawater Sr isotope vari-
ation during the last 100 Myr in terms of the rate of
change per million years. After Richter et al. (1992).

Fig. 3.34. Plot of Sr isotope ratio against reciprocal of Sr concentration: (a) for the world’s major rivers; and (b) for
tributaries of the Ganges. After Palmer and Edmond (1989).

date the sudden unroofing of the Quxu granite pluton,
corresponding to a period of exceptionally rapid ero-
sion of the Tibetan plateau. The timing of this event,
which began 20 Myr ago, matches exactly with the
peak rate of change in the seawater Sr isotope record
(Fig. 3.33). However, Harris (1995) claimed that there
was no evidence in the Bengal Fan for an increase in
Himalayan erosion 20 Myr ago. Instead, he suggested
that the inferred 87Sr spike in river water at that time
was due to the exposure and chemical weathering of
meta-sedimentary rocks with a large budget of leach-
able 87Sr.

In order to reach a better understanding of how
variations in riverine Sr influence seawater Sr, Palmer
and Edmond (1989) performed the first comprehen-
sive study of the Sr budget of the world’s rivers. This
revealed an inverse relationship between isotope ratio
and concentration (Fig. 3.34a), which was attributed to
mixing between radiogenic Sr from silicate weathering
and less-radiogenic Sr from carbonate weathering. The
Ganges and Brahmaputra, which drain the Himalayan
uplift, lie off the general trend. However, within the
drainage basin of the Ganges, its tributaries themselves
display a mixing line, although with a steeper slope
than those of other rivers (Fig. 3.34b).

Further examination of these data (Palmer and
Edmond, 1992) showed that the mixing line for the
Ganges system had a more elevated intercept (Sr iso-
tope ratio) than other rivers of the world, as well as a
steeper trend. Palmer and Edmond attributed this pat-
tern to the presence of carbonate rocks in the Ganges
watershed with abnormally radiogenic Sr isotope ra-
tios. They speculated that these carbonates had become
enriched in radiogenic Sr by exchange with the sur-
rounding very-radiogenic silicate rocks.
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Fig. 3.35. Plot of Sr isotope ratio against Ca/Sr ratio for
samples from the Raikot river watershed, northern Pak-
istan. (●) = waters; (+) = silicate rocks; (◦) = carbonate
rocks; boxes = proposed end-members. After Blum et al.
(1998).

Subsequent to this work, more detailed studies have
been made of the rivers draining the High Himalayas,
which are tributaries to the Indus and Ganges–
Brahmaputra river systems. For example, Blum et al.
(1998) analysed river water, rock outcrops and river-
bed sands from the Raikot watershed in northern
Pakistan. They showed that river and stream waters de-
fine a positive trend on a plot of Sr isotope ratio against
Ca/Sr ratio (Fig. 3.35). This trend runs from the compo-
sition of marbles and marble sands at the unradiogenic
end, to a radiogenic end-member with a much higher
Ca/Sr ratio than that of silicate rocks. Blum et al. spec-
ulated that this unknown end-member might be calcite
that had inherited its radiogenic Sr during hydrother-
mal alteration of the surrounding silicate rocks.

Further study (Jacobson and Blum, 2000) identified
disseminated calcite interstitially within silicates, at
grain boundaries, and in fracture fillings. This calcite
makes up less than 0.5% of the orthogneissic rocks in
the Raikot watershed, but appears to dominate the Sr
budget of streams draining this terrain. Similar con-
clusions about the role of carbonate dissolution were
reached by English et al. (2000), from a study of the
Seti watershed in western Nepal. In addition, carbon-
ates in the Seti watershed have also been proposed as
a source of radiogenic osmium in Himalayan rivers
(Pierson-Wickmann et al., 2002).

An alternative explanation for recent increases in
the Sr isotope signature of seawater is the onset of Ter-
tiary glaciation, as originally proposed by Armstrong
(1971). Hodell et al. (1990) revived this model, at-
tempting to link inflections in the Tertiary Sr isotope

Fig. 3.36. Sr isotope ratio of ammonium acetate soil
leachates plotted against the geological age of the
moraines on which the soils were formed. After Blum
and Erel (1995).

evolution path to glacial advances and retreats, and this
type of argument has been examined in several subse-
quent papers. The basis of this model is that glaciation
creates rock flour, which is then more susceptible to
chemical weathering than are in situ crystalline rocks.

Blum and Erel (1995) attempted to quantify the
amount of radiogenic Sr that could be released by
glacial erosion. In order to do this, they used ammo-
nium acetate leaching to analyse the isotopic compo-
sition of exchangeable Sr in glacial moraines. Weath-
ered soils from six moraines in the Wind River Range,
Wyoming, displayed a negative correlation between
the isotopic composition of leachable Sr and the age
of the soil (Fig. 3.36). Most notably, a very radiogenic
87Sr/86Sr ratio of 0.795 was obtained by leaching soil
from the youngest (400-yr-old) moraine. Blum and
Erel used these data to argue that a spike of radiogenic
Sr is released by weathering of moraines immediately
after glaciation. Modelling of this spike suggested that
it could yield an incremental increase in 87Sr/86Sr of
0.00005 for each 100-kyr glacial cycle of the Quater-
nary period, thus reproducing (within error) the sea-
water evolution curve for this interval.

The glacial erosion model was further developed by
Jacobson et al. (2002), who showed that this could
also be a facet of Himalayan erosion. Analysis of ex-
changeable Sr from weathered moraines, together with
the carbonate and silicate fractions, showed that a car-
bonate fraction as low as 1% by weight could never-
theless supply as much as 90% of soluble Sr to streams
that are tributaries to the Indus River system. Although
these observations might not be applicable to the whole
Himalayan drainage system, they do show that the two
competing explanations for Tertiary seawater Sr iso-
tope evolution may be facets of a single model.
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pp. 105–22.

Lanphere, M. A., Wasserburg, G. J., Albee, A. L. and Tilton, G. R.
(1964). Redistribution of strontium and rubidium isotopes dur-
ing metamorphism, World Beater complex, Panamint Range,
California. In: Craig, H., Miller, S. L. and Wasserburg, G. J.
(Eds.), Isotopic and Cosmic Chemistry. North Holland Pub-
lishers, pp. 269–320.



68 The Rb–Sr method

MacLeod, K. G., Huber, B. T. and Fullagar, P. D. (2001). Evi-
dence for a small (∼0.000 030) but resolvable increase in sea-
water 87Sr/86Sr ratios across the Cretaceous–Tertiary bound-
ary. Geology 29, 303–6.

Martin, E. E. and Macdougall, J. D. (1991). Seawater Sr isotopes
at the Cretaceous/Tertiary boundary. Earth Planet. Sci. Lett.
104, 166–80.

McArthur, J. M., Howarth, R. J. and Bailey, T. R. (2001). Stron-
tium isotope stratigraphy: LOWESS Version 3: best fit to the
marine Sr-isotope curve for 0–509 Ma and accompanying
look-up table for deriving numerical age. J. Geol. 109, 155–7.

McArthur, J. M., Thirlwall, M. F., Engkilde, M., Zinsmeister,
W. J. and Howarth, R. J. (1998). Strontium isotope profiles
across K/T boundary sequences in Denmark and Antarctica.
Earth Planet. Sci. Lett. 160, 179–192.

McKerrow, W. S., Lambert, R. St J. and Chamberlain, V. E.
(1980). The Ordovician, Silurian and Devonian time scales.
Earth Planet. Sci. Lett. 51, 1–8.

McMullen, C. C., Fritze, K. and Tomlinson, R. H. (1966). The
half-life of rubidium-87. Can. J. Phys. 44, 3033–8.

Minster, J.-F., Birck, J.-L. and Allègre, C. J. (1982). Absolute age
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4 The Sm–Nd method

Sm is a rare-earth element with seven naturally occur-
ring isotopes. Of these 147Sm, 148Sm and 149Sm are all
radioactive, but the latter two have such long half-lives
(about 1016 yr) that they are not capable of producing
measurable variations in the daughter isotopes of 144Nd
and 145Nd, even over cosmological intervals (1010 yr).
However the half-life of 147Sm (106 Byr) is sufficiently
short to produce small but measurable differences in
the abundance of 143Nd over periods of several million
years, thus providing the basis for the Sm–Nd dating
method. This half-life, equivalent to a decay constant
of 6.54 ×10−12 yr−1, is the weighted mean of several
determinations, and yields ages consistent with U–Pb
dating (Lugmair and Marti, 1978).

Another samarium isotope, 146Sm, does not occur
naturally, but has a relatively long half-life of 103 Myr.
If Sm/Nd fractionation occurred within a few hundred
million years of Sm nucleosynthesis then variations in
the abundance of the daughter product, 142Nd, might
be observable in different terrestrial reservoirs. This
subject will be discussed under the heading of ‘extinct
nuclides’ (section 15.5.5).

4.1 Sm–Nd isochrons

Considering a given system, such as an igneous rock
or mineral, we can write the following equation based
on the decay of 147Sm:

143Nd = 143NdI + 147Sm(eλt − 1) [4.1]

where I signifies initial abundance and t is the age of the
system. In view of the possibility of variation in 142Nd
(due to 146Sm), it is convenient to divide through by
144Nd, the second most abundant isotope of Nd. Thus
we obtain

143Nd
144Nd

=
( 143Nd

144Nd

)
I

+
147Sm
144Nd

(eλt − 1) [4.2]

This equation has the same form as that for Rb–Sr
(section 3.2) and can be plotted as an isochron dia-
gram. However, because Sm and Nd have very similar

chemical properties (unlike Rb and Sr), large ranges
of Sm/Nd ratio in whole-rock systems are rare, and
in particular, low Sm/Nd ratios near the y axis are
very rare. Therefore, because of the difficulty of obtain-
ing a wide range of Sm/Nd ratios from a single rock
body, and because of the greater technical demands
of Nd isotope analysis, the Sm–Nd isochron method
was generally applied to problems for which Rb–Sr
isochrons had proved unsatisfactory. Many of these
applications were also made before the U–Pb zircon
method had reached its present level of development
(section 5.2.2). Therefore some of these units have sub-
sequently been dated to greater accuracy and precision
by the U–Pb method. However, it is important to re-
view a few case studies to show the development of the
method.

4.1.1 Meteorites

Chondritic meteorites have readily been dated by the
Rb–Sr method, but achondrites are more problemati-
cal. Bulk samples usually have low Rb/Sr ratios, yield-
ing ages of low precision, while separated minerals
in many achondrites yield Rb–Sr ages below 4.5 Byr,
indicative of disturbance. The Sm–Nd system in sepa-
rated minerals from achondrites is more resistant to re-
setting, yielding better age estimates. The first Sm–Nd
dating study was performed by Notsu et al. (1973) on
the achondrite Juvinas, but with low analytical preci-
sion. Lugmair et al. (1975) obtained much more precise
results on minerals from the same meteorite (Fig. 4.1)
yielding an age of 4560 ± 80 Myr (2σ ).

Numerous other basaltic achondrites have been
dated by Sm–Nd measurements, and with the excep-
tion of Stannern (Lugmair and Scheinin, 1975), all
yield ages in the range 4550–4600 Myr. These age de-
terminations have since been superseded by Pb–Pb dat-
ing studies (section 5.3). However, the good agreement
between the Sm–Nd and Pb–Pb dates has served the
important function of confirming the 147Sm half-life of
106 Byr.
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Fig. 4.1. Sm–Nd isochron for whole-rocks and minerals
from the basaltic achondrite Juvinas. Nd isotope ratios
are affected by the choice of normalising factor for mass
fractionation. Data from Lugmair et al. (1975).

Sm–Nd dating of chondritic meteorites was not a
high priority, due to the success of other methods. How-
ever, the isotopic composition of the chondrites is a
critical benchmark for the evolution of solar-system
bodies such as the Earth, because chondrites are be-
lieved to represent the nearest approach to the primor-
dial solar nebula. DePaolo and Wasserburg (1976a)
coined the acronym CHUR (chondritic uniform reser-
voir) for this benchmark, but in the absence of isotopic
data for chondrites, had to use Lugmair et al.’s (1975)
143Nd/144Nd ratio of 0.511836 from the achondrite
Juvinas as an indicator of the present-day CHUR value
(using a fractionation normalisation to 146Nd/142Nd =
0.636151 for Nd analysis as the oxide).

This value was tested by direct Sm–Nd analysis
of chondrites by Jacobsen and Wasserburg (1980).
They obtained a whole-rock isochron with an age of
about 4.6 Byr, but, more importantly, the measured
143Nd/144Nd ratios clustered closely around the origi-
nal Juvinas measurment (dashed line in Fig. 4.2). The
intersection of this value with the isochron regres-
sion led to a 147Sm/144Nd ratio of 0.1967 for CHUR.
Jacobsen and Wasserburg compared this value with the
average of 64 elemental Sm/Nd analyses of chondrites
(Fig. 4.3), and demonstrated that there was good agree-
ment between the two values.

In 1981, Wasserburg et al. revised the isotopic
composition of their oxide correction and modified
their recommended 143Nd/144Nd value for CHUR
to 0.511847. However, most workers use the alter-
native normalisation convention (to 146Nd/144Nd =
0.7219) which was proposed by O’Nions et al. (1977)
for Nd analysis as the metal (section 2.2.3). This

Fig. 4.2. Sm–Nd isochron diagram for whole-rock sam-
ples of six different chondrites. SS = St Severin; MU =
Murchison; GU = Guarena; PR = Peace River; ALL =
Allende; JUV = new analysis of the Juvinas achondrite.
The large apparent errors are due to the very expanded
axis scales. After Jacobsen and Wasserburg (1980).

Fig. 4.3. Histogram of chondritic 147Sm/144Nd ratios de-
termined from elemental analysis, compared with the
value from Fig. 4.2 (arrow). Ordinary chondrites are sub-
divided into compositional classes (H, L and LL). After
Jacobsen and Wasserburg (1980).

leads to the corresponding present-day CHUR values:
143Nd/144Nd = 0.512638 and 147Sm/144Nd = 0.1966
(Hamilton et al., 1983).

4.1.2 Low-grade meta-igneous rocks

The long half-life of 147Sm makes it most useful for dat-
ing in the Precambrian. Therefore, most early Sm–Nd
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Fig. 4.4. Isochron diagrams for the Stillwater complex: (a) Rb–Sr diagram showing scatter of mineral data; (b)
Sm–Nd mineral isochron; (c) whole-rock data with reference line from (b). After DePaolo and Wasserburg (1979).

work was focussed on the determination of crystallisa-
tion ages for Archean igneous rocks. In such suites the
Rb–Sr and K–Ar methods had often revealed open-
system behaviour, and precise U–Pb dates were not
yet available. The Stillwater Complex (DePaolo and
Wasserburg, 1979) provides a good example of such
an application.

Rb–Sr data on three separated minerals from a sin-
gle adcumulus unit of the Stillwater layered series form
a scatter that does not define an isochron (Fig. 4.4a).
This was attributed to open-system behaviour of Rb–Sr
in minerals. However, Sm–Nd data on the same sam-
ples defined an excellent linear array (Fig. 4.4b), from
which DePaolo and Wasserburg calculated an age of
2701 ± 8 Myr (2σ ). The analysis of separated minerals
provided a much greater range of Sm/Nd ratios than
analysis of whole-rock samples, but raised the possi-
bility that Sm–Nd mineral systems might have been
opened by the event that disturbed Rb–Sr systems. To
test for this, DePaolo and Wasserburg also analysed six
whole-rock samples from different levels in the intru-
sion with a wide range of plagioclase/pyroxene abun-
dances. Sm–Nd data from these samples fell within an-
alytical uncertainty of the mineral isochron (Fig. 4.4c),
suggesting that the mineral isochron yields a true crys-
tallisation age for the intrusion, and that the magma
had a homogeneous initial Nd isotope composition.

Subsequently, the Sm–Nd mineral age was corrob-
orated by U–Pb dating of zircon from the chilled mar-
gin of the intrusion (Nunes, 1981), which gave an age
of 2713 ± 3 Myr (2σ ). However, Sm–Nd analysis of
whole-rock samples from a wider stratigraphic range
in the intrusion revealed larger variations of initial ra-
tio (Lambert et al., 1989). This is not surprising, since
the initial ratio of DePaolo and Wasserburg falls well
away from estimated mantle values at 2.7 Byr, and is

best explained by contamination of the magma by old
crustal Nd from the Wyoming craton.

The Stillwater data emphasise the importance of
combined mineral and whole-rock isochrons to verify
the accuracy of Sm/Nd ages. However, this approach
is not possible for fine-grained rocks such as Archean
basalts and komatiites. In these situations, whole-rock
analysis has often been used alone, but subtle changes
to the slopes of whole-rock isochrons can be caused
by analysing samples with slight variations in crustal
contamination. A good example is provided by the
Kambalda volcanics of western Australia.

McCulloch and Compston (1981) determined a
composite Sm–Nd isochron on a suite of rocks com-
prising the ore-bearing Kambalda ultramafic unit, the
footwall and hanging-wall basalts, and an ‘associated’
sodic-granite and felsic porphyry. Although the whole
suite yielded a good isochron age of 2790 ± 30 Myr
(Fig. 4.5), the basic and ultra-basic samples alone gave
an older best-fit age of 2910 ± 170 Myr.

The danger of constructing a ‘composite’ Sm–Nd
isochron of acid, basic and ultra-basic rocks that might
not be co-magmatic was pointed out by Claoué-Long
et al. (1984). These workers attempted to date the Kam-
balda lavas by the Sm–Nd method without utilising
acid rocks. However, they were forced to combine anal-
yses from komatiites and basalts in order to achieve a
good spread of Sm/Nd ratios (Fig. 4.6). After the ex-
clusion of one komatiite point from Kambalda and a
suite of basalt lavas from Bluebush (40 km south of the
main Kambalda sequence), ten data points gave an age
of 3262 ± 44 Myr (2σ ). This was interpreted as the
time of eruption.

Chauvel et al. (1985) challenged this interpretation
on the basis that Pb–Pb dating of the Kambalda vol-
canics and associated igneous sulphide mineralisation
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gave an age of 2726 ± 34 Myr, which they argued
to be resistant to re-setting by later events. They at-
tributed the 3.2 Byr apparent Sm–Nd age to either vari-
able crustal contamination of the magma suite by older
basement, or possibly a heterogeneous mantle source.
U–Pb dating of 3.4-Byr-old zircon xenocrysts in one
of the hanging-wall basalts subsequently confirmed the
contamination model (Compston et al., 1985).

Fig. 4.5. Composite acid–basic Sm–Nd isochron diagram
for a suite of Archean rocks from Kambalda, Western
Australia. Open symbols were omitted from the regres-
sion. After McCulloch and Compston (1981).

Fig. 4.6. Sm–Nd isochron diagram for whole-rock samples of Kambalda volcanics. (�) = komatiites; (▲) = hanging-
wall basalts; (�) = Bluebush lavas; (�) = ‘ocelli’ basalts; (
) = granites. Modified after Claouè-Long et al.
(1984).

In retrospect, danger signals can be seen in the
whole-rock Sm–Nd data. Taken alone, the komatiites
(including the sample rejected by Claoué-Long et al.)
define a slope of less than 3.2 Byr, as do the Bluebush
lavas (Fig. 4.6). Only the hanging-wall basalts define a
slope of 3.2 Byr, but these are the samples which have
probably suffered most contamination. Hence the data
probably consist of a series of sub-parallel isochrons
with about 2.7 Byr slope.

Similar effects have been demonstrated for komati-
itic and basaltic lavas from Newton township in the
Abitibi belt of Ontario. Cattell et al. (1984) obtained
an apparent age of 2.83 Byr from a whole-rock Sm–
Nd isochron of basic and ultra-basic lavas. However,
a maximum eruption age of 2697 ± 1 Myr was con-
clusively demonstrated by U–Pb zircon analysis of an
underlying dacitic volcaniclastic rock. Cattell et al.
plotted initial 143Nd/144Nd ratios at 2697 Myr against
the Sm/Nd ratio (Fig. 4.7), giving an erupted Sm–
Nd isochron with an apparent age of 130 ± 64 Myr
(MSWD = 2.52). No age significance was attached
to this pseudo-isochron, which was attributed to sam-
pling of a variably depleted mantle source. However,
contamination by older crustal rock is a strong possi-
bility.

4.1.3 High-grade metamorphic rocks

Most dating systems, including U–Pb zircon, can be
re-set during high-grade metamorphic events. How-
ever, the Sm–Nd method provides an opportunity to
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Fig. 4.7. Sm–Nd pseudo-isochron diagram for whole-
rock samples of komatiite and basalt from Newton
township, Ontario. The large apparent errors and scat-
ter of data are due to the very expanded y-axis scale.
After Cattell et al. (1984).

determine igneous protolith ages in high-grade meta-
morphic gneiss terranes where other systems are re-set.
An example is provided by dating work on the Lewisian
gneisses of NW Scotland. Whole-rock Rb–Sr, whole-
rock Pb–Pb and U–Pb zircon ages on granulite-facies
and amphibolite-facies gneisses are concordant at
2630 ± 140, 2680 ± 60 and 2660 ± 20 Myr (2σ ), re-
spectively (Moorbath et al., 1975; Chapman and Moor-
bath, 1977; Pidgeon and Bowes, 1972). However, these
gneisses are generally very Rb- and U-depleted, sug-
gesting that even large whole-rock samples were prob-
ably open systems for these elements during the deple-
tion event.

A suite of whole-rock samples was dated by the Sm–
Nd method (Hamilton et al., 1979) to see whether this
system had remained undisturbed during the Badcal-
lian metamorphic event which the other systems are
presumed to date. An older age of 2920 ± 50 Myr
(2σ ) suggested that the gneisses had remained closed
systems for Sm–Nd during granulite-facies metamor-
phism (Fig. 4.8). Hamilton et al. therefore interpreted
the age as the time of protolith formation, which oc-
curred 200–300 Myr before the closing of U–Pb zircon
and whole-rock Rb–Sr and Pb–Pb systems following
metamorphism.

Despite the good quality of the Sm–Nd isochron,
there are two problems with the sample selection.
Firstly, the sample suite combined amphibolite- and
granulite-facies gneisses, and secondly it contained a
bimodal petrological suite, including tonalitic gneisses
and basic rocks from the Drumbeg layered complex.
Nevertheless, because the slope ages of the tonalites
and mafic gneisses are very similar, the samples as a

Fig. 4.8. Sm–Nd isochron for a mixed suite of granitic,
tonalitic and layered basic gneisses from the Lewisian
complex of NW Scotland, yielding an age of 2920 Myr.
After Hamilton et al. (1979).

Fig. 4.9. Sm–Nd ‘errorchron’ for Lewisian tonalitic
gneisses, defining an age of 2600 Myr, attributed
to granulite-facies metamorphism. After Whitehouse
(1988).

whole display good linearity, with an MSWD value of
only 1.3 (using 1σ errors of 0.1% for Sm/Nd, and the
individual within-run isotopic errors).

More detailed investigation by Whitehouse (1988)
showed that the Drumbeg layered basic rocks retain
a 2.91 Byr isochron age, but Sm–Nd whole-rock sys-
tems in intermediate-to-acid rocks have been re-set to
the same age as the U–Pb zircon and other whole-
rock systems. Ten samples of the latter suite define an
errorchron with MSWD = 5.7, yielding an age (with
estimate of geological error) of 2600 ± 155 Myr (2σ ),
shown in Fig. 4.9. Therefore, the isochron of Hamilton
et al. (1979) apparently does correctly date the time of
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protolith formation, but only the basic rocks remained
closed systems during the Badcallian event. This work
shows that even whole-rock Sm–Nd isochrons can
be perturbed by granulite-facies metamorphism. How-
ever, it will be shown below that Sm–Nd model ages
can preserve the approximate protolith ages of the in-
termediate gneisses, even though the isochron is dis-
turbed (section 4.3.3). These model ages agree with
the isochron age for the Drumbeg basic pluton.

4.1.4 High-grade metamorphic minerals

Another area where the Sm–Nd isochron method has
been widely applied is the dating of high-grade meta-
morphic minerals. For example, garnet and clinopyrox-
ene (cpx) have mirror-image distribution coefficients
for rare-earth elements (REE), giving rise to a large
range of Sm/Nd ratios and hence allowing precise age
determinations. The classic example of a garnet–cpx
rock is eclogite, so this has been a major focus of Sm–
Nd mineral dating. However, the relative immobility of
the REE, which is such an asset in dating igneous crys-
tallisation, is a problem in using the Sm–Nd method to
date metamorphism. Mineral systems may be opened
sufficiently to disrupt the original igneous chemistry,
but not enough to overprint the system completely. An
example is provided by the dating of Caledonian eclog-
ites by Mørk and Mearns (1986).

Some gabbros from western Norway were trans-
formed to an eclogite mineralogy (garnet and om-
phacite), but retained a relict igneous texture. These
samples did not reach isotopic equilibrium dur-
ing Caledonian metamorphism. In contrast, nearby
country-rocks that had been transformed into eclo-
gite generated a mineral isochron with very low scatter
(MSWD = 0.1) and a typical Caledonian metamor-
phic age of 400 ± 16 Myr. The contrasting behaviour
of the two types of eclogite cannot be attributed to
variable P , T conditions, since they are from within
1 km of each other. However, the country-rock eclogite
had completely lost its pre-existing texture due to pen-
etrative deformation and recrystallisation. Mørk and
Mearns suggested that such physical disruption might
be necessary to achieve complete Nd isotopic equilib-
rium between metamorphic mineral phases.

Examination of the metagabbro Sm–Nd data at
400 Myr (Fig. 4.10) suggests that the main obstacle to
isotopic homogenisation in this rock was the cpx phase.
Because the transformation of augite into omphacite
requires relatively minor cation exchange, complete re-
setting of the Sm–Nd system in this mineral rarely oc-
curs. In contrast, major chemical exchange and struc-
tural reorganisation are required to replace plagioclase

Fig. 4.10. Schematic illustration of the process of Sm–Nd
re-mobilisation during the replacement of gabbro by an
eclogite mineralogy. Modified after Mørk and Mearns
(1986).

with garnet, so complete re-setting is more likely.
Hence, garnet–whole-rock isochrons are more reliable
than the garnet–cpx pairs used in early dating work on
eclogites (e.g. Griffin and Brueckner, 1980).

Vance and O’Nions (1990) argued that garnet
chronology provides a powerful tool for dating pro-
grade metamorphism, in contrast to other methods,
such as Ar–Ar and Rb–Sr, which date metamorphic
cooling (section 10.5). Garnets are widely distributed
in meta-pelitic rocks and develop in response to the
changing P , T conditions of prograde metamorphism.
Their chemistry (including the Sm–Nd system) is usu-
ally preserved during cooling because cation-diffusion
rates in garnet are very slow. The chemical composi-
tion of garnets can be used to calculate the P , T condi-
tions of their growth, which, combined with age data,
provide a method of determining progradational P ,
T – time paths for high-grade metamorphic terranes.
An application of this technique was demonstrated by
Burton and O’Nions (1991) in a study of Caledonian
regional metamorphism of a Proterozoic supracrustal
sequence at Sulitjilma, northern Norway.

Burton and O’Nions dated garnet growth in adja-
cent graphite-bearing and graphite-free bands using
the Sm–Nd and U–Pb isochron methods. An example
is shown in Fig. 4.11 for a case where garnet rims and
cores are distinct. The rims yield a slightly younger
age, as would be expected. Note that the core is re-
gressed with the whole-rock composition, whereas the
rim is regressed with the matrix of the rock only, since
this is the only part of the rock with which the rims
were in diffusional contact at the time of their growth.

Concordant results for the Sm–Nd and U–Pb tech-
niques provide strong evidence that the ages for garnet–
matrix pairs are dating prograde mineral growth.
When these ages are coupled with temperature data
(Fig. 4.12), they indicate that garnet growth oc-
curred first in the graphite-bearing assemblage and
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Fig. 4.11. Sm–Nd isochrons for whole-rock–garnet-core,
and matrix–garnet-rim pairs from a graphite-free meta-
pelite. Error bars indicate within-run precision. After
Burton and O’Nions (1991).

subsequently, at higher temperatures, in the graphite-
free assemblage. Peak metamorphic conditions were
registered by the garnet rims of the latter assemblage.
Hence, an average heating rate of 9 ◦C/Myr was cal-
culated. On the other hand, Rb–Sr mineral ages on
muscovite and biotite were used to deduce a cooling
rate of 4 ◦C/Myr (Fig. 4.12).

4.2 Nd isotope evolution and
model ages

DePaolo and Wasserburg (1976a) made the first Nd
isotope determinations on terrestrial igneous rocks.
When they plotted the ages and initial 143Nd/144Nd
ratios of these units on a diagram of Nd isotope evolu-

Fig. 4.12. Temperature–time diagram for Sulitjilma supracrustals, northern Norway. The progradational heating
rate is from garnet Sm–Nd ages (�) and U–Pb ages (�). The retrogressive cooling rate is from Rb–Sr ages (●). After
Burton and O’Nions (1991).

Fig. 4.13. Diagram of 143Nd/144Nd ratio against time,
showing the close correspondence of early Nd isotope
analyses of terrestrial igneous rocks to the chondritic
growth line. BCR-1 = Columbia River basalt, USA. After
DePaolo and Wasserburg (1976a).

tion against time, they found that Archean plutons had
initial ratios that were remarkably consistent with the
evolution of the chondritic uniform reservoir (CHUR)
observed in meteorites (Fig. 4.13). The CHUR evolu-
tion path is normally drawn as a straight line, but in
fact it is a very gentle curve, due to the finite half-life
of 147Sm (about 106 Byr).

Because Sm and Nd are REE with atomic num-
bers only two units apart, their chemical properties are
very similar, and they undergo only slight relative frac-
tionation during crystal–liquid processes. This means
that in terrestrial rocks, departures of 143Nd/144Nd
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ratio from the CHUR evolution line are small relative
to the steepness of the line (Fig. 4.13). DePaolo and
Wasserburg therefore developed a notation whereby
initial 143Nd/144Nd isotope ratios could be represented
in parts per 104 deviation from the CHUR evolution
line, termed epsilon units (ε Nd). Mathematically, this
notation is defined as

ε Nd(t) =
(

(143Nd/144Nd)sample(t)

(143Nd/144Nd)CHUR(t)
− 1

)
× 104 [4.3]

where t indicates the time at which ε Nd is calculated.
The ε notation makes it much easier to compare the
initial Nd isotope ratios of bodies of different ages.
Also, by normalising all data with respect to CHUR, it
removes the effects of the different fractionation cor-
rections which have been applied for Nd analysis as
the metal or as the oxide species.

Using the ε notation, DePaolo and Wasserburg
(1976b) presented a larger data set of Nd isotope analy-
ses on a diagram of ε Nd against time (Fig. 4.14). They
noted that continental igneous rocks through time had
ε Nd values very close to zero. Indeed, for Archean
rocks the error bars overlapped with zero, suggesting
that continental igneous rocks were ‘derived from a
reservoir with a chondritic REE pattern, which may
represent primary material remaining since the forma-
tion of the Earth.’

4.2.1 Chondritic model ages

DePaolo and Wasserburg (1976b) argued that, if the
CHUR evolution line defines the initial ratios of conti-
nental igneous rocks through time, measurement of
143Nd/144Nd and 147Sm/144Nd ratios in any crustal

Fig. 4.14. Diagram of Nd isotope evolution against time
in the form of deviations from the chondritic evolution
line in ε units. MORB = mid-ocean-ridge basalts. After
DePaolo and Wasserburg (1976b).

Fig. 4.15. Schematic Nd isotope evolution diagram,
showing the theory of model ages. Tmet = age of meta-
morphic event; Tsed = age of erosion–sedimentation
event; f = fractionation of sample Sm/Nd relative to
Bulk Earth. The dashed vector shows the development
of the depleted mantle as a result of crustal extraction.
After McCulloch and Wasserburg (1978).

rock would yield a model age for the formation of
that rock (or its precursor) from the chondritic reser-
voir. This is true, providing that there was sufficient
Nd/Sm fractionation during the process of crustal ex-
traction from the mantle to give a reasonable diver-
gence of crustal and mantle evolution lines (Fig. 4.15)
and hence a precise intersection. The model age is then
given as

TCHUR = 1

λ
ln


1 +

( 143Nd
144Nd

)0

sample

−
( 143Nd

144Nd

)0

CHUR( 147Sm
144Nd

)0

sample

−
( 147Sm

144Nd

)0

CHUR



[4.4]

DePaolo and Wasserburg argued that, if the Sm/Nd
ratio of a rock sample had not been disturbed since
its separation from the chondritic reservoir (taken to
be the mantle source), then TCHUR might provide a
‘crustal-formation’ age for a wide variety of rocks.
Elemental investigations have indicated the general
immobility of REE on a whole-rock scale during the
processes of weathering and low-temperature meta-
morphism associated with sedimentary-rock formation
(e.g. Haskin et al., 1966), and even during high-grade
metamorphism (Green et al., 1969). This immobility
is schematically illustrated by the lack of deflection in
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the evolution line of a crustal rock sample in Fig. 4.15
during metamorphic and sedimentary events. Hence,
Nd model ages may be able to date crustal formation
in rocks that have been subjected to high-grade meta-
morphism and even erosion–sedimentation.

These premises were applied by McCulloch and
Wasserburg (1978) in a model age study aimed at mea-
suring the crustal-formation ages of several cratonic
rock bodies, mainly from the Canadian Shield. Mc-
Culloch and Wasserburg found Nd model ages within
the range 2.5–2.7 Byr for composite samples of the Su-
perior, Slave, and Churchill structural provinces. In the
first two areas, previously determined K–Ar and Rb–Sr
ages had given the same results, but the 2.7 Byr model
age for the Churchill province was 0.8 Byr older than
the previously determined K–Ar age, which presum-
ably had been re-set by more recent metamorphism.
These data supported a model of episodic continental
growth by showing the period 2.5–2.7 Byr ago to be
a time of remarkably widespread continental growth.
In contrast, a Grenville province composite yielded a
model age of 0.8 Byr, which did not reveal any Archean
component, suggesting it to be an addition of more re-
cent crust to the pre-existing shield. However, this sam-
ple was by no means representative of the Grenville
Province as a whole, which also contains extensive ar-
eas of reworked Archean and Early Proterozoic crust
(Dickin, 2000).

Although Nd model ages are generally applied to
dating the time of crustal separation from the mantle,
other, more specialised applications have been made.
For example, Richardson et al. (1984) investigated
the time of diamond formation in the South African
mantle lithosphere by dating garnet inclusions in dia-
monds. Three samples were analysed, each consisting
of a composite of several hundred sub-calcic garnet
inclusions and yielding a total of 10–45 ng Nd. The
unradiogenic Nd in these samples gave TCHUR ages
of 3.19–3.41 Byr (Fig. 4.16). When this evidence is
combined with evidence of sub-solidus temperatures
for diamond growth (based on equilibrium garnet–
olivine inclusions in diamonds), it suggests that sub-
continental lithosphere has existed under the African
craton since the Early Archean. This material may rep-
resent the residue from 3.5-Byr-old komatiite extrac-
tion (section 7.1).

4.2.2 Depleted-mantle model ages

While observing the good fit of Archean plutons to
the CHUR Nd isotope evolution line, DePaolo and
Wasserburg (1976b) also noted that young mid-ocean-
ridge basalts (MORB) lay +7 to +12 ε units above the

Fig. 4.16. 143Nd isotope evolution diagram showing
model age calculations for silicate inclusions in South
African diamonds. The initial ratio of Onverwacht lavas
is shown for comparison. After Richardson et al. (1984).

CHUR evolution line (Fig. 4.14). They recognised that
Archean continental igneous rocks that fall within er-
ror of the CHUR evolution line could conceivably lie
on a depleted-mantle evolution line characterised by
progressively increasing Sm/Nd and 143Nd/144Nd ra-
tios. Such a source could be formed as a residue from
magma extraction, as shown in Fig. 4.15. However,
DePaolo and Wasserburg rejected this model in favour
of a chondritic source for continental igneous rocks
on the basis of a comparison with lunar Nd isotope
evolution.

Lunar basalts and troctolites with ages of 3.3–
4.3 Byr exhibit a wide range of initial 143Nd/144Nd ra-
tios, equivalent to a variation from +7 to −2 ε units rel-
ative to CHUR (Fig. 4.17; Lugmair and Marti, 1978).
This spread shows that very early Sm/Nd fractionation
occurred in the Moon, and that there was no long-lived
uniform magma source with a chondritic Sm/Nd ratio.
In contrast, none of the Archean terrestrial rocks anal-
ysed by 1976 exhibited any dispersion outside error of
CHUR, which led DePaolo and Wasserburg (1976b) to
conclude that the Earth did not undergo early differen-
tiation, or if it did, that this was re-mixed by convection.

The paucity of Nd isotope data for the Proterozoic
was a serious weakness in this model, since it left
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Fig. 4.17. ε Nd evolution diagram for lunar rocks, in-
dicating very early Sm/Nd fractionation between lunar
reservoirs. After Lugmair and Marti (1978).

Fig. 4.18. Plot of ε Nd against time, showing Colorado
data relative to a model depleted-mantle evolution
curve. After DePaolo (1981).

a gap between the Archean CHUR data and the de-
pleted MORB source (attributed to an elevated Sm/Nd
ratio), with questions about the relationship between
the two. An important stage in filling this gap was a
study on Proterozoic metamorphic basement from the
Colorado Front Range (DePaolo, 1981). Four meta-
volcanics and two charnockitic granulites from the
Idaho Springs Formation were dated by the Sm–Nd
isochron method. In addition, Nd isotope and Sm/Nd
determinations were made on three plutons previ-
ously dated by the Rb–Sr whole-rock method (the
Boulder Creek, Silver Plume and Pikes Peak grani-
toids). The initial 143Nd/144Nd ratios of all these sam-
ples are plotted on an ε Nd versus time diagram in
Fig. 4.18.

The Idaho Springs meta-igneous rocks cluster at
ε Nd(t) = +3.7 ± 0.3, showing them to be derived
from a depleted mantle reservoir with respect to CHUR
at 1.8 Byr. Boulder Creek samples also have positive
ε Nd (+1.7 to +3.5), whereas the Silver Plume and
Pikes Peak granites have progressively lower ε Nd val-
ues which lie on the 143Nd/144Nd evolution line of av-
erage Idaho Springs crust, suggesting that they contain
a large fraction of re-melted 1.8-Byr-old basement.

DePaolo was able to fit a quadratic curve to Idaho
Springs and modern island-arc data (Fig. 4.18), rep-
resenting the Nd isotope evolution of a progressively
depleted reservoir that was the source area for calc-
alkaline (subduction-related) magmatism. This curve
begins on the CHUR evolution line in the Early
Archean, but diverges progressively to the present day.
The composition of the depleted reservoir, relative to
the CHUR, at time T , is given as

ε Nd(T ) = 0.25T 2 − 3T + 8.5 [4.5]

Sm–Nd model ages calculated using this depleted-
mantle curve are denoted TDM. DePaolo argued that
TDM model ages would be a more accurate indication
of ‘crustal formation ages’ than TCHUR ages for stud-
ies of continental evolution. For example, an anoma-
lously low TCHUR age of 0.8 Byr for McCulloch and
Wasserburg’s Grenville composite (section 4.2.1) was
revised to a TDM age of 1.3 Byr, within the range ex-
pected for juvenile crust formation during the Grenville
orogeny.

Subsequent to the discovery of Proterozoic de-
pleted mantle by DePaolo (1981), new analyses have
prompted several re-interpretations of the evolution of
the depleted-mantle reservoir. An important alternative
to DePaolo’s (1981) model was proposed by Goldstein
et al. in 1984 (Fig. 4.19). This model assumes linear
depletion of the mantle from ε Nd = 0 at 4560 Myr
to ε Nd = +10 at 0 Myr (the MORB composition). It
also provides a good fit to Early Proterozoic green-
stones from the SW USA and Greenland (Nelson and
DePaolo, 1984; Patchett and Arndt, 1986). The most
depleted ε Nd values in these suites may represent flood
basalts erupted in rifting environments that suffered lit-
tle crustal contamination. Goldstein et al. denoted Nd
model ages based on this mantle model as TCR (crustal
residence). However, this is not the most appropriate
mantle model for calculating crustal-extraction ages of
tonalitic crust-forming rocks generated in arc settings,
which at the present day have less depleted Nd isotope
signatures than spreading ridges.

More recently, Nägler and Kramers (1998) reverted
to a model involving essentially chrondritic mantle
evolution until 3 Byr ago, followed by more or less
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Fig. 4.19. Plot of ε Nd against time, showing two of the
most widely used depleted-mantle evolution models.
Dashed curve: DePaolo (1981); solid line: Goldstein et al.
(1984).

Fig. 4.20. Plot of annual citation rates for four papers
that introduced new depleted-mantle evolution mod-
els for Nd. Data are from the Science Citation Index,
averaged over two-year intervals.

linear evolution to ε = 8 at the present day. The result-
ing evolution curve was fairly close to that of DePaolo
(1981) along some of its length. However, the model
of Nägler and Kramers was constrained to fit the av-
erage ε Nd values of a wide variety of different rock
types, some of which (e.g. the Stillwater Complex)
have been shown to exhibit crustal contamination. The
result is a model that does not seem to be in tune with
recent thinking about depleted-mantle evolution in the
Archean (section 4.4.3).

There has been a tendency towards a proliferation
of depleted-mantle models as new data for various ge-
ographical areas become available. However, an ex-
amination of the literature suggests that the models of
DePaolo (1981) and Goldstein et al. (1984) have had
the widest application by other workers. This is illus-
trated in Fig. 4.20 by a comparison of citation rates

for these two studies, compared with two control pa-
pers: Nelson and DePaolo (1984), discussed above,
and Allègre and Rousseau (1984), who proposed a
curved mantle-evolution line similar to that of DePaolo
(1981). The durability of citations for DePaolo (1981)
and Goldstein et al. (1984) indicates the wide use-
fulness of these mantle models, which therefore pro-
vide an important basis for the comparison of different
magma suites, even if the absolute values of the model
ages are slightly in error. Hence it is desirable that
the TDM and TCR notations should be restricted to the
models of DePaolo (1981) and Goldstein et al. (1984),
while other acronyms can be used to denote different
models.

4.3 Model ages and crustal processes

As outlined above, one of the principal uses of the Sm–
Nd model age method is to determine what are often
called ‘crustal-formation’ or ‘crustal-extraction’ ages.
However, the model age method is most often applied
when a long or complicated geological history pre-
cludes a more direct method of determining crustal age.
One of the strengths of the Sm–Nd model age method,
as applied to whole-rock systems, is that it provides the
opportunity to see back through erosion, sedimenta-
tion, high-grade metamorphism and even crustal melt-
ing events, which usually re-set other dating methods.
However, these processes may cause complications in
the interpretation of model ages. Hence, it is important
to examine Sm–Nd systematics in well-constrained ex-
amples in order to estimate the reliability of model ages
in more complex environments.

4.3.1 Sedimentary systems

The behaviour of the Sm–Nd system during erosion
can be examined by comparing the calculated model
ages of river-borne particulates with the average ge-
ological age of sediment sources in the watershed.
Goldstein and Jacobsen (1988) performed such a study
on particulates in American rivers. They found that
rivers draining primary igneous rocks carried sediment
that accurately reflected the crustal-residence age of the
source (Fig. 4.21). Rivers draining sedimentary wa-
tersheds were not properly testable, since the crustal-
residence age of their sources had not been quantified
adequately.

The behaviour of the Sm–Nd system during sed-
imentation can be further tested by comparing Nd
model ages of different size-fractions of sediment. In
an early study on bottom sediment from the Amazon
River, Goldstein et al. (1984) found that different
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Fig. 4.21. Plot of Nd model ages for river particulates
against the area-weighted average crustal residence
age of rocks within the watershed. Data are shown for
igneous–metamorphic drainage basins only. After Gold-
stein and Jacobsen (1988).

size-fractions yield only a small range of crustal-
residence ages (1.54–1.64 Byr), despite having a large
range of total Nd contents (17–47 ppm). Similar agree-
ments in model age were found by Awwiller and Mack
(1991) on mud- and sand-grade sediments from the Rio
Grande and Mississippi rivers. However, the bottom
sediments of large rivers may be atypical in displaying
good chemical homogeneity.

In order to see whether a similar degree of homo-
geneity is displayed by deep-sea turbidites, McLennan
et al. (1989) compared model ages on sand and mud
pairs in turbidites from several different tectonic envi-
ronments (Fig. 4.22). Their findings were rather vari-
able; some pairs demonstrating good agreement in
model age, whereas others gave poor agreement. These
variations probably reflect the petrological make-up
of the sediment. Both a mature passive margin sedi-
ment with less than 5% lithic volcanic fragments and
a very immature back-arc sediment with about 90%
lithic volcanic fragments displayed good agreement
of model age between sand and mud fractions (square
symbols). These uniform types of sediment may there-
fore yield useful constraints on model age. In contrast,
sediments with intermediate fractions of volcaniclas-
tic material gave inconsistent model ages (◆ and ◦
in Fig. 4.22). The latter type was prevalent in conti-
nental arcs, and can be attributed to variable mixing
between old continental detritus and young volcanic
detritus with different grain sizes. Continental arcs

Fig. 4.22. Plot of depleted-mantle model ages in mud
versus sand-grade fractions from deep-sea turbidites in
different tectonic environments. After McLennan et al.
(1989).

therefore tend to generate widely scattered model age
data.

Nelson and DePaolo (1988) tested the effects of
mixed sediment provenance on Sm–Nd systematics in
two small basinal systems. In both cases, the different
sediment sources were petrographically and geochem-
ically well characterised. In order to quantify the mix-
ing process, Nelson and DePaolo plotted ε Nd against a
petrographic index (percentage of lithic volcanic frag-
ments). The good correlation observed between the
end-members and various mixtures (Fig. 4.23) attests
to the ‘immobile’ behaviour of Nd during erosion and
sedimentation. This does not avoid the problem of
mixed provenance, but it shows that coupled isotopic
and petrological analysis of a suite of samples can be
used to detect and quantify the mixing process.

It should not be inferred from these results that the
Sm–Nd system is completely immune to disturbance
during erosion and sedimentation. Any situation in
which chemical weathering is involved can potentially
mobilise the REE, and, if this mobilisation occurs a
very long time after crustal formation, it can have a
significant effect on model ages (e.g. Öhlander et al.,
2000). This means that Nd model ages should always
be based on the sampling of fresh, unweathered ma-
terial. However, the above results show that in the
absence of chemical weathering, Sm–Nd analysis of
sedimentary rocks can often give accurate provenance
information.
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Fig. 4.23. Plot of ε Nd against modal percentage of lithic
volcanic fragments, to show the petrographic depen-
dence of the Sm–Nd system in sedimentary basins with
mixed provenance. (�) = Hagar basin; (�) = Espanola
basin. After Nelson and DePaolo (1988).

4.3.2 Meta-sedimentary systems

Many studies have been undertaken to assess the mo-
bility of REE, and specifically Sm–Nd, under vari-
ous diagenetic and metamorphic conditions. Paradox-
ically, the evidence suggests that the REE may be
more mobile during diagenesis and low-grade meta-
morphism than during high-grade metamorphism and
partial melting. This may be because of a paucity of
mineral phases growing under low-grade metamorphic
conditions into which REE are strongly partitioned.
In contrast, there are several igneous and high-grade
metamorphic minerals into which REE are strongly
partitioned.

Stille and Clauer (1986) and Bros et al. (1992) dem-
onstrated that, in carbonaceous (black) shales, Sm–Nd
systematics in the microscopic clay-mineral fraction
can be re-set by diagenesis. They showed that, in some
cases, sub-micrometre-sized particles could yield Sm–
Nd isochrons, which they interpreted as dating diage-
nesis. The accuracy of such ages remains to be proven,
given the evidence that Rb–Sr dating of clay minerals
can be upset by detrital inheritance (section 3.5.1).

Diagenetic mobilisation of REE on a mineralogical
scale does not necessarily imply the existence of open
Sm–Nd systems on a whole-rock scale. A suggestion
that such a scenario could occur was made by Awwiller
and Mack (1991) on the basis of Sm–Nd analysis of

borehole samples from Texas. Weak positive corre-
lations were observed between depth in the borehole
and depleted-mantle model age, which these authors
attributed to diagenetic loss of radiogenic Nd, as well
as minor increases of Sm/Nd ratio with depth. How-
ever, the study was based on very small ‘whole-rock’
samples (weighing less than 10 g), and variations in
sediment provenance could not be ruled out, so the
evidence was equivocal.

Additional evidence for diagenetic disturbance of
Sm–Nd systems was obtained by Bock et al. (1994),
from sampling of turbiditic sandstones and shales from
eastern New York State, which had been deposited dur-
ing the Taconic orogeny (about 470 Myr ago). Nd iso-
tope analysis was undertaken to determine sediment
provenance, but the model age results displayed more
scatter than could be explained by variations in prove-
nance alone. This can be seen in Fig. 4.24, where two
shales gave impossibly old ages, while two other sam-
ples gave ages somewhat older than the remainder of
the suite. Furthermore, these four samples were found
to be moderately or severely depleted in light REE
relative to the other samples. Since Nd isotope evo-
lution lines converged at around 500 Myr, it was sug-
gested that the isotope system in some samples had
been disturbed, probably during early diagenesis. Un-
fortunately, the size of samples analysed in this work
was not reported.

The lack of sample information in the preceding
study was rectified in later work by Cullers et al.

Fig. 4.24. Nd isotope evolution diagram for Middle
Ordovician turbidites from eastern New York State,
showing an average provenance age of 1.8 Byr, to-
gether with disturbed samples with anomalously old
model ages: (——) = sandstone; (- - -) = shale. After Bock
et al. (1994).
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(1997) on Silurian pelitic schists from western Maine.
Whole-rock samples averaging more than 1 kg in size
were collected from pelitic units within lithologi-
cally variable formations consisting of finely interbed-
ded quartzite and pelitic schist. Most samples gave
very consistent depleted-mantle model ages of 1.8 ±
0.1 Byr, but a few samples from the Perry Mountain
Formation were found to give abnormally old ages of
2.5–5.3 Byr. The samples which yielded these old ages
were again found to be depleted in light REE, yield-
ing abnormally large 147Sm/144Nd ratios in the range
0.15–0.19. These disturbances were attributed to leach-
ing of light REE from shales during diagenesis, and
the lack of suitable minerals locally to take up the re-
leased REE. Based on comparison with an earlier study
of REE mobility in similar carbonaceous shales from
central Wales (Mildowski and Zalasiewicz, 1991), it
was suggested that the REE released from shale layers
may have been incorporated into phosphates that grew
in more arenaceous layers.

Collectively, these results show that caution must
be exercised when using Nd isotope data to determine
provenance ages for sediments, especially on carbona-
ceous shales. One way of dealing with this kind of
material is to use a ‘two-stage’ model age calculation
(e.g. Keto and Jacobsen, 1987). In this approach the
measured Sm/Nd ratio of the sample is used to make
an age correction to the estimated time of disturbance,
beyond which an average crustal Sm/Nd ratio is used to
estimate the provenance age. This approach may have
some validity, but there is no substitute for the analy-
sis of a large sample suite containing a variety of rock
types. It is then possible to detect and screen out sam-
ples that have been subjected to diagenetic disturbance,
allowing accurate provenance ages to be determined
for the formation as a whole.

4.3.3 Meta-igneous systems

Mafic and ultramafic rocks cannot be used to de-
termine accurate crustal-formation ages because they
have Sm/Nd evolution lines sub-parallel to the chon-
dritic evolution line. However, this property allows
the determination of precise initial Nd isotope ratios,
which have been widely used to determine the degree
of mantle depletion early in the Earth’s history (sec-
tion 4.4.3). Results of a study by Lahaye et al. (1995)
have important implications for this type of data, be-
cause they imply that the initial Nd isotope signa-
tures of many komatiites may have been disturbed by
subsequent alteration. Lahaye et al. compared calcu-
lated initial isotope compositions (ε Nd(t)) for whole-
rock samples and separated pyroxenes in five komati-

Fig. 4.25. Calculated initial Nd isotope ratios for whole-
rock samples of komatiites compared with separated
pyroxenes (dashed lines). Data are plotted against Yb
concentration. After Lahaye et al. (1995).

ite flows from the Abitibi and Barberton belts. Many
whole-rocks exhibited small (1–2 ε unit) deviations
from the pyroxenes, but a few exhibited much larger
deviations, up to +5 and −10 units (Fig. 4.25). In view
of this evidence, Nd isotope data on komatiites should
be based on a combination of whole-rock and min-
eral analyses in order to determine reliable initial Nd
isotope ratios.

In contrast to the evidence for disturbance of Sm–Nd
systems in meta-basic rocks, most granitoid rocks offer
much greater resistance to re-setting. For example,
Barovich and Patchett (1992) demonstrated that whole-
rock Sm–Nd systems in granitic rocks can remain
undisturbed even during severe metamorphic deforma-
tion. They studied a 60-m-wide Mesozoic ductile shear
zone cutting the Mid-Proterozoic Harquahala granite.
Samples of increasingly deformed granite were found
to yield a narrow range of TCHUR model ages around
1.58 Byr in two different traverses to within 1 m of
the thrust plane (Fig. 4.26). Closed-system behaviour
was preserved even in samples exhibiting widespread
sericitisation of plagioclase and significant epidote
growth. Only in ultra-mylonites less than 1 m from
the main thrust was a reduction in model age of up
to 150 Myr observed, possibly due to a high fluid flux
that caused calcite veining and intense alteration in the
immediate vicinity of the thrust.

The resistance of whole-rock Sm–Nd model ages
to significant re-setting, even during granulite-facies
metamorphism, is demonstrated by the Lewisian gran-
ulites from NW Scotland (Whitehouse, 1988). A ten-
point Sm–Nd isochron for tonalitic gneisses (section
4.1.3) yields an age of 2.60 Byr and an initial ratio
(ε(t)) of −2.4 relative to CHUR (Fig. 4.27a). This
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Fig. 4.26. Plot of TCHUR model ages for samples of the Harquahala granite (Arizona) as a function of distance
from the Harquahala thrust. Solid and open symbols indicate samples from two different traverses. Approximate
boundaries between deformation zones are shown. Data from Barovich and Patchett (1992).

Fig. 4.27. Nd isotope evolution diagrams for the
Lewisian complex of NW Scotland: (a) showing initial
ratios for layered mafic bodies and a suite of granulite-
facies tonalitic gneisses; and (b) showing Sm–Nd evolu-
tion lines for individual tonalitic gneisses. After White-
house (1988).

isochron is argued to date the metamorphic event.
However, the TDM model ages of these gneisses fall
in the range 2.84–3.04 Byr, with an average value of
2.93 Byr (Fig. 4.27b). These ages have been scattered

slightly by metamorphism, but still yield an average
value very close to the undisturbed isochron age of
the Drumbeg mafic complex (2.91 Byr). The effects
of metamorphism on Sm–Nd systematics in granitoid
rocks will be discussed further in section 4.4.4.

4.3.4 Partially melted systems

Nelson and DePaolo (1985) attempted to place upper
limits on the disturbance of model ages under con-
ditions of intra-crustal reworking by considering the
limiting case of crustal anatexis. From crustal-melting
models (Hanson, 1978), they estimated that the max-
imum amount of Sm/Nd fractionation likely to arise
by intra-crustal melting processes (�) was 20% of the
pre-existing fractionation between sample Sm/Nd and
CHUR Sm/Nd. This fractionation factor f was defined
by Nelson and DePaolo (1985):

fSm/Nd =
147Sm/144Ndsample

0.1967
− 1 [4.6]

Using this notation, the error in depleted-mantle model
age (TDM) introduced by an intra-crustal fractionation
event is given by

Err TDM = � fSm/Nd(TCF − Tm) [4.7]

where TCF is the true crustal-formation age and Tm is
the age of the partial-melting event. This error prop-
agation is illustrated schematically in Fig. 4.28. The
problem can be minimised by analysing samples with
melting ages fairly close (<300 Myr away?) to their
formation age.

Evidence that intra-crustal melting causes relatively
minor perturbations in model age has encouraged the
use of granitic plutons to determine crustal-formation
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Fig. 4.28. Schematic diagram of Nd isotope systematics,
to show possible errors in model age arising from Sm/Nd
fractionation during intra-crustal melting. After Nelson
and DePaolo, (1985).

ages on associated country-rocks (assuming that the
granites are the products of anatexis of those country-
rocks). The approach has the advantage of allowing
basement mapping of large areas with a minimal num-
ber of analyses, since each pluton can be expected to
have averaged the composition of a large volume of
crust. It was used to great effect by Nelson and DePaolo
(1985) to map out the crustal-extraction ages of huge
belts in the central USA. The method is appropriate for
this application because Phanerozoic cover obscures
most of the central US basement, which can be dated
only from drill cores or drill chips.

Weaknesses in this approach are revealed, how-
ever, when model age results do not correspond to
known events represented by igneous crystallisation
ages. The model ages of 2.2–2.3 Byr in the ‘Penokean’
and ‘Mojavia’ terranes proposed by Bennett and De
Paolo (1987), exemplify this problem. It is likely that
they represent Proterozoic mantle-derived magmas
that mixed with large quantities of re-melted Archean
crust to generate mixed model ages (Fig. 4.29), which
have no meaning as crustal-extraction ages (Arndt and
Goldstein, 1987).

It is concluded that model age mapping of gneiss
terranes is a powerful method to delimit the geo-
graphical extent of different crustal provinces, but that
geochronological confirmation of the resulting model
age provinces must be provided by other methods.
Typically, Nd model ages define the oldest apparent
age for a terrane, whereas a minimum age is defined
by U–Pb dating of cross-cutting plutons. The smaller
the difference between the average Nd model age and

Fig. 4.29. Schematic illustration of magma mixing as a
mechanism capable of generating mixed provenance
ages, which do not date any real geological event. After
Arndt and Goldstein (1987).

U–Pb igneous crystallisation ages, the tighter the con-
straints on the Nd model age as a true crustal-extraction
age.

4.4 The crustal-growth problem

The question of whether the crust has grown pro-
gressively over geological time, or maintained an
approximately constant volume, is one of the most
fundamental in geology but has proved hard to answer
conclusively. A review of the ‘crustal-growth’ model
by its most persistent critic (Armstrong, 1991) shows
that Nd isotope data provide critical tests for alterna-
tive models. Hence, three of the most important lines
of Nd isotope evidence will be examined here.

4.4.1 Crustal-accretion ages

The ability of the Sm–Nd method to ‘see back’ through
younger thermal events and measure the crustal-
formation ages of continental rocks makes the method
ideally suited to chart the present-day age distribution
of crustal basement. This yields an apparent profile of
continental growth through time which does not take
into account crustal recycling into the mantle. Nev-
ertheless, it is an appropriate starting point for this
subject.

Attempts to map the age structure of the continents
were begun using the Rb–Sr method (Hurley et al.,
1962), before the development of Sm–Nd analysis.
Hurley et al. compared Rb–Sr isochron ages with Sr
model ages calculated assuming a mantle 87Sr/86Sr ra-
tio of 0.708. On average the two values were corre-
lated, leading them to suppose that the isochron ages
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Fig. 4.30. Estimated areas of North American crustal basement attributable to different Rb–Sr age provinces:
(a) map showing provinces of different ages (in Byr); and (b) histogram of growth rate against time. After Hurley
et al. (1962).

dated the time of crustal extraction from a basic source.
This was a good approach, although we now know
that the Rb–Sr system is too easily re-set to yield reli-
able crustal-extraction ages for old terranes. (Also the
mantle-growth curve is less radiogenic than 0.708.)
Hurley et al. applied the method to the North Amer-
ican continent in order to calculate the approximate
areas of crustal basement attributable to provinces of
various ages (Fig. 4.30).

Hurley and Rand (1969) extended this approach to
include two-thirds of the land area of the world (exclud-
ing the USSR and China, for which data were not avail-
able). K–Ar data were used to extrapolate geographi-
cally from the more limited set of Rb–Sr data, bearing
in mind the tendency for the former to be re-set. Rb–Sr
model ages were calculated using an improved man-
tle 87Sr/86Sr growth curve, yielding values now some-
what older than apparent crystallisation ages. Hurley
and Rand’s data are presented on a plot of cumulative
crustal age distribution against time (Fig. 4.31). From
these data it appeared that crustal growth was accelerat-
ing somewhat with time. However, more recent studies
have yielded curves of different shapes.

A study of comparable sweep to that of Hurley et al.
(1962) was performed by Nelson and DePaolo (1985),
who used Nd model ages to map the age structure of the
basement of the USA. Nelson and DePaolo found Nd
model ages substantially older than igneous crystalli-
sation ages, leading to a greatly increased estimate of
the rate of Lower Proterozoic crustal growth in the mid-
continent. These data, together with recently published
ages on the Canadian Shield, led to a dramatic increase
in the estimated average age of the North American

Fig. 4.31. Estimated continental growth rates on a cu-
mulative basis. After Jacobsen (1988).

craton, compared with that of Hurley et al. (1962). This
picture was reinforced by Patchett and Arndt (1986),
who further amplified the estimated area of newly
accreted Lower Proterozoic (1.9-Byr-old) crustal
basement in North America. This has generated a
‘sigmoidal’ curve of crustal formation against time
(Fig. 4.31), which suggests that the greatest rates of
new crustal accretion occurred during the middle of
the Earth’s history.

As more detailed model age mapping is performed in
areas of old crustal basement, it is likely that further in-
creases in average crustal-extraction age will be found.
The Superior and Slave provinces of Canada provide
good examples of this. Hurley et al. (1962) mapped
the Superior craton as 2.7 Byr in age, a concept still
widely held today. However, U–Pb geochronology has
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shown the presence of large areas of 3-Byr-old crust
in the NW Superior province (reviewed by Thurston
et al., 1991). Similarly, the Slave province is largely
a 2.7-Byr craton, but a small belt of tonalitic gneisses
with Early Archean zircons yield TCHUR model ages of
up to 4.1 Byr (Bowring et al., 1989). Therefore, con-
tinued mapping of old cratons will probably fill the
dip in the Early–Mid-Archean segment of the sigmoid
(Fig. 4.31), yielding a linear or concave-downwards
curve of apparent crustal growth with time.

4.4.2 Sediment-provenance ages

In response to proponents of the ‘continental-growth’
model (e.g. Moorbath, 1976), Armstrong (1981) ar-
gued that the record of continental accretion docu-
mented by various methods (as above) did not prove
that the continental area had actually grown over
geological time. Armstrong argued that a model in
which the continental area was approximately the same
4.5 Byr ago as it is today could also generate apparent
continental growth with time, provided that the rate of
recycling of crust into the mantle (by sediment sub-
duction) was equal to the rate of new crustal formation
above subduction zones.

Undoubtedly, recycling of crust back into the mantle
does occur on a significant scale. Old crustal terranes
may be shortened by orogeny, then flattened again by
erosion and subduction of sediment. However, some
sediment should be expected to escape the recycling
process and provide a record of the old, recycled ter-
rane. Therefore, the search for evidence of constancy or
growth in the continental mass turned to the sedimen-
tary record. The ability of the Nd model age method
to ‘see back’ through erosion and sedimentation to an
original crustal-extraction event made it ideal for these
studies.

To study this problem, it is convenient to portray
sediment data on a diagram of Nd model age (crustal-
residence age) against the stratigraphic depositional
age of the sediment in question (Fig. 4.32). Sediments
eroded from juvenile mantle-derived sources will have
TCR = TSTRAT and lie on a ‘concordia’ line (Allègre
and Rousseau, 1984). In contrast, reworking of older
sediments without any input of juvenile material will
displace compositions to the right along horizontal vec-
tors. A compilation of data from several sources is
shown in Fig. 4.32, including clastic sediments (Hamil-
ton et al., 1983; O’Nions et al., 1983; Taylor et al.,
1983; Allègre and Rousseau, 1984) and particulates
from major river systems at the present day (Goldstein
et al., 1984).

Fig. 4.32. Model age versus stratigraphic age diagram,
showing a compilation of early-1980s data from several
clastic sediment studies. Crustal growth models A, B and
C are discussed in the text. After Goldstein et al. (1984).

Allègre and Rousseau (1984) compared the sedi-
ment data with various theoretical models for con-
tinental evolution involving different rates of conti-
nental growth through time (Fig. 4.32). A ‘big-bang’
model (A), whereby the whole continental mass was
extracted about 4 Byr ago or before, was ruled out.
Allègre and Rousseau argued that a model involving
uniform growth of the continents from 3.8 Byr ago to
the present (B) was a better fit to the data, but that the
best fit was produced by a curved line (C), representing
decreasing growth of the crust through time.

Unfortunately this diagram is not as conclusive as it
may appear, due to the great difficulty of determining a
global average sediment-provenance age at any given
time from the very variable provenance ages in indi-
vidual provinces. This makes the data very susceptible
to sampling bias. One source of such bias is preferen-
tial recycling of old sediments relative to erosion of
more juvenile cratonic material. This will exaggerate
the slowing down of continental growth with time, ap-
pearing to favour models of type C over those of type
B. Another source of bias is the neglect of young oro-
genic belts such as the accreted terranes of the Can-
adian Cordillera (Samson et al., 1989). The inclusion
of such data in Fig. 4.32 would favour linear evolution
models (type B), suggesting that crustal growth has not
slowed significantly in the Phanerozoic.

The interpretation of Fig. 4.32 is also heavily influ-
enced by assumptions about the degree of recycling
of sediment into the mantle. The so-called ‘big-bang’
model shown in Fig. 4.32 involves no recycling
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Fig. 4.33. Model age versus stratigraphic age diagram,
showing data of Dia et al. (1990) for clastic sedimen-
tary rocks from South Africa. The curve shows prov-
enance ages predicted by the crustal model of
Armstrong (1981). After Armstrong (1991).

of crustal material into the mantle. This does not
correspond to Armstrong’s model, which involves con-
stant recycling of old crust into the mantle and its re-
placement by an equal volume of juvenile crust. Arm-
strong (1991) claimed that his model gave rise to a
curve (shown in Fig. 4.33) that looks remarkably like
the steady-growth model in Fig. 4.32. It is clear, then,
that young sediments provide much too loose a con-
straint on crustal-growth models. Therefore, the argu-
ment must focus on the provenance ages of the oldest
surviving sediments.

Isua supracrustals from western Greenland, which
are the oldest clastic sediments analysed, yield iden-
tical stratigraphic and Nd model ages of 3750 Myr,
indicating that they did not incorporate a significant
amount of older reworked crust. However, the data of
Dia et al. (1990) from South Africa reveal surprisingly
old provenance ages for Mid-to-Late Archean sedi-
ments. On balance, the sediment data seem to favour
a crustal-growth model, but ultimately the argument
rests on a null hypothesis (no sediments with very
old provenance have yet been seen, therefore none ex-
ist). This is an inherently weak argument upon which
to base such an important conclusion. This weakness
comes from the need for representative sampling of old
crust using a sediment data set that is inherently very
noisy.

4.4.3 Archean depleted mantle

An alternative route to assessing the volume of crust
at a given time in the Earth’s history is to measure the

composition of the depleted reservoir which balances
the enriched crustal reservoir, namely the upper man-
tle (section 6.2.1). Because the upper mantle is stirred
by convection, we can expect to sample this reservoir
(in ancient volcanism) in a much more representative
fashion than the sampling of the enriched reservoir
by ancient sediments. Hence, the problem of crustal
growth may be soluble if we can determine the extent
of mantle depletion during the Earth’s early history.
If there was a large volume of continental crust in the
early Earth, there should be evidence for strong mantle
depletion.

In the mid 1980s, several studies revealed initial Nd
isotope data for Early and Mid-Archean rocks that
lay well above the chondritic evolution line, and in
some cases above the depleted-mantle evolution line
of Goldstein et al. (1984). Smith and Ludden (1989)
argued that some of the strongly positive ε Nd val-
ues calculated for early mafic rocks are in error due
to incorrect age assignments. The Kambalda exam-
ple has already been mentioned (section 4.1.2), and
doubtless there are problems with some of the other
data. However, they concluded that there are enough
depleted-mantle compositions in the Early Archean for
the phenomenon to be real.

Such evidence for very early depletion of the up-
per mantle presents a problem for the model in which
continental crust grew progressively over Earth his-
tory. On the other hand, Armstrong (1991) argued that
these data supported his model of no crustal growth.
In order to examine this claim, the data compilation
of Armstrong (1991) is shown in Fig. 4.34, together

Fig. 4.34. Initial ε Nd for terrestrial rocks, compiled by
Armstrong (1991), compared with his ‘big-bang’ MORB
evolution line. The solid curve is an alternative MORB
depletion line for a crustal growth model. Note that
this is not expected to agree with the dashed arc-source
model of DePaolo (1981).
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with an evolution line for the MORB source which
he claimed was a product of his 1981 model. However,
most of the available Nd data can be satisfied by a less-
extreme evolution line in Fig. 4.34 (solid line), which
is sub-parallel to DePaolo’s curve since 4 Byr ago.
The solid evolution line represents the composition of
the most depleted mantle sources, whereas DePaolo’s
line represents the source of arc magmatism, which is
generally less depleted.

The gradual depletion of the upper mantle which
is portrayed by the solid line in Fig. 4.34 can be rec-
onciled with a constant-crustal-volume model only if
the average composition of the crust changes over ge-
ological time. In principle this requirement is satis-
fied in a model whereby the Earth begins its evolution
with a thick basaltic (‘oceanic’) crust, which is gradu-
ally replaced by continental crust over geological time.
This involves a non-plate-tectonic model for Archean
crustal evolution (e.g. West, 1980). A similar model
was also supported by Galer and Goldstein (1991), who
proposed that a thick, long-lived alkali basalt crust was
built up in the Archean by small-degree melting of the
deep mantle. However, as evidence mounts for earlier
and earlier operation of plate-tectonic processes in the
Earth’s history (e.g. Williams et al., 1992), there seems
little reason to invoke a prolonged pre-plate-tectonic
era.

Chase and Patchett (1988) proposed that acceler-
ated early mantle depletion is in fact consistent with
plate-tectonic processes. They postulated that the stor-
age of subducted oceanic crust in the mantle, before
re-homogenisation with the depleted mantle (by con-
vection), would give rise to a hidden enriched reservoir
in the deep mantle to balance early depleted mantle.
According to this model, the amount of ‘stored’ sub-
ducted oceanic crust has grown over the Earth’s history,
although gradual cooling of the Earth prevents the sys-
tem from reaching a steady state by increasing the life-
time of subducted crust over geological time. Taking
the cooling process into account, a duration of several
hundred million years to establish Early Archean man-
tle depletion is consistent with evidence for a 1–2 Byr
present-day lifetime of subducted oceanic crust, as de-
duced from ocean-island basalts (section 6.3.1).

4.4.4 Early Archean crustal provinces

Evidence for open-system behaviour of Sm–Nd in ko-
matiites (section 4.3.3) casts doubt on some of the evi-
dence for strong mantle depletion during the Earth’s
early history. However, new evidence for early de-
pletion of the mantle was provided by Bennett et al.
(1993) and Bowring and Housh (1995). This was based

Fig. 4.35. Nd isotope evolution diagram showing initial
ε Nd values calculated at the various U–Pb ages of the
Acasta gneisses (●) compared with the initial ratio of a
3.3-Byr-old best-fit errorchron. The outer envelope of
Nd isotope growth curves is shown for reference. After
Moorbath et al. (1997).

on analysis of granitoid orthogneisses from western
Greenland and the Slave province of northern Canada.
Since these rock types are generally resistant to meta-
morphic Nd disturbance, the new evidence for Early
Archean depleted mantle appeared much stronger.
However, the new evidence was itself challenged by
Moorbath and Whitehouse (1996) and Moorbath et al.
(1997). Since this discussion has critical implications
for crust–mantle evolution, it will be examined in some
detail, beginning with the data from the Acasta gneisses
of the Slave province.

Bowring and Housh (1995) used SHRIMP U–Pb
ages to calculate Nd initial ratios for a variety of rock
types from Early Archean Acasta gneisses, aged 3.6–
4.0 Byr, yielding ε Nd values as high as +4 and as
low as −5 (Fig. 4.35). However, Moorbath and White-
house (1996) observed that most of the suite analysed
by Bowring and Housh lay on an ‘errorchron’ (section
2.6.3) with an age of about 3.3 Byr, which they at-
tributed to an intense metamorphic event that partially
homogenised whole-rock Sm–Nd systems at that time.
This result was later confirmed (Moorbath et al., 1997)
by the analysis of twenty new samples, yielding a com-
bined errorchron age of 3370 ± 60 Myr and an initial
ratio (ε Nd) of −5.6 (Fig. 4.35). Hence, they argued
that ε Nd values calculated at the U–Pb crystallisation
ages of 3.6–4.0 Byr were not accurate measures of the
magma source compositions at those times.

Bowring and Housh (1996) argued in reply that the
3.3 Byr errorchron age could itself be a mixing line
with no age significance. However, Moorbath et al.
(1997) showed that there was no correlation between
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Nd isotope ratios and Nd concentrations in the Acasta
gneisses, as would be expected from a mixing line.
Such a mixing line was seen in Archean lavas from
the Abitibi Belt of Ontario, which had been con-
taminated with crustal material (Fig. 4.7). Moorbath
et al. also argued that the relatively low MSWD value
for their own Acasta samples (8.8) could not be ex-
plained by a fortuitous combination of short segments
of 3.8-Byr isochrons, since this would yield a much
higher MSWD value of several hundred. From this
evidence, it appears that the 3.3-Byr-old errorchron
may date a real geological event (or series of events)
which caused homogenisation of Sm–Nd systems in
the Acasta gneisses. Since this event post-dates the old-
est zircon ages by up to 600 Myr, it is concluded that
reliable initial ε values for the mantle source cannot be
calculated.

Early Archean rocks from western Greenland rep-
resent the other principal source of evidence about the
composition of the Early Archean mantle. Evidence for
strongly depleted mantle sources was first found in the
Isua supracrustal sequence (e.g. Hamilton et al., 1983),
and was supported by analysis of Amitsoq gneisses,
and mafic enclaves in these gneisses named the Ak-
ilia suite (Bennett et al., 1993). The upper envelope of
these three suites defines an evolution line for highly
depleted mantle in the Early Archean (Fig. 4.36). This
led Bennett et al. to propose a model of two-stage evo-
lution in the early Earth, in which early intense mantle
depletion was followed by a period of mixing with
deeper less-depleted mantle, causing an inflection in
the depleted-mantle evolution line.

Fig. 4.36. Nd isotope evolution plot showing ε Nd values
of Bennett et al. (1993) at the ages determined by U–Pb
analysis: (●) = Amitsoq gneiss; (◦) = Akilia enclaves in
Amitsoq gneisses; shaded zone = Isua supracrustals. Di-
amonds indicate ages and initial ratios for three Sm–Nd
errorchrons of Moorbath et al. (1997).

However, Moorbath et al. (1997) showed that Akilia,
Amitsoq and Isua suites all yield Sm–Nd errorchrons
with ages significantly younger than SHRIMP U–Pb
zircon ages. This suggested to Moorbath et al. that the
Sm–Nd systems in many of these rocks had been re-set
in a manner similar to the Acasta gneisses. However,
this critique was itself the subject of a scientific discus-
sion (Bennett and Nutman, 1998; Kamber et al., 1998),
after which further debate was continued by Kamber
and Moorbath (1998), Whitehouse et al. (1999) and
Nutman et al. (2000). Since space here is limited, the
present author will give only a brief overview of the
debate.

The belt of Early Archean rocks in west Greenland
runs in a northeasterly direction parallel to Godhabs-
fjord, from Amitsoq on the coast, to Isua at the edge of
the inland ice field. On the basis of detailed SHRIMP
U–Pb analysis (see section 5.2.3 for the method), it now
appears that this belt (termed the Itsaq gneiss complex)
was created in two main events. Near Isua in the north,
most U–Pb ages cluster around 3.8 Byr, which appears
to be the date of the earliest crust-forming event in the
area (Nutman et al., 2000). However, near Amitsoq in
the south, most U–Pb ages cluster round 3.65 Byr, but
zircons sometimes have cores up to 3.8 Byr in age. Fur-
thermore, in the latter area, whole-rock Rb–Sr, Pb–Pb
and Sm–Nd errorchrons all give ages around 3.65 Byr
(Whitehouse et al. 1999). This suggests that most of the
crust in the south is 3.65 Byr old, but contains inher-
ited fragments of 3.8-Byr-old material. We can infer
from this that any fragments of 3.8-Byr-old rocks in
the south probably had their Nd isotope systems re-set
3.65 Byr ago, but the extent to which the rocks in the
north preserve an accurate 3.8-Byr-old initial ratio is
unclear.

The Amitsoq gneisses analysed by Bennett et al.
(1993) came from both ends and the middle of the
Itsaq gneiss complex. On the Sm–Nd isochron diagram
(Moorbath et al., 1997) these samples had much more
scatter than did 26 Amitsoq gneisses from the southern
end of the belt, which defined an errorchron age of
3640 ± 120 Myr (MSWD = 10) with an initial ε Nd
value of +0.9 ± 1.4 (Fig. 4.37). Unfortunately there
were not enough Nd isotope analyses from the nor-
thern area of the gneiss complex, where old U–Pb ages
predominate, to see whether this part of the complex
had consistently different Nd isotope signatures from
the southern part. Therefore, Moorbath et al. suggested
that the generally greater scatter in the suite analysed by
Bennett et al. was more likely to be due to later partial
metamorphic disturbance during Late Archean or Mid-
Proterozoic events. They were not able to prove that
re-setting had occurred, although Hf isotope analysis
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Fig. 4.37. Sm–Nd isochron diagram showing Amitsoq
gneisses of the Itsaq gneiss complex: (●) = southern suite
of gneisses, which define a 3640-Myr errorchron; (◦)
= more scattered data of Bennett et al. (1993). After
Moorbath et al. (1997).

Fig. 4.38. Sm–Nd isochron for Akilia enclaves in the
Amitsoq gneisses. The inset shows Nd isotope evolution
lines for four samples. The shaded box shows the range
of U–Pb ages. After Moorbath et al. (1997).

(section 9.2.3) suggested that this might be the case,
because the extremely positive ε Nd values determined
by Bennett et al. were not matched by similarly positive
ε Hf values.

When Moorbath et al. (1997) examined Nd data for
five samples of Akilia mafic enclaves analysed by Ben-
nett et al. (1993), they discovered a very strong linear
array with an age of 3675 ± 48 Myr and an initial ratio
of +2.6 ± 0.4 ε units (Fig. 4.38). The low MSWD of

2.1 for this regression makes it statistically an isochron,
but, since U–Pb ages for the gneissic host rocks range
from 3784 to 3872 Myr, Moorbath et al. interpreted
the age as an isotopic homogenisation event associ-
ated with the engulfing of the enclaves by the Amit-
soq magmas. Bennett and Nutman (1998) countered
that these samples came from too wide an area to be
attributed to metamorphic homogenisation, and in re-
sponse Kamber et al. (1998) re-interpreted the Sm–
Nd age for the enclaves as intrusive, and attributed
the older U–Pb ages in the host gneisses to inherited
zircons.

Unfortunately, these interpretations are also equivo-
cal, due to the small size of the sample suite. Four of the
five samples analysed are from the southern area of the
gneiss complex where the host gneisses are generally
of 3.65 Byr age. Hence, in this area, both the isotope-
homogenisation model of Moorbath et al. (1997) and
the young intrusive age proposed by Kamber et al.
(1998) can explain the 3675-Myr array. Only one en-
clave from the northern area was analysed, although
three duplicates were determined. This sample appears
to be more than 3.8 Byr old, but since it has the same
Nd isotope signature as the host rocks, it cannot be
proven that the sample has not been isotopically ho-
mogenised with the host rocks at some time. Hence,
this sample might provide evidence for very depleted
Early Archean mantle, but it is very risky to base such
a model on a single sample.

It is concluded from the above discussion that the
re-setting model of Moorbath et al. (1997) does not
apply to most of the western Greenland rocks, but nev-
ertheless, the extremely depleted ε Nd values proposed
by Bennett et al. (1993) remain unproven in the face of
the geologically complex evolution of these rocks and
in the face of Hf isotope evidence (section 9.2.3). A
more conclusive determination of Early Archean Nd
isotope signatures must depend on the analysis of a
larger number of samples from the northern part of the
Itsaq gneiss complex, where 3.8-Byr-old rocks seem
to dominate. This shows that geochemical deductions
are only as good as the geological sampling, even in
one of the world’s most inaccessible field localities.

4.5 Nd in the oceans

The abundance of Nd in seawater is about a million
times lower than that in rocks, at about three parts per
trillion (Goldberg et al., 1963; Piepgras et al., 1979).
This can be attributed to effective scavenging of rare
earths from seawater by particulate matter. In contrast,
ions such as sodium have similar abundances in rocks
and seawater. This led Goldberg et al. to propose that
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Nd has a very short residence time in seawater, possibly
less than 300 yr, and less than the turnover rate of water
in the oceans. As a result, we can expect Nd isotope
systematics in seawater to be quite different from those
of Sr (section 3.6.2), which has an ocean-residence
time of more than 2 Myr.

4.5.1 Modern seawater Nd

The very low Nd concentrations in seawater present
significant analytical difficulties. In contrast, man-
ganese nodules, which are believed to precipitate di-
rectly from seawater, have Nd contents up to hundreds
of ppm. Consequently the early studies of O’Nions
et al. (1978) and Piepgras et al. (1979) focussed prin-
cipally on this material. Significant Nd isotopic varia-
tions were found between Mn nodules from different
ocean basins (Fig. 4.39b) and attributed by Piepgras
et al. to real variations in the isotopic composition of
seawater.

Piepgras et al. justified their interpretation on the
grounds that Mn nodules from a wide geographical
area within each ocean mass had distinct but repro-
ducible Nd isotope compositions. This was confirmed
by the direct analysis of filtered ocean water samples
(Fig. 4.39a), which were shown to be consistent with
the isotopic composition of sea-floor nodules from the
same ocean basin. Direct Nd isotope analyses of four
water samples from the Pacific (totalling 10–20 litres
each) were presented by Piepgras et al. (1979), while
analyses of Atlantic ocean water were presented by
Piepgras and Wasserburg (1980).

Fig. 4.39. Histograms showing the ranges of ε Nd dis-
played by (a) seawater and (b) manganese nodules from
different ocean basins, relative to (c) major crustal reser-
voirs. After Piepgras and Wasserburg (1980).

Comparison of seawater isotope compositions with
possible source reservoirs (Fig. 4.39c) suggested that
Nd in Atlantic seawater is primarily continental in
origin. This is consistent with a greater discharge of
river water into the Atlantic. However, about 50% of
Nd in Pacific seawater appears to be derived from
basaltic crustal sources, either from erosion of mafic
rocks or from some form of exchange with ocean-floor
basalts. Second-order isotopic variations were also
seen within Atlantic Ocean water. Samples from depths
of at least 1 km in the Sargasso Sea have very con-
sistent ε Nd compositions averaging −13.5, whereas
shallower samples from depths of 300 and 50 m have
more radiogenic ε Nd values of −10.9 and −9.6 re-
spectively. This implies isotopic stratification of At-
lantic water masses, a conclusion consistent with long-
established oceanographic observations of the Atlantic
(Wust, 1924).

A more detailed Nd isotope study of the North
Atlantic Ocean was performed by Piepgras and
Wasserburg (1987) using water samples from five ver-
tical sections. Contoured ε Nd values (Fig. 4.40a) are
consistent with water masses recognised on the ba-
sis of salinity and temperature (Fig. 4.40b). Surface
water at mid-latitudes (SW) has ε Nd values consis-
tent with the dissolved-Nd budgets of major rivers
such as the Amazon and Mississippi (Piepgras and
Wasserburg, 1987; Goldstein and Jacobsen, 1987).
Outflow of water from the Mediterranean also has a
similar composition (Piepgras and Wasserburg, 1983).
In contrast, the major water body of the ocean, North
Atlantic Deep Water (NADW), has very uniform unra-
diogenic Nd (ε = −13.5). It is well known that this wa-
ter largely originates from Arctic Intermediate Water
(AIW), which has been shown by Stordal and Wasser-
burg (1986) to have ε Nd as low as −25 in Baffin Bay.
Therefore the ε Nd composition of NADW must result
from mixing of AIW and mid-latitude surface water.
Finally, as NADW flows southwards towards the equa-
tor, it becomes sandwiched between two tongues of
water with intermediate ε Nd, Antarctic Intermediate
Water (AAIW) and Antarctic Bottom Water (AABW)
(Fig. 4.40b).

Although the continental origin of Atlantic seawater
Nd is well established, the origin of the radiogenic Nd
in Pacific seawater is more problematical. The most ob-
vious source is hydrothermal alteration of ocean-floor
basalts. However, the low REE contents of hydrother-
mal vent fluids (Michard et al., 1983) rule out a simple
hydrothermal origin, as proposed for Sr and Pb (sec-
tions 3.6.2 and 5.6.2). It is possible that a diffuse alter-
ation flux from the whole ocean floor contributes some
radiogenic Nd. However, a more important source may
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Fig. 4.40. Schematic longitudinal sections through the Atlantic Ocean to show (a) contoured Nd isotope variations
in the North Atlantic and (b) oceanographically established water masses for the whole Atlantic (with sample
locations in (a) shown by dashed lines). After Piepgras and Wasserburg (1987).

be volcanic dust from circum-Pacific volcanoes (Al-
barède and Goldstein, 1992).

Wind-blown sediment has also been proposed as
a major source for the continental Nd signatures in
Atlantic Ocean water. This is supported by the re-
gionality of the seawater Nd signatures, which can
be tied in with prevailing wind directions. For exam-
ple, unradiogenic Nd in the eastern North Atlantic can
be traced to wind-blown particulates from the Sahara
desert (Chester et al., 1979). Similar effects occur in
the eastern North Pacific, which receives wind-blown
particulates from the deserts of the American southeast
(Albarède and Goldstein, 1992).

Dissolution of Nd from wind-blown dust can also
solve a ‘Nd paradox’ arising from conflicting oceanic
residence times of Nd based on elemental and isotopic
data. This paradox arises from the fact that Nd concen-
trations of deep ocean water increase from Atlantic to
Pacific, along a deep ocean current termed the ‘ocean
conveyor belt’ (section 14.1.7). This implies a long
residence time of Nd in seawater (possibly as high
as 10 kyr). However, the isotopic variation between
Atlantic and Pacific seawater Nd implies a short resi-
dence time, which must be less than the 1500 yr circu-
lation time of the ‘conveyor belt’. To resolve this para-
dox, Bertram and Elderfield (1993) proposed exchange

of Nd between the suspended and dissolved Nd bud-
gets in seawater.

This exchange process was revealed in more de-
tail by measuring oceanic depth profiles of particulate
and dissolved Nd off western Africa, within the range
of Saharan wind-borne particles (Tachikawa et al.,
1999). This work revealed a large flux of Nd to surface
ocean water, derived from dissolution of ‘lithogenic’
(i.e. clastic) particulates, largely of atmospheric origin.
This input flux is balanced by an equally large output
flux, comprising Nd which is adsorbed onto sinking
biogenic and authigenic particulates.

4.5.2 Ancient seawater Nd

Following the successful characterisation of the Nd
isotope budget of the modern oceans, Shaw and
Wasserburg (1985) evaluated various types of material
as indicators of the Nd isotope composition of paleo-
oceans. They found that carbonate and phosphate in
living organisms were very low in Nd (with concen-
trations in the part per billion range), but that fossil
carbonates and phosphates had concentrations in the
tens to hundreds of ppb and ppm respectively. Shaw
and Wasserburg attributed the elevated Nd contents of
fossil carbonates largely to diagenetic re-mobilisation
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of detrital Nd, but they attributed the high Nd contents
of ancient phosphates (conodonts, fish debris, lingulid
brachiopods and inorganic phosphorites) to scaven-
ging directly from seawater (after death). Several stud-
ies on this kind of material were performed during the
late 1980s, allowing a general understanding of the
evolution of seawater Nd through time.

Keto and Jacobsen (1988) collated conodont and
phosphorite data with analyses of fish teeth (Staudi-
gel et al., 1985), ferromanganese coatings on forams
(Palmer and Elderfield, 1986) and conodonts and lin-
gulids (Keto and Jacobsen, 1987; Keto and Jacobsen,
1988) to construct a paleo-seawater Nd curve for the
Phanerozoic. Because the Pacific Ocean dominates the
world ocean system (as did its predecessor, the Pan-
thalassan Ocean) this was used to determine a global
average evolution curve (Fig. 4.41a). This curve was
then extended into the Precambrian (Fig. 4.41b) by the
analysis of Archean and Proterozoic banded iron for-

Fig. 4.41. Proposed global seawater evolution curves.
(a) For the Phanerozoic, based on phosphate samples
from the Pacific–Panthalassan Ocean. (b) For the Pre-
cambrian, based on banded iron formations. After Keto
and Jacobsen (1988) and Jacobsen and Pimentel-Klose
(1988).

mations (BIF), which were argued to sample the Nd
isotope composition of the Precambrian oceans (Ja-
cobsen and Pimentel-Klose, 1988). Despite the lack
of reliable paleogeographical information for this pe-
riod of the Earth’s history, it may be justifiable to as-
sume world-wide homogenisation of Nd in seawater on
the grounds that a smaller continental mass during the
Precambrian presented less impediment to circulatory
mixing of the oceans.

The Precambrian curve based on BIF data suggests
that unlike the Phanerozoic, when continental run-off
was the dominant influence, Archean seawater Nd was
controlled by the weathering of matic mantle-derived
rocks. This is consistent with the presumed smaller
continental mass at this time. The Proterozoic is then a
period of transition from the mantle-dominated regime
of the Archean to the crust-dominated regime of the
Phanerozoic.

4.5.3 Tertiary seawater Nd

Although these results were important in understand-
ing the ancient oceans, the most powerful applications
of Nd isotope analysis to oceanography have resulted
from more detailed studies of seawater evolution dur-
ing the Tertiary epoch, paralleling the detailed study of
seawater Sr for this period (section 3.6.1). These stud-
ies have been revolutionised by the ability to measure
continuous secular variations of Nd isotope composi-
tion from ferromanganese crusts.

Ferromanganese crusts grow on any exposed surface
in the deep ocean at a rate of about 1–3 mm/Myr. Be-
cause of this very slow rate of growth they are easily
swamped by sedimentation; but on elevated areas, such
as seamounts and volcanic plateaux, ferromanganese
crusts can grow unimpeded for more than 20 Myr (Ling
et al., 1997). Furthermore, crusts growing on these fea-
tures can sample the isotopic composition at differ-
ent water depths, from as shallow as 850 m to abyssal
depths of 5000 m (Reynolds et al., 1999). In order to
use ferromangenese crusts as an inventory of past sea-
water Nd signatures, it is necessary to measure the
growth rates of crusts accurately. Consequently, this
has been the focus of considerable research.

The most precise measurements of the growth rates
of ferromangenese crusts are obtained from U-series
isotopes (section 12.3.2). Because internal checks can
be made using different U-series methods, these are
also the most accurate data. However, these methods
cannot reach beyond 400 kyr, whereas many crusts
have grown for more than 20 Myr. An alternative ap-
proach attempted in early work on crusts was to use Sr
isotope stratigraphy (section 3.6.1). This method was
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investigated by Ingram et al. (1990) and VonderHaar
et al. (1995), and appeared to give reasonable growth
rates on one or two Atlantic samples (e.g. Burton et al.,
1997). However, more detailed studies (e.g. Ling et al.,
1997; O’Nions et al., 1998) revealed inconsistencies
with other dating techniques, so the method has now
largely been abandoned.

An alternative dating technique with a range of
10 Myr involves the cosmogenic isotope 10Be (sec-
tion 14.3.4). This method has proved quite reliable,
especially when 10Be abundances are normalised with
respect to 9Be (e.g. Ling et al., 1997). Beyond 10 Myr,
the only method that has been proved reliable is cobalt
dating. This is based on the assumption that ferro-
mangenese crusts receive a constant input of cobalt
with time, so that lower cobalt concentrations im-
ply a faster growth rate, and vice-versa. Frank et al.
(1999a) showed that growth rates of three long-lived
crusts, based on cobalt abundances, were consistent
with growth rates extrapolated from the 10Be/9Be
chronometer.

One of the most interesting observations from these
studies, which were based initially on the analysis
of one crust from the North Atlantic (Burton et al.,
1997) and one from the Central Pacific (Ling et al.,
1997), was the existence of a sharp change in Nd iso-
tope composition in both ocean masses about 4 Myr
ago (Fig. 4.42). This period had previously been iden-
tified from oxygen isotope evidence as one of in-
creased salinity in the Caribbean, due to closure of
the ‘Panama Gateway’ that had once linked the Pacific
Ocean to the Caribbean. Hence, Burton et al. (1997)
attributed inflections in the Nd isotope profiles about
4 Myr ago to changes in the global ocean-circulation
pattern (section 14.1.7) prompted by the closure of the
Gateway.

Unfortunately, the Atlantic data in Fig. 4.42 were
dated by the seawater Sr method, which was subse-
quently shown to give ages about double the true value.
However, close examination of the data for the Atlantic
ocean shows that there are actually two inflections in
the curve, and that the 4-Myr timeline passes half-way
between them. Therefore, after recalibration of the pro-
file to cosmogenic Be ages, the inflections moved to
about 4 and 8 Myr ago, respectively, consistent with
more recent measurements by Burton et al. (1999) and
Frank et al. (1999b).

The new data (Fig. 4.43) continue to support the idea
that there was a change in Atlantic Oceanic Nd signa-
tures about 4 Myr ago, possibly due to the closure of the
Panama Gateway. However, Reynolds et al. suggested
that this closure may have been progressive, reflecting a
gradual shallowing of the Gateway starting 8 Myr ago,

Fig. 4.42. Preliminary Nd isotope data for Fe–Mn crusts
from the Pacific and Atlantic oceans, showing possible
inflection points in seawater evolution, relative to the
estimated time of closure of the Panama gateway. After
Burton et al. (1997).

which was finally completed 4 Myr ago. In addition,
some other Atlantic ferromanganese crusts analysed
by Reynolds et al. (1999) exhibited inflections at dif-
ferent times. Therefore, closure of the Gateway was
probably not the only factor which led to changes in
ocean circulation patterns over the past 10 Myr (Frank,
2002). Pb isotope ratios were also analysed in the
same samples, but since Pb was significantly decou-
pled from Nd, the data will be discussed separately
(section 5.6.2).

4.5.4 Quaternary seawater Nd

The slow growth rates of ferromanganese crusts pre-
clude their use to study short-term changes in seawater
Nd signatures, such as might be found during Quater-
nary glacial cycles. Therefore, other types of material,
capable of reliably recording short-term variations,
were sought. Forams present an attractive prospect
because they are widely distributed, their rapid rates
of sedimentation can yield high-resolution profiles,
and they are already linked to glacial cycles by sta-
ble isotope measurements. A problem is that forams
become coated after accumulation on the seafloor with
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Fig. 4.43. Comparison of several Fe–Mn profiles for the
Pacific and Atlantic oceans, relative to the time of clo-
sure of the Panama gateway. After Frank et al. (1999b).

ferromanganese deposits whose Nd concentrations are
much higher than those in the forams themselves. How-
ever, Vance and Burton (1999) showed that, after re-
moval of these coatings by leaching with a strong re-
ducing agent, the original Nd isotope compositions of
forams could successfully be recovered.

Burton and Vance (2000) applied this method to the
analysis of forams in a 3-m-long core from the northern
Indian Ocean, covering the past 150 kyr. Several tests
were done to check that the measured Nd isotope ratios
were original rather than secondary. These included
analysis of Mn/Ca ratios as a monitor of the effective-
ness of the cleaning procedure, comparisons between
two different fossil foram species, and comparisons
of Nd content and isotope ratio with modern Indian
Ocean forams. All these tests gave confidence that the
method was recovering original seawater Nd signa-
tures. When the resulting down-hole record of Nd iso-
tope composition was examined (Fig. 4.44), an almost

Fig. 4.44. Plots of (a) Nd isotope ratio and (b) oxygen iso-
tope ratio (per mil relative to PDB) in planktonic forams
from a drill core in the northern Indian Ocean. After
Burton and Vance (2000).

perfect mirror image of the oxygen isotope record was
seen for the last glacial cycle. This suggests strongly
that the Nd isotope record reflects climatic processes
associated with the glacial cycle. Burton and Vance at-
tributed the isotopic fluctuations to a balance between
the supply of radiogenic Nd from the main body of the
Indian Ocean and the supply of unradiogenic Nd from
Himalayan erosion. Hence, if the monsoon was attenu-
ated during the last glacial maximum, the result would
be the more radiogenic Indian Ocean Nd signatures
seen in Fig. 4.44.

A somewhat surprising observation made by Burton
and Vance (2000) was that uncleaned forams with fer-
romanganese coatings had the same isotopic signatures
as cleaned forams, and that even bulk sediment sam-
ples gave a profile that was parallel to that for the
cleaned samples, but offset 1–2 ε units above it. This
suggests that even dispersed ferromanganese oxides
in sediment cores may be a viable record of past sea-
water Nd signatures. On the basis of this assumption,
Rutberg et al. (2000) extracted Nd from bulk core sed-
iments by leaching with a strong reducing agent. By
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Fig. 4.45. Plot of Nd isotope data for leached ferroman-
ganese phases from a drill core in the Southern Ocean
(●), compared with carbon isotope variations in benthic
forams from the same core (solid line). After Rutberg
et al. (2000).

this means they examined an 80-kyr record of seawa-
ter Nd in a sediment core from the southeast Atlantic
Ocean, in the Cape Basin off South Africa. This is a
critical location for understanding the behaviour of the
ocean system because many tracer studies have shown
that North Atlantic Deep Water (NADW) is mixed with
Antarctic Bottom Water in the southern ocean to form
Circum-Polar Water, which is then exported to the Pa-
cific. This forms the so-called ‘ocean conveyor belt’
(section 14.1.7).

From radiocarbon evidence (section 14.1.7) it is ex-
pected that the ocean conveyor belt was ‘turned off’ or
reduced during the last glacial maximum (about 20 kyr
ago). However, this model was challenged by evidence
from U-series isotopes (section 12.3.6), which implied
that the conveyor continued unabated during the glacial
maximum. Nevertheless, U-series tracers are suscep-
tible to disturbance by changes in biological produc-
tion, whereas the Nd isotope system is less susceptible
to this kind of disturbance. Therefore, Nd isotope data
may help to resolve this conflict.

The study of Rutberg et al. (2000) provides prelim-
inary data to address this problem, provided that the
observed isotopic variations are original rather than di-
agenetic. Evidence in support of their validity as origi-
nal seawater compositions came from the preservation
of typical seawater Sr isotope signatures in the anal-
ysed leachates, despite the presence of radiogenic Sr
in coexisting detrital phases. Given this assumption,
variations in Nd isotope ratio can be attributed to vari-
ations in the supply of NADW to the southern ocean.
The fact that these variations are in step with climat-
ically controlled carbon isotope variations (Fig. 4.45)
provides evidence to support the hypothesis that there

have been changes in the strength of the conveyer belt
between glacial and interglacial periods.
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5 Lead isotopes

Of the four stable isotopes of lead, only 204Pb is non-
radiogenic. The other lead isotopes are the final decay
products of three complex decay chains from uranium
(U) and thorium (Th). However, the intermediate mem-
bers of each series are relatively short-lived, so they
can usually be ignored when geological timescales of
millions of years are involved. Table 5.1 shows the ul-
timate parent–daughter pairs, of which the parent of
highest atomic weight (238U) decays to the daughter
of lowest atomic weight (206Pb) and vice-versa. It will
be noted that the half-life of 238U is comparable to the
age of the Earth, whereas that for 235U is much shorter,
so that almost all primordial 235U in the Earth has now
decayed to 207Pb. The half-life of 232Th is comparable
to the age of the universe.

If we consider a system of age t (e.g. a granite
intrusion that crystallised from a magma), then, for
the nuclides involved in each decay scheme, we can
write an equation derived from the general equation
[1.10]:

206PbP = 206PbI + 238U(eλ238t − 1) [5.1]
207PbP = 207PbI + 235U(eλ235t − 1) [5.2]
208PbP = 208PbI + 232Th(eλ232t − 1) [5.3]

where P indicates the abundance of a given nuclide at
the present and I indicates the initial abundance of that
nuclide. It is convenient to divide throughout by 204Pb
to obtain equations containing isotope ratios rather than
absolute nuclide abundances. 204Pb is chosen because

Table 5.1. Ultimate parent–daughter pairs of uranium and
thorium

Decay route t1/2, Byr Decay constant λ, yr−1

238U → 206Pb 4.47 1.55125 × 10−10

235U → 207Pb 0.704 9.8485 × 10−10

232Th → 208Pb 14.01 0.49475 × 10−10

Data from Jaffey et al. (1971).

it is the only non-radiogenic isotope. Hence, for the
two uranium decay schemes, we obtain( 206Pb

204Pb

)
P

=
( 206Pb

204Pb

)
I

+
238U
204Pb

(eλ238t − 1) [5.4]

( 207Pb
204Pb

)
P

=
( 207Pb

204Pb

)
I

+
235U
204Pb

(eλ235t − 1) [5.5]

5.1 U–Pb isochrons

In principle, the decay equations [5.4] and [5.5] can
be used to construct isochron diagrams and hence to
date rocks in a manner analogous to the Rb–Sr system
(section 3.2.2). U–Pb isochrons are subject to assump-
tions similar to those for Rb–Sr, the most critical of
which is that the samples remained closed to U and Pb
during the lifetime of the system being dated. Unfortu-
nately, the U–Pb system rarely stays closed in silicate
rocks, due to the mobility of Pb, and especially U, under
conditions of low-grade metamorphism and superficial
weathering. For example, in a case study on the Granite
Mountains batholith, Wyoming (Fig. 5.1) whole-rock
samples suffered disastrous uranium losses, displacing
the data points far from a reference line defined by the
intrusive age.

The mobility of uranium greatly limits the appli-
cation of simple U–Pb isochron dating. However,
the unique properties of the U–Pb system, involving
two separate decay schemes with common parent and
daughter nuclides, mean that age information can be
obtained even from disturbed systems. Three dating
techniques exploit this situation, namely the U–Pb
‘zircon’ method, the common Pb–Pb method, and the
galena model age method. These methods will be dis-
cussed in the subsequent sections. Nevertheless, there
are a few systems to which conventional U–Pb isochron
dating has successfully been applied. These include
dating sediment deposition by means of marine car-
bonate and dating prograde metamorphism by means



102 Lead isotopes

Fig. 5.1. U–Pb isochron diagram for the Granite Moun-
tains batholith, showing displacement of whole-rock
data points far to the left of the 2.82-Byr reference line,
due to disastrous losses of uranium. After Rosholt and
Bartel (1969).

of garnet porphyroblasts. The first of these examples
will be examined here. U–Pb dating of garnets will be
discussed in section 5.2.7.

5.1.1 U–Pb dating of carbonates

One area where U–Pb isochron dating has been ap-
plied with moderate success is the direct dating of ma-
rine carbonates, which have proven very difficult to
date by other radiometric methods. Uranium has a sea-
water residence time four orders of magnitude longer
than that for Pb, leading to a very high 238U/204Pb ratio
(µ value) of about 75 000 (Jahn and Cuvellier, 1994).
Because U is also thought to have a higher carbon-
ate/seawater partition coefficient than Pb, the µ value
of marine carbonates could be even higher. An upper
limit of 230 000 was suggested by Jahn and Cuvel-
lier, corresponding to a U content of 1–3 ppm and Pb
content of about 1 ppb (part per billion). The high-
est µ value observed in an ancient biogenic calcite is
50 000 (Smith et al., 1991). However, most ancient
carbonates have values far lower than this, which are
therefore attributed to open-system behaviour during
post-depositional diagenesis and secondary alteration.

Fig. 5.2. U–Pb isochron diagram for Devonian corals
from SW Ontario, Canada: (●, ◦) = Heliophyllum; (▲,
�) = Cystiphylloides. Open symbols were omitted from
the regression. After Smith and Farquhar (1989).

An example of U–Pb dating of typical marine car-
bonates is the study of Smith and Farquhar (1989) on
Devonian rugose (Heliophyllum) corals from Ontario.
Several coral samples, together with authigenic pyrite
from one specimen, formed a reasonably good linear
array on a 238U−206Pb isochron diagram (Fig. 5.2).
In this figure the solid points form an errorchron
(MSWD = 4.7), but the age of 376 ± 10 Myr (2σ )
compares well with a stratigraphic age of about 375–
385 Myr. However, this result was only achieved by
omitting data for one Heliophyllum coral and three out
of four Cystiphylloides corals, which lie well off the
regression line. This scatter was probably caused by
open-system behaviour during recrystallisation, since
the Cystiphylloides corals have a more porous struc-
ture which would facilitate movement of fluids. In
subsequent work the diagenetic calcite overgrowths
were studied, but reliable ages were difficult to de-
termine, due to the effects of multiple growth stages
(Smith et al., 1991). Hence it is concluded that only
primary depositional carbonates yield reliable age
information.

Jones et al. (1995) showed that some samples from
the Capitan Limestone of New Mexico had µ val-
ues over 3000, which appear to correspond to a pri-
mary depositional feature. The sample suite came
from a Permian reef complex and consisted of mas-
sive abiotic botryoids (about 1 cm in size), made
of acicular aragonite recrystallised to low-Mg cal-
cite. However, micro-sampling for oxygen and car-
bon isotope analysis suggested that relatively pristine



5.2 U–Pb (zircon) dating 103

Fig. 5.3. Plot of radiogenic 206Pb*/238U ages against
U/Pb ratio for the Capitan Limestone, New Mexico. Tex-
turally well-preserved carbonates with high U/Pb ratios
(●) yield ages consistent with the known age of deposi-
tion. However, other samples are badly scattered. After
Jones et al. (1995).

and diagenetically disturbed domains were intimately
interfingered. Samples preserving possibly primary µ

values had high U (3 ppm), high Sr (3000 ppm) and low
Mn contents (<10 ppm). The high µ values allowed
the calculation of radiogenic 206Pb*/238U ages, as in
equation [5.8], after correction for a small common-
Pb component. Using this method, six samples gave
an average age of 250 ± 3 Myr, which is consistent
with the age of deposition (Fig. 5.3). However, many
other samples gave scattered ages, including some with
µ values above 2000, within the same range as the
‘undisturbed’ samples. Since there is no a priori way
of recognising the disturbed samples, the method can-
not be considered reliable.

Another kind of carbonate material that has been
proposed for dating stratigraphic sections is paleo-
sol calcite (Rasbury et al. 1997). This type of cal-
cite grows on the sediment surface when marine se-
quences are subjected to sub-aerial exposure, forming
a soil horizon. Under these conditions sparry calcite
grows as a cement, and has a brown colour which is
caused by organic material. This brown calcite can
develop high U/Pb ratios (about 1000) that are suit-
able for U–Pb isochron dating. Rasbury et al. anal-
ysed seven calcite samples from a horizon of this type
near the Carboniferous–Permian boundary in Texas.
These samples define a U–Pb isochron with an age of
298 ± 1.5 Myr (2σ , MSWD = 1.5), which is in good
agreement with the estimated stratigraphic age of 295
± 5 Myr. Hence, this method has potential to be a use-
ful stratigraphic calibration tool.

5.2 U–Pb (zircon) dating

If we had a mineral that strongly incorporated uranium
at the time of formation but did not incorporate lead,
equation [5.1] above could be simplified by removal
of the initial 206Pb term to yield

206Pb∗ = 238U(eλ238t − 1) [5.6]

where Pb∗ represents radiogenic lead only. Taking 238U
to the other side yields the equation

206Pb∗
238U

= (eλ238t − 1) [5.7]

A similar equation can be derived from [5.2] above:

207Pb∗
235U

= (eλ235t − 1) [5.8]

Minerals that have remained closed systems for U and
Pb give concordant values of t when their isotopic com-
positions are inserted into the left-hand sides of [5.7]
and [5.8]. When compositions yielding such concor-
dant ages are plotted graphically (Fig. 5.4) they define
a curve that was termed the concordia by Wetherill
(1956a). The concordia curve can be drawn by substi-
tuting decay constants and successive values of t into
the right-hand sides of [5.7] and [5.8], and plotting the
results for each value of t .

Uraninite and monazite were the first minerals used
in U–Pb geochronology, in view of their tendency to
incorporate large concentrations of uranium but very
little initial (non-radiogenic) lead. However, their lim-
ited distribution restricts their usefulness. On the other

Fig. 5.4. U–Pb concordia diagram showing the concor-
dia line calibrated in Myr, and a discordia line generated
by variable Pb loss from 2700-Myr-old U-rich minerals of
Zimbabwe (Rhodesia). After Wetherill (1956a).
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hand, zircon is a U-rich mineral with a much wider
distribution, being present in most intermediate-to-
acid rocks. This has therefore become the principal
material used in U–Pb dating. A short review of alter-
native dating materials is given in section 5.2.7.

Corrections for the small fractions of initial (‘com-
mon’) Pb which are incorporated by zircons are made
by measuring the amount of (initial) 204Pb in the min-
eral and then using the 206Pb/204Pb and 207Pb/204Pb
ratios of the whole-rock to estimate the initial amounts
of 206Pb and 207Pb incorporated into the zircon. These
amounts are subtracted from the present-day 206Pb and
207Pb to yield the radiogenic fractions. For zircons with
very low common-Pb contents, an adequate correc-
tion may be made by estimating common Pb from a
general terrestrial Pb evolution model (e.g. Stacey and
Kramers, 1975; section 5.4.3), rather then by direct
analysis of the whole-rock sample.

5.2.1 Lead-loss models

Early dating work on U-rich minerals soon revealed
that most samples yield discordant 206Pb/238U and
207Pb/235U ages. This discordance was attributed to
loss of Pb by Holmes (1954). Since that time, much
research on U–Pb dating has been devoted to studying
the mechanism of lead loss, and to the determination of
accurate dates on samples that have suffered lead loss.

Ahrens (1955) found that monazite and urani-
nite from Zimbabwe (then called Southern Rhodesia)
yielded discordant U–Pb ages but nevertheless defined
a linear array on the concordia diagram (Fig. 5.4).
Such arrays were later termed discordia. Ahrens argued
against loss of lead from monazites occurring by leach-
ing, since he (erroneously?) claimed them not to be
metamict due to radiation damage. Instead, he thought
that lead loss occurred by some kind of continuous dif-
fusional process. This model was elaborated by Russell
and Ahrens (1957), who postulated that intermediate
members of the uranium decay series were ejected into
micro-fissures in the mineral lattice (pitchblende in this
case) by the ‘recoil energy from α-particle emission’.
These nuclides or their decay products could subse-
quently be removed by diffusion or leaching.

Wetherill (1956a) advanced an alternative interpre-
tation of the data, now called the episodic lead-loss
model. He agreed that the upper intersection of the
discordia with the concordia corresponds to the time
of formation of the minerals (t1). However, Wetherill
argued that the lower intersection of the discordia and
concordia (t2) also had age significance, represent-
ing the time of a thermal event that caused lead loss
from the minerals. For the ‘Rhodesian’ minerals these

Fig. 5.5. Hypothetical effects of episodic lead loss from
a 2500-Myr-old U-rich mineral, showing formation
of a discordia 500 Myr ago (A–B–C) and its rotation
(D–E–F) due to subsequent closed-system evolution (see
the text for discussion).

episodes are dated at 2700 and 500 Myr ago, respec-
tively. He supported his model by citing Rb–Sr and
K–Ar ages of 500 Myr on lepidolite as evidence for a
thermal event at that time.

Wetherill (1956b) presented an algebraic proof that
the episodic lead-loss model could generate the graphi-
cally observed results. This can be visualized (Fig. 5.5)
by imagining that the data are plotted at the time of
lead loss (500 Myr ago). When lead loss occurs, the
data points move from the original composition (C)
towards the origin (e.g. forming composition B). Sub-
sequent Pb evolution simply rotates the lead-loss line
in proportion: A → D; B → E; C → F.

Tilton (1960) showed that U-rich minerals with sim-
ilar formation ages from Archean shield areas in five
continents all lay near a discordia line with a lower
intersection at about 600 Myr (Fig. 5.5). According to
the episodic lead-loss model this would imply a world-
wide metamorphic event at 600 Myr, but geological
evidence for such an event is lacking. Instead, Tilton
proposed that the minerals had undergone continuous
diffusional lead loss over geological time, yielding a
curve on Fig. 5.6 that for much of its length closely
resembles a straight line, only curving downwards to
an intersection at the origin for cases of strong recent
lead loss.

Goldrich and Mudrey (1972) developed this diffu-
sional lead-loss model by arguing that radiation dam-
age of a U-rich mineral was responsible for the forma-
tion of a micro-capillary network in the crystal, which
would become filled with fluid. Pb that diffused into
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Fig. 5.6. Concordia diagram for Archean U-rich min-
erals from five continents, showing the common discor-
dia lower intercept at about 500 Myr. The curved line
shows the expected effect of extreme diffusional loss
of lead. The dotted line shows extrapolation to an ap-
parent episodic lead-loss event. After Tilton (1960).

these fluids would be lost from the mineral when uplift
of basement rock caused the mineral to dilate and ex-
pel the capillary-filling fluids. Evidence in support of
this ‘dilatancy’ model was provided by the agreement
of various lower intersection ages from North Amer-
ica with times of basement uplift derived from paleo-
geographical evidence.

Further understanding of lead-loss mechanisms
comes from consideration of the nature of the zircon
crystal lattice. For example, Kober (1986) has shown
that when Pb is evaporated in situ from zircon grains
in the mass spectrometer, discordant Pb can be driven
off at low filament temperatures (less than 1350 ◦C),
whereas the concordant-Pb fraction is usually emitted
between about 1400 and 1500 ◦C (section 5.2.4 be-
low). Given the high temperatures of concordant Pb
emission, Kober (1987) argued that the concordant ra-
diogenic Pb fraction is substituted into the zircon lattice
itself, rather than filling defects and voids in the lattice.
A stable lattice site would be difficult to envisage for
the Pb2+ ion, which has an ionic radius (1.18–1.29 Å)
much too large to allow substitution for Zr4+ (0.72–
0.84 Å) or Hf4+ (0.71–0.83 Å). However, Pb4+ has an
ionic radius of only 0.78–0.94 Å, making it a pos-
sible candidate for admission into the lattice. Kober
(1987) suggested that the emission of β particles dur-
ing radioactive decay and the transformation of emit-
ted He2+ (α particles) into neutral He can effect this
oxidation.

Fig. 5.7. Drawing of a metamict zircon, showing inward
advance of alteration fronts (arrows). Unaltered mat-
erial is white. From a photograph by van Breemen et al.
(1986).

The microscopic examination of analysed zircon
grains now suggests that lead loss from zircons is a
fairly ‘black-and-white’ process. In other words, unal-
tered zircon lattices lose very little or no lead, whereas
altered zircon (promoted by metamictisation) loses
lead very readily. Any given zircon crystal may contain
both kinds of material. For example, Fig. 5.7 shows al-
teration fronts advancing through the metamict U-rich
parts of a zircon. In reality, the exact mechanism of
lead loss from altered zircon may in fact be different in
different circumstances. Hence it is concluded that the
lower intersection of a U–Pb zircon discordia should
only be attributed age significance if this is supported
by other geological evidence. However, the interpreta-
tion of the upper intersection as the age of formation
of the zircons is unaffected.

5.2.2 Upper intersection ages

Silver and Deutsch (1963) made a pioneering case
study of lead loss from different zircon fractions in
a single rock sample. They found that large zircons
lost less lead than small ones (due to the larger sur-
face area/volume ratio of the latter) and that zircons
with low uranium contents lost less lead than high-U
zircons. The latter effect was attributed to the greater
radiation damage suffered by U-rich grains. In ad-
dition to losing lead, metamict zircons tend to in-
corporate impurities, including iron. Hence magnetic
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separation of zircons can yield fractions with variable
discordance.

In order to obtain the best intersection of the dis-
cordia with the concordia, it is desirable to analyse
several zircon fractions with variable discordance and
perform a linear regression on the results. This regres-
sion cannot be solved algebraically to yield upper and
lower intersection ages; hence these ages are usually
calculated iteratively by computer. In order to calcu-
late a regression fit to an array of data displaying some
geological scatter, it is common practice to expand an-
alytical error bars to encompass the scatter (section
2.6.3). However, if lead-loss processes have operated
at different times during the history of a zircon, the
resulting discordia array may fan out somewhat from
the upper intercept as the points become more discor-
dant. Therefore, Davis (1982) suggested that, rather
than expanding all errors equally to encompass geol-
ogical scatter, the error bars should instead be magni-
fied in proportion to their discordance (Fig. 5.8).

Krogh (1982a; 1982b) argued that, instead of refi-
ning the mathematical treatment of lead-loss models to
obtain an accurate upper intersection from discordant
zircons, it would be better to remove discordant Pb

Fig. 5.8. Concordia diagram showing expansion of ana-
lytical errors in proportion to discordance to encompass
geological scatter on a discordia line. Enlargements are
shown for two parts of the discordia. After Davis (1982).

Fig. 5.9. The effect of selecting very non-magnetic zir-
cons and of abrading off the outer rims, to increase
concordance. Symbols (+, ▲) indicate two different rock
samples. After Krogh (1982b).

from the sample before analysis. In early experiments,
Krogh and Davis (1975) attempted to remove altered
parts of the zircon by chemical leaching prior to analy-
sis. However, they found that Pb was also leached from
other parts of the grain. Therefore, it was concluded
that physical rather than chemical methods must be
used to remove discordant zones of the zircon crystal.

A technique of physical separation tested by Krogh
(1982a) was the use of a very-high-flux magnetic sepa-
rator, which removes all but the least-metamict grains.
This was found to be relatively successful (Fig. 5.9),
but the most successful approach was to abrade the
zircons in a pneumatic mill (Krogh, 1982b). This pro-
cedure removes the outer layers of the crystals, which
are usually the most U-rich and hence metamict. Spec-
tacular increases in concordance were obtained in this
manner (Fig. 5.9), and the technique has become a
standard procedure in zircon geochronology.

An alternative method of dating zircons with com-
plex geological histories is to break single large zircon
crystals into fragments and analyse the individual frag-
ments after a very-low-blank chemical separation (e.g.
Schärer and Allègre, 1982). Corfu (1988) developed
this method by breaking the tips off large zircons to
analyse the age of crystallisation of new zircon over
older cores. Aleinikoff et al. (1990) achieved a sim-
ilar effect by analysing the zircon dust produced by
gentle air abrasion of prismatic grains with long ter-
minations. The effect of air abrasion on such a grain is
shown in Fig. 5.10. Cracked grains must be excluded
to prevent their disintegration during abrasion, which
would release core material into the dust.
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Fig. 5.10. Drawings of zircon grains before and after
abrasion to remove tips and interfacial edges for anal-
ysis. From photographs by Aleinikoff et al. (1990).

Recently, there has been a renewed interest in
stepwise dissolution experiments on zircon (e.g.
Mattinson, 1994; Corfu, 2000; Davis and Krogh,
2000). However, the new work encountered the same
complex fractionation effects that had been observed in
early leaching studies. This is attributed to preferential
release of radiogenic Pb from energetically unstable
lattice sites in radiation-damaged parts of the zircon
crystal (the ‘hot-atom’ effect). To solve this problem,
Mattinson (2001) proposed that samples could be an-
nealed before dissolution. This will neutralise the hot-
atom effect, but still permit stepwise dissolution of
different zones of the crystal, which may have suffered
variable Pb loss over geological history. Hence, Mattin-
son suggested that a U–Pb ‘spectrum’ plot analogous
to that used in Ar–Ar dating (section 10.2.3) could be
constructed. It remains to be seen how widely useful
the method will be.

With the greatly improved statistics that are now
obtainable using the various methods described above,
the analytical uncertainty on upper intercept ages is
often lower than 0.1% (2σ ). This now falls within
the same range as the uncertainty on the 238U and
235U decay constants (0.11% and 0.14%, 2σ ). Hence,
Mattinson (1987) argued that these decay-constant er-
rors should not be ignored, and that the uncertainty on
a typical U/Pb upper intercept age might often double
if these errors are taken into account.

Many workers have taken the contrary view, that pro-
vided U–Pb ages are compared only with other U–Pb
ages, it is legitimate to ignore decay-constant errors.

Fig. 5.11. Part of the concordia diagram, showing a
nearly-concordant data point (solid ellipse) relative to
a concordia band that takes uncertainties in decay con-
stant into account. After Ludwig (1998).

Since U–Pb ages are usually more precise than those
obtained with other absolute dating methods (with a
few exceptions, such as Ar–Ar dating in the Tertiary
period), this argument is usually reasonable. However,
Ludwig (1998; 2000) argued that even different dat-
ing calculations within the U–Pb method could in-
troduce small biases due to decay-constant errors. In
other words, decay-constant uncertainties have slightly
different effects on age errors using the 206Pb/238U,
207Pb/235U and 207Pb/206Pb systems.

In general, overall age uncertainties are minimised
when both U–Pb decay routes are used together in the
concordia diagram. However, even in this system, error
magnification can occur. An example of these effects
is shown in Fig. 5.11, where the concordia curve has
a finite width when decay-constant uncertainties are
taken into account (Ludwig, 1998). In principle there
is a moderate chance (26%) that the error ellipse in
this diagram is concordant, whereas the chance that the
ellipse is concordant falls to only 4% if the concordia
is drawn as a single line. Even if these effects are not
included in reported age errors, it is important to be
aware of them.

5.2.3 Ion-microprobe analysis

A completely different approach to achieving concor-
dant U–Pb ages is the in situ analysis of Pb isotope
composition (and U/Pb ratio) of zircon grains by ion
microprobe. The general configuration of such an in-
strument is shown in Fig. 5.12. A beam of light ions
(e.g. O−) is used to bombard and sputter a polished sec-
tion of the zircon grain to yield a secondary beam of Pb
ions (hence the term secondary-ion mass spectrometry
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Fig. 5.12. Schematic illustration of a secondary-ion mass spectrometer (SIMS), showing the components of the
negative-ion gun and double-focussing analyser. After Potts (1987).

Fig. 5.13. Use of a high-resolution mass spectrometer to separate Pb from interfering molecular-ion signals: (a)
low resolution, about 1000; and (b) high resolution, about 3200. After Hinton and Long (1979).

or ‘SIMS’). Pb ions are analysed in a double (elec-
trostatic and magnetic)-focussing mass spectrometer.
The electrostatic analyser is necessary because emit-
ted secondary ions have a range of energies that would
yield bad peak tails in the mass spectrum if not filtered.

A major problem in SIMS analysis is the interfer-
ence of sputtered molecular ions on the masses of
atomic species. In the case of Pb isotope analysis of
zircon, this is caused by species such as HfO+

2 , which
have almost exactly the same mass as the Pb isotopes,

causing isobaric interference (Hinton and Long, 1979).
To overcome this problem, the instrument (including
the magnet) must have a very large physical size, in
order to generate a large spatial separation between
different masses (equivalent to a resolution of one
mass unit in several thousand). This allows the sep-
aration of Pb from molecular-ion interferences using
the ‘mass-defect’ phenomenon (Fig. 5.13), by which
small variations in atomic mass result from the vary-
ing nuclear binding energies of different atoms. The
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most successful example of a SIMS instrument used
for U–Pb dating is the ‘sensitive high-resolution ion
microprobe’ or ‘SHRIMP’ developed at the Australian
National University (Compston et al., 1984).

An important example of the use of the SHRIMP
as a dating tool is provided by the reconnaissance
search for very old rocks (Froude et al., 1983). Zircons
were selected from a formation of Archean quartzites
surrounded by 3.6-Byr-old gneisses (at Mount Nar-
ryer, western Australia) to see whether these meta-
sediments contained any component derived from a
pre-3.6-Byr-old source. Different areas of single zir-
con crystals were analysed using the ion microprobe,
yielding quite concordant results. Many ages were in
the range 3–3.8 Byr, but a few grains gave ages of 4.1–
4.2 Byr (Fig. 5.14).

Some of the Mount Narryer zircon spots fell above
the concordia line, displaying what is termed ‘reverse

Fig. 5.14. Concordia plot showing ion-microprobe anal-
yses of zircon from the Mount Narryer quartzite: (■) =
very old zircons (the inset shows error ellipses). Isua zir-
cons (box) were analysed as a calibration check. After
Froude et al. (1983).

Fig. 5.15. U and Pb concentrations measured as a function of progressive pit deepening during the ion-microprobe
analysis of four different zircon spots. Pb emission is seen to be less stable than U emission After Williams et al.
(1984).

discordance’. This phenomenon is common if whole-
rock compositions are plotted on a concordia diagram
(which is sometimes done for uranium-ore deposits),
and in that case is usually due to loss of uranium.
Froude et al. considered whether a process such as
U loss could have caused the data to migrate back
up the concordia to yield a spuriously old age. In
theory, loss of U from 3.7-Byr-old zircons during a
Late Archean metamorphic episode could have caused
points to move to the right and above concordia. This
would have to be followed by recent of loss Pb (bring-
ing them back down onto the concordia). However,
Froude et al. argued that the scatter of data points was
too small to be consistent with this model. In addi-
tion, Isua zircons were analysed to test the reliability
of ion-microprobe analyses for complex metamorphic
terranes. These gave the expected age of 3.8 Byr.

Results from a SHRIMP study on zircons from
Mount Sones, Enderby Land, Antarctica, help to ex-
plain the phenomenon of reverse discordance in ion-
microprobe analyses (Williams et al., 1984). Uranium
concentrations were found to vary quite smoothly as
ion sputtering deepened the analysis spots, whereas
lead concentrations varied erratically, giving rise to
sudden variations in Pb/U ratio (Fig. 5.15). Hence
Williams et al. suggested that reverse discordance is
due to migration of radiogenic Pb between different
regions within a zircon crystal, rather than loss of U.
Subsequent to these studies, zircons with even older
ages (4.40 Byr) have been found in the Jack Hills con-
glomerate of Western Australia, this time with a range
from concordant to normally discordant compositions
(Wilde et al., 2001).

5.2.4 Lead 207/206 ages

In the dating of Phanerozoic rocks, monazites and zir-
cons may both lie so close to the concordia, sometimes
in a clump, that a good discordia line is not generated.
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In such circumstances it may be necessary to force a
discordia line through the origin, assuming that lead
loss occurred at the present. The reciprocal of the gra-
dient of this line yields a 207Pb/206Pb age, amounting
to a simple division of equation [5.8] by [5.7] above.
207Pb/206Pb ages are normally minimum ages, since
well-defined discordia usually have slopes too shallow
to go through the origin. However, if the data display
reverse discordance (e.g. Fig. 5.14) then 207Pb/206Pb
ages are maximum ages.

Kober (1986; 1987) demonstrated a new method of
zircon dating based on 207Pb/206Pb ages, in which lead
is distilled directly from the zircon crystal in the mass
spectrometer. Kober’s method is a two-stage process,
providing an improvement on techniques previously
tried by other workers (e.g. Gentry et al., 1982). A
zircon is wrapped in the side filament of a multiple-
filament bead, and the temperature of this filament
is raised until Pb evaporates directly from the zircon.
Some of this lead is redeposited on the centre filament
of the bead assembly, which is mounted in front of the
evaporation filament (Fig. 5.16). After a deposition pe-
riod of 5–10 min, the side filament is turned off and the
centre filament is heated to re-emit the deposited lead.
It is thought that other species evaporated from the
zircon (mainly SiO2) may form a blanket that holds
Pb on the centre filament in a manner similar to the
silica-gel method for direct Pb analysis (Chapman and
Roddick, 1994). When the deposited Pb is exhausted,
a new deposition step is performed (if possible) at a
higher side-filament temperature.

Kober’s method is based on the premise that discor-
dant lead is contained in less-stable lattice sites than
those occupied by concordant lead. The discordant lead
is driven off (one hopes) at comparatively low tem-
peratures, so that above 1400 ◦C it can be assumed
that all lead is concordant. Results of experiments

Fig. 5.16. Arrangement of a filament bead for Pb–Pb
dating of zircon by the two-stage evaporation method:
(a) exploded view; and (b) plan view.

by Chapman and Roddick (1994) suggested that the
release of concordant Pb occurs as a reaction front
migrates into the grain, converting zircon into zirco-
nium oxide (baddeleyite). The results of each evapora-
tion run are best plotted against filament temperature
(Fig. 5.17). If the data define a plateau of 207Pb/206Pb
ages while the evaporation temperature is gradually
ramped up, this suggests that the emission of Pb from
these steps represents a single phase of lead, rather
than mixtures of concordant and discordant lead. The
207Pb/206Pb ratio will then yield the true crystallisation
age of the zircon. Analysis of zircon from the popu-
lation previously dated by Froude et al. (1983) gave
similarly old ages (Kober et al., 1989).

Another development in 207Pb/206Pb dating (Feng
et al., 1993) utilises a combination of laser ablation
and ICP-MS. A finely focussed laser beam is used to
ablate cylindrical pits from single zircon grains, in a
manner analogous to the ion microprobe. However,
laser ablation is performed at atmospheric pressure,
yielding a molecular vapour that is carried by argon
gas to the plasma torch. Temperatures of several thou-
sand degrees Centigrade in the plasma cause effec-
tive atomisation of the sample, destroying potential

Fig. 5.17. Plot of measured 207Pb/206Pb ratios (corre-
sponding to apparent age) against evaporation temper-
ature for five Mount Narryer zircons. Low-temperature
domains have suffered Pb loss but high-temperature
plateaux are argued to be concordant. After Kober et al.
(1989).
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molecular-ion interferences of Pb. The sample then
passes into a quadrupole mass spectrometer (section
2.2.2), where 207Pb/206Pb ratios are analysed. Feng
et al. were able to obtain 207Pb/206Pb ages from twenty
large zircons (>60 µm grain size) that fell within 1%
of conventional U–Pb data. A further development of
this method (section 2.5.5) involves nebulising a U–TL
spike solution at the same time as laser ablation, al-
lowing U/Pb ratios to be determined, and hence pro-
viding a full U–Pb age from laser-ablation analysis.
Analysis by MC-ICP-MS also promises further ad-
vances in the field of U–Pb dating by laser ablation
(section 2.5.5).

5.2.5 Inherited zircon

If a magma is derived by partial melting of the crust,
or assimilates crustal material, old zircons may be en-
trained into the magma. These ‘inherited’ zircons usu-
ally dissolve in per-alkaline magmas, which have a
high Zr saturation level. However, they may survive
in per-aluminous melts, especially if these are cool
and dry, due to the low Zr saturation levels of such
magmas (Watson and Harrison, 1983). Inherited zir-
con xenocrysts tend to lose much of their old Pb, and
may be overgrown by a new zircon crystal. However,
they may still retain enough old lead to yield meaning-
ful upper intersection ages, which yield the age of in-
heritance. In contrast, the lower intersection yields the
age of melting. Figure 5.18 shows an example from
the Ben Vuirich granite of Scotland (Pankhurst and
Pidgeon, 1976). The lower intersection (514 ± 7 Myr)
was interpreted as the age of intrusion and the upper
intersection (1316 ± 26 Myr) as the approximate age
of assimilated old crustal material.

This study was extended by Pidgeon and Aftal-
ion (1978) to include U–Pb analysis of twenty-four

Fig. 5.18. Concordia diagram for Ben Vuirich granite (Scotland), showing mixing between new Caledonian Pb and
inherited Mid-Proterozoic Pb. After Pankhurst and Pidgeon (1976).

Caledonian granites from Scotland and northern Eng-
land. Of this suite, seventeen plutons with inherited
zircon lie north of the Highland Boundary fault in Scot-
land and only one (Eskdale granite) lies to the south.
In contrast, all six granites without inherited zircon
lie south of the fault. Pidgeon and Aftalion discussed
various possible explanations for these observations.

Because the granites north and south of the fault have
similar chemistry, Pidgeon and Aftalion ruled out the
dissolution of inherited zircons during magma evolu-
tion and their removal during emplacement. They also
rejected contamination of granite magmas by sedimen-
tary zircons north of the fault, since these granites do
not have the S-type (per-aluminous) chemistry char-
acteristic of assimilation. (In contrast, inherited zircon
in the S-type Eskdale granite was probably derived
by assimilation of sediments containing old zircon.)
Hence, it was concluded that there is a fundamental
difference in granite source rocks between the Scottish
Highlands and crust to the south, a model later sup-
ported by whole-rock Nd isotope analysis (Halliday,
1984).

The early study by Pankhurst and Pidgeon (1976)
made use of bulk zircon separates (the total quantity
of zircon separated was 8 g!). In an attempt to refine
and test the old determination, Rogers et al. (1989) re-
dated the pluton using modern techniques of miniature-
sample analysis and zircon abrasion. The results (Fig.
5.19) were startlingly different. The lower intercept
was increased by 76 Myr to 590 ± 2 Myr, while the
upper intercept was increased by 132 Myr to 1448 ±
7 Myr. The lower ages determined from the earlier
study can be attributed to the effects of secondary lead
loss after intrusion, from a system that already repre-
sented a two-component mixing line. This caused ro-
tation of the apparent discordia, yielding erroneously
young ages for both the upper and the lower intercept.
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Fig. 5.19. Concordia diagram for Ben Vuirich granite,
showing a discordia between needle-shaped magmatic
zircon (1) and stubby inherited zircon (4). The inset
shows a Pb-loss line that defines the intrusive age. 1
and 4 = strongly abraded; 2 = slightly abraded; 3 =
unabraded, (to control Pb-loss line). After Rogers et al.
(1989).

The occurrence of secondary lead loss from Ben
Vuirich zircons is demonstrated by a comparison of
abraded and unabraded needle-shaped grains (repre-
senting new 590-Myr-old magmatic zircons). In con-
trast, abraded stubby grains provided a closer ap-
proach to the inherited zircon composition than the
bulk fractions of large non-magnetic grains analysed
by Pankhurst and Pidgeon. The study of Rogers et al.
is typical of much recent work showing the dangers of
bulk zircon analysis in rocks with complex geological
histories. Such samples can yield discordia of high sta-
tistical quality that nevertheless yield erroneous ages.
Consequently the painstaking selection and abrasion
of crack-free and inclusion-free grains is essential in
order to ensure the reliability of U–Pb data.

5.2.6 Alternative U–Pb data presentations

In the classical concordia diagram the variables are
strongly correlated, because of the manner in which
the data are analysed. The 207Pb/235U ratio is calcu-
lated from the 206Pb/238U ratio on the basis of the con-
stant value of 235U/238U and the measured 207Pb/206Pb
ratio, which is known much more accurately than the
U/Pb ratio. The correlation of errors is taken into ac-
count when fitting discordia regression lines (section
2.6.2), but it is largely avoided in an alternative pre-
sentation of U–Pb data pioneered by Tera and Wasser-
burg (1973; 1974), where the 238U/206Pb ratio is plotted
directly against the 207Pb/206Pb ratio. This concordia

Fig. 5.20. ‘Tera–Wasserburg’ concordia diagram on axes
of 207Pb/206Pb ratio against 238U/206Pb ratio, showing
data for Himalayan granites. After Schärer et al. (1984).

has a different curvature from that of the conventional
presentation, and is preferred by workers dating young
rocks (e.g. Schärer et al., 1984) because it displays
these discordia lines more clearly than the conventional
diagram (Fig. 5.20).

Wendt (1984) further developed the Tera–
Wasserburg plot into a three-dimensional U–Pb dia-
gram by the addition of an axis in 204Pb/206Pb ratio,
representing the level of common Pb present in
the samples. In this construction the discordia is a
plane, and ages can be calculated without indepen-
dent knowledge of the isotopic composition of the
common-Pb component, subject to the assumption
that only one such component is present. An example
of the application of this method is the dating of
Mesozoic uranium minerals from Germany by Carl
and Dill (1985). The three-dimensional diagram may
also allow dating of partially open whole-rock U–Pb
systems because it allows more accurate correction
of large common-Pb fractions (e.g. Carl et al.,
1989).

Ludwig (1998) termed the three-dimensional U–Pb
isochron the ‘total-Pb/U isochron’ and the ‘Tera–
Wasserburg’ discordia the ‘semi-total-Pb/U isochron’.
He argued that the total-Pb/U isochron is useful be-
cause it allows a more explicit view of error sources.
For example, a schematic three-dimensional view of a
total-Pb/U isochron in Fig. 5.21 shows that it has two
anchor points. The radiogenic end of the isochron plane
intersects the Tera–Wasserburg concordia to define the
age of the samples, while the other end of the isochron
plane describes the non-radiogenic component of the
samples, which should lie close to a reasonable crustal-
growth curve.

When U–Pb ages are calculated on a concordia
diagram with a correction for common Pb, this is
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Fig. 5.21. Schematic illustration of a three-dimensional
total-Pb/U isochron. The discordia intersects with the
concordia curve at its radiogenic end and with the
common-Pb growth curve at its non-radiogenic end.
After Ludwig (1998).

equivalent to forcing the three-dimensional isochron
through a point on the common-Pb growth curve. For
samples with low common-Pb contents, such a forced
fit may actually be more reliable than a ‘free fit’. How-
ever, when common-Pb contents are large, forcing the
isochron through an assumed common-Pb composi-
tion may introduce errors if an incorrect common-Pb
point is used. A good example comes from the analy-
sis of U–Pb data from whole-rock chondrule samples
from chondritic meteorites (Tera and Carlson, 1999).
In this example, raw U–Pb isotope data, without any
common-Pb correction, are presented on two separate
diagrams (Figs. 5.22a, b), based on the x and z axes of
the three-dimensional isochron diagram in Fig. 5.21.
This is done to ease the plotting of the data, but the con-
clusions are the same as for the true three-dimensional
diagram.

On the Pb–Pb isotope sub-diagram (Fig. 5.22a)
the intercept of the chondrule array on the y axis
gives the 207Pb/206Pb age of meteorites. Hence, the
most precise ages are given by radiogenic-Pb data
points near the axis. However, the inset shows the
effects of Pb loss from meteorite phosphate grains
(solid circles) at the radiogenic end of the array. This

open-system behaviour limits the precision on the
age. On the Tera–Wasserburg sub-diagram (Fig. 5.22b)
whole-rock chondrules define an array with a concor-
dia intersection age of 4561 Myr. This age approxi-
mates the correct age of chondrule formation (section
5.3.1), but many points in the array project towards
a present-day terrestrial composition (solid diamond)
rather than the expected primordial-solar-system com-
position. The conclusion from this analysis is that the
chondrules must have been contaminated by terrestrial
Pb. Therefore, to minimise these effects, chondrules
should be washed with acid before analysis, in order
to reduce this contamination (section 5.3.1).

Ludwig (2001) argued that another advantage of
the total-Pb/U isochron is that it can eliminate mass-
fractionation uncertainties from the age calculation.
Again, this is more significant for samples with larger
common-Pb contents. These calculations were in-
cluded in a Microsoft Excel Geochronological Toolkit
(Ludwig, 1999).

5.2.7 Alternative U–Pb dating materials

Zircon has been the mineral of choice for most U–Pb
dating work since the earliest studies. However, other
minerals may yield valuable U–Pb age data that com-
plement U–Pb zircon ages. The most important of these
other minerals are monazite, sphene (titanite) and bad-
deleyite. In addition, other minerals such as garnet can
be used for U–Pb dating in particular circumstances.

Monazite is a light-rare-earth-element (LREE)
phosphate that also incorporates a significant amount
of Th and a minor amount of U. It is found in rela-
tively Ca-poor and Al-rich granitoids and high-grade
metamorphic rocks. It coexists with zircon but not with
sphene in many of these rock types. Monazite can ex-
hibit similar Pb-inheritance and Pb-loss behaviour to
zircon (Copeland et al., 1988), but its different chem-
istry means that these types of behaviour often oc-
cur under different conditions from those for coexist-
ing zircon. Monazite has a lower blocking temperature
than zircon (Dahl, 1997), which makes any inherited
monazites in a crustal melt tend to lose their Pb dur-
ing the melting event. Hence, monazites can be use-
ful for dating aluminous granitoids with major zircon
inheritance. Despite its lower blocking temperature,
monazite seems to be more resistant to Pb loss during
lower-temperature events. This is probably because,
unlike zircon, monazite undergoes annealing at rela-
tively low temperatures, thus healing radiation damage
of the lattice (Smith and Giletti, 1997).

These properties of monazite were applied by
Schärer (1984) to date the Himalayan Makalu granite,
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Fig. 5.22. Meteorite data on Tera–Wasserburg and Pb–Pb isotope diagrams, representing the X and Z axes of the
total-Pb/U isochron diagram. The lower (radiogenic) end of the meteorite discordia shows the effect of Pb loss,
while the upper (unradiogenic) end shows the effect of terrestrial contamination: (●) = whole-rock chondrules;
(◦) = phosphates; (▲) = irons. After Tera and Carlson (1999).

Fig. 5.23. Tera–Wasserburg concordia diagram for the
Makalu leucogranite, Himalayas, showing zircon (●),
which has lost Pb, and monazite (�, ■) before and af-
ter correction for inherited U–Th disequilibrium. After
Schärer (1984).

whose zircon systematics were complicated by a com-
bination of inherited Pb (Fig. 5.20) and Pb loss (Fig.
5.23). Monazites in this granite were not affected by
these problems. However, a complication arose be-
cause the high Th content of monazite causes uptake
of a significant content of the short-lived U-series
isotope 230Th. This subsequently decays to 206Pb
(Fig. 12.2a), causing an excess abundance of this iso-
tope (Ludwig, 1977). Schärer demonstrated that a

correction for this excess production caused apparently
discordant analyses to fall properly on the concordia
(Fig. 5.23), yielding a precise age of 24 ± 1 Myr
for crystallisation of the Makalu pegmatitic granite.
Several other applications were described by Parrish
(1990), and details of the application of monazite to
dating metamorphic events were described by Foster
et al. (2002).

The large Th content of most monazites also allows
the possibility of Th–Pb dating. This has been applied
quite widely by using the electron microprobe to de-
termine total Th–Pb ‘chemical age dates’ (e.g. Montel
et al., 1996). This method is based on the principle
that Th abundances in monazite are so high that ra-
diogenic 208Pb totally dominates over uranogenic and
non-radiogenic Pb. Chemical dating can be used only
as a reconnaissance technique because significant er-
rors arise from uranogenic Pb. However, more accurate
Th–Pb dating of monazite can be carried out using the
ion microprobe.

Unlike U–Pb dating, the Th–Pb dating method does
not allow for an internal correction for Pb-loss events.
However, in situ depth profiling of monazite grains
by ion microprobe can allow cooling curves to be
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determined on the basis of Pb loss from the grain
surface. Grove and Harrison (1999) demonstrated this
technique on Tertiary monazites from the hanging wall
of the Himalayan Main Central Thrust. By matching
a model for diffusional Pb loss from the grain sur-
face with the variation of Th–Pb ages against depth,
Grove and Harrison were able to model the cool-
ing history of the hanging wall since 12 Myr ago,
the average Th–U age derived from the interiors of
monazite grains. Additional applications of in situ
monazite analysis were described by Catlos et al.
(2002).

Sphene is a titanium silicate (hence often called
titanite) with similar properties to zircon and mon-
azite. It has a somewhat lower blocking temperature
(about 625 ◦C) than monazite (about 715 ◦C) and zir-
con (about 900 ◦C; Dahl, 1997). Therefore, sphene may
remain open to Pb diffusion during high-temperature
cooling of metamorphic terranes. However, it is much
less susceptible to low-temperature Pb loss than zir-
con because it easily recrystallises, allowing anneal-
ing of radiation damage. Sphene was first applied
as a dating tool by Tilton and Grunenfelder (1968)
and has since been applied widely to studies of poly-
metamorphic belts (e.g. Tucker et al., 1987). A good
example is the combined use of zircon and sphene ages
to date both the formation age and the Caledonian
metamorphic age of gneisses from western Norway
(Fig. 5.24).

Fig. 5.24. Concordia diagram for migmatite of the
Western Gneiss Region (Norway), showing a discordia
line defined by zircons (●) that have suffered partial
Pb loss, with a lower intercept anchored at the time of
Caledonian metamorphism by sphene (◦). After Tucker
et al. (1987).

Mafic igneous rocks have very low contents of zir-
con, monazite and sphene, and therefore have always
been difficult to date accurately. However, Krogh et al.
(1987) showed that the zirconium oxide mineral bad-
deleyite could be used as a dating tool in these rock
types. (In pronouncing ‘baddeleyite’, it should be re-
membered that the mineral is named after Baddeley!)
This method has since been applied widely to U–Pb
dating of mafic rocks (e.g. Heaman and LeCheminant,
1993). In addition, French et al. (2002) have shown that
total U–Pb analysis of baddeleyite using the electron
microprobe can also be used as a reconnaissance dating
tool for dyke swarms, when supported by conventional
U–Pb dating of selected samples.

Garnet is an important mineral in the geothermom-
etry and barometry of metamorphic rocks. There-
fore, the direct dating of this material would allow
constraints to be placed on heating and cooling rates
during regional metamorphism. Both the Sm–Nd sys-
tem and the U–Pb system have potential for dating
metamorphic garnets, but they have different strengths
and weaknesses. Garnets grown under amphibolite-
facies conditions (about 550 ◦C) can give concordant
ages of prograde garnet growth from the two meth-
ods (section 4.1.4). However, Mezger et al. (1992)
argued that the Sm–Nd system was opened at about
600 ◦C (upper amphibolite facies) in all but very large
inclusion-free grains. Therefore, they suggested that
garnet Sm–Nd ages usually date cooling rather than
prograde mineral growth.

Mezger et al. (1991) proposed a higher closure tem-
perature of about 800 ◦C for the U–Pb system in gar-
net. However, this system suffers from the tendency
for uranium to be concentrated in minute inclusions,
rather than in the garnet lattice. For example, in the first
study of this type, on the Pikwitonei granulite terrane
in northern Manitoba, Mezger et al. (1989) attempted
to use the U–Pb system to date prograde garnet growth
during prolonged Late Archean metamorphism. After
correction for a small common-Pb component, radio-
genic 206Pb*/238U and 207Pb*/235U ages were calcu-
lated using equations [5.7] and [5.8]. Unfortunately,
most samples gave discordant ages for the two Pb sys-
tems, indicative of open-system behaviour. In a later
study, DeWolf et al. (1996) showed that this was due
to Pb loss from micrometre-sized monazite inclusions
in the garnet grains.

5.3 Common (whole-rock) Pb–Pb dating

The whole-rock Pb–Pb dating method is based on re-
arranging the U–Pb decay equations [5.5] and [5.4] to
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bring the Pb/Pb terms to the left-hand side:( 207Pb
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Nier et al. (1941) showed that, if these two equa-
tions refer to the same system, [5.9] can be divided
by [5.10], whereupon the 204Pb terms on the right-
hand side of the equations cancel out, leaving the term
235U/238U (which has a constant value of 1/137.88
throughout the solar system). This yields the simplified
equation:( 207Pb
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If we consider a number of systems that have the
same age and initial isotopic composition (e.g. whole-
rock samples of a granite) then it can be seen from
equations [5.9] and [5.10] that they will develop dif-
ferent Pb isotope compositions, according to their U/Pb
ratios, at the present day. Therefore, if the present-day
Pb isotope compositions of this suite are plotted (left-
hand side of [5.11]), they should form a straight-line
array, provided that they have remained closed sys-
tems. The slope of this array, which was first termed
an ‘isochrone’ by Houtermans (1947), depends only
on t , and does not require any knowledge of the U and
Pb concentrations in the samples. It should be noted
that the isochron equation [5.11] is ‘transcendental’.
In other words, the term on the right-hand side (equal
to the slope) cannot be solved algebraically to yield
the age, t , but must therefore be solved iteratively by
computer.

Since the U–Pb closed-system requirement remains,
it might be wondered what advantage this method of-
fers over the discredited whole-rock U–Pb isochron
method (section 5.1), in view of the known high mo-
bility of uranium. However, this question can be an-
swered empirically. Figure 5.25 shows a whole-rock
Pb–Pb isochron diagram for the Granite Mountains,
Wyoming (Rosholt and Bartel, 1969), which gives a
geologically correct age of 2.82 Byr. However, it was
shown in Fig. 5.1 that these samples had suffered dis-
astrous uranium losses. This paradox can be explained
by the fact that U–Pb whole-rock systems were effec-
tively closed from the time of formation of the intru-
sion until very near the present day, when uranium was
lost in recent weathering processes. This invalidates

the U–Pb isochron method, but since the Pb isotope
ratios in the rock reflect the pre-weathering U con-
centrations, they are not upset by the recent alteration
event.

5.3.1 The geochron

The first application of the common Pb–Pb dating tech-
nique was actually to meteorites rather than terrestrial
rocks. In this study, Patterson (1956) calculated a Pb–
Pb age of 4.55 ± 0.07 Byr on a suite of three stony
meteorites and two iron meteorites (Fig. 5.26). The
least radiogenic of these samples was troilite (FeS)
from the Canyon Diablo iron meteorite, which was
responsible for Meteor Crater, Arizona. The U/Pb

Fig. 5.25. Pb–Pb isochron diagram for whole-rock and
mineral samples of the Granite Mountains batholith.
After Rosholt and Bartel (1969).

Fig. 5.26. Pb–Pb isochron diagram for iron and stony
meteorites (■ �,) and a ‘Bulk Earth’ sample of oceanic
sediment (●), showing that the Earth lies on the me-
teorite isochron, which is therefore also called the
‘geochron’. After Patterson (1956).



5.3 Common (whole-rock) Pb–Pb dating 117

ratio measured on this sample (0.025) was so low that
Patterson concluded that ‘no observable change in the
isotopic composition of lead could have resulted from
radioactive decay after the meteorite was formed’.
Hence Canyon Diablo troilite represents the primor-
dial Pb isotope composition of the solar system. This
is an important benchmark for terrestrial Pb isotope
evolution, just as the chondritic reservoir constrains
terrestrial Nd isotope evolution.

Patterson also solved a problem that had occupied
geochronologists for decades, namely the age of the
Earth. A sample of recent oceanic sediment, regarded
as the best estimate of the Bulk Earth Pb isotope com-
position, lay on the meteorite isochron, and further-
more had the appropriate U and Pb concentrations
to be generated by radiogenic Pb growth from the
Canyon Diablo composition in 4.55 Byr. This find-
ing provided good evidence that the Earth has both
the same age and the same ultimate origin as mete-
orites. The meteorite isochron was therefore termed the
Geochron.

Subsequent work has shown that the interpretation
of pelagic sediment as a Bulk Earth composition is
only a rough approximation to the complexities of ter-
restrial Pb isotope evolution. Therefore the apparent
Pb–Pb age of the Earth must now be revised down-
wards slightly (section 5.4.3). However, the new value
is almost within experimental error of the determina-
tion of Patterson.

Because 235U was relatively abundant in the early so-
lar system, and because of its relatively short half-life
of 704 Myr, Pb–Pb dating on meteorites can provide
very accurate ages for the early evolution of the so-
lar system. Based on evidence from extinct nuclides
(section 15.4.1) calcium–aluminium inclusions from
the Allende chondrite are regarded as the oldest solar-
system objects, and are therefore of particular interest
in dating the early evolution of the solar system. Inclu-
sions and chondrules both have high U/Pb ratios, but
a significant common-Pb component rules out direct
application of the U–Pb method. Several Pb–Pb dat-
ing studies have therefore been performed, mostly on
mixed suites of chondrules and inclusions. However,
Chen and Wasserburg (1981) obtained the first precise
age from inclusions alone, which gave an age of 4568
± 5 Myr.

Two-point isochrons between Canyon Diablo and
any individual inclusion can be calculated. These are
termed model 207Pb/206Pb ages because they rely on
the assumption that initial lead in the inclusion was
the same as Canyon Diablo. However, Allègre et al.
(1995a) showed that the 207Pb/206Pb ages in the in-
clusions were correlated with the 206Pb/204Pb ratio,

Fig. 5.27. Plot of 207/206 ages for Allende calcium–
aluminium inclusions (CAI), showing an inverse corre-
lation with common-Pb content: (◦) = bulk samples;
(●) = leached. After Allègre et al. (1995a).

which measures the amount of common Pb in each
sample (Fig. 5.27). This suggests that the inclusions
were contaminated with extraneous common Pb from
outside the chondrules that did not match Canyon Dia-
blo Pb. Therefore, Allègre et al. utilised a progressive
leaching procedure to remove the common-Pb compo-
nent. The results of this procedure gave 207Pb−206Pb
ages within error of the most radiogenic data of Chen
and Wasserburg, with an improved age of 4566 + 2/–
1 Myr.

A similar approach was used by Amelin et al. (2002)
to achieve a high-quality Pb–Pb isochron on acid-
washed whole-rock chondrules from the Acfer chon-
drite. The data are shown in Fig. 5.28 on an alterna-
tive form of the Pb–Pb isochron diagram, which is the
same as the third dimension in the total-Pb/U isochron
diagram (Fig. 5.21). On this diagram the intercept indi-
cates the 207Pb−206Pb age for an infinitely radiogenic
sample. Because the samples analysed by Amelin et al.
were very radiogenic, they gave an excellent intercept,
corresponding to an age of 4564.7 ± 0.6 Myr for chon-
drule formation (MSWD = 0.5). Acid-washed whole-
rock fragments of two calcium–aluminium inclusions
(CAIs) from the Efremovka chondrite also gave ex-
cellent Pb–Pb isochrons (MSWD = 0.9 and 1.1) with
an average intercept age of 4567.2 ± 0.6 Myr, which is
2.5 Myr older than the chondrite isochron. This age dif-
ference is consistent with the age differences between
CAIs and chondrules determined from extinct-nuclide
(26Al–26Mg) systematics (section 15.4.1). Hence, this
evidence provides a reliable anchor for the chronology
of the early solar system.
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Fig. 5.28. Alternative Pb–Pb isochron diagram, show-
ing 207/206 (intercept) ages for acid-washed chondrules
(open ellipses) and calcium–aluminium inclusions (CAI,
solid ellipses). After Amelin et al. (2002).

5.4 Model (galena) ages

As discussed above, different Pb isotope dating meth-
ods address the problem of uranium mobility in differ-
ent ways. In the U–Pb zircon dating method, a mineral
was chosen that held U well and in which Pb loss could
be modelled and corrected. In common Pb–Pb dating
the recent loss of U can be permitted, provided that the
system was closed for most of its life. In the galena
method discussed here, a phase that contains no U is
analysed, so there is no problem associated with loss
of U.

5.4.1 The Holmes–Houtermans model

Since there is no U decay in a galena, we are not
measuring its age directly back from the present day,
but are measuring the age of the galena source from
the formation of the Earth until the isolation of the
galena. This approach was conceived independently
by Holmes (1946) and Houtermans (1946). They di-
vided the isotopic evolution of galena Pb into two parts.
The first was assumed to be a rock system, which must
have remained closed to U and Pb from the formation
of the Earth until galena separation. The second was
in the galena itself, which must contain no significant
amounts of uranium. This model for terrestrial Pb iso-
tope evolution may be summarised as follows:

U decay no U decay
in rock in galenaT > t > P

age of earth age of galena present

Given this model, the basic decay equation for 207Pb is

207Pbt = 207PbT + 235U(eλ235T − eλ235t ) [5.12]

This decay equation is more complex than [5.2] be-
cause t is not zero. Each term is next divided through
by 204Pb and rearranged. The same procedure is ap-
plied to the corresponding equation for 206Pb to yield
the following results:( 207Pb

204Pb

)
t

−
( 207Pb

204Pb

)
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(eλ238T − eλ238t )

[5.14]

Equation [5.13] is now divided through by [5.14] and
the result is simplified as follows:

(1) 204Pb terms are cancelled out on the right-hand
side of the equation. This leaves a factor for the
U isotope ratio at the present day, which is a
constant with the value 1/137.88.

(2) (207Pb/204Pb)t and (206Pb/204Pb)t represent the
present-day compositions, since galena incor-
porates no U.

(3) The Pb isotope compositions at time ‘T ’ repre-
sent the composition of the solar nebula; which
is the primordial composition of the Earth, now
represented by Canyon Diablo troilite (CD).

The equation can then be written as( 207Pb
204Pb

)
P

− CD( 206Pb
204Pb

)
P

− CD

= 1

137.88

(eλ235T − eλ235t )

(eλ238T − eλ238t )

[5.15]

If the isotope ratios on the left-hand side of the equation
represent a sample extracted from the mantle at time t ,
then the term on the right-hand side corresponds to the
slope of an ‘isochron’ line joining it to the solar-nebula
composition (Fig. 5.29).

To apply the Holmes–Houtermans model, the galena
source rock is assumed to be a closed system with a
‘single-stage’ Pb isotope history. A growth curve is
then constructed for this galena source, which runs
from the primordial Pb composition to that of the
analysed galena, and is calibrated for various values
of t . (Since this is a transcendental curve, t cannot
be solved by direct algebra starting with a composi-
tion on the left-hand side of [5.15].) The shape of the
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Fig. 5.29. Pb–Pb isochron diagram, showing present-
day composition (P) of galena extracted from a Bulk
Earth reservoir 3 Byr ago. After Russell and Farquhar
(1960).

growth curve is determined by the two uranium de-
cay constants, and its trajectory by the 238U/204Pb or
‘µ’ value of the closed-system galena source. For the
single-stage model described, it is called the µ1 value
and would normally be between 7 and 9. According
to the Holmes–Houtermans model, not every galena
source rock need have the same growth curve, defined
by the same µ value. Galena ore bodies were expected
to have concentrated the metal from local continental
basement in the vicinity. However, this presupposes
that the basement in question has been in existence
since near the time of formation of the Earth, which is
now regarded as very unlikely (e.g. see section 4.4).

A major problem encountered using the Holmes–
Houtermans model was that, as more galenas were
analysed, they were found to scatter more and more
widely on the Pb–Pb isochron diagram (Fig. 5.30).

Fig. 5.30. Pb–Pb isochron diagram, showing a compilation of many analysed galenas from various environments.
After Stanton and Russell (1959).

Some of the ages determined were clearly erroneous,
since they were in the future. Others, which were out-
liers to the main trend, often gave ages that could be
shown to be geologically impossible. Since galenas of
these two types contradicted the Holmes–Houtermans
model, they were called ‘anomalous leads’. However,
the crucial problem with this situation was the lack
of an a priori test that could be performed to predict
whether a galena would be anomalous, in the absence
of other evidence of its age.

5.4.2 Conformable leads

Given the complexity of the Earth’s evolution, it was
realised even in the 1950s that the country-rock source
of a given galena ore was unlikely to have been a closed
system since the formation of the Earth. Alpher and
Herman (1951) attempted to overcome this problem
by attributing Pb isotope evolution in the galena source
rock to a single world-wide homogeneous reservoir,
regarded by Russell (1956) as the Earth’s mantle. As an
explanation of the observed galena Pb isotope variation
this model is quite obviously inadequate, but it was the
basis of a more geologically realistic model proposed
by Stanton and Russell (1959).

A certain class of Pb ores was found by Stanton and
Russell that did lie on a single closed-system growth
curve. These were sulphides associated with sediments
and volcanics in greenstone belts and island arcs, which
were structurally conformable with the host rocks (in
contrast to cross-cutting veins). Stanton and Russell re-
garded these ores as being formed by syngenetic depo-
sition in sedimentary basins associated with volcanic
centres, and therefore as representing galena derived
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Fig. 5.31. Pb–Pb isochron diagram, showing galena ores
that form the basis of the ‘conformable’ Pb model. After
Stanton and Russell (1959).

directly from the upper mantle without crustal contam-
ination.

Stanton and Russell selected nine deposits of var-
ious ages that satisfied these criteria, and fitted a
single-stage (upper-mantle) growth curve with a µ1

value of 9.0 (Fig. 5.31). These ores were termed ‘con-
formable’ leads because of their structural occurrence,
and all galenas that didn’t fit this curve were by infer-
ence ‘anomalous’. Anomalous leads were divided into
groups such as ‘J-type leads’ after a deposit at Joplin,
Missouri, which gave ages in the future, and some other
types such as the ‘B’ type, which gave ages in the past.

Unfortunately, due to the mobility of Pb during
crustal processes, it is difficult to develop a priori cri-
teria to recognise galenas that will fit the conformable
Pb evolution model. Therefore, the galena method is
largely discredited as a dating tool. Nevertheless, it
may provide powerful constraints on the Earth’s evo-
lution, which will be examined below.

5.4.3 Open-system Pb evolution

As early as 1956, Russell considered the possibility
that the mantle might not have been a closed system to
U and Pb, but might have had a variable µ value over
time, due to some kind of differentiation mechanism.
However, the success of the conformable lead model
to explain uncontaminated galena compositions with
a closed-system mantle militated against such compli-
cations.

In the early 1970s, new measurements of the ura-
nium decay constants (Jaffey et al., 1971) and a bet-
ter estimate of primordial Pb from Canyon Diablo
necessitated a re-examination of the conformable Pb
model. For example, using the new values, a curve cal-
culated to yield a reasonable fit to conformable gal-

enas gave a low apparent age for the Earth of 4.43 Byr
(Doe and Stacey, 1974). Alternatively, a terrestrial
age of 4.57 Byr based on Pb–Pb dating of meteorites
(Tatsumoto et al., 1973) caused the Geochron to lie
to the left of most Phanerozoic galenas and young
oceanic volcanics. This problem became known as the
‘Pb paradox’ and meant that single-stage Pb models
gave ‘future ages’ up to 1 Byr in error for Phanerozoic
rocks.

To rectify these problems, Oversby (1974) proposed
a model for an evolving (mantle) source of galena
Pb with a progressive increase in µ value over time
(approximated by a series of small increments in µ).
This model was elaborated upon by Cumming and
Richards (1975), who modelled a galena source with a
linear increase in µ value. Surprisingly perhaps, Cum-
ming and Richards regarded the galena source as a
regional average of the crust. However, this might not
be as strange as it sounds, since later work would show
that mantle and crustal Pb evolution are in fact coupled
together, and that upper-mantle Pb is largely buffered
by the crust (section 6.3.3). The model of Cumming
and Richards yields a good fit to the ages of selected
galena data, but still implies a young apparent age for
the Earth of 4.50 Byr.

An alternative solution to this problem, proposed
by Stacey and Kramers (1975), was to break terres-
trial Pb isotope evolution into two parts. Stacey and
Kramers used Canyon Diablo Pb and average modern
Pb (from a mixture of manganese nodules, ocean sed-
iments and island-arc rocks) to anchor the ends of a
composite growth curve. This curve was produced by
two closed systems (1 and 2) with different µ values
(µ1 and µ2), separated in time by a world-wide dif-
ferentiation event. The closed systems consisted of a
combination of the upper mantle and upper crust (lower
crust, lower mantle and core being isolated). The model
gave the best fit to a selection of conformable galenas
(dated by the enclosing sediments) when µ1 = 7.2,
µ2 = 9.7 and the event was at 3.7 Byr (Fig. 5.32). This
time was regarded as a peak of crust-forming events,
an interpretation made particularly attractive by the
3.7 Byr age determined for the Amitsoq gneisses of
western Greenland (section 5.5.1). However, Stacey
and Kramers noted that their model was only an ap-
proximation of Pb isotope evolution in the real Earth.
For example, the discrete event at 3.7 Byr in the model
might actually represent a slow change in the Earth’s
evolution during the Early Archean.

The above observations suggested that the galena
source evolved for the last 3.8 Byr along a higher-µ
growth curve than the geochron, but the reason for
this behaviour was not clear. Armstrong (1968) and
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Fig. 5.32. Pb isotope diagram, showing a two-stage lead
isotope evolution model proposed for the source of
galenas (●). After Stacey and Kramers (1975).

Russell (1972) argued that these observations could be
explained by recycling (bi-directional transport) of Pb
between the crust and mantle. This concept was devel-
oped further by Doe and Zartman (1979) and presented
as a computer program that modelled the Pb isotope
evolution of the Earth, termed ‘plumbotectonics’.

Doe and Zartman defined three reservoirs: upper
crust, lower crust and upper mantle (<500 km depth).
Given the evidence that continental accretion began
about 4 Byr ago and that frequent orogenies mixed
mantle and crustal sources to yield differentiated
crustal blocks, they modelled orogenies at 400-Myr in-
tervals, with a decreasing mantle contribution through
time. Crustal contributions represented erosion and
continental foundering. Orogenies instantaneously ex-
tracted U, Th and Pb from the three sources, mixed
them, and re-distributed them back to the sources
(Fig. 5.33). Fractionation of U into the upper crust rep-
resented granulite-facies metamorphism.

Fig. 5.33. Schematic illustration of the operation of
the ‘plumbotectonics’ model, showing mixing of crustal
and mantle reservoirs into the orogene (galena source)
reservoir. After Doe and Zartman (1979).

Fig. 5.34. Pb–Pb isochron diagram, showing isotopic
evolution of the four reservoirs computed by the
plumbotectonics model. After Doe and Zartman (1979).

The orogene composition generated by the plumbo-
tectonics model was constrained empirically to fit
galena ores, and consequent growth curves generated
for the other reservoirs are shown in Fig. 5.34. The
upper crust develops radiogenic Pb, which is balanced
by the development of an unradiogenic lower-crustal
reservoir, due to preferential retention of Pb relative to
U during granulite-facies metamorphism of the lower
crust. The calculated upper-mantle µ value is similar
to that for the total crust, but recycling of radiogenic
upper-crustal Pb into the mantle yields an apparent in-
crease in mantle µ value with time. Despite this effect,
it is important to note that the plumbotectonics model
was not designed to solve the Pb paradox. Thus, in the
first and second models (Zartman and Doe, 1981) Pb
evolution started with an arbitrary isotope composition
4 Byr ago, whereas in the fourth model (Zartman and
Haines, 1988) Pb evolution began 4.45 Byr ago from
the Canyon Diablo composition (100 Myr after terres-
trial accretion).

The curved arrays inherent in the two-isotope sys-
tem make it hard to evaluate the goodness of fit of
conformable Pb data to terrestrial Pb isotope evolution
models, as well as making conceptual understanding of
the system difficult. Therefore, Manhès et al. (1979)
developed an alternative presentation that overcame
the problem of non-linearity. However, their formula-
tion was rather complex, which detracted from its use-
fulness. To simplify the data presentation, Albarède
and Juteau (1984) analysed each of the U–Pb systems
(and Th–Pb) on a separate diagram of Pb isotope ratio
against time, as is done for Nd (section 4.2). However,
because of the effectively finite half-lives of U and Th
relative to the age of the Earth (unlike Nd), the time di-
mension must be presented as the exponent (Fig. 5.35)
in order to achieve linear evolution lines.
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Fig. 5.35. Exponential plot of 206Pb/204Pb evolution
against time, to test the fit of galena sources to a lin-
ear isotope evolution trend. After Albarède and Juteau
(1984).

Albarède and Juteau utilised a combined galena data
set from Stacey and Kramers (1975) and Cumming
and Richards (1975), with the addition of the galena
data from Isua (Appel et al., 1978). This considerably
strengthens the data-base, since it improves the con-
straints on early terrestrial Pb evolution. Fitting a linear
growth line to the data (equivalent to a constant source
µ value) causes this line to intersect the Canyon Diablo
Pb composition at an apparent age of 4.4 Byr, in close
agreement with Doe and Stacey (1974) and Manhès
et al. (1979). This is seen most clearly for 206Pb (Fig.
5.35) but also, albeit less strongly, for 207Pb. However,
terrestrial accretion at a date as late as 4.4 Byr is in-
consistent with the 4.55 Byr age of differentiated me-
teorites (section 3.2.4). Therefore, as an alternative, an
Early Archean reservoir with lower µ value was pos-
tulated. Hence the model of Stacey and Kramers is
supported, but, due to noise in the data set, continuous
Pb isotope evolution models could not be ruled out.

This situation remained essentially unchanged until
some other research groups started to re-examine the
behaviour of the U–Pb system during terrestrial accre-
tion. For example, Allègre et al. (1995b) pointed out
that the Bulk Silicate Earth (BSE) has a much higher µ

value (about 9) than bulk chondrites (about 0.7), which
are regarded as equivalent to the Bulk Earth composi-
tion. This difference could be due to volatilisation of
Pb during terrestrial accretion, or to partition of Pb into
the Earth’s core. However, comparison of the partition
coefficients of Pb and other siderophile–chalcophile
elements suggested that core formation was the main
cause of the high µ value in the BSE (e.g. Galer and
Goldstein, 1996).

If this model is correct, terrestrial Pb isotope evolu-
tion can be constrained by the Hf–W extinct-nuclide
system (section 15.5.4). The Hf–W couple has similar
chemical affinities to the U–Pb couple, in that both par-
ents are lithophile (rock-loving) and both daughters are
siderophile (Fe-core-loving). The difference is that the
parent isotope of Hf had a short half-life, which caused
it to become extinct over approximately the same time
period as that over which the Earth’s core developed.
Therefore, W isotope analysis can be used to estimate
the time of terrestrial core formation.

Most Hf–W evidence appeared to favour late core
formation, about 100 Myr after the main stage of ter-
restrial accretion (section 15.5.4). This model would
then be consistent with the simplest interpretation of
the Archean galena compositions (Fig. 5.35), involv-
ing a period of low µ values very early in the Earth’s
history. Therefore, it was argued that a period of core
formation lasting 100 Myr could largely explain the Pb
paradox, since it would cause the BSE, and hence aver-
age MORB, to lie to the right of the geochron (section
6.3.1).

Kramers and Tolstikhin (1997) challenged this ex-
planation, arguing that delayed core formation could
explain only one third of the Pb paradox. Instead, they
further developed the plumbotectonics model by al-
lowing enhanced recycling of uranium to the upper
mantle over the last 1.5 Byr. This was caused by mo-
bilisation of uranium in the sedimentary environment
as a result of the gradual development of an oxygenated
atmosphere. This modification of the plumbotectonics
model also improves the solution to a ‘second’ Pb para-
dox, called the ‘kappa conundrum’ (section 6.3.3).

Kramers and Tolstikhin’s rejection of the late-core
model as an explanation of the Pb paradox turned out to
be somewhat inspired, because subsequent W isotope
work (section 15.5.4) implies significantly earlier core
formation than the previous studies. Core formation
can still have some effect on Pb if it is combined with
a late giant impact, but the plumbotectonics (crustal-
recycling) model must again be called upon to ‘solve’
at least part of the ‘Pb paradox’.

It is concluded that the Kramers and Tolstikhin ver-
sion of plumbotectonics is probably the most realistic
terrestrial Pb isotope evolution model yet developed,
but it still has significant limitations. Like all of the
earlier models, it assumes direct recycling of crustal
material into the MORB source, and also assumes no
exchange of material with the lower mantle. The com-
bination of these features causes the MORB reservoir
in the model to have a somewhat unusual trajectory
(e.g. Kamber and Collerson, 1999). A fully realistic
model would need to direct a fraction of recycled crust
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into the lower mantle. After 1–2 Byr of isolation in the
deep mantle, such reservoirs generate mantle plumes
that mix with and fertilise the upper-mantle reservoir.

5.5 Pb–Pb dating and crustal evolution

Because the Pb–Pb whole-rock method depends only
on isotopic compositions, it is comparatively resistant
to metamorphic re-setting, and can also yield some age
information for crustal reservoirs exhibiting complex
mixing relationships. Good examples of these uses are
provided by Pb–Pb dating studies of Archean crustal
evolution in the North Atlantic region, particularly
western Greenland.

5.5.1 Archean crustal evolution

A major crust-forming event in the Archean cra-
ton of western Greenland is represented by the Nuk
gneisses. Gneisses in this association from Fiskanaes-
set, Nordland and Sukkertopen in western Greenland
have Pb compositions (filled circles in Fig. 5.36) that
fall on a reference line with slope age of 2900 Myr. If a
single-stage mantle growth curve is calculated to fit this
isochron, it yields a µ1 value of 7.5 which is a typical
value for the mantle source of juvenile Archean gneiss
terranes (Moorbath and Taylor, 1981). This single-
stage model mantle composition is not expected to
represent the real Earth, since this was shown above
to be an oversimplification; however, the µ1 value pro-
vides a convenient yard-stick for comparison of differ-
ent crust-forming events.

Fig. 5.36. Pb–Pb isochron diagram for basement gneisses from western Greenland: (●) = Nuk gneisses from
Fiskanaesset, Nordland and Sukkertopen; (◦) = contaminated Nuk gneisses from near Godthaab. M = mantle
at 2900 Myr; A = range of Amitsoq gneiss compositions at 2900 Myr. After Taylor et al. (1980).

The Nuk gneisses approximate a two-stage Pb iso-
tope evolution model, in which the first stage is in
the mantle and the second is in each analysed whole-
rock system. However, Taylor et al. proposed that
there might be two extra short stages in the middle.
The first of these short stages represents extraction of
basalt from the mantle before subsequent re-melting
to form tonalitic magmas, possibly at the base of the
crust. The second short stage might occur between the
time of tonalite emplacement in the crust and its high-
grade metamorphism. The whole process was termed a
crustal-accretion–differentiation super-event or CADS
by Moorbath and Taylor (1981). More recently, trace-
element studies have suggested that Archean tonalites
may be produced by partial melting of amphibolitised
ocean-floor basalt in the downgoing slabs of subduc-
tion zones (Drummond and Defant, 1990; Foley et al.,
2002). In this model, the first short stage would repre-
sent the time from oceanic crust formation at an ocean
ridge until its consumption in a subduction zone. How-
ever, for either of these melting models, and for Pb
evolution between magmatism and metamorphism, the
short duration of these stages minimises their effect on
long-term Pb isotope evolution.

Nuk gneisses from near Godthaab (open circles in
Fig. 5.36) fall in a scatter below the 2900-Myr isochron.
However, Taylor et al. (1980) argued that if these were
age-corrected back to 2900 Myr ago, they would lie on
a mixing line between 2900-Myr-old mantle (M), and
the local crust, represented by Early Archean (3700-
Myr-old) Amitsoq gneisses (A). Owing to their low U
contents, the Amitsoq gneisses barely changed in Pb
isotope ratio between 3700 and 2900 Myr ago. Given
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Fig. 5.37. Pb–Pb isochron diagram for Qorqut granite samples, showing the coincidence of their initial ratio with
the average Amitsoq gneiss composition at 2580 Myr. (Open symbols were omitted from the regression.) After
Moorbath and Taylor (1981).

these end-members, the distance down the mixing line
from ‘M’ to ‘A’ indicates the fraction of crustal Pb in-
corporated into the magma. The variable pattern of
crustal Pb contamination suffered by Late Archean
Nuk magmas is consistent with the known extent of
Early Archean crust. Thus, while Godthaab is known to
lie on Amitsoq gneiss basement, such rocks are not ex-
posed near Fiskanaesset, Nordland and Sukkertopen.

The Qorqut granite is also exposed within the Amit-
soq gneiss terrane near Godthaab (Moorbath et al.,
1981). Whole-rock samples of this body define a linear
array whose slope corresponds to an age of 2580 Myr
(Fig. 5.37). However, if one attempts to fit a single-
stage mantle growth curve to these data, an impos-
sibly low µ1 value of 6.23 is obtained, showing that
the Qorqut granite cannot be a mantle-derived melt. In
fact, the initial Pb isotope ratio of the Qorqut granite co-
incides closely with the average composition of anal-
ysed Amitsoq crust at 2580 Myr, indicating that the
Qorqut granite is probably a partial melt of Amitsoq
gneiss. It therefore approximates to three-stage Pb iso-
tope evolution: stage1 = mantle; stage2 = Amitsoq
crust; stage3 = Qorqut granite. The initial 87Sr/86Sr
ratio of the Qorqut granite (0.7083 ± 4) supports this
model (section 7.3.4).

5.5.2 Paleo-isochrons and metamorphic
disturbance

It was argued above that comparatively short periods
(less than 200 Myr) between the crustal extraction and
metamorphic differentiation of a gneiss complex do
not necessarily upset dating of the crustal formation
event using Pb–Pb systematics. However, if the period

between the two events is substantial, then spurious
ages may be obtained. A good example is provided by
the Vikan gneiss complex from Lofoten–Vesteralen in
NW Norway. If we assume that these rocks behaved as
closed systems after their generation from an isotopi-
cally homogeneous (mantle?) source, we determine a
slope age of 3410 ± 70 Myr (Taylor, 1975). However,
Nd model age dating yields ages of about 2.4–2.7 Byr
(Jacobsen and Wasserburg, 1978).

Subsequent examination of present day U/Pb ra-
tios in the gneisses (Griffin et al., 1978) revealed that
they were uniformly far too low to ‘support’ the ob-
served range of Pb isotope compositions. Therefore, it
is now believed that the Pb data reflect a 2680-Myr-
old igneous protolith that suffered high-grade meta-
morphism about 1760 Myr ago. To illustrate this in-
terpretation, Pb isotope compositions for the protolith
are shown as a paleo-isochron at the time of metamor-
phism (Fig. 5.38). If the rocks were depleted in U to a
nearly uniform level 1760 Myr ago, subsequent U de-
cay would yield a ‘transposed paleo-isochron’ (Griffin
et al., 1978; Moorbath and Taylor, 1981) almost par-
allel to the original paleo-isochron.

The slope of the transposed paleo-isochron approx-
imates Pb evolution from time T (protolith age) to t
(metamorphic age). This is described by an equation
analogous to [5.15] for galena evolution:
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Fig. 5.38. Pb–Pb isochron diagram, showing a ‘transposed paleo-isochron’ defined by Vikan gneisses of NW Norway.
These rocks were formed from 2680-Myr-old precursors, which were subjected to a granulite-facies uranium-
depletion event at 1760 Myr. After Moorbath and Taylor (1981).

In contrast, the simple Pb–Pb isochron equation [5.11],
describing evolution from t to the present, yields too
large an age because it is based on the lower 235U/238U
ratio prevailing at the present day compared with that
1760 Myr ago.

Transposed paleo-isochrons can be detected by
checking concordancy of Pb with Sr or Nd ages and
by checking that observed Pb isotope compositions are
adequately supported by the U/Pb ratio in the samples.
Another example of this phenomenon was found in up-
per amphibolite-facies gneisses of the Outer Hebrides,
NW Scotland, by Whitehouse (1990). By substituting
the 2660-Myr (Badcallian) Pb homogenisation event
as T into [5.16], and assuming uniform U/Pb ratios af-
ter the second event, he was able to estimate the timing
(t) of this second event. The calculated age of 1880 ±
270 Myr was consistent with the timing of the Laxfor-
dian metamorphic event.

Another example where high-grade metamorphism
occurred much later than protolith formation is pro-
vided by the Grenville Province of eastern North
America. In this case, high-grade metamorphism
(about 1.1 Byr ago) occurred up to 1.6 Byr after
crustal formation. To investigate Pb isotope evolution
in Grenville crust, DeWolf and Mezger (1994) mea-
sured Pb isotope ratios on K-feldspars from various
rock types in the Grenville Province of Ontario and
New York State. Data for Mid-Proterozoic rocks of
the Adirondacks and Central Meta-sedimentary Belt
formed a compact array of shallow slope, whereas data

Fig. 5.39. Pb–Pb isotope diagram for Grenvillian
gneisses with older crustal formation ages: (●) =
Archean; (+) = Mid-Proterozoic; (◦) = Early Protero-
zoic ages with ambiguous Pb isotope signatures. (�) =
Archean, Superior province. The growth curve is from
Doe and Zartman (1979). Data from DeWolf and Mezger
(1994).

from the Central Gneiss Belt (CGB) defined a steeper
but more scattered array (Fig. 5.39).

DeWolf and Mezger attempted to use the Pb–Pb
data set to test Nd isotope mapping of the extent of
Archean crust in the CGB. However, the suscepti-
bility of Pb isotope data to open-system behaviour
during high-grade metamorphism makes Pb a less-
sensitive tool than Nd for mapping crustal-formation
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ages in the Grenville province. A combination of Nd
isotope and U–Pb data indicates the existence of a ju-
venile Early Proterozoic terrane in the CGB. However,
meta-igneous rocks in this terrane have ambiguous Pb
isotope signatures that cannot be resolved from the
Archean or Mid-Proterozoic arrays. This applies both
to the 207Pb/204Pb–206Pb/204Pb diagram (Fig. 5.39) and
to the 208Pb/204Pb–206Pb/204Pb diagram (not shown).

The two case studies discussed above show that Pb–
Pb isotope systems can be quite unreliable when a
high-grade metamorphic event occurred some time af-
ter crustal formation. However, these were both cases
in which a Late Archean crustal terrane was subjected
to metamorphism in the Early-to-Mid Proterozoic. In
contrast, Pb isotope systematics allow much tighter
constraints on crustal evolution for Early Archean
rocks, due to the rapid evolution of 207Pb during the
Earth’s early history. Therefore, for Early Archean
rocks, even Pb model ages can be used to test Pb–Pb
isochron ages for metamorphic disturbance.

Kamber and Moorbath used this approach to test a
Pb–Pb regression age for 83 Amitsoq gneisses from
the coastal Godthabsfjord area, south of Nuk in west-
ern Greenland (Fig. 5.40). Because of the large size of
the data set, a relatively precise age of 3.65 ± 0.07 Byr
(2σ ) was obtained. However, the regression gave a
large MSWD of 18, suggesting either initial ratio het-
erogeneity or metamorphic disturbance. Both of these
effects could have subtly influenced the errorchron
slope to produce a meaningless age. Therefore, to test
this possibility, the Amitsoq Pb–Pb regression line was

Fig. 5.40. Pb–Pb isochron for Amitsoq gneisses from the
Godthabsfjord area of western Greenland, showing in-
tersection with the depleted-mantle growth curve at a
model Pb age of 3.66 Byr, in good agreement with the
regression age: (●) = whole-rocks; (◦) = feldspar. After
Kamber and Moorbath (1998).

compared with a depleted-mantle growth curve to de-
termine a Pb model age for the rocks.

The growth curve used was that of Kramers and Tol-
stikhin (1997), but the curve of Stacey and Kramers
(1975) gives almost identical results. The regression
line was shown to intersect the growth curve at a point
corresponding to a model Pb age of 3.66 Byr, in excel-
lent agreement with the regression age. The inclusion
of leached-feldspar analyses in the data set makes the
model age particularly robust because these are very
close to initial Pb isotope ratios. Hence, these data con-
firm that the Pb–Pb regression age gives the true age
of crustal formation from a typical mantle Pb source.
This suggests that, in the coastal Godthabsfjord area of
western Greenland, there is no significant crustal pre-
history before 3.66 Byr. However, this does not rule out
such a prehistory for Amitsoq gneisses from the area
further inland, near Isua (section 4.4.4).

5.6 Environmental Pb

Interest in the isotopic composition of Pb in environ-
mental systems arose from attempts to date the age of
the Earth by the Pb/Pb method. In order to determine
a Bulk Earth composition for this dating work, Patter-
son investigated the composition of pelagic sediments,
which were thought to provide an average composition
of the whole crust. However, the analyses of pelagic
sediments led to considerations about the distribution
of Pb in the oceanic system.

A primary necessity in attempting to understand the
distribution of Pb in the oceans is the accurate measure-
ment of the Pb concentration of seawater. However, the
very low levels of Pb in seawater presented a consid-
erable analytical challenge. The first problem was to
find an analytical method with detection limits as low
as one part per billion (ppb). The only method that
can routinely achieve these kinds of detection limits is
isotope dilution (section 2.4), which allows the mea-
surement of Pb isotope composition at the same time.
The second problem is anthropogenic contamination
of the samples during analysis, referred to as ‘blank’
(section 2.1.4). This was to pose a particular problem,
because almost all laboratory materials and equipment
have higher Pb levels than those in seawater.

The first workers to overcome both of these prob-
lems and achieve accurate analysis of the Pb content of
seawater were Tatsumoto and Patterson (1963). They
went to extreme lengths to minimise Pb contamina-
tion during analysis, and demonstrated the effective-
ness of these measures by using the same analytical
procedure to analyse seawater samples of various sizes.
Since the amount of contamination is determined by
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Fig. 5.41. Plot of analytical Pb yield (in micrograms)
against volume of seawater (in litres), allowing the Pb
content of seawater to be determined. After Tatsumoto
and Patterson (1963).

the procedure, the application of an identical proce-
dure to samples of various sizes should give rise to a
constant Pb blank, whereas the total amount of Pb de-
tected is dependent on the sample size. Hence, the two
quantities can be separated (Fig. 5.41). This procedure
showed that the Pb content of seawater varied within
the range 0.02–0.18 ppb (µg/l), whereas the analytical
blank was about 50 ng (0.05µg). Previous Pb determi-
nations on seawater had been ten to fifty times higher
(2–8 ppb), which must be attributed to analytical error.

The accurate measurement of Pb concentrations
from different water depths resulted in some surprising
observations (e.g. Fig. 5.41). These showed Pb concen-
trations in surface ocean water to be nearly an order
of magnitude higher than those in deep ocean water
(2000–4000 m). This behaviour was the opposite to
that observed for many natural tracers, but resembled
the distribution of nuclear fallout in the oceans. Hence,
Tatsumoto and Patterson (1963) argued that the prin-
cipal input of Pb to the oceans at the present day is
anthropogenic. Following this discovery, the investi-
gation of Pb in the oceans soon turned to focus on the
origins and distribution of anthropogenic Pb in various
near-surface environments.

5.6.1 Anthropogenic Pb

The first use of Pb isotopes to trace the sources and
distribution of anthropogenic Pb was made by Chow
and Johnstone (1965). Following an observation by
Tatsumoto and Patterson (1963) that snow from Lassen
Peak National Park had (relatively) very elevated Pb
contents (1.6 parts per trillion), Chow and Johnstone
made Pb isotope measurements on the snow for com-
parison with possible sources in Californian leaded

gasoline. They found that the Pb isotope signature
of Lassen snow was almost identical to that of at-
mospheric particulates recovered from their clean-
laboratory filter in Pasadena (Los Angeles) and also fell
within the range of Pb isotope compositions of local
gasoline. This was due to the practice of adding tetra-
ethyl lead to gasoline to prevent engine pre-ignition.

Chow (1970) followed up this work with a study
of the world-wide compositional variations of leaded
gasoline. He found large isotopic variations, and at-
tributed them to the varying geological age of the
Pb ores used for making tetra-ethyl lead in different
countries. He then compared these Pb signatures with
the isotopic compositions of locally collected pollu-
tant leads, either from air filters or from soil samples.
The results were presented on a graph that has often
been used since (with minor variations) to compare
the signatures of pollutant leads (Fig. 5.42). The data
revealed a very strong correlation between the Pb iso-
tope composition of gasoline Pb and that of local pollu-
tant Pb, conclusively demonstrating that gasoline addi-
tives were the principal source of pollutant lead in the
environment.

By the late 1960s, steps to convert American cars
to lead-free gasoline were under way. Ironically, this
was not to avoid poisoning the human population but to
avoid poisoning catalytic converters, which were being
fitted to car exhaust systems to control pollution haze
(Harrison and Laxen, 1981). As a result of this policy,

Fig. 5.42. Correspondence between lead ore composi-
tions (●) and gasolines (◦) from various countries on a
Pb/Pb isotope plot. After Chow (1970).
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the use of Pb in American gasoline peaked in 1970
and by 1990 had fallen to less than 5% of the peak
level (Wu and Boyle, 1997). Therefore, after 1970, Pb
isotope tracer studies were devoted to assessing the
relative contributions of various different Pb pollution
sources to the environment.

In an early example of this kind of work, Chow
and Earl (1972) showed that atmospheric Pb pollu-
tion derived from the combustion of coal could be dis-
tinguished from that of leaded gasoline by the more
radiogenic Pb signature in coal. This is because Pb in
the sedimentary system (where coal is deposited) is
more radiogenic than Pb in basement rocks, which are
the sources of most Pb ore deposits. In a later study,
Sturges and Barrie (1987) showed that the isotopic
composition of atmospheric Pb pollution from Cana-
dian and American sources could be distinguished, al-
lowing the tracing of cross-border air pollution.

Some more recent studies have used the distinct Pb
isotope signatures of North American and European
Pb pollution to trace their relative contributions to the
contamination of environmental systems far from their
sources. For example, Rosman et al. (1993) measured
the Pb isotope composition of Greenland snows be-
tween 1968 and 1988, and found relatively large vari-
ations during this period (Fig. 5.43). Since European
leaded petrol generally had lower 206Pb/207Pb ratios
than did American leaded gasoline, a decrease in the
206Pb/207Pb ratio of Greenland snow (accompanied by
a seven-fold decrease in overall Pb concentration) was
attributed to the earlier phase-out of leaded gasoline in
North America.

A final example demonstrates the use of Pb isotopes
to trace North American and European anthropogenic

Fig. 5.43. Changing 206Pb/207Pb ratio in a twenty-year
section of Greenland snow, attributed to the phase-out
of American leaded gasoline. After Rosman et al. (1993).

Fig. 5.44. Mixing of anthropogenic Pb components in
the North Atlantic, shown on a Pb/Pb isotope diagram:
(◦) = aerosols carried from Europe and North America;
(●) = North African surface waters; (�) = uncontami-
nated deep-sea sediments. After Hamelin et al. (1997).

contributions to the Pb inventory of North Atlantic
surface water (Fig. 5.44). In this study, American Pb
sources were found to dominate the Pb isotope com-
position of North Atlantic surface waters off the North
African coast in 1990–1992, despite the earlier phase-
out of American leaded gasoline. This Pb was car-
ried across the Atlantic, via the Sargasso Sea, by
eastward-moving surface water currents. Hence, this
study demonstrates that the signature of leaded gaso-
line will remain in environmental systems for many
years to come, as anthropogenic Pb changes from a
deadly health hazard to a useful marker of 1970s-age
components in hydrological and sedimentary systems.

5.6.2 Pb as an oceanographic tracer

The extent of anthropogenic Pb contamination of
ocean water is so great that Pb isotope measurements
of ocean water itself cannot give information about
natural Pb circulation. Therefore, studies of Pb as a
natural oceanic tracer must be based on inventories of
past oceanic Pb, recorded in ferromanganese nodules
and pelagic sediments, as well as on the behaviour
of 210Pb, a short-lived isotope in the U-series decay
chain (section 12.1).

The use of Pb isotope analysis in oceanography
was pioneered by the studies of Chow and Patterson
(1959) on manganese nodules, and Chow and Patterson
(1962) on pelagic sediments. These studies revealed a
general distinction between the Pb isotope signatures
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of Atlantic and Pacific samples, but within each ocean
basin manganese nodules and pelagic sediments gave
relatively consistent results. From these observations,
Chow and Patterson concluded that Pb had a relatively
short residence time in seawater, and that the distinct
Pacific and Atlantic Ocean signatures reflected the av-
erage Pb isotope composition of the continents sur-
rounding each ocean basin.

From these inter-oceanic variations, Chow and
Patterson estimated a residence time for dissolved Pb
in seawater of about 10 kyr. However, Craig et al.
(1973) showed that 210Pb can be used to determine
a much more accurate Pb residence time, by compari-
son with the relatively long-lived isotope 226Ra, which
acts as the parent of 210Pb in seawater. They showed
that 210Pb was severely depleted relative to 226Ra in
deep ocean water, and hence that Pb must be very
rapidly scavenged from seawater by adsorption onto
particulate matter. Hence, from the degree of 210Pb de-
pletion in a vertical section through the North Pacific
off Guadalupe, Craig et al. calculated a deep-water Pb
residence time of only 50 yr (Fig. 5.45). This figure
was confirmed as the average oceanic Pb residence
time by a recent compilation of oceanic 210Pb data,
coupled with a general ocean-circulation model (Hen-
derson and Maier-Reimer, 2002). However, variations
in residence time of up to an order of magnitude were
observed between areas of high and low biological pro-
ductivity.

Fig. 5.45. Profiles of 210Pb and 226Ra activity against
depth in the central Pacific Ocean, showing the good
agreement between measured 210Pb activity (●) and a
water-column model with a Pb residence time of 54 yr.
After Craig et al. (1973).

In the 1970s, interest in environmental Pb isotope
analysis switched from natural to anthropogenic Pb,
and relatively few studies of Pb isotopes as oceanic
tracers were performed until the 1990s. However, a
study by Reynolds and Dasch (1971) led to a better
understanding of the sources of dissolved oceanic Pb.
Reynolds and Dasch were able to obtain more accurate
Pb isotope data than Chow and Patterson because of
advances in mass spectrometry, including the use of
a double-spiking technique to correct for instrumental
mass fractionation (section 2.4.2). They showed that
Mn nodules from the Atlantic Ocean had Pb signa-
tures consistent with a source from continental erosion,
whereas Mn nodules from the Pacific Ocean appeared
to contain a mixture of continental Pb and a component
of Pb from submarine volcanic activity.

The importance of submarine hydrothermal activity
as a source of Pb in the oceans was confirmed by stud-
ies of metal-rich sediments near the East Pacific Rise
(Dasch et al., 1971). These sediments have very large
Pb contents (about 200 ppm) and Pb isotope signatures
that overlap the composition of Pacific MORB. On the
other hand, Mn nodules not in the immediate vicinity
of the ocean ridge were shown to have more-radiogenic
Pb signatures indicative of mixing with continental
sources (Reynolds and Dasch, 1971). This interplay
between continental and hydrothermal Pb fluxes as
sources for oceanic Pb was confirmed by O’Nions et
al. (1978). They argued that, because the oceanic res-
idence of Pb is so short, the isotopic composition of
seawater Pb at any one point is essentially a dynamic
equilibrium between these competing fluxes.

Despite its very short oceanic residence time, the be-
haviour of oceanic Pb somewhat resembles that of Sr
(section 3.6.2) in resulting from competing continen-
tal and hydrothermal fluxes. The importance of ocean-
floor hydrothermal activity as a source of Pb can be
attributed to the solubility of Pb as high-temperature
chloride complexes, despite its strong adsorption into
particulate matter at low temperatures. In contrast, the
solubility of Nd is low both at high and at low temper-
atures. Therefore Nd is not mobilised by sea-floor hy-
drothermal activity, and oceanic Nd is derived entirely
from mixing of riverine and windblown components
(section 4.5.1).

Much oceanographic evidence shows that Pacific
and Atlantic water masses communicate via the
circumpolar (Antarctic) ocean (e.g. section 14.1.7).
Therefore, a good understanding of present-day
oceanic Pb can be obtained from circumpolar Mn nod-
ules. These were studied by Abouchami and Goldstein
(1995), who found evidence for major mixing of Pb
between different water masses, as shown on a Pb–Pb
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isotope diagram (Fig. 5.46). In this plot, the
composition of East Pacific Rise metalliferous sedi-
ments overlaps the MORB field, while the Pb array
in Mn nodules spans the range from the metalliferous
sediments to radiogenic crustal sources.

The mixing relationships in Fig. 5.46 can be seen
in a dynamic fashion by plotting the Pb isotope
ratio of circumpolar Mn nodules against longitude
(Fig. 5.47). This plot reveals two principal trends,

Fig. 5.46. Thorogenic–uranogenic Pb isotope diagram,
showing circumpolar Mn nodules (●) resulting from
mixing of Antarctic water with Pacific and Atlantic–
Indian Ocean water. Pacific MORB and metallifer-
ous sediments (◦) are shown for reference. After
Abouchami and Goldstein (1995).

Fig. 5.47. Plot of Pb isotope ratio against longitude,
showing the changing composition of circumpolar wa-
ter due to mixing with water masses of the Pacific
Ocean (●) and Atlantic–Indian Ocean (◦). Modified af-
ter Abouchami and Goldstein (1995).

involving progressive reduction in the Pb isotope ratio
of Antarctic water across the south Pacific, and a pro-
gressive increase across the southern Atlantic–Indian
oceans. These variations occur in response to mix-
ing of these water masses with the eastward-moving
circumpolar current, which has a circulation time of
about 30 yr.

The Atlantic–Indian Pb trend in Fig. 5.47 is cor-
related with ε Nd, which Abouchami and Goldstein
attributed to the southerly current that carries North
Atlantic Deep Water (NADW) into the Antarctic
Ocean. Here, NADW mixes with the Antarctic Bot-
tom Water in which the Mn nodules grow. In con-
trast, the Pacific Pb trend does not correlate with ε

Nd, which Abouchami and Goldstein attributed to the
effect of many isolated mixing events between Pacific
and Antarctic water as the circumpolar current moves
across the southernmost Pacific. However, when this
circumpolar water (CPW) reaches the Drake Passage
between South America and Antarctica, the circumpo-
lar current carries this water, with its distinct isotopic
signature, half-way across the south Atlantic, until it
suddenly meets the southward-moving NADW. A sim-
ilar sudden transition occurs SE of Australia, where
Pacific water first meets CPW in the Tasman Straits
(Fig. 5.47).

Within the Atlantic, Indian and Pacific oceans, the
Pb isotope compositions of Mn nodules are more ho-
mogeneous than they are in the circumpolar ocean (von
Blanckenburg et al., 1996). However, recent work has
revealed isotopic provinciality in the Mn nodules from
these oceans, with complex mixing relationships be-
tween Pb from different bodies of water. For example,
the southern Indian Ocean is influenced by NADW
and CPW, as discussed above, but the northern Indian
Ocean carries a Pb signature from Himalayan erosion
(Vlastélic et al., 2001). Similarly, the south-central
Pacific is dominated by hydrothermal input from the
East Pacific Rise, but the north-central Pacific carries
a Pb component derived from windblown sediment,
largely composed of Chinese loess (Jones et al., 2000).
Finally, the marginal north Pacific bears Pb signatures
from the erosion of circum-Pacific volcanic arcs.

5.6.3 Paleo-seawater Pb

Because of their slow growth over millions of years,
ferromanganese nodules and crusts preserve a record
of past variations of seawater Pb isotope composition,
as well as geographical variations at the present time.
The reliable dating of such material, which is critical
in order to make accurate paleo-oceanographic recon-
structions, is discussed in section 4.5.3.
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In view of the very short residence time of Pb
in the oceans, and the multitude of Pb sources dis-
cussed above, it might be expected that the records
of past oceanic Pb isotope composition carried in
ferromanganese crusts would show rapid changes.
Rapid changes were indeed observed in the Northwest
Atlantic over the past 2 Myr (Fig. 5.48). These were
originally attributed to the closure of the Panama Gate-
way (Burton et al., 1997). However, the observation of
similar changes in the Arctic Ocean suggested that the
changes were probably due to the input of very radio-
genic Pb from the Canadian and Greenland shields as
a result of intensified glacial erosion beginning about
3 Myr ago (von Blanckenburg and O’Nions, 1999).

In contrast to these rapid changes, the earlier evolu-
tion of North Atlantic Pb was somewhat less variable,
while the central Pacific has maintained a practically
constant Pb isotope composition over the past 30 Myr
(Ling et al., 1977). On the other hand, the northern
Indian Ocean has experienced moderately large long-
term Pb isotope variations over the past 25 Myr, at-
tributed by Frank and O’Nions (1998) to the effects of
Himalayan uplift and erosion. The sensitivity of Pb
isotopes to these regional oceanographic processes,
coupled with the power of MC-ICP-MS for produc-
ing large numbers of accurate measurements (section
2.5.4), means that Pb isotopes promise to be excellent
tracers for detailed paleo-oceanography.

Fig. 5.48. Pb isotope variations in ferromanganese
crusts from the major oceans over the past 30 Myr. After
Frank and O’Nions (1998).
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6 Isotope geochemistry
of oceanic volcanics

Some of the most important questions in geology con-
cern the processes which operate in the Earth’s man-
tle. Mantle convection is clearly the driving force be-
hind plate tectonics (e.g. Turcotte and Oxburgh, 1967),
but the details of its operation are still unclear. The
depth of mantle convection cells, the fate of sub-
ducted lithosphere and the source of upwelling man-
tle plumes are all questions that remain poorly un-
derstood. Isotope geochemistry may help to answer
these questions by revealing the progress of mantle
differentiation into different reservoirs and the extent
to which these reservoirs are re-mixed by convective
stirring.

The inaccessibility of the mantle presents a severe
problem for geochemical sampling. However, mantle-
derived basic magmas provide a prime source of evi-
dence about the chemical structure of the mantle. Iso-
topic tracers are a particularly powerful tool for such
studies, because, unlike elemental concentrations, iso-
tope ratios are not affected by crystal fractionation.
However, isotope ratios are susceptible to contamina-
tion in the continental lithosphere. Therefore the sim-
plest approach to studying mantle chemistry through
basic magmas is to analyse oceanic volcanics, which
are expected to have suffered minimal contamination
in the thin oceanic lithosphere.

Isotope analysis of ocean-island basalts (OIB) was
first used to demonstrate the existence of mantle
heterogeneity (Faure and Hurley, 1963; Gast et al.,
1964). Subsequently, variations were found between
the isotopic compositions of mid-ocean-ridge basalts
(MORB) and OIB (Tatsumoto, 1966). Isotopic anal-
ysis of oceanic basalts can be used both to probe
the structure of the mantle and to model its evolu-
tion over time. The approach taken here will be to ex-
amine the constraints on mantle structure from single
isotopic systems (mainly Sr and Pb), then to exam-
ine the constraints on mantle evolution from multiple
isotopic systems (Sr–Nd, U–Th–Pb and Sr–Nd–Pb).
Evidence from other systems will be examined in later
chapters.

6.1 Isotopic tracing of mantle structure

6.1.1 Contamination and alteration

Before oceanic volcanics can be used to deduce man-
tle compositions, we must examine and quantify the
amounts of alteration and contamination which could
occur during magma transport and eruption on ocean
islands or the ocean floor.

Sub-solidus alteration of analysed samples could re-
sult from hydrothermal interaction with seawater, in
the case of submarine basalts, or sub-aerial weath-
ering, in the case of ocean-island basalts. For exam-
ple, Dasch et al. (1973) found a positive correlation
between 87Sr/86Sr ratio and water content in dredged
oceanic basalts of various ages (Fig. 6.1). Samples with
more than 1% H2O had almost invariably suffered con-
tamination with Sr from seawater, but those with less
than 1% alteration appeared to be uncontaminated.

Sub-solidus alteration in submarine samples can re-
liably be avoided by analysing 100%-fresh MORB
glasses (Cohen et al., 1980). Where crystalline rock
must be analysed (e.g. White et al., 1976), alteration
can be avoided by analysing fresh material dredged
from the median valley of the ocean ridges, where
very young, unmetamorphosed basalts outcrop. Alter-
natively, leaching of crystalline samples before analy-
sis may remove contaminated alteration minerals, also
yielding results that are consistent with glasses (Dupré
and Allègre, 1980). Unaltered OIB are easily obtained
by sampling only fresh lavas.

Once sub-solidus alteration of samples has been ex-
cluded, the next possibility that must be considered
is contamination in the oceanic lithosphere. Although
this is normally much thinner than the continental
lithosphere, some ocean islands could be located on
micro-continents or some other kind of abnormal litho-
sphere.

In their early work on Ascension and Gough islands,
Gast et al. (1964) considered the possibility of contam-
ination of the analysed lavas by a crustal micro-plate.



6.1 Isotopic tracing of mantle structure 137

Fig. 6.1. Plot of strontium isotope ratio against water
content in ocean-floor basalts. Vertical arrows show the
effect of leaching before analysis. The dashed arrow
shows the effect of removal of smectite from an altered
sample. After Dasch et al. (1973).

They tested this possibility by analysing a range of
lavas at variable degrees of magmatic differentiation
(Fig. 6.2). The lack of any correlation in all but the
most evolved rocks was argued to rule out crustal con-
tamination. High Sr isotope ratios in the highly evolved
rocks were attributed to radioactive growth after erup-
tion, since these rocks have very high Rb/Sr ratios. No
age corrections could be applied to these lavas since
their ages were unknown. Similar problems have been
encountered in more recent studies of Ascension lavas
(Harris et al., 1983). However, most oceanic basalts re-
quire no age correction since they have very low Rb/Sr
ratios.

Some workers, most notably O’Hara, suggested that
isotopic variations in MORB and OIB could be ex-
plained by fractionation or contamination processes
affecting magmas during their ascent through oceanic
crust. In his early papers on the subject, O’Hara
(1973; 1975) suggested that variations in 87Sr/86Sr ra-
tio could be generated by physical fractionation of
the isotopes during magmatic differentiation. This is
a misconception, since 87Sr/86Sr ratios are always
fractionation-corrected to the standard 88Sr/86Sr ra-
tio of 8.37521 (section 2.2.3) to eliminate both natu-
ral and analytical mass-dependent fractionation. Sub-
sequently, O’Hara and Mathews (1981) argued that

Fig. 6.2. Sr isotope ratios in lavas from Gough and As-
cension islands plotted against an index of magmatic
differentiation. Radiogenic Sr in highly evolved lavas
(open symbols) is attributed to radioactive growth since
eruption. Arrows show estimated age corrections. After
Gast et al. (1964).

large-ion lithophile (LIL) elements (including stron-
tium) could be perturbed by contamination with al-
tered oceanic crust in a periodically tapped, periodi-
cally re-filled, long-lived magma chamber. This model
is now ruled out by the evidence from U-series iso-
topes, which severely limits the time between genera-
tion and eruption of ocean-floor basalt, and hence the
ability of an open-system magma chamber to overprint
the source isotopic signatures in the erupted products
(section 13.3).

More recently, renewed attention has been paid to
the possibility that some OIB may have been contam-
inated by mantle lithosphere. In the case of Hawaii it
was proposed some time ago (Chen and Frey, 1983)
that late magmatism on Oahu involved partial melt-
ing of the LIL-depleted oceanic lithosphere, and that
these melts were variably mixed with melts from a
plume source. However, it is only recently that strong
evidence has been amassed for the contamination of
some plume sources by old continental lithosphere.
Within the ocean basins, other islands now thought to
be underlain by fragments of old lithosphere include
Grande Comore (Class et al., 1998), São Miguel in the
Azores (Widom et al., 1997) and the Canaries (Widom
et al., 1999), all of which surround the African conti-
nent. Therefore, it has been suggested that fragments of
African sub-continental lithosphere were delaminated
during continental rifting and left as scattered remnants
under new oceanic crust (Widom et al., 1997; Moreira
et al., 1999). The case of São Miguel will be discussed
in section 6.2.2.
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Fig. 6.3. Plot of diffusivity against 1/temperature, showing experimental results for the diffusion of Sr, Ar, Ni,
Ca and oxygen in various types of material. Times for effective equilibration are based on a grain size of 1 cm.
Modified after Hofmann and Hart (1978).

6.1.2 Disequilibrium melting

Following the discovery of ‘mantle heterogeneity’ un-
der the oceans, various workers (e.g. Harris et al.,
1972; O’Nions and Pankhurst, 1973; Flower et al.,
1975) suggested that mantle temperatures might not
be high enough to ensure diffusional homogenisation
of Sr isotope ratios between different mantle min-
erals. In that case, grains with higher Rb/Sr ratios
(such as the magnesian mica phlogopite) could de-
velop more radiogenic 87Sr/86Sr compositions over ge-
ological time. ‘Disequilibrium’ melting of such phases
could then bias the isotopic composition of a melt
towards higher 87Sr/86Sr compositions. Small-degree
partial melts would tend to be enriched in Rb/Sr and
87Sr/86Sr relative to large-degree partial melts, due to
the tendency of high Rb/Sr phases such as phlogopite
to enter the melt first.

Harris et al. (1972) argued in favour of disequilib-
rium melting during basalt genesis, based on evidence
of isotopic disequilibrium in mantle xenoliths carried
to the surface in basic magmas. Isotopic disequilibrium
in ultramafic xenoliths is very widespread (section 7.1),
but such cases represent samples of the solid litho-
sphere. It is questionable whether these observations
can be extrapolated to the higher-temperature envi-
ronment of basaltic magma genesis in the convecting
asthenosphere.

Hofmann and Hart (1978) examined data for the dif-
fusion of Sr in mantle silicates in order to determine the

rates at which isotopic disequilibrium could be erad-
icated at various temperatures. In Fig. 6.3, values of
diffusivity (D) are used to calculate times for effective
equilibration of a species between a sphere of diam-
eter 1 cm and an infinite reservoir such as a slowly
moving melt. These times are roughly those taken for
diffusion over a ‘characteristic transport distance’ of
0.25 cm, using the equation X = (Dt)1/2.

Using the lower of the measured diffusivities, it
would take millions of years to eradicate Sr isotope
heterogeneity between large grains of phlogopite and
clinopyroxene (cpx) in solid lithospheric mantle at,
say, 600 ◦C. Even in a solid mantle at 1000 ◦C, equi-
libration could take millions of years if the phlogo-
pite and clinopyroxene grains were separated by in-
tervening olivine or orthopyroxene, which effectively
contain no Sr but lengthen the diffusion pathways be-
tween phlogopite and cpx. However, as soon as a melt
is present, the surface of each crystal is in diffusional
contact with nearby (about 2 cm distant) grains over a
period of a few years. Therefore isotopic disequilib-
rium between phlogopite and cpx could be eradicated
in a few thousand years at temperatures above the basalt
solidus (about 1000–1200 ◦C). Nevertheless, diffusion
over long distances, even in a partially molten mantle,
is still slow.

Hofmann and Hart (1978) concluded that the evi-
dence favoured ‘local equilibrium in a partially molten
mantle, local disequilibrium in a completely crystalline
mantle, and regional disequilibrium in any mantle that
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Fig. 6.4. Plot of Sr isotope ratio against latitude for basalts from the Mid-Atlantic Ridge: (+) = Iceland–Reykjanes
ridge. Age correction of isotope data is unnecessary, due to the low Rb/Sr ratios and young ages of analysed
material. After White et al. (1976).

convects only slowly in large convection cells’. This
suggests that disequilibrium melting does not preferen-
tially sample isotopic mantle heterogeneity at the min-
eralogical scale. However, it might well sample het-
erogeneity between different petrological source types,
even if these are streaked out by convection into thin
bands (see below).

6.1.3 Mantle plumes

Following the acceptance of the plate-tectonic model,
it was realised that the tectonic setting of basic vol-
canism was a crucial factor in determining the nature
of the mantle source being tapped, and consequent
magma chemistry. Morgan (1971) proposed that the
different chemistries of MORB and OIB could be ex-
plained if the former were derived directly from the
asthenospheric upper mantle, whereas the latter were
generated by upwelling plumes from the lower man-
tle. Evidence in support of this model was provided
by elemental analysis of Icelandic basalts (Schilling,
1973). These data suggested a region of mixing be-
tween plume (OIB source) and depleted upper mantle
(MORB source) on the Reykjanes Ridge south of Ice-
land. Sr isotope data for the Reykjanes Ridge (Hart
et al., 1973) were slightly more equivocal, since they
showed a step-like feature in the data (Fig. 6.4). Hart
et al. interpreted the data as a mixing phenomenon,
but some workers (e.g. Flower et al., 1975) interpreted
this step as resulting from disequilibrium melting of a
mantle with variable phlogopite contents.

White et al. (1976; 1979) extended the Sr isotope
data set by analysing dredged samples from the axial

Fig. 6.5. Plot of strontium isotope ratio against longi-
tude for basalt samples from the Azores Plateau: (×)
= dredged basalts. Other symbols represent individual
islands. After White et al. (1979).

valley of the Mid-Atlantic Ridge (MAR) between 29
and 63 ◦N and by sampling across the Azores plat-
form. Isotopic data are plotted against latitude down
the MAR in Fig. 6.4, and against longitude across
the Azores Plateau in Fig. 6.5. There are large vari-
ations in the strontium isotope ratio of MORB sam-
ples along the MAR, but where MORB and OIB are
erupted alongside each other (the Azores Plateau), they
have very similar isotope ratios (with the exception
of São Miguel). Because tholeiitic (MORB) and alka-
line (OIB) magmas are attributed to different degrees
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of mantle melting, the overlap of their compositions
across the Azores Plateau is evidence against sampling
of isotopic heterogeneities on a mineralogical scale.

The plume–asthenosphere mixing model for the
Reykjanes Ridge was strongly confirmed by Pb isotope
analysis (Sun et al., 1975), which revealed a smooth
compositional variation down the ridge (Fig. 6.6a). In
contrast, Pb isotope analysis of basalts from the Kol-
beinsey Ridge, north of Iceland, did not reveal any
contamination of this ridge segment with plume ma-
terial (Mertz et al., 1991). These differences in mix-
ing style north and south of Iceland can be attributed
to asymmetrical distortion of the plume by a regional
southerly flow of asthenospheric mantle (Fig. 6.6b).
Non-uniform Pb isotope contamination of ridge seg-
ments has also been observed in the South Atlantic,
caused by the off-axis St Helena plume (Hanan et al.,
1986).

Fig. 6.6. Interpretation of isotopic data for the Iceland
plume: (a) compilation of Pb data from Iceland (◦),
Reykjanes ridge (�) and Kolbeinsey ridge (■); and (b)
model cross-section of the upper mantle. After Mertz
et al. (1991).

Fig. 6.7. Hypothetical scales of mantle heterogeneity: (a) small scale; (b) large scale; and (c) large and small scale.
After Allègre et al. (1980).

6.1.4 Plum-pudding mantle

Many workers have questioned whether there might
be an intermediate scale of mantle heterogeneity be-
tween rare large plumes and mineralogical disequi-
librium. Even in their early elemental studies of the
Faeroes ‘plume’, Schilling and Noe-Nygaard (1974)
recognised that this structure need not be a continuous
column, but could have the form of a train of ‘blobs’.
Later workers (e.g. Allègre et al., 1980) developed the
idea that trains of blobs need not simply pass in streams
from a (hypothetical) lower-mantle reservoir through
the asthenosphere, but could be part of the convecting
asthenosphere itself. Allègre identified three alterna-
tive models for ‘blob heterogeneity’ of the astheno-
sphere (Fig. 6.7).

In an analysis of basaltic glasses from the ocean
basins, Cohen and O’Nions (1982) showed that the
(comparatively) very large ranges of Pb isotope vari-
ation seen in Atlantic MORB were not equalled on
the East Pacific Rise. Rather than attributing these dif-
ferences to a smaller degree of mantle heterogeneity
beneath the Pacific, Cohen and O’Nions argued that
approximately equal degrees of heterogeneity in the
Atlantic and Pacific upper mantle were homogenised
in the large magma chamber associated with its fast-
spreading ridge. Support for this model came from the
observation by Zindler et al. (1984) that seamounts
near the East Pacific Rise exhibited much more vari-
ation than did the adjacent ridge.

Batiza (1984) confirmed the inverse effect of ridge
spreading rate on isotopic heterogeneity by plotting
total ranges of 87Sr/86Sr ratio (�) for various mid-
ocean ridges against their spreading rates (Fig. 6.8). He
attributed the small range of compositions on the fast-
spreading ridges to homogenisation, during the melt-
ing process, of a mantle that was ‘ubiquitously hetero-
geneous on a small scale’. Low isotopic variation on
some slow-spreading ridges (e.g. Juan de Fuca) was at-
tributed to either their short length or limited sampling.
Batiza adopted the more gastronomically elegant term
of ‘plum-pudding’ mantle to describe this blob-bearing
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Fig. 6.8. Total ranges of Sr isotope ratio (�) for MORB
glasses or leached whole-rocks from a given ridge, plot-
ted against spreading rate on that ridge (JDF = Juan de
Fuca; EPR = East Pacific Rise). Figures in brackets indicate
numbers of analyses. After Batiza (1984).

asthenosphere. Allègre et al. (1984) also found an in-
verse correlation between ridge spreading rate and iso-
topic variation, but argued that homogenisation must
be primarily by (solid-state) mantle convection rather
than magma mixing.

In order to express the idea that plume and plum-
pudding models should not be thought of as mutually
exclusive, but rather as a continuum of phenomena,
Sun (1985) coined the term ‘plume-pudding’ mantle
(sic). Plums and plumes might originate from a variety
of phenomena. However, this question cannot effec-
tively be answered by the application of single isotopic
systems, and will be discussed below on the basis of
co-variations in multiple isotopic systems.

6.1.5 Marble-cake mantle

Fluid-dynamic modelling of the convecting astheno-
sphere (e.g. Richter and Ribe, 1979; McKenzie, 1979)
has suggested that discrete structures in the mantle
(e.g. blobs, plums, etc.) cannot remain undeformed for
long periods in the convecting asthenosphere. They
will tend to be elongated and sheared until they are
eventually physically homogenised with the depleted
reservoir. Polvé and Allègre (1980) argued that evi-
dence of this process was provided in orogenic lher-
zolites (Fig. 6.9), which contain alternating bands of
(depleted) lherzolite and (enriched) pyroxenite. They
suggested that this banding might have been gener-
ated by convective ‘stirring’ and stretching of a two-
part sandwich of oceanic crust and underlying residual

Fig. 6.9. Schematic illustration of ‘marble-cake’ mantle
consisting of pyroxenite (shaded) and lherzolite layers
in the Beni Bousera peridotite of Morocco. After Allègre
and Turcotte (1986).

lherzolite, which is recycled back into the mantle by
subduction. Allègre and Turcotte (1986) coined the
term ‘marble-cake’ mantle to describe this concept,
and argued that it is representative of the structure of
much of the upper mantle.

Prinzhofer et al. (1989) argued that random mixing
between partial melts of pyroxenite and peridotite in a
marble-cake mantle could generate the large ranges of
incompatible element concentrations and the moderate
range of radiogenic isotope ratios seen in lavas from
a small (40 km × 10 km) area of the East Pacific Rise.
However, mixing in the magma chamber is not capable
of explaining the length dependence of large-scale iso-
topic anomalies on ridges (Kenyon, 1990). For exam-
ple, the isotopic ‘texture’ of the South Atlantic Ridge
requires convective homogenisation over distances of
up to 1000 km (Fig. 6.10). This is too large for a magma
chamber, since it is more than the length of ridge seg-
ments between transform faults. Hence it follows that
homogenisation must occur at a deeper level, either
by solid-state convection of the marble-cake mantle,
or during ascent of magma from the zone of partial
melting under the ridge (e.g. section 13.3).

6.2 The Nd–Sr isotope diagram

In the mid 1970s, studies of the origins of mantle het-
erogeneity were revolutionised by the application of
Nd isotope analysis to young volcanic rocks (DePaolo
and Wasserburg, 1976; Richard et al., 1976). DePaolo
and Wasserburg plotted 143Nd/144Nd isotope ratios,
in the form of ε Nd (section 4.2), against 87Sr/86Sr
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Fig. 6.10. Curve-fit for mixing of isotopic heterogene-
ity, compared with empirical data for amplitude versus
wavelength of Sr isotope variation on the South At-
lantic Ridge. After Kenyon (1990).

Fig. 6.11. Plot of ε Nd against Sr isotope ratio for ocean-
floor, ocean-island and continental basalts analysed be-
fore 1976. The arrow shows estimated Bulk Earth stron-
tium. After DePaolo and Wasserburg (1976).

ratios, and found a negative correlation between them
in oceanic and some continental igneous rocks (Fig.
6.11). They suggested that the formation of magma
sources in the mantle involved the coupled fractiona-
tion of Sm–Nd and Rb–Sr, whereas some continental
samples (which lay to the right of the main correlation
line) could have been contaminated by radiogenic Sr
in the crust.

On the basis that the ‘Bulk Earth’ has a chon-
dritic Sm/Nd ratio (section 4.2), DePaolo and Wasser-
burg used the intersection of the chondritic (zero) ε

Nd line with the mantle Nd–Sr correlation line to
calculate an unfractionated mantle (i.e. Bulk Earth)
87Sr/86Sr ratio of 0.7045 (Fig. 6.11). By using the ini-

tial 87Sr/86Sr ratio of the solar nebula (0.699), calcu-
lated from the ‘basaltic achondrite best initial’ (BABI,
section 3.2.4), and the present-day value from Fig.
6.11, they deduced an Rb/Sr ratio for the unfraction-
ated mantle (now referred to as the Bulk Silicate Earth)
of 0.029.

O’Nions et al. (1977) extended the 143Nd/144Nd ver-
sus 87Sr/86Sr correlation line in oceanic volcanics by
analysing a larger suite of OIB. This included two
samples from Tristan da Cunha with 143Nd/144Nd ra-
tios lower than the Bulk Earth, indicative of a mantle
source which is slightly enriched in LREE relative to
Bulk Earth. O’Nions et al. argued that enrichment of
some mantle sources in Nd/Sm and Rb/Sr (and de-
pletion of others such as MORB) could be explained
by trace-element partition between the melt phase and
residual mantle during partial melting. In view of the
long half-lives of Rb and Sm, they concluded that these
heterogeneities had existed for long periods of time.

6.2.1 Box models for MORB sources

The observed depleted nature of the MORB source
relative to Bulk Earth has very important implications
for the evolution of the mantle, and is attributed to
the extraction of the continental crust from the mantle.
This was first modelled by Jacobsen and Wasserburg
(1979) and O’Nions et al. (1979), using calculations
commonly termed ‘box models’.

In a box model, the Earth is divided into chemical
reservoirs, which may exchange matter, grow, shrink,
etc., and whose evolution is modelled over the Earth’s
4.5 Byr history. Typical reservoirs or ‘boxes’ are the
crust, mantle and core, although these may be subdi-
vided, e.g. into upper and lower mantle. The Earth’s
evolution is portrayed in some alternative box models
in Fig. 6.12, which will be briefly discussed.

O’Nions et al. (1979) examined two models of man-
tle differentiation and crustal growth (1a and 1b in Fig.
6.12). These were based on the numerical solution of
upward and downward transport coefficients for sev-
eral elements in 90 steps, each corresponding to 50 Myr
of the Earth’s history. The model was constrained by
boundary conditions in the form of the composition of
the primitive chondritic mantle 4.55 Byr ago and the
estimated composition of the outermost 50 km of the
Earth (including the continental and oceanic crust) at
the present day. In Fig. 6.13 the results for 87Sr/86Sr
evolution are shown for cases in which (a) the whole
mantle is depleted by the extraction of the upper 50-
km layer; and (b) only the upper half of the mantle
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Fig. 6.12. Box models for the geochemical evolution of the mantle. Models 1a and 1b correspond to whole- or half-
mantle depletion due to the extraction of continental crust. Models 2a and 2b show alternative types of mantle
evolution: progressive growth of a constantly depleted mantle or progressive depletion of a constant-volume
mantle.

Fig. 6.13. Plots of Sr isotope evolution against time to compare the effects of (a) whole-mantle and (b) half-
mantle convection on the degree of depletion predicted for the residual (MORB) reservoir. The hatched area is
the present-day composition of MORB. After O’Nions et al. (1979).

is depleted. (These scenarios correspond to models 1a
and 1b in Fig. 6.12.) Model (b) is found to yield a much
better approximation to the present 87Sr/86Sr ratio of
the depleted (MORB) source.

Jacobsen and Wasserburg (1979) used box models
to examine another aspect of global differentiation (2a
and 2b in Fig. 6.12). They simplified their treatment
by considering only unidirectional transport of species
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from the mantle to generate the crust continuously over
geological time, and solved the transport equations al-
gebraically. In model 2a (Fig. 6.12) melts are extracted
from the primitive mantle and generate the continental
crust and a depleted mantle, both of whose volumes
grow over geological time. However, the elemental
composition of the depleted mantle remains constant
through time. Mass-balance calculations based on Sm–
Nd data led Jacobsen and Wasserburg to calculate that
only 33% of the mantle need be depleted to generate
the continental crust, corresponding to the formation of
a depleted MORB reservoir occupying approximately
the upper 650 km of the mantle.

In Jacobsen and Wasserburg’s second model (2b in
Fig. 6.12), the crust is extracted from a fixed volume
of mantle, which therefore becomes more and more
depleted through geological time. The mass of this de-
pleted mantle needed to generate the crust was cal-
culated as only 25% of the total. In this model the
isotopic composition of new continental crust will re-
flect a derivation from depleted mantle, whereas in
model 2a new continental crust will have a chondritic
(primitive-mantle) isotopic signature. On the basis of
Nd isotope data available to them at the time (sec-
tion 4.2.1), Jacobsen and Wasserburg preferred model
2a. However, more recent Nd isotope evidence (sec-
tion 4.2.2) strongly favours model 2b. The different
estimates of O’Nions et al. (1979) and Jacobsen and
Wasserburg (1979) for the volume of the depleted
mantle reflect the uncertainties involved in estimat-
ing the trace-element and isotopic composition of the
crust.

DePaolo (1980) studied a model similar to 2b, but
with the possibility of crustal recycling into the mantle,
and again concluded that only 25%–50% of the mantle
need be depleted to generate the continental crust. It
appears that modest amounts of crustal recycling have
relatively little effect on mantle Nd–Sr isotope system-
atics, but a large effect on Pb (section 5.4.3).

The box-model approach has been used in numerous
more recent papers, e.g. Allègre et al. (1983). These
authors used the so-called ‘total inversion method’ to
attempt to choose between different models, but the
uncertainties in the data did not allow significant extra
information to be gained. In fact, more recent work
(see below and also section 4.4.3) has suggested that
the subduction of oceanic crust and sea-floor sediments
may have created an enriched reservoir in the lower
mantle as important as continental crust. This suggests
that the above modelling has probably under-estimated
the size of the depleted reservoir at the present day,
which may actually comprise more than 50% of the
volume of the whole mantle.

6.2.2 The mantle array and OIB sources

The Nd–Sr isotope correlation in oceanic rocks was
first referred to as the ‘mantle array’ by DePaolo and
Wasserburg (1979). They attributed the OIB which
form most of this array to a chondritic lower-mantle
source contaminated by mixing with melts from the
depleted MORB source during ascent. Indeed, much
of the early discussion about the Nd isotope system-
atics of OIB attempted to explain their composition
in terms of the two major reservoirs discussed above,
namely Bulk Earth and depleted mantle. Little atten-
tion was given to the problem of generating enriched
oceanic mantle, since Tristan da Cunha was regarded
as more or less representing a primitive-mantle com-
position similar to the Bulk Earth (Allègre et al., 1979;
O’Nions et al., 1980).

Kamber and Collerson (1999) recently ‘rediscov-
ered’ and attempted to revive this model for OIB
sources involving simple mixing between a primordial
Bulk Earth reservoir and the MORB source mantle.
This proposal was based largely on recent Pb isotope
evolution models discussed in section 5.4.3. However,
Kamber and Collerson also claimed that there was
“growing geophysical and geochemical evidence in
support of this original ‘standard’ model”. Neverthe-
less, the present author is in complete disagreement
with this claim, believing that a simplistic model of
this type is not consistent with the geophysical and
geochemical evidence reviewed below.

The first persuasive evidence against simple mix-
ing between Bulk Earth and MORB source mantle
was provided by the extension of the mantle array into
the ‘enriched’ lower-right quadrant of the Nd–Sr iso-
tope diagram. This was convincingly demonstrated in
a study of the Kerguelen Islands (Dosso and Murthy,
1980), shown in Fig. 6.14. More recent work has
shown that part of the Kerguelen Plateau is underlain
by a fragment of continental lithosphere, which has
imparted enriched isotopic signatures to the magmas
which erupted through it (section 6.3.2). However, the
lavas of the Kerguelen Islands themselves are not af-
fected by this phenomenon, and are still attributed by
most workers to an enriched source in the deep mantle
(e.g. Neal et al., 2002; Mattielli et al., 2002).

Another enriched mantle source was revealed
by alkali basalts from São Miguel in the Azores
(Hawkesworth et al., 1979a). However, in this case the
data trended towards enriched 87Sr/86Sr compositions
lying to the right of the mantle array. The São Miguel
trend was subsequently extended by data from Samoa
and the Society Islands (White and Hofmann, 1982),
breaking the simple Nd–Sr isotope correlation in OIB
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Fig. 6.14. Plot of Nd versus Sr isotope compositions for oceanic volcanics, showing extension of the ‘mantle array’
into the ‘enriched’ quadrant relative to Bulk Earth, based on Kerguelen data (▲), and the extension of São Miguel
data into the upper-right quadrant. Modified from Dosso and Murthy (1980).

into a ‘mantle disarray’ (White, 1981). Further disar-
ray is caused by the existence of other ocean islands
with compositions to the left of the mantle array, such
as St Helena (White and Hofmann, 1982).

Hawkesworth et al. (1979a) discovered an addi-
tional problem when they compared isotopic and trace-
element data in OIB samples. Iceland, Hawaii and São
Miguel basalts plot in the upper-left quadrant of the
Nd–Sr isotope diagram, together with MORB (Fig.
6.14), indicating derivation from a source with a time-
integrated depletion in light REE relative to Bulk Earth
for all of these samples, and depletion in Rb (relative
to Sr) for most. However, when trace-element abun-
dance ratios in these samples are examined (Fig. 6.15),
only MORB samples plot completely in the depleted
quadrant relative to Bulk Earth. Iceland reaches into
the LREE-enriched (i.e. low-Sm/Nd) quadrant, while
some Hawaiian samples also reach into the Rb/Sr-
enriched quadrant, and all São Miguel samples plot
in the LREE- and Rb/Sr-enriched quadrant.

Hawkesworth et al. examined several possible ways
of generating the isotopic and trace-element features
of the Azores data. They ruled out interaction with
seawater because this would displace points horizon-
tally to the right on the Nd–Sr isotope diagram (section
6.6). They recognised that ocean-floor sediments have
suitable Nd and Sr isotope compositions to generate
the São Miguel array by contamination, but they ruled
out this model for two reasons. Firstly, a 1-km-deep

Fig. 6.15. Plot of Sm/Nd versus Rb/Sr elemental ratios
for basic volcanic suites relative to the calculated ratios
for Bulk Earth. After Norry and Fitton (1983).

hole drilled into the pillow lavas which build the is-
land did not encounter any sediments. Secondly, the
primitive chemistry of the basalts shows no sign of
crustal contamination. Hence, by a process of elimina-
tion, Hawkesworth et al. attributed the isotopic signa-
tures to the mantle sources of the basalts.

One model that can explain both the isotopic and
the trace-element characteristics of the Azores data is
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mantle metasomatism. Hawkesworth et al. suggested
that this caused LIL-element enrichment of the source
a few tens of millions of years before generation of
the Azores magmas. This can explain how a mantle
source with a long-term depletion in LREE relative to
Bulk Earth (as indicated by Nd isotope compositions,
Fig. 6.14) can nevertheless be enriched in LIL trace
elements (Fig. 6.15). If the source was only recently
enriched in LREE, there would be insufficient time
to affect its Nd isotope signature. On the other hand,
if the metasomatising fluids came from a region with
long-term Rb/Sr enrichment relative to Bulk Earth,
they would also carry a radiogenic Sr isotope signa-
ture, which they could impart to the melting region of
the São Miguel basalts.

In subsequent work, Hawkesworth et al. (1984) ar-
gued that mantle metasomatism could have widely af-
fected the sources both of continental and of ocean-
island basalts. This was a controversial proposal, and
caused much debate at the time. Recent work (Widom
et al., 1997) has supported the metasomatism model
for the mantle source of São Miguel, but has also in-
dicated that this represents a delaminated fragment of
African continental lithosphere, and is therefore not
representative of OIB sources in general. Meanwhile,
the paradox of deriving other LIL-enriched magmas
from a source with long-term LIL depletion has been
solved by new views of the nature of mantle melt-
ing. It is now proposed that very-small-degree (LIL-
enriched) melts can be extracted from the mantle un-
der conditions of low-degree partial melting (section
13.3.1). This avoids the need to invoke widespread
metasomatic enrichment of mantle sources prior to
magmatism.

As an alternative to the metasomatism model,
Hofmann and White (1980; 1982) proposed that recy-
cling of ancient oceanic crust into the OIB source could
explain relatively enriched trace-element and isotopic
compositions within the mantle array. Similarly, the de-
viation of Azores, Samoa and Society Islands basalts
to the right of the mantle array could be explained by
the addition of subducted sediment to the recycling of
oceanic crust (Fig. 6.16).

In this model, subducted ocean crust was believed
to descend to a density-compensation level where it
was stored and reheated for 1–2 Byr before return-
ing to the surface in a plume. Hofmann and White
suggested that this was the core–mantle boundary, but
Ringwood (1982) advocated the 670-km phase transi-
tion as the compensation depth at which oceanic crust
resides. Seismic evidence for depression of the 670-km
mantle phase boundary under subduction zones sup-
ports this model by suggesting that the descending slab

Fig. 6.16. Plot of Nd versus Sr isotope composition for
oceanic volcanics, showing two arrays. The main mantle
array is attributed to recycling of magmatically fraction-
ated material such as oceanic crust. The shallow mix-
ing line is attributed to recycling of sediment. After
Hofmann and White (1982).

may be deflected horizontally at this level (Shearer and
Masters, 1992). However, other evidence suggests that
the density contrast is too small to impede convective
transport across this boundary and prevent slab pen-
etration into the lower mantle (Morgan and Shearer,
1993). Furthermore, there is an increasing amount of
tomographic evidence showing that some slabs sink to
the bottom of the mantle (van der Hilst et al., 1997)
and that some plumes rise from the same place (e.g.
Bijwaard and Spakman, 1999).

6.2.3 Mantle convection models

Over the past couple of decades, the convective struc-
ture of the mantle has been much debated, with geo-
physicists generally advocating a single layer of con-
vection cells in the mantle, while geochemists have
generally advocated two-layer convection. Some geo-
chemists (e.g. Allègre, 1997) have continued to support
a fairly rigid two-layer model, but there are increas-
ing suggestions that a compromise position should be
taken. This is based on new evidence that the viscosity
of the mantle increases by nearly two orders of mag-
nitude from top to bottom (e.g. Bunge et al., 1996).
This variable-viscosity model seems to imply a con-
vective regime somewhere between the two extremes
of single- and double-layer convection. In principle the
lower mantle is part of the main convective system of
the mantle, but in practice its high viscosity may iso-
late large bodies of it from the more rapidly convecting
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Fig. 6.17. The predicted effect of a variable-viscosity
mantle, resulting in a homogeneous upper mantle
and a more heterogeneous lower mantle where large
‘blobs’ of material can resist entrainment into the con-
vective system. After Becker et al. (1999).

upper mantle. This style of mantle convection is illus-
trated by a conceptual diagram in Fig. 6.17.

In an early evaluation of variable-viscosity man-
tle circulation models, Manga (1996) suggested that
lower-mantle blobs of high viscosity may actually
aggregate together over time, unlike the convective
regime in the upper mantle, which is able to streak
out and homogenise heterogeneities over time. The
‘blob’ model of the lower mantle was also supported
by Becker et al. (1999), who suggested that blobs of
primitive mantle with a viscosity 100 times larger than
that of the surrounding depleted mantle could be the
cause of the variations of mantle viscosity with depth.
However, they could not account for the origin of these
blobs. The opposite view was taken by van Keken
and Zhong (1999), who argued that mantle convec-
tion would efficiently mix and eradicate mantle ‘blobs’
so that it would not be possible for large volumes of
the lower mantle to remain isolated over the lifetime
of the Earth. These conflicting interpretations illustrate
the limitations of theoretical modelling of mantle struc-
ture, since the models are not sufficiently well con-
strained to yield definitive results.

A model involving a heterogeneous lower man-
tle was supported by new tomographic evidence for
the gross structure of the mantle (van der Hilst and
Karason, 1999). Variations in seismic properties were
represented by two measures of the radial (vertical)
structure of the mantle (Fig. 6.18). The first (radial cor-
relation) is a measure of the vertical continuity of struc-
ture, while the second (radial variation) is a measure
of the variability of seismic velocities. These measures
show that the mid mantle is relatively homogeneous,
whereas the upper and lower mantle are more hetero-
geneous. In the upper mantle this is due to rapid phase

Fig. 6.18. Cross-section of the whole mantle, showing
the variation of two measures of heterogeneity as a
function of depth. Modified after van der Hilst and
Karason (1999).

changes with depth, and to the large temperature vari-
ations between plumes, slabs and asthenospheric man-
tle. In the lower mantle it is presumed to correspond
to chemical heterogeneity among different domains of
primordial, recycled and mixed material.

The model of van der Hilst and Karason (1999)
was developed by Kellogg et al. (1999) to reinstate
a sharper division between upper- and lower-mantle
domains. The division between these domains was
placed at 1600 km depth, at the top of the heteroge-
neous lower-mantle domain identified by van der Hilst
and Karason. The main feature of the new model was a
hypothetical reservoir of ‘intrinsically dense’ material
at the bottom of the mantle, perhaps reflecting Fe en-
richment. It was suggested that this material originated
early in the Earth’s history, perhaps from a magma
ocean or by recycling of particularly mafic oceanic
crust in the Archean. Subducted slabs could penetrate
this material, but would normally collect on its upper
surface, as illustrated in Fig. 6.19.

The greater density of the hypothetical lower layer
obviously stabilises it against entrainment into the con-
vective system of the upper mantle. Because this layer
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Fig. 6.19. A hypothetical mantle with ‘intrinsically
dense’ material at its base, upon which recycled slab
material would collect. After Kellogg et al. (1999).

is also enriched in incompatible elements relative to
the upper mantle, it can supply large amounts of heat.
It can also satisfy Nd isotope box models, because the
large volume of enriched material at the base of the
mantle compensates for the large volume of the de-
pleted upper mantle. However, the main problem with
this model is the vagueness of the nature and origin of
the hypothetical ‘intrinsically dense’ reservoir. Until
more concrete geochemical evidence is provided, this
reservoir is only a convenient theoretical construct.

Forte and Mitrovica (2001) made a more quanti-
tative evaluation of mantle structure by using global
geophysical data to constrain convective-flow models.
The data included global-scale free-air gravity anoma-
lies, observed plate motions, and dynamic topography
of the core–mantle boundary and the Earth’s surface
(in response to convective flow). Forte and Mitrovica
were able to use these data to constrain convective flow
in the mantle and thereby predict the depth dependence
of mantle viscosity. The result was a surprising strati-
fication of mantle viscosity (Fig. 6.20), with two zones
of very high viscosity at depths of about 1000 and
2000 km . These results appear to support a ‘megablob’
model of the lower mantle by suggesting that some
very viscous domains are present in the lower half of
the mantle, some of which may represent primordial
mantle. In addition, it is possible that the viscosity peak
at 1000 km depth represents subducted ‘megaliths’ as
suggested by Ringwood (1982). No doubt these new
geophysical constraints will be further refined. How-
ever, they appear at present to leave plenty of room
for the long-term preservation of primordial and re-
cycled mantle domains, as implied by geochemical
evidence.

Fig. 6.20. Predicted variation of mantle viscosity with
depth, based on geophysical constraints on two dif-
ferent mantle convective-flow models. The dashed line
shows the average viscosity of upper and lower mantle.
After Forte and Mitrovica (2001).

6.3 Pb isotope geochemistry

Pb isotopes are a powerful tool in studies of mantle and
crustal evolution because the three different radiogenic
isotopes are generated from parents with a wide span
of half-lives, two of which are isotopes of the same el-
ement. By using the different isotopes in conjunction,
it is possible not only to identify the nature of differ-
entiation events, but also to place constraints on their
timing.

Early inferences about the Pb isotopic evolution of
the mantle were based on the analysis of galenas. These
continue to give important information about Archean
Pb isotope evolution. However, younger galena ores
are plagued by the complex evolutionary history im-
plied by the formation of ore deposits, involving both
mantle and crustal residence times. As analytical meth-
ods improved, it became possible to analyse mantle-
derived samples such as basic magmas. These have
much lower lead contents, but usually a much simpler
history, allowing inferences about the mantle source to
be made with greater confidence.



6.3 Pb isotope geochemistry 149

Fig. 6.21. Pb–Pb ‘isochron’ diagram showing linear arrays of data defined by ocean-island basalts. After Sun (1980).

6.3.1 Pb–Pb isochrons and the lead
paradox

Ocean-island-basalt (OIB) leads were found by sev-
eral workers (e.g. Gast et al., 1964; Tatsumoto, 1966;
Sun et al., 1975; Tatsumoto, 1978) to define a series
of arrays to the right of the geochron on the Pb–Pb
‘isochron’ diagram (Fig. 6.21). The slopes of these OIB
arrays correspond to apparent ages of between 1 and
2.5 Byr, and can be interpreted in three principal ways:
as the products of two-component mixing processes; as
resulting from discrete mantle-differentiation events;
or as resulting from continuous evolution of reservoirs
with changing µ values. Each of these models may be
applicable to different magmatic suites.

The mixing model was championed by Sun et al.
(1975), who showed that the array of Pb isotope com-
positions in Reykjanes Ridge basalts was best ex-
plained by two-component mixing of ‘plume’ and
‘low-velocity-zone’ (upper-mantle) components under
Iceland. They suggested that the linear Pb isotope ar-
rays generated by several other ocean islands might
be explained by the same mechanism. However, since
these arrays have different slopes, a mixing model can
work only if each array is attributed to mixing of the
MORB reservoir with a different enriched source (Sun,
1980). Therefore, the problem of explaining the origin
of these radiogenic sources still remains.

The differentiation model was studied by Chase
(1981), who evaluated OIB data in terms of a two-stage
Pb isotope evolution model. This allowed 238U/204Pb
ratios to be calculated for an ‘original’ mantle reservoir

Fig. 6.22. Range of µ values required to explain OIB
sources using a two-stage Pb evolution model. Parental
mantle (µ1) undergoes differentiation events at differ-
ent times to yield discrete OIB source domains (µ2). Af-
ter Chase (1981).

(µ1) and for the secondary sources (µ2) which yield
OIB Pb–Pb arrays. Chase found that values for µ2 are
variable within each island group and between groups,
but the calculated µ1 value was remarkably constant
(7.84–7.96) for all of the data (Fig. 6.22). He there-
fore concluded that ocean islands were derived from
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separate OIB sources of variable age, but that these
in turn were derived from a single long-lived primary
reservoir.

The model of continuous mantle evolution with a
changing µ value was adopted by Dupré and Allègre
(1980) to explain the Pb isotope composition of
leached basalt samples dredged from the Mid-Atlantic
Ridge. The data define a linear array to the right of
the geochron, whose slope yields an apparent Pb–Pb
isochron of 1.7 Byr age. However, this result was in-
terpreted, not as a world-wide mantle-differentiation
event, but as an average age for continuous differ-
entiation from about 3.8 Byr ago until the present.
This could have occurred by the mixing of enriched
components with depleted mantle in numerous small
events.

The distribution of OIB Pb–Pb arrays to the right of
the geochron presents a problem in understanding Pb
evolution in the Earth as a whole, since it implies that
the depleted mantle has an average composition more
radiogenic than the Geochron (Bulk Earth). This is the
opposite of the expected behaviour, since experimen-
tal evidence (e.g. Tatsumoto, 1988) suggests that U is
more incompatible than Pb, and should generate low
U/Pb ratios in the depleted mantle. This problem has
been termed the ‘lead paradox’ (Allègre et al., 1980).
A complementary reservoir with unradiogenic Pb must
exist to balance the radiogenic depleted mantle, but this
other reservoir has proved hard to locate.

In the plumbotectonics model (section 5.4.3) unra-
diogenic Pb was located in the lower crust. However,
this model was not actually intended to solve the Pb
paradox, but simply to explain the distributions of U
and Pb in various crustal and mantle reservoirs. In fact
the earlier versions of the model did not deal at all
with the Pb paradox, while the later versions assumed
a young age for the Earth to solve the paradox.

These historical caveats notwithstanding, the
plumbotectonics model can go some way towards solv-
ing the Pb paradox. By retaining unradiogenic Pb in the
lower crust, recycling of upper-crustal Pb can partially
explain the distribution of oceanic volcanic Pb to the
right of the geochron. However, the U/Pb ratios of typ-
ical ocean-floor sediment (White et al., 1985) are not
great enough to explain the radiogenic Pb signatures
of most OIB sources.

An alternative model proposed by Vidal and Dosso
(1978) and Allègre (1982) suggested that fractiona-
tion of Pb from a lower-mantle OIB reservoir into
the Earth’s core could increase the µ value of OIB
sources so as to generate the Pb–Pb arrays to the right of
the geochron. These authors proposed that, while core
segregation progressed very rapidly after the Earth’s

accretion, and was probably almost complete after
100 Myr, it nevertheless continued at a slow rate up
to about 1.5 Byr ago, preferentially incorporating Pb.

Newsome et al. (1986) argued that this model could
be tested by examining the distributions of other
elements such as Mo and W that have much higher
distribution coefficients from a lithophile (mantle) to
siderophile (core) phase than Pb. Hence, if late parti-
tioning of Pb into the core is invoked to explain radio-
genic OIB sources (e.g. St Helena) then these sources
should be very depleted in Mo and W.

The model was tested by comparing Pb isotope data
in OIB sources with Mo elemental data. However, al-
lowance must first be made for the behaviour of Mo
during solid–liquid partitioning in OIB magma gen-
esis. This is done by comparing Mo with another el-
ement with similar bulk partition coefficients for an
upper-mantle mineralogy. Experimental evidence sug-
gests that LREE such as Pr have this behaviour. After
removing upper-mantle effects by normalising against
Pr, Mo abundances exhibit no correlation with ra-
diogenic Pb isotope ratios in OIB (Fig. 6.23). This
suggested that the core-fractionation model for OIB
leads should be rejected. More recently, the core-
fractionation model has been reinstated in order to ex-
plain the general distribution of terrestrial Pb isotope
reservoirs to the right of the geochron (section 5.4.3).
However, it now appears that even this effect is weaker
than first thought.

Since core fractionation has been reduced in impor-
tance as a solution for the Pb paradox, we are forced to
return to explanations involving Pb partition between
the mantle and crust. Following Hofmann and White
(1980) and Chase (1981), it has been widely proposed

Fig. 6.23. Pb isotope data for OIB, expressed in terms
of the µ2 value of a two-stage evolution model. These
exhibit no correlation with a trace-element index that
measures possible fractionation of siderophile elements
into the Earth’s core. After Newsome et al. (1986).
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that subducted oceanic crust can solve this paradox.
U/Pb fractionation during the generation of MORB al-
lows the creation of OIB sources with relatively high
µ values, which can generate radiogenic Pb signatures
after storage for 1–2 Byr. However, the U/Pb ratios of
normal MORB are not high enough to explain the com-
position of strongly radiogenic OIB sources (termed
HIMU by Zindler and Hart, 1986). Therefore, several
mechanisms have been proposed to elevate the U/Pb
ratios of subducted oceanic crust.

6.3.2 The development of HIMU

Seawater alteration has been invoked as one possi-
ble mechanism to elevate U/Pb ratios in oceanic crust
(Michard and Albarède, 1985), but this might also el-
evate Rb/Sr ratios, generating more radiogenic stron-
tium than is seen in the HIMU component. A better
model (Weaver, 1991) is to invoke preferential extrac-
tion of Pb, relative to U, from the downgoing slab in
subduction zones. Weaver argued that the characteris-
tic trace-element signature necessary to generate the
HIMU source could indeed be produced in the dehy-
dration residue of subducted ocean crust, if fluids are
enriched in Pb but depleted in U. This requires that
uranium be held in a U4+ state, limiting the forma-
tion of soluble U6+ complexes. The model is supported
by U/Pb ratios nearly an order of magnitude lower in
island-arc tholeiites than in MORB (Sun, 1980). Mo-
bilisation of Pb from the slab in a fluid phase could
also explain the surprising degree of Pb isotope homo-
geneity in arc-related ‘conformable’ galena deposits
(section 5.4.2).

This model was further developed by Chauvel et al.
(1995), who suggested that Pb is removed from sub-
ducting oceanic crust by metasomatism and deposited
in the overlying mantle wedge. It would then be incor-
porated into the continental crust via arc magmatism.
This non-magmatic movement of Pb can account for
the Pb paradox, but it can also explain the general de-
coupling of Pb from other isotope systems (section
6.4.1).

In order to create the most radiogenic Pb signatures
with U/Pb ratios that are not unreasonably high, it is
necessary for HIMU reservoirs to be isolated for 1–
2.5 Byr. This is a problem, because the process of man-
tle convection naturally tends to streak out any hetero-
geneities into narrow Schlieren (Olsen, 1984), which
would then be too small to source large volumes of
enriched OIB magmas.

One way to avoid this problem is to involve the litho-
sphere. By definition this material is solid and non-
convecting, and Nd model age dating (section 4.2.1)

indicates its potentially long lifetime. Since the litho-
sphere is thought to be generally depleted, it would
need to undergo secondary enrichment by the em-
placement of LIL-rich metasomatic fluids in order
to become a HIMU source. McKenzie and O’Nions
(1983) suggested that sub-continental lithosphere has
a greater density than the underlying Fe-depleted as-
thenosphere, so that over-thickening during continen-
tal collision might cause some of the lithosphere to
constrict off and fall into the upper-mantle convection
system. If this material were sampled within a few hun-
dred million years then it might yield OIB magmas,
before being homogenised into the MORB source by
convection. The main objection to this model is simply
that the magnitude of its effect is inadequate to create
a major deep-mantle reservoir.

This has led most workers to return to the model of
Hofmann and White (1980; 1982) and Chase (1981),
who proposed that the radiogenic OIB reservoirs could
be generated by subduction of U-enriched oceanic
crust. The attraction of this model is the certain fact
that vast amounts of this material are subducted back
into the mantle, together with the fact that the oceanic
crust is necessarily enriched in many incompatible ele-
ments relative to its depleted-mantle source. The main
problem with this model is the possibility outlined
above, namely that such heterogeneities would be re-
homogenised into the mantle before the 1–2-Byr period
necessary for high U/Pb ratios to generate radiogenic
Pb isotope signatures elapsed.

Ringwood (1982) attempted to solve this problem
by postulating that subducted oceanic crust and conti-
nental sediments collect in large blobs or ‘megaliths’ at
the 670-km seismic discontinuity, which was also pro-
posed by many workers as a boundary layer between
upper- and lower-mantle convection. Alternatively,
with the general acceptance of some form of whole-
mantle convection, recent suggestions are that sub-
ducted oceanic lithosphere could form high-viscosity
reservoirs resistant to convective homogenisation near
the core–mantle boundary (e.g. Davies, 2002).

6.3.3 The terrestrial Th/U ratio

Over many years, the prime focus of Pb isotope anal-
ysis has been on the U–Pb system. However, the com-
bination of 208Pb and 206Pb isotopes also allows con-
straints to be placed on the Th/U ratio or κ value of
Earth reservoirs. This places new limits on models of
terrestrial Pb isotope evolution that can help to con-
strain MORB and OIB sources. It should be noted that,
in all of the following discussion, ancient Th/U values
are normalised for subsequent radioactive decay and
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presented in terms of their ‘present-day equivalent’ κ

value.
In order to use Pb isotope ratios to determine the

Th/U ratio of a reservoir, it is necessary to know the
age of the reservoir and its Pb isotope composition at
the start and end of its evolution. For the Bulk Earth
system the age is defined by the Geochron, and the ini-
tial ratio at time T (the age of the Earth) is given by the
Canyon Diablo composition (Tatsumoto et al., 1973).
The Pb isotope ratio of a mantle reservoir at time t (the
end of the period of mantle evolution considered) is
determined from the initial Pb isotope composition of
a mantle-derived magma at that time. Hence (follow-
ing Allègre et al., 1986), we can define the radiogenic
208Pb/206Pb ratio of a mantle reservoir as

208Pb∗
206Pb∗ =

( 208Pb
204Pb

)
t

−
( 208Pb

204Pb

)
T( 206Pb

204Pb

)
t

−
( 206Pb

204Pb

)
T

[6.1]

Given a closed system from time T to t , the Th/U ratio
(κ value) of the reservoir can be calculated from the
208Pb∗/206Pb∗ ratio by solving U–Th and U–Pb decay
equations for T and t (chapter 5). However, we can
also calculate the average or ‘time-integrated’ Th/U
ratio of an open system from time T to t .

In the conformable Pb model (section 5.4.2), the
closed-system assumption for the mantle implied a
constant κ value against time, equal to the meteorite
value of 3.9 ± 0.1 (Tatsumoto et al., 1973). In contrast,
the model of Cumming and Richards (1975) proposed
a decrease in terrestrial Th/U ratio from an initial value
of 4.13 to a present-day value of 3.84. This model was
largely overlooked in constraining mantle Th/U evo-
lution because of the near coincidence of κ values in
Phanerozoic galenas with the meteorite value.

In a major new examination of this problem, Allègre
et al. (1986) used initial Pb isotope ratios for Phanero-
zoic ophiolite complexes and Archean komatiites to
calculate time-integrated Th/U ratios for the upper
mantle from T (4.57 Byr ago) until the age of erup-
tion (Fig. 6.24). They concluded that the upper mantle
had higher Th/U ratios in the Archean than it has at
present, and that this reservoir was progressively de-
pleted in Th/U over time, in a similar way to its de-
pletion in Rb/Sr and Nd relative to Sm (section 4.2.2).
It follows that the κ value for the oldest rocks (about
4.3) might be expected to approximate the Bulk Sili-
cate Earth value (i.e. before significant depletion of the
upper-mantle reservoir). Similar κ values of 4.25 and
4.37 may be calculated from the Isua galenas analysed
by Appel et al. (1978) and Frei and Rosing (2001).

Fig. 6.24. Pb isotope evidence for time-integrated man-
tle Th/U ratio. (a) Radiogenic 208Pb/206Pb ratios for
mantle-derived Pb, showing the best-fit open-system
curve relative to closed-system evolution lines. (b) Cal-
culated variations of time-integrated mantle Th/U ratio
(κt) over the Earth’s history. After Allègre et al. (1986).

These data represent the oldest terrestrial galena anal-
yses and provide strong support for the evolution curve
of time-integrated κ values proposed by Allègre et al.
(1986).

The Bulk Silicate Earth κ value derived above was
tested by an independent determination from recent
oceanic volcanics (Allègre et al., 1986). This is analo-
gous to the determination of the Bulk Earth Sr iso-
tope ratio from the Sr–Nd isotope ‘mantle array’.
Radiogenic 208Pb∗/206Pb∗ ratios in oceanic volcanics
define fairly good linear arrays when plotted against
143Nd/144Nd and 87Sr/86Sr (Fig. 6.25). The intersection
of Bulk Earth Sr and Nd compositions with these corre-
lation lines yields the Bulk Silicate Earth 208Pb∗/206Pb∗
ratio, and hence time-integrated Bulk Earth κ values
of 4.1–4.2. Thus, the two different approaches (old
and modern leads) yield Bulk Earth κ values in good
agreement, averaging 4.2. Allègre et al. argued that this
value would also be consistent with the lower Th/U ra-
tio of meteorites if early partition of U into the core is
taken into account. The similarity between the time-
integrated κ values of MORB and chondrites therefore
appears to be a coincidence.

In addition to determining the time-integrated Th/U
ratio of the upper mantle from Pb isotope data, we
can also determine an ‘instantaneous’ present-day
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Fig. 6.25. Plots of radiogenic 208Pb/206Pb against Nd and
Sr isotope ratio for modern oceanic volcanics, allowing
a calculation of the time-integrated Th/U ratio of Bulk
Earth: (●) = MORB; (◦) = OIB. The box indicates the un-
certainty of the Bulk Earth composition. After Allègre
et al. (1986).

Th/U ratio for the mantle from oceanic volcanics. Ta-
tsumoto (1978) estimated this value as about 2.5 in the
MORB source by measuring elemental Th/U ratios in
lavas. This value has been confirmed more recently by
232Th/230Th activity ratios in oceanic volcanics, which
can also be used to calculate the instantaneous κ value
for the mantle source (section 13.3). Compared with a
Bulk Earth κ value near 4, these data indicate strong
mantle depletion, which can be attributed to crustal
extraction. However, this presents a problem, since
the time-integrated κ value of about 3.75 in MORB
is much higher than the instantaneous value, and only
slightly less than the Bulk Earth value.

Galer and O’Nions (1985) solved this problem
by proposing that the MORB reservoir was buffered
over geological time by a less-depleted reservoir. In
other words, Pb recently extracted from the MORB
source only had a brief residence time in the de-
pleted reservoir, and spent most of Earth history in
a reservoir with a κ value near that of Bulk Earth.
They calculated that a residence time of 600 Myr in a

Fig. 6.26. Evolution of time-integrated κ values as a
function of residence time in the MORB reservoir, start-
ing at a value of 3.9. The histogram on the right indi-
cates present-day compositions of Pacific (hatched) and
Atlantic MORB. After Galer and O’Nions (1985).

Th-depleted MORB reservoir with κ = 2.5 and
residence for 4 Byr in a reservoir with κ = 3.9 would
give the time-integrated κ value of 3.75 needed to ex-
plain MORB lead isotope compositions (Fig. 6.26).
Galer and O’Nions examined three possible locations
for their proposed Bulk Earth κ lead source: upper con-
tinental crust, sub-continental lithosphere and lower
mantle. However, the short upper-mantle residence
time for Pb calculated using their model was a severe
test of the ability of all of these reservoirs to account
for MORB Pb.

The proposal to buffer MORB by upper-crustal Pb
causes problems because the continental crust is char-
acterized by a higher 207Pb/204Pb ratio than MORB,
and due to the almost complete extinction of the
235U parent of 207Pb at the present day, these dif-
ferences must be long-lived. On the other hand, the
low Pb content and relatively small volume of sub-
continental lithospheric mantle require an unreason-
ably rapid rate of exchange (complete exchange within
1 Byr) to buffer upper-mantle Pb. This is precluded by
the old Sm–Nd model ages of inclusions in diamonds
(section 4.2.1). Finally, buffering of MORB Pb by the
lower mantle might be possible if the depleted upper
mantle constituted only the upper 670 km, but more
recent evidence for a larger volume of upper mantle
makes it impossible to buffer this reservoir adequately
with a Pb residence time of only 600 Myr.

These problems could be overcome by using a higher
Bulk Earth κ value of 4.2, leading to an upper mantle
Pb residence time of 1.8 Byr (Dickin, 1995).

An alternative approach to solving this ‘kappa co-
nundrum’ (e.g. Kramers and Tolstikhin, 1997; Elliott
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Fig. 6.27. Alternative evolution lines for the instanta-
neous κ value of the MORB source that can generate
the observed Pb isotope distribution of MORB: (a) – (c)
= model curves; (d) = average measured Th/U values.
The area under each curve yields time-integrated κ (κt).
For discussion, see the text. After Elliott et al. (1999) and
Collerson and Kamber (1999).

et al., 1999) is to argue that the instantaneous κ value
(Th/U ratio) of the MORB source upper mantle has it-
self evolved downwards over geological time, and that
this has been the prime control on the time-integrated κ

value of upper-mantle Pb. Models of this second type
are compared with the model of Galer and O’Nions
(1985) in Fig. 6.27. In this plot, instantaneous κ values
of sources generating radiogenic Pb are plotted as a
function of time, whereas the time-integrated κ value
of Pb at the present day is determined by the area under
the graph (Elliott et al., 1999).

Of the four models shown in Fig. 6.27, (a) corre-
sponds to that of Galer and O’Nions, in which Pb is
held in a high-κ source until it enters a steady-state low-
κ MORB reservoir only 600 Myr ago. Figure 6.27b
shows a model in which the MORB source is not

buffered by any other source, but undergoes progres-
sive depletion though geological time due to crustal
extraction. This causes a steady decrease in the upper-
mantle Th/U value, whose average value determines
the time-integrated κ value recorded by Pb isotope
analysis. Figure 6.27c shows a model proposed by
Elliott et al. (1999) in which the Th/U ratio of the up-
per mantle remains at a value of 4 until about 1.6 Byr
ago, after which it decreases rapidly to the present-
day value. This model is similar to a model proposed
by Kramers and Tolstikhin (1997), and is based on
the argument that crustal uranium would be locked up
in an insoluble form in the sedimentary environment,
until oxygenation of the atmosphere released this ura-
nium into the sea, from where it could be recycled
into the upper mantle. Recycling can occur by ura-
nium enrichment of basaltic crust on the ocean floor,
and subsequent release of uranium back to the man-
tle in subduction-related fluids (section 13.4). Finally,
Fig. 6.27d shows the results of empirical analysis of
elemental Th/U ratios in mafic/ultramafic rocks of var-
ious ages, averaged to reduce the scatter of individual
data points. The curve is a polynomial fitted to the data,
which could be explained by a combination of Th/U
fractionation during melting and more recent recycling
of dissolved crustal uranium.

The first three models in Fig. 6.27 all successfully
yield a time-integrated κ value in the MORB source of
about 3.75, but they have some problems. Model (a)
proposes an upper-mantle residence for Pb that seems
impossibly low in comparison with the roughly 1 Byr
residence of helium, the most incompatible element
(section 11.1). In addition, this model does not explain
how the mantle arrived at its present day Th/U ratio.
Model (b) addresses the latter point, but can only sat-
isfy the time-integrated upper-mantle κ value by start-
ing from a very high Th/U ratio of nearly 5. Model
(c) addresses both of these problems by keeping a
chondritic Th/U ratio in the MORB source until about
1.6 Byr ago, then causing a rapid decline. However,
it ignores the possibility of exchange of Pb with pri-
mordial or recycled sources in the lower mantle, which
could buffer upper-mantle Pb. Finally, the best-fit curve
to the empirical data in Fig. 6.27d has resemblances
to models (b) and (c) but the time-integrated κ value
(area under the curve) is too low to support the Pb iso-
tope composition of the MORB source (Collerson and
Kamber, 1999). However, this is a good fault because
it leaves room for some buffering of MORB source Pb
by input from the lower mantle.

A Pb isotope model dominated by binary mixing
between the MORB source and a lower-mantle Bulk
Earth reservoir was proposed by Kamber and Collerson
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κ

Fig. 6.28. Plot of time-integrated κ (κt) against instantaneous kappa (κp) values for oceanic volcanics: (●) = MORB;
(◦) = OIB. After Allègre et al. (1986).

(1999). However, these authors excluded the effect of
any crustal recycling into the OIB reservoir, and per-
mitted enrichment of the OIB source only in the di-
rection of increasing µ value. In view of the clear
evidence for OIB sources with Sr–Nd isotope signa-
tures enriched relative to Bulk Earth (section 6.2.2),
this model cannot be considered realistic. Neverthe-
less, this model can be valid if the concept of mixing be-
tween upper- and lower-mantle sources is broadened to
include enriched lower-mantle sources resulting from
crustal recycling. These enriched reservoirs (together
with a primordial reservoir) can then buffer the κ value
of the MORB source via the OIB source, allowing a
Pb residence time of up to 1.8 Byr (Dickin, 1995). This
possibility is demonstrated on a plot of instantaneous κ

value against time-integrated κ value for oceanic vol-
canics (Fig. 6.28). The OIB samples define an array
(interpreted as a mixing line) linking MORB compo-
sitions (solid symbols) and a Bulk Earth point with a
κ value of about 4.2 (Allègre et al., 1986).

6.3.4 The upper-mantle µ value
re-examined

There has been much discussion about the time-
integrated µ value of the mantle as revealed by Pb
isotope analysis. It is now generally agreed that the
apparent increase in µ value of the upper mantle over
time may be an illusion caused by recycling of radio-

genic Pb from the oceanic and continental lithosphere
(sections 5.4.3 and 6.3.1). However, in order to quan-
tify this process, it is necessary to determine the in-
stantaneous (present-day) µ value of the upper mantle.
Unfortunately, this cannot be determined directly from
the U/Pb ratios of MORB glasses, since U/Pb frac-
tionation during partial melting is poorly constrained.
Neither is there any isotopic route to this quantity, as
was possible for the κ value. However, White (1993)
developed an indirect approach to the determination of
upper mantle µ from the relationship between µ and
uranium content in MORB glasses.

Analysis of U and Pb in 82 glasses from the Atlantic,
Pacific and Indian oceans revealed a strong positive
correlation between 238U/204Pb ratio and U content
(Fig. 6.29). White (1993) attributed this correlation to
fractionation (of uranium) during partial melting, and
argued that it could be used to estimate the depleted-
mantle µ value. Since U is incompatible, the U content
of the Bulk Silicate Earth estimated from chondrites
(0.018 ppm) must be an upper limit for U in the de-
pleted mantle (MORB source). Applying this value to
the µ versus U correlation line leads to a maximum in-
stantaneous µ value of 4.5 in the MORB source (com-
pared with a time-integrated µ value of about 8.5).

This discrepancy is exactly analogous to the kappa
conundrum and, again, is due to the relatively short res-
idence time of Pb in the upper mantle. White proposed
that upper-mantle Pb is buffered by the entrainment of
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Fig. 6.29. Plot of 238U/204Pb (µ) in MORB glasses against
uranium content, showing a positive correlation, from
which a maximum upper-mantle µ value can be esti-
mated. After White (1993).

radiogenic Pb from plumes. Therefore, the Pb isotope
composition of the upper mantle reflects dynamic equi-
librium between Pb fluxes into and out of this reservoir.
In contrast, radiogenic Sr and Nd in the upper mantle
are largely generated by in situ decay of Rb and Sm.

It is concluded that the U–Th–Pb isotope systemat-
ics of the upper mantle can be reasonably explained
by recycling of various enriched sources (and a pri-
mordial source) via lower-mantle plumes. However,
until such processes are incorporated into an improved
‘plumbotectonics’ model, a complete quantitative un-
derstanding of terrestrial U–Th–Pb systematics cannot
be claimed.

6.4 Mantle reservoirs in isotopic
multispace

6.4.1 The mantle plane

The unification of the radiogenic 208Pb∗/206Pb∗ ratio
with other isotope systematics (section 6.3.3) breaks
down when Pb isotope ratios involving non-radiogenic
Pb are plotted against other isotope systems on bivari-
ate diagrams (e.g. Fig. 6.30). This indicates that the iso-
tope systematics of the mantle cannot be explained by
a two-component mixing model. An exception to this
general observation is provided by Pb–Sr isotope sys-
tematics on the North Atlantic, which do define a co-
herent positive correlation (Dupré and Allègre, 1980).
However, this can be attributed to coincidental con-
tamination of the MORB reservoir in this area with a
single compositional type of enriched plume material.

Fig. 6.30. Diagrams to show the decoupling of
206Pb/204Pb from other isotopic systems in oceanic vol-
canics: (a) Sr isotope data, after Sun (1980); and (b) ra-
diogenic 208Pb∗/206Pb∗ data, after Allègre et al. (1986).
B.E. = Bulk Earth.

To explain the scatter of data on Fig. 6.30a, Zindler
et al. (1982) argued that the Pb–Sr–Nd isotope com-
positions of oceanic volcanics must be caused by
(solid-state?) mixing of three mantle components. The
proposed end-members were a pristine chondritic man-
tle with a Pb composition on the geochron, a MORB
source depleted by continental crustal extraction, and a
reservoir containing recycled MORB. This made Ker-
guelen the best candidate for a primitive mantle source,
while St Helena was regarded as having the great-
est amount of recycled MORB material in its source.
Zindler et al. argued that average isotopic composi-
tions of ocean ridges and ocean islands displayed very
little scatter away from a plane containing these three
end-member components (Fig. 6.31).

Zindler et al. justified their three-component model
by the high correlation coefficient of 0.98 calculated
for their data set. However, such a limited scatter was
achieved by excluding some ocean islands. For exam-
ple, São Miguel was not included in the Azores av-
erage. However, this signature was argued by White
(1985) to be part of a much wider compositional field,
including data from the Society Islands, Samoa and the
Marquesas which extend ‘above’ the ‘mantle plane’
of Zindler et al. (1982). Furthermore, the averaging
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Fig. 6.31. Three-component mantle mixing model for MORB and OIB sources. Solid and open symbols indicate
points above and below the mantle plane, respectively. Pa, At, In = Pacific, Atlantic and Indian MORB; Hi = Hiva
Oa; Ha = Hawaii; Ic = Iceland; Ea = Easter; Ga = Galapagos; As = Ascension; Ca = Canaries; Az = Azores; Bo = Bouvet;
Sh = St Helena; Tr = Tristan da Cunha; Go = Gough; Kg = Kerguelen. After Zindler et al. (1982).

process also obscured data that lay ‘below’ the mantle
plane, such as the Walvis Ridge. Therefore, at least one
additional component must be invoked to explain the
data.

6.4.2 The mantle tetrahedron

Hart et al. (1986) considered that the mantle plane of
Zindler et al. (1982) might really be a ‘co-incidence
of similar mixing proportions’ of end-members with
more extreme compositions, rather than a discrete en-
tity in its own right. This is illustrated in Fig. 6.32,
where samples are plotted in terms of parts per 105

deviation in Nd isotope ratio from the mantle plane,
against Pb isotope composition.

Hart et al. proposed that the lower bound of individ-
ual 143Nd/144Nd sample compositions on the Nd–Sr
isotope diagram (Fig. 6.33a) might be a more funda-
mental topological structure, which they termed the
‘LoNd’ array. The samples which define this array on
the Nd–Sr isotope diagram also fall in a line on the
Sr–Pb isotope plot (Fig. 6.33b), despite the fact that
this cuts across the middle of the OIB field in this
diagram. 208Pb/204Pb ratios in these samples are also
coherent with the three other isotope systems.

The LoNd array was itself interpreted as a mixing
line between ‘HIMU’ (high U/Pb) and ‘EMI’ (enriched

mantle I) end-members (Zindler and Hart, 1986). Other
important end-members were defined by the most ex-
treme composition of the MORB field (DMM) and the
Societies (EMII). In addition, Zindler and Hart (1986)
suggested that three other components might be located
inside the tetrahedral mixing space in Fig. 6.33. These
are a ‘primordial helium isotope reservoir’, exempli-
fied by Loihi seamount (section 11.1.3); a ‘Bulk Earth’
U–Th–Pb isotope reservoir, exemplified by Gough–
Tristan (section 6.3.3); and a ‘PREvalent MAntle’ or
PREMA component, justified on the grounds that the
mixing of discrete components may have reached such
a stage of completeness that this mixture itself becomes
a recognisable entity. These possible components will
be discussed further below.

One of the characteristics of the LoNd array (Hart,
1988) is that island groups are not generally elon-
gated along the proposed mixing line, but often trend
obliquely off the line. This was used as evidence that
mixing within the LoNd array occurred a long time
ago, before secondary mixing with other components
lying off the array. In addition, Hart et al. (1986) ar-
gued that the straightness of the proposed LoNd mix-
ing line places tight constraints on the nature of the
two mixing end-members, by requiring them to have
similar Nd–Sr–Pb ratios and an intimately related en-
vironment of formation. Since they believed that such
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Fig. 6.32. Plot of � Nd (part per 105 deviation in 143Nd/144Nd ratio from the mantle plane of Zindler et al., 1982)
against Pb isotope ratio. OIB compositions are plotted both as fields and as discrete points. JF = Juan Fernández,
Re = Réunion, Gu = Guadeloupe. Other abbreviations are as in Fig. 6.31. After Hart et al. (1986).

Fig. 6.33. Plots of (a) Sr versus Nd isotope ratio and (b) Sr versus Pb isotope ratio, showing the proposed end-
members of a four-component mixing system: DMM, HIMU, EMI (= EM1) and EMII (= EM2). Dots are compositions
argued to lie on an array between the HIMU and EMI end-members, termed the LoNd array. After Hart et al.
(1986).

conditions would not be expected for mixing between
recycled crustal and mantle components, Hart et al.
argued that the two end-members must have resulted
by different metasomatic enrichment processes in the
sub-continental lithosphere.

Hart (1988) identified another two-component mix-
ing line within the OIB data set, by using an upper
87Sr/86Sr ratio cut-off of 0.703 to exclude all samples
with an enriched mantle component. On a diagram of
143Nd/144Nd ratio against 206Pb/204Pb ratio (Fig. 6.34),
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Fig. 6.34. Nd versus Pb isotope diagram, showing the
linear array of OIB samples with 87Sr/86Sr ratios below
0.703, attributed to the ‘No-EM’ mixing line. After Hart
(1988).

these island groups with low 87Sr/86Sr ratios define a
so-called ‘no-EM’ array between the HIMU and DMM
end-members. The straightness of this array again sug-
gests that the end-members had similar Nd/Pb ratios,
and hence that DMM, HIMU and EMI all have similar
Nd/Pb ratios. However, the geochemical relationship
between DMM and HIMU cannot easily be attributed
to spatial proximity, as was the EMI–HIMU relation-
ship, because the depleted mantle is a distinct reser-
voir. This therefore weakens Zindler and Hart’s argu-
ment for an intimate genetic relationship between the
end-members of the LoNd array. Instead, a more gen-
eral relationship is possible, whereby the three compo-
nents are generated by similar mantle-differentiation
processes, but in different locations.

In contrast to the linear mixing lines described
above, mixing with the EMII component tends to gen-
erate elongated curved arrays within island groups, as
shown in Figs. 6.32 and 6.33. This suggests that ele-
mental ratios between EMII and the other mantle do-
mains were far from unity, which is consistent with
a model in which DMM, HIMU and EMI are gen-
erated by mantle differentiation processes, but EMII
represents recycled continental crust with a very dif-
ferent trace-element signature. Hart (1988) went fur-
ther in his distancing of EMII from the other compo-
nents, suggesting that mixing with this end-member
was a late phenomenon that occurred after other mix-
ing processes. However, Staudigel et al. (1991) found

strong evidence for mixing between HIMU and EMII
in the South Pacific Isotopic and Thermal Anomaly
(SOPITA), particularly on the Sr–Pb isotope diagram
(not shown here). In view of the intimate geographical
association of HIMU and EMII in the SOPITA case, it
is likely that this array was formed prior to mixing with
MORB, and it may constitute one of a family of curved
‘HiNd’ mixing lines analogous to the LoNd array.

There is considerable danger in looking at isotope
variations in a number of two-component systems,
since arrays are projected onto these surfaces from a
multi-dimensional mixing polygon, and in this process
the true trends of the arrays may be misunderstood. In
order to analyse the data in a more objective fashion,
Allègre et al. (1987) ran a principal-component analy-
sis on a large set of 87Sr/86Sr, 143Nd/144Nd, 206Pb/204Pb,
207Pb/204Pb and 208Pb/204Pb data for MORB and OIB
samples. This was also performed on an updated sam-
ple set by Hart et al. (1992).

Principal-component analysis resolves the oceanic
data set into five eigenvectors, representing directions
in multi-component space that show the greatest per-
centage of variance in the data. The magnitudes of these
vectors (in the calculation by Hart et al.) are approxi-
mately 56%, 37%, 4%, 2% and 1%. The pre-eminence
of the first two vectors demonstrates the largely planar
form of the data set, as emphasised by Zindler et al.
(1982). However, there is enough residual scatter in
the data that a third vector is necessary in order to rep-
resent the mixing process properly. The sum of these
three vectors is 97.5% in Hart’s analysis and 99.2%
in Allègre’s analysis. Hence Hart et al. argued that a
three-dimensional (four-component) analysis is appro-
priate to analyse the data with a fairly high degree of
reliability. However, the eigenvectors are so divorced
from the familiar isotope ratios that it becomes difficult
to understand the data. Therefore, Hart et al. presented
the data in the form of a three-dimensional isotope plot
(of 143Nd/144Nd, 87Sr/86Sr and 206Pb/204Pb ratios), but
projected in such a way as to approximate the eigen-
vector directions (Fig. 6.35).

The focussing of data points at the lower corners
of the mantle tetrahedron (Fig. 6.35) provides evi-
dence that some of the proposed components are real
entities, rather than merely theoretical end-members.
This is exemplified by the intersection of the LoNd and
No-EM arrays, which provide a relatively strong con-
straint on the composition of HIMU, suggesting that
the ‘pure end-member’ has a composition very simi-
lar to the most radiogenic Pb already analysed, from
the island of Mangaia. This conclusion is supported
by the close agreement between the compositions of
the widely separated HIMU islands from the South
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Fig. 6.35. Two views of a three-dimensional mantle tetrahedron representing the mixing relationships of four
isotopically proposed mantle components seen in oceanic volcanics, together with a proposed ‘focus zone’, FOZO.
Modified after Hart et al. (1992).

Atlantic and South Pacific. In contrast, the density of
samples lying at the EMI and EMII end-member com-
positions is much lower, and may suggest that these are
the most extreme products yet sampled of enrichment
processes, rather than significant mantle reservoirs in
their own right (Barling and Goldstein, 1990).

6.5 Identification of mantle
components

Since the study of Hart et al. (1986), major efforts
have been devoted to identifying the proposed mantle
components in geological terms and explaining how
they have interacted to generate OIB sources. To a large
extent the debate has been polarised between those
who invoke metasomatic enrichment models (e.g. Hart
et al., 1986) and those who invoke crustal-recycling
models (e.g. Weaver, 1991) to explain the enriched
components. Some of the arguments will be briefly
examined for the various end-members.

6.5.1 HIMU

Many authors have proposed that HIMU represents
subducted oceanic crust (e.g. Chase, 1981; Palacz and
Saunders, 1986; Staudigel et al., 1991; Chauvel et al.,
1992; Hauri et al., 1993). The great advantage of this
model is that it attributes HIMU to a known major
subducted component.

The U/Pb ratios of normal MORB are not high
enough to explain the composition of HIMU, but vari-
ous means have been proposed to raise the U/Pb ratio

of subducted oceanic crust (section 6.3.2). An alter-
native site for possible U/Pb enrichment in the sub-
ducted slab is the sub-oceanic lithosphere. For exam-
ple, Halliday et al. (1990; 1992) argued that shallow
Pb–Pb isotope arrays in the Cameroon Line volcanics
and other Atlantic islands were best explained by re-
cent strong U/Pb enrichment of the oceanic lithosphere
(section 7.3.2). This process cannot directly explain the
much steeper correlation between 206Pb and 207Pb in
HIMU islands; however, after storage for about 1 Byr
and mixing with less-radiogenic Pb from other parts of
the subducted slab, this is an additional mechanism to
generate the HIMU component.

This type of model has been adapted by several
workers (e.g. Thirlwall, 1997) to suggest that OIB sig-
natures with radiogenic Pb that are less extreme than
the HIMU end-member could be attributed to ‘young
HIMU mantle’, rather than to mixing with the spe-
cific HIMU reservoir seen at St Helena and Mangaia.
However, it is worth noting a possible corollary of this
model, by which the HIMU end-member itself was
created as a special case within this general model.
Perhaps HIMU was formed by subduction of very U-
enriched oceanic crust about 2 Byr ago, reflecting the
sudden release of uranium to the ocean in response to
changing atmospheric conditions (section 6.3.3).

A rather different concept of the origin of some
mantle plumes was suggested by Class et al. (1993;
1996), who proposed that plumes such as Ninetyeast–
Kerguelen and Tristan–Walvis could undergo in situ
growth of radiogenic Pb. This model was based on an
observed correlation of Pb isotope ratio with age along
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Fig. 6.36. Plot of Sr–Pb isotope signatures for volcanic
units of the Kerguelen plateau (◦) and Heard Island (●)
relative to an ‘evolving-plume’ model based on Nine-
tyeast Ridge data. Numbers indicate approximate ages
of volcanism in Myr. After Class et al. (1996).

the Ninetyeast Ridge, increasing from an unradiogenic
composition similar to that of the Rajmahal traps of
eastern India (about 120 Myr ago) to a composition at
the radiogenic Pb end of the Heard Island array (at the
present day). This trend is shown by the bold line in
Fig. 6.36, and has been dubbed the ‘evolving-plume’
model. Class et al. envisaged that U/Pb enrichment oc-
curred when sub-continental lithosphere was delami-
nated and recycled back into the convecting mantle,
where it would reside for less than 1 Byr at a mantle
boundary layer. New plumes would then be generated
from this material, either at the 760-km discontinuity
or at the core–mantle boundary.

Helium isotope data for Heard Island have indeed
provided evidence for a plume signature at this is-
land (section 11.1.5). However, isotope data for lavas
of various ages in the Kerguelen islands appear to
define an evolution line in the opposite direction to
the ‘evolving-plume’ trend (Fig. 6.36). This led Frey
and Weiss (1995; 1996) to argue that the evolving-
plume model could not explain the Kerguelen data
and could only partially explain the Ninetyeast Ridge
data. Since that time a considerable amount of addi-
tional work has been done on the Kerguelen Plateau,
as well as other features near the SE Indian Ridge.
The picture that has arisen is very complex, with ev-
idence for contamination by upper crust, lower crust,
or lithospheric mantle in some localities, as well as
evidence for a heterogeneous plume composition (e.g.
Neal et al., 2002; Mattielli et al., 2002). Hence the
overall consensus seems to be that the evolving-plume

Fig. 6.37. Plot of Sr versus Pb isotope data for cpx grains
(●) and glass inclusions (∗) in peridotite xenoliths from
Savaii (Samoa) and Tubuai (Austral Islands), indicating
affinity with the EMII and HIMU mantle end-members.
After Hauri et al. (1993).

model is too simple to explain all the observed variabil-
ity. Possibly, the unradiogenic Pb signatures in older
Ninetyeast basalts were due to lithospheric contamina-
tion, whereas several different plume components with
varying radiogenic Pb signatures are now involved.

6.5.2 EMII

The case for EMII as subducted continental material
is almost universally agreed, since this end-member
is squarely located on mixing lines between depleted
mantle and marine sediments. This model was further
strengthened by evidence from peridotite xenoliths in
Samoan lavas (Hauri et al., 1993). Trace-element data
for these xenoliths indicate an origin from carbonate-
rich melts within the Samoan plume, and the isotopic
compositions of the xenoliths are therefore taken as in-
dicative of the EMII mantle component. These xeno-
liths extend the EMII array directly into the field of
marine sediments (Fig. 6.37) and thus provide a com-
pelling case for this material as the source of the EMII
component. Similar xenoliths from Tubuai also support
the concept of a discrete HIMU component, as previ-
ously observed in lavas from Mangaia, Tubuai and the
nearby Macdonald seamount chain.

Further evidence for recycling of sediment into
the EMII source comes from oxygen isotope mea-
surements, which have consistently revealed elevated
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signatures in these plumes relative to MORB values.
Other enriched mantle reservoirs have also appeared
in the past to display oxygen isotope variations out-
side the range of MORB values, based on analysis
of whole-rock basalts or basaltic glasses (see the re-
view by Harmon and Hoefs, 1995). However, more
recent analysis of olivine phenocrysts from a variety
of plume sources gave a much more restricted range
(Eiler et al., 1997), suggesting that most of the ear-
lier variations were due to shallow contamination ef-
fects, either at the magmatic stage by oceanic crust,
or under sub-solidus conditions after eruption. In con-
trast, phenocryst analyses from EMII plumes continue
to give elevated oxygen isotope ratios correlated with
87Sr/86Sr ratio, and are therefore considered to be a
strong indicator of sediment recycling.

6.5.3 EMI

In their early synthesis on the nature of enriched-
mantle sources, Hart et al. (1986) argued that both
HIMU and EMI were derived from recycled sub-
continental lithosphere. More recent work has sup-
ported the argument that these two components are
very closely related (e.g. Chauvel et al., 1992), but,
with the increasing acceptance of oceanic crust/
lithosphere as the origin of HIMU, a sub-continental
origin for EMI became more problematical. Dickin
(1995) attempted to resurrect this model by advocat-
ing the juxtaposition of oceanic and continental litho-
sphere in the plume source by subduction erosion.
However, since that time there has been increasing ev-
idence to support the suggestion of Weaver (1991) that
subducted pelagic sediment is an important compo-
nent in the EMI source (in contrast to EMII, which is
attributed to recycled terrigenous sediment).

Some of this evidence comes from a re-evaluation of
Hf isotope data, which were earlier believed to militate
against the recycling of variable types of sediment into
the plume source (section 9.2.5). Other evidence comes
from stable-isotope analysis. However, this has had a
checkered history.

Woodhead et al. (1993) re-initiated interest in this
problem when they found significantly elevated oxy-
gen isotope signatures in submarine glasses from the
Pitcairn seamounts, which display the most extreme
EMI signatures for several isotope systems. Unfor-
tunately there are many ways in which oxygen iso-
tope ratios can be perturbed by sea-floor processes to
yield spurious signals. Nevertheless, Woodhead et al.
argued that none of these processes could explain
their data, which they attributed to isotopic varia-
tions in the plume source itself. Hence, their preferred

explanation for this effect was the recycling of marine
sediment into the EMI source by subduction.

Eiler et al. (1995) tested these findings by analysing
the oxygen isotope compositions of olivine and plagio-
clase phenocrysts from Pitcairn Island. All olivines had
δ 18O values close to 5.2, whereas plagioclase had δ 18O
values near 6.1, consistent with mass-fractionation ef-
fects at magmatic temperatures. Therefore, it was con-
cluded that the variations seen by Woodhead et al.
are almost certainly due to local contamination of the
glasses, either before or after solidification. Local con-
tamination effects are also believed to explain oxygen
isotope data from Iceland that lie well below the range
of MORB values, although less-extreme oxygen sig-
natures could originate from a plume source (Harmon
and Hoefs, 1995).

In contrast to these negative results, more recent
analysis of olivine phenocrysts from Hawaiian lavas
has provided the first strong evidence in support of sed-
iment contamination of the EMI source (Eiler et al.,
1996). In this study, oxygen isotope ratios were cor-
related with lithophile isotope tracers such as Nd, in
addition to osmium and helium, consistent with the
involvement of three end-members in the Hawaiian
plume (Fig. 6.38). The Loihi component, with an oxy-
gen signature similar to that of MORB, has helium
and osmium signatures indicative of a core component
(section 8.3.5). The Kea component, with a depleted
δ 18O signature relative to MORB, is attributed to melt-
ing of recycled oceanic lithosphere. Finally, the Koolau
component has an enriched δ 18O signature indicative
of a component of recycled sediment, combined with
unradiogenic Pb and Nd signatures characteristic of the
EMI source. Additional evidence for this model comes
from Hf isotope data (section 9.2.5).

This strong evidence for a pelagic-sediment sig-
nature in the EMI source is problematical for the
alternative origin of EMI in the sub-continental litho-
sphere. However, the two models may be reconciled by
proposing that the lithospheric mantle wedge above
subduction zones takes on the isotopic signature of
pelagic sediment by magmatic and metasomatic en-
richment from sediments in the subducting slab (sec-
tion 6.6.2).

A final note on EMI concerns basalts dredged from
the Afanasy–Nikitin (A–N) rise (at the southern end of
the non-seismic 85◦ E ridge), which may extend EMI to
even more enriched compositions. Two samples anal-
ysed by Mahoney et al. (1996) were collinear with an
extension of the Pitcairn seamount array in Nd–Pb, Sr–
Pb and Pb–Pb isotope space. In addition, nine analyses
quoted from a Russian source (Sushchevskaya et al.,
1996) define an array that is collinear with the data of
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Fig. 6.38. Plots of ε Nd and He isotope data (R/RA)
against δ 18O for olivine phenocrysts in lavas from se-
lected Hawaiian volcanos: (�) = Koolau–Lanai; (◦) =
Mauna Kea; (●) = Loihi. Error bars represent suites
where different tracers were determined on different
samples, so the symbol shows the mean and standard
deviation of the suite. Modified after Eiler et al. (1996).

Mahoney et al. (and Pitcairn data) in Nd–Pb and Sr–Pb
isotope space. The Russian data are not collinear on a
Pb–Pb isochron diagram (not shown), but this could be
due to analytical fractionation effects. Mahoney et al.
ruled out in situ lithospheric mantle as a source for
the A–N data, because at the time of volcanism the
A–N rise was situated on young oceanic crust, far from
any continent. However, the data need not represent
a lower-mantle source composition because they are
quite distinct from the Crozet hot spot, to which the 85◦
E ridge and A–N rise are attributed. Hence, Mahoney
et al. speculated that the A–N component may repre-
sent lithospheric mantle material entrained for a brief
time into the Crozet plume.

6.5.4 Kinematic models for mantle
recycling

If HIMU, EMII and EMI are attributed to recycling of
oceanic crust, continental sediment, and mantle wedge
plus pelagic sediment, respectively, a simple plate-
tectonic model can explain recycling of these com-
ponents into the deep mantle in two conjugate pairs:
EMI–HIMU and EMII–HIMU. This is based on the
two different tectonic settings of subduction zones
recognised by Uyeda (1982). The Chilean-type set-
ting (Fig. 6.39a) is characterised by a compressional
stress regime across the arc–trench gap. This causes
tectonic erosion of the underside of the arc lithosphere,
which may then give rise to a composite sheet in the
downgoing slab consisting of oceanic crust overlain by
lithospheric mantle. If the mantle wedge carries an EMI
signature introduced from subducted pelagic sediment,
the combination with subducted oceanic crust can gen-
erate the conjugate pair HIMU–EMI in the OIB source.

In contrast to the Chilean type, the Mariana-type
setting (Fig. 6.39b) is characterised by a tensional
stress regime across the arc–trench gap. This causes

Fig. 6.39. Schematic illustrations of two different tec-
tonic styles at subduction zones that may generate con-
jugate pairs of enriched mantle signatures: (a) HIMU–
EMI and (b) HIMU–EMII. Modified after Uyeda (1982).
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subsidence of the trench bottom so that ocean-floor
sediments are efficiently subducted, but tectonic ero-
sion of sub-arc lithospheric mantle does not occur. The
results of this process can be seen in the Lesser An-
tilles arc (section 6.6). The north end of the arc (with
a low sediment supply) subducts barren oceanic crust,
which can form a pure HIMU component after stor-
age in the lower mantle. In contrast, the south end of
the arc (with a large sediment supply) subducts a com-
posite sheet of oceanic crust and continental sediment,
which can generate the conjugate pair HIMU–EMII in
the lower mantle. Isotopic evidence for these alterna-
tive processes in subduction zones will be examined in
section 6.6.

The subduction of oceanic crust, together with ma-
rine sediment or eroded sub-continental lithosphere,
may give rise to large-scale isotopic structure in the
mantle. For example, Hart (1984) argued that recycling
into the asthenosphere was responsible for generating
a Pb and Sr isotope anomaly of global scale, which
he observed to form a small circle of approximately
constant latitude encircling the southern hemisphere.
He named it the ‘Dupal’ anomaly because its charac-
teristic signature was first described in Indian Ocean
volcanics by Dupré and Allègre (1983).

Hart quantified the Dupal anomaly in terms of its
deviation from the typical Pb isotope signatures of
MORB and OIB in the northern hemisphere, which
form a series of coherent Pb/Pb arrays (Fig. 6.21).
Hence, he defined the terms � 207/204 and � 208/204
as per mil deviations of Pb isotope ratio from a ‘North-
ern Hemisphere Reference Line’. Not only are the
southern tropics characterised by the Dupal anomaly
with a positive � 208/204 value, but a HIMU source
with negative � 208/204 is also seen in the same area.

Hart (1988) and Castillo (1988) argued that the con-
figuration of these anomalies was an indicator of the
convective structure of the deep mantle. Staudigel et al.
(1991) further suggested that large-scale regional iso-
tope signatures such as the Dupal anomaly could be
explained by ‘focussed subduction’ from a group of
destructive plate margins, such as are presently seen in
SE Asia.

6.5.5 Depleted OIB sources

When Zindler and Hart (1986) integrated enriched-
mantle signatures into a coherent model, and proposed
the three well-known end-members discussed above,
they also recognised that many OIBs were intermedi-
ate in composition between the end-members. How-
ever, rather than suggest that all such plumes repre-
sent complex mixing of all three end-members, they

suggested the existence of a large reservoir of inter-
mediate composition, which they called PREvalent
MAntle (PREMA). Zindler and Hart also noticed that
the group of islands exhibiting this signature included
Hawaii and Iceland, with enriched helium isotope sig-
natures, but with lithophile isotope signatures depleted
relative to Bulk Earth. As a result of these observa-
tions, Zindler and Hart suggested two possible alter-
native origins for PREMA. It could either be a result
of mixing of all the other mantle sources, or a kind
of depleted mantle formed early in the Earth’s history,
before two-layered mantle convection established the
existence of the MORB reservoir.

The increased amount of OIB data that became avail-
able over subsequent years led Hart et al. (1992) to
argue that the most common feature in the isotope
data from plume sources was a tendency to form lin-
ear arrays, which appeared to fan out from a ‘focus
zone’ at the base of the mantle tetrahedron towards a
variety of enriched mantle end-members. Hence Hart
et al. named this common component FOZO. The pro-
posed composition of FOZO was on the edge of the
tetrahedron between the depleted mantle (DMM) and
HIMU. However, it was clearly distinct from DMM.
Therefore, Hart et al. proposed that it was a lower-
mantle component that had been entrained around
enriched mantle plumes rising from the core–mantle
boundary.

Subsequent work showed that the location of FOZO
as originally proposed was not satisfactory, since sev-
eral island arrays (e.g. the Macdonald seamounts)
trended from HIMU or DMM towards the middle of
the mantle tetrahedron. Therefore, Hauri et al. (1994)
revised the concept of FOZO to a somewhat less-
depleted signature bearing a very strong resemblance
to PREMA (Fig. 6.40). Again, this component was
also identified with elevated levels of 3He. In addition,
fluid-dynamic modelling by Hauri et al. suggested that
the extent of entrainment of lower mantle into plumes
was very variable (between 5% and 90%).

Hauri et al. (1994) examined two alternative mod-
els for mixing between FOZO and enriched mantle in
plumes. Since these plumes were argued to originate
at the core–mantle boundary layer (CMBL), it was ar-
gued that one of the two end-members must be located
at this point. Therefore, either plumes originate as en-
riched mantle at the CMBL and entrain FOZO as a kind
of sheath, or they must originate as FOZO at the CMBL
and entrain enriched blobs of lower mantle.

These and other alternative models were recently re-
viewed by van Keken et al. (2002), who re-examined
the correlation between helium and lithophile isotope
systems. They plotted 3He data against a composite
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Fig. 6.40. View of the mantle tetrahedron, showing
OIB arrays that converge on the revised composition of
FOZO from many different directions. After Hauri et al.
(1994).

Fig. 6.41. Plot of helium isotope ratios relative to the at-
mospheric composition (section 11.1) against a compos-
ite index for Sr and Pb isotope variation. Several ocean
islands exhibit vertical trends, which are attributed to
FOZO. After van Keken (2002).

index of Sr and Pb isotope ratios (Fig. 6.41). Several
ocean islands exhibit 3He enrichment, but the degree
of correlation between helium and lithophile isotope
tracers is generally quite weak (except for Samoa,

where helium variations are attributed to shallow mix-
ing processes; see section 11.1). Therefore, the evi-
dence in Fig. 6.41 suggests that the 3He-enriched com-
ponent is largely decoupled from and independent of
the lithophile isotope signature of FOZO/PREMA.

The simplest solution to the problem of juxtapos-
ing these sources would be that elevated 186Os and
3He signatures come from the core and then become
one of a suite of distinct components at the CMBL.
These components then all undergo variable mixing
with FOZO/PREMA during their ascent and entrain-
ment in the mantle convection system, as originally
proposed. This would imply that FOZO/PREMA is
dispersed in the lower mantle between blobs of en-
riched material. In this case it can most easily be pro-
duced by recycling of oceanic lithospheric mantle, in
contrast to the enriched components, which represent
recycled crust or subcontinental lithosphere.

Detailed examination of individual hot-spots may
offer the best hope of determining the origins of ‘non-
enriched’ lower-mantle sources such as FOZO, and
the ways in which these sources are juxtaposed with
enriched sources in rising plumes. For these purposes,
the Iceland plume has been of particular interest.

Thirlwall et al. (1994) showed that Icelandic basalts
and North Atlantic MORB display sub-parallel but dis-
tinct Pb isotope arrays. Hence, they argued that isotopic
heterogeneity in the Iceland plume could not be caused
by mixing with MORB. They speculated that the Ice-
land plume array might represent a ‘young-HIMU’-
type source. On the other hand, Kerr et al. (1995)
suggested that the Iceland plume was formed from re-
cycled ‘lower-oceanic lithosphere’. This would gen-
erate a more depleted signature than recycled oceanic
crust (the proposed source of HIMU). A component
similar to this was proposed by Hanan and Graham
(1996) as a ‘common’ mantle component, ‘C’. This
resembles FOZO/PREMA in some respects, since it
has effectively the same Pb isotope ratio. However,
the component C was envisaged as dispersed within
the MORB reservoir. It could therefore represent
FOZO/PREMA material in a ‘marble-cake’ mantle.

6.6 Island arcs and mantle evolution

Island arcs are central to the understanding of mantle
evolution because they represent the site where litho-
spheric material of various types is returned to the deep
mantle. Island-arc magmatism may allow us to sam-
ple this material which is in the process of being re-
cycled. Dewey (1980) showed that the volcanic front
is always located about 100 km above the descending
slab, whatever the angle of subduction. This shows that



166 Isotope geochemistry of oceanic volcanics

dehydration of the slab, triggered by pressure, is cen-
tral to the operation of island-arc magmatism. How-
ever, the petrology of island-arc basalts (IAB) pre-
cludes their genesis by fusion of subducted oceanic
crust (since this would require nearly 100% melting).
Therefore, they must be dominantly produced by melt-
ing of the ‘mantle wedge’ overlying the subduction
zone (e.g. Wyllie, 1984). Hence, the central problem
in interpreting IAB is that of identifying which sig-
natures are derived from the slab (and subducted sedi-
ment) and which are derived from the overlying wedge.
We will therefore examine this problem in terms of
two-component mixing between the slab and wedge.

6.6.1 Two-component mixing models

Island-arc basalts have enhanced 87Sr/86Sr ratios rela-
tive to MORB. However, the origin of these differences
is discernible only in the context of other isotope evi-
dence. The first study using combined Sr and Nd iso-
tope data was performed by Hawkesworth et al. (1977)
on island-arc and back-arc tholeiites from the Scotia
Sea (South Sandwich Islands). Analysis of back-arc
material provides a control condition because it sam-
ples a mantle segment that should be similar to the
wedge, but without any slab component.

Hawkesworth et al. found that island-arc and
back-arc samples from the Scotia Sea had identi-
cal 143Nd/144Nd ratios, overlapping with those of
MORB. However, the island-arc samples had signif-
icantly higher 87Sr/86Sr ratios (Fig. 6.42), which could
not be explained by sub-aerial weathering. Therefore,
Hawkesworth et al. suggested that the enhanced Sr iso-
tope ratios of the IAB were a product of subducted 87Sr
from seawater or (alternatively) oceanic sediments.
Possible mechanisms proposed were the direct partial
melting of altered and subducted oceanic crust or, al-
ternatively, metasomatic contamination of the mantle

Fig. 6.43. Comparison of Sr–Nd isotope systematics in (a) the Azores and (b) Grenada, showing possible derivation
from enriched mantle sources. After Hawkesworth et al. (1979b).

Fig. 6.42. Histogram to compare Sr isotope ratios of
basalts from the South Sandwich arc and the (back-arc)
Scotia Sea Rise. After Hawkesworth et al. (1977).

wedge with elements derived from the ocean crust. It is
now generally accepted that the latter model is correct
for the Scotia arc (e.g. Pearce, 1983).

The Scotia arc provides an example of the role of
slab-derived fluids in an arc with depleted chemistry.
However, in arcs with less-depleted chemistry, mat-
erial contributions from the slab and wedge are more
difficult to resolve. The Lesser Antilles (Caribbean) arc
provides a good test case for the behaviour of arcs with
more-enriched signatures, since the chemistry of the
arc changes along its length. This may help in resolving
the origin of enriched components.

Grenada volcanics display variations in both
87Sr/86Sr and 143Nd/144Nd, defining a range similar to
those observed by Hawkesworth et al. (1979a) from
São Miguel in the Azores, but further to the right of
the main mantle correlation line (Fig. 6.43). In view of
these parallels, Hawkesworth et al. (1979b) attributed
the Grenada data to Sr contamination (from the slab)
of a heterogeneous mantle wedge with a range of
Nd and Sr isotope compositions along the mantle ar-
ray. However, it is not clear why this particular piece
of sub-oceanic lithosphere would display such large
heterogeneities, since mantle plumes cannot penetrate
above a subduction zone. It would be necessary to pro-
pose that the mantle wedge in this location happened
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Fig. 6.44. Sr–Nd isotope diagram, showing extreme iso-
topic variation in Martinique lavas (◦) compared with
Grenada and St Kitts (SK). Mixing lines model the ef-
fects of contamination by sediments or seawater. After
Davidson (1983).

to contain an enriched ‘plum’, as suggested for the
Aleutian arc by Morris and Hart (1983).

Isotopic investigation of other islands in the Lesser
Antilles (Davidson, 1983) revealed that St Kitts, sit-
uated at the northern end of the arc, has a very small
range of isotopic composition close to MORB, whereas
Martinique, in the centre of the arc, has an extremely
large range of isotope composition (Fig. 6.44). If such
variations were inherited from the mantle wedge, then
‘gross heterogeneity on a scale of kilometres is im-
plied’. Davidson initially ascribed the variations to
contamination of the mantle source with subducted
sediment. However, more detailed geochemical stud-
ies (Davidson, 1987) revealed positive correlations
between Sr isotope ratio, oxygen isotope ratio and sil-
ica content in Martinique lavas. These are indicative
of crustal contamination of ascending magma in the
arc crust, which is thickest in the central region of
the arc near Martinique. Such processes will not be
detailed here, since they will be covered in the next
chapter. However, they serve to exclude Martinique
data from considerations of magma petrogenesis in the
mantle.

White and Dupré (1986) presented Pb isotope data
for representative samples from the whole length of the
Lesser Antilles arc, showing that they were generally
intermediate between MORB and sediment composi-
tions. There is no evidence that these signatures are
derived from magma contamination in the arc crust.
For example, sedimentary xenoliths in Grenada lavas

Fig. 6.45. Assessment of a sediment–asthenosphere
mixing model for Lesser Antilles volcanics, in terms of
Pb and Nd isotope systematics. � 7/4 measures devi-
ations in 207Pb/204Pb ratio from the ‘Northern Hemi-
sphere Reference Line’ of Hart (1984). After Ellam and
Hawkesworth (1988).

actually have unradiogenic Pb, inherited from an earl-
ier location of the arc to the west, above the subducting
Farallon plate. In contrast, Atlantic ocean-floor sedi-
ments in front of the present-day arc have radiogenic
Pb signatures.

White and Dupré found a general increase in the
Pb isotope ratio of Atlantic floor sediment when go-
ing southwards in front of the Lesser Antilles subduc-
tion zone, probably reflecting sediment carried onto
the sea floor at the south end of the arc by the Orinoco
river. This trend was matched by the composition of
Lesser Antilles volcanics, suggesting the presence of
a subducted-sediment component in the arc magmas.
This model is supported by the co-variation of Pb and
Nd isotope data in the volcanics (Fig. 6.45). Two-
component mixing between a MORB source and av-
erage Atlantic sediment can therefore explain the ob-
served Pb–Nd isotope systematics of Lesser Antilles
magmas, avoiding the need to invoke an enriched-
mantle wedge (Ellam and Hawkesworth, 1988).

Rare-earth concentration data may present a prob-
lem for this model, since LREE enrichment in some
arc volcanics may be too great to be explained by sim-
ple mixing between a MORB source and subducted
sediment (Hawkesworth et al. 1991). This problem is
illustrated in Fig. 6.46 on a plot of Ce/Yb ratio (i.e. REE
profile slope) against Sr isotope ratio. LREE-enriched
basalts and andesites from Grenada, the Sunda arc and
the Aeolian arc of southern Italy fall off the mixing
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Fig. 6.46. Plot of Ce/Yb ratio against Sr isotope ratio for
island-arc basalts and andesites: (●) = normal arc vol-
canics; (�) = LREE-enriched; (�) = Martinique lavas, con-
taminated during magma ascent. PAAS (post-Archean
average shale) is a typical sediment composition. After
Hawkesworth et al. (1991).

line between depleted arcs and a typical sediment
represented by ‘post-Archean average shale’ (PAAS).
However, White and Dupré (1986) argued that the Pb
isotope evidence for involvement of sediment in arc-
magma genesis was so conclusive that it over-rides
these trace-element problems. Given this constraint,
the very steep REE profiles must be due to some fea-
ture of the melting process. For example, partial melt-
ing of sediment in the presence of residual garnet could
elevate LREE abundances in the melt while depressing
the abundances of heavy REE.

Most workers now accept the supremacy of Pb iso-
tope evidence for involvement of sediment in the gen-
esis of IAB. For example, Ben Othman et al. (1989)
observed perfect matching of Pb isotope systematics
between the West Sunda arc and ocean-floor sediment
in front of the arc (Fig. 6.47). Since the Pb contents of
arc volcanics are nearly an order of magnitude lower
than those of typical sediments, it is unlikely that the
sediment signature is itself controlled by erosion of arc-
volcanics. Therefore, it is most likely that the reverse
relationship applies: arc-volcanic Pb is controlled by
subducted sediment. Further evidence was provided
by McDermott et al. (1993), who observed Pb iso-
topic variations along the North Luzon (Philippine)
arc, which were correlated with the composition of
sediment cores from the South China Sea, in front of
the trench.

6.6.2 Three-component mixing models

In the above examples, two-component mixing be-
tween slab and wedge was examined for cases where

Fig. 6.47. Pb–Pb isotope plot, showing collinearity of
the West Sunda arc (▲) with ocean-floor sediment in
front of the trench (solid line). Indian MORB is shown
by open symbols. After Ben Othman et al. (1989).

the slab-derived component (SDC) was dominantly ei-
ther a fluid or sediment. However, it is clear that in
some cases both of these components must be present.
Therefore, White and Dupré (1986) and Ellam and
Hawkesworth (1988) expanded the two-component
models described above into a three-component
mixing model. This involves contamination of the
depleted-mantle source of IAB with partial melts of
subducted sediment and LIL-element-enriched slab-
derived fluids. Evidence for such a process is seen when
abundances of low-field-strength LIL elements such
as Sr are ratioed against high-field-strength elements
such as REE. Subsequently, it has been shown that the
Ba/Th ratio is the perfect monitor of the slab-derived
fluid component (e.g. Turner et al., 1996). For exam-
ple, arc basalts from the Lesser Antilles have elevated
87Sr/86Sr ratios relative to MORB, implying contami-
nation with sediment, but they also have variable Ba/Th
ratios that are higher than either MORB or average sed-
iment compositions, implying the addition of a Sr-rich
fluid (Fig. 6.48).

The slab-derived fluid has a relatively minor effect
on radiogenic isotope signatures, apart from causing a
modest increase in the Sr isotope composition of the
source (Fig. 6.42). However, this component is very
strongly resolved by boron isotope evidence (as well
as cosmogenic 10Be, section 14.3.6), which can then
be plotted against radiogenic isotope tracers. The use
of this technique was demonstrated by Smith et al.
(1997) in a study of island-arc lavas from Martinique
(Fig. 6.49). Since the mantle contains very little boron,
mixing lines on this plot extend between the com-
position of the altered oceanic crust and that of the
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Fig. 6.48. Plot of Ba/Th ratio against Sr isotope ratio to
show the necessity of invoking three-component mix-
ing to explain the geochemistry of Lesser Antilles lavas.
After Turner et al. (1996).

Fig. 6.49. Plot of boron isotope ratio against Nd iso-
tope ratio to show how mixing models involving mul-
tiple fluid components can explain lava compositions
from Martinique. Numbered ticks indicate percentages
of sedimentary component. After Smith et al. (1997).

subducted-sediment component. Smith et al. modelled
these mixing lines assuming that both signatures were
carried by fluids. However, the availability of both sub-
ducted marine and continental sediment means that
a fan of mixing lines is produced from three fluid
components. In addition, further complexity is caused
by subsequent contamination of the arc magmas dur-
ing their ascent through the arc crust. Detailed anal-
ysis of various magma suites using several different
tracers can be used to unravel these very complex
petrogenetic processes involving multiple components
(e.g. Thirlwall et al., 1996). However, it will be more

profitable here to examine crustal contamination pro-
cesses involving fewer end-members. This will be done
in the next chapter during a discussion of continental
magmatism.
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7 Isotope geochemistry
of continental rocks

Oceanic volcanics, which erupted through thin, young
lithosphere, provide a window on the asthenosphere
and deep mantle. In contrast, continental basalts and
mantle xenoliths, emplaced through thick, old litho-
sphere, may tell us about the nature of the deep crust
and the lithospheric mantle, as well as the evolution of
magmas during their ascent to the surface. Isotopic data
are a powerful tool for such studies, firstly because of
their ability to date geological events, and secondly be-
cause of their usefulness as tracers of complex mixing
processes.

Unfortunately, continental igneous rocks are diffi-
cult to interpret. This is because they can derive an
enriched elemental and isotopic signature from three
possible sources: mantle plumes, sub-continental litho-
sphere, and the crust. Resolving these components
from one another in continental volcanics and plutons
has been a major subject of discussion in geochemistry
for several decades. Much progress has been made, but
the large number of variables tends to make each case
a unique example; or, as Read (1948) put it, there are
‘granites and granites’. This makes a generalised ap-
proach to continental magmas difficult, and forces us to
adopt a case-study approach as an attempt to illustrate
underlying principles.

Mantle xenoliths provide a more direct means of
sampling the sub-continental lithosphere. Their tex-
ture provides evidence of a solid source, while the
peridotite (i.e. lherzolite) petrology of the common-
est types is readily distinguished from crustal xeno-
liths (which will not be dealt with here). Therefore,
our approach in this chapter will be firstly to study the
lithospheric mantle by means of xenoliths, secondly to
examine crustal contamination processes, and lastly to
look at some classic case studies on the genesis and
evolution of continental igneous rocks.

7.1 Mantle xenoliths

The sub-continental lithosphere is distinguished from
the underlying asthenosphere by its non-convecting,

rigid state. Hence it was termed the ‘tectosphere’
by Jordan (1975; 1978). Jordan argued from seismic
and heat-flow evidence that this tectosphere was 200–
300 km thick under shield areas. Evidence from di-
amond inclusions in garnets (section 4.2.1) suggests
a similar thickness of continental lithosphere in the
Archean.

Alkaline magmas, kimberlites and carbonatites in
many continental areas bring up peridotite xenoliths
(also called nodules) from great depths. On the basis
of their mineral chemistry, these must be samples of the
mantle rather than the crust. Maaloe and Aoki (1977)
analysed the major element composition of numerous
such xenoliths in an attempt to estimate the bulk upper-
mantle composition. They recognised compositional
differences between spinel lherzolite xenoliths, derived
from Proterozoic and younger lithosphere, and garnet
lherzolites, derived from Archean cratons. Both types
of xenolith had overlapping ranges of MgO content, but
the (Archean) garnet peridotites had distinctly lower
FeO contents. In view of their more exotic history, we
will direct our main attention to this group.

The world’s classic mantle xenolith suites come
from South Africa, where they are obtained as by-
products of diamond mining. Within this collection,
two main textural types are observed: granular and
sheared. Harte (1983) proposed that the former were
samples of the lithosphere, whereas the latter, which
are more often found around the margins of the Kaap-
vaal craton, were derived from the convecting astheno-
sphere. Of the granular types, Harte further sub-divided
samples exhibiting obvious or ‘modal’ metasomatism
(indicated by hydrous or other exotic minerals) from
the more normal garnet peridotites. The latter samples
came from the centre of the Kaapvaal craton, at North-
ern Lesotho and Bultfontein (hence NLB type), and
were regarded as typical samples of the mantle litho-
sphere.

Various explanations have been proposed to account
for the differing FeO contents of spinel and garnet peri-
dotites. However, the most satisfactory was developed
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by Richter (1988). He proposed that garnet peridotites
were residues of komatiite extraction in the Archean,
and that the large degrees of melting associated with
this process caused FeO depletion. This in turn lowered
the density of the residuum, relative to fertile mantle,
and allowed its stabilisation as sub-continental litho-
sphere. This material reached sufficient thicknesses
(>150 km) for crystallisation of diamond to occur at
its base. In contrast, Proterozoic lithosphere was sta-
bilised only by conductive cooling of the upper mantle
(a mechanism that would not have been possible in
the hotter Archean mantle). Proterozoic mantle litho-
sphere may be residual from basalt extraction, or might
not have been depleted by melt extraction at all; hence
it has higher levels of FeO and other fertile compo-
nents. The thickness of lithosphere formed in this way
is insufficient to render diamond stable, while its high
density makes it susceptible to delamination from the
base of the crust during orogenic shortening of the
lithosphere.

The major element compositional differences be-
tween garnet and spinel peridotite xenoliths, described
above, are paralleled by isotopic differences. Figure 7.1
shows a compilation of Sr and Nd isotope data for
the two groups (Hawkesworth et al., 1990), which de-
fine fairly distinct fields. Spinel peridotite data are de-
rived mainly from separated clinopyroxene (cpx), but
garnet peridotite data are based on a combination of
separated-mineral and whole-rock analyses. The latter
are less reliable because they are susceptible to con-
tamination by the host magma (usually kimberlite in
the case of garnet peridotite).

Menzies (1989) adopted a terminology for interpret-
ing mantle xenoliths (Fig. 7.2) that was based on the
DMM, EMI and EMII end-members proposed for OIB

Fig. 7.1. Nd versus Sr isotope diagram, showing the largely distinct compositional fields of spinel peridotite (◦)
and garnet peridotite (●). After Hawkesworth et al. (1990).

Fig. 7.2. Nd versus Sr isotope diagram, showing com-
positional fields for xenolith suites from different
provinces, relative to enriched-mantle components
identified in OIB sources (hatched fields). After Menzies
(1989).

sources by Zindler and Hart (section 6.4.2). He did not
propose that the processes which formed these types
of lithospheric ‘domains’ were necessarily the same as
those which formed OIB end-members, but the use of
such a terminology may imply a genetic relationship.
Zindler and Hart did in fact propose (section 6.4.2) that
the HIMU and EMI components (forming the LoNd ar-
ray) were derived from recycled mantle lithosphere.
However, the EMI component does not necessarily
bear a direct relationship to any given segment of litho-
sphere. Furthermore, such a model does not fit well
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to the EMII component of the OIB source, which is
widely attributed to sediment subduction. Hence, the
present author suggests the use of different names for
domain types in plume sources and the lithosphere.

7.1.1 Mantle metasomatism

Spinel peridotite data in Fig. 7.1 are generally depleted
relative to the Bulk Earth composition. Therefore, they
may represent fairly normal samples of the upper man-
tle. However, garnet peridotites generally fall in the
enriched quadrant relative to Bulk Earth, despite the
fact that they are interpreted as residues of komatiite
extraction. This demands a secondary enrichment pro-
cess, which could be caused either by silicate melts,
or by hydrous or carbonaceous fluids. Only the last
two are examples of metasomatism in the strict sense,
but, typically, mantle enrichment is regarded as more
or less synonymous with mantle metasomatism.

Dawson and Smith (1977) described a suite of mafic
xenoliths from kimberlites such as Bultfontein, whose
hydrous mineralogy marked them as relics of ancient
metasomatising fluids. These nodules, sometimes de-
scribed as glimmerite, are characterised by the pres-
ence of phlogopite mica, together with various other
hydrous minerals. Dawson and Smith distinguished an
important sub-group of these nodules with a character-
istic mineral assemblage of mica–amphibole–rutile–
ilmenite–diopside, which they dubbed the ‘MARID’
suite. They suggested that these MARID xenoliths
might have crystallised from a pegmatitic magmatic
fluid, chemically similar to kimberlite, which would
be capable of metasomatising its peridotite wall
rocks.

This model was developed by Jones et al. (1982),
who suggested that peridotite nodules from Bultfontein
had been metasomatised by a fluid that, although not
exactly like the parent of the MARID suite, was related
to it in some way. This metasomatic process is recorded
by different peridotite lithologies, which form a series.
Starting from garnet peridotite, this progresses through
garnet–pargasite peridotite and phlogopite peridotite
to phlogopite–K-richterite peridotite in a suite repre-
sented as GP–GPP–PP–PKP (Erlank et al., 1987).

Having established the role of mantle metasomatism
in generating the incompatible-element enrichments of
peridotite xenoliths, another important question is the
timing of this process. Kramers (1979) analysed the
Pb isotope composition of sulphide inclusions in dia-
monds (and also cpx from eclogite and peridotite xeno-
liths) in several Cretaceous kimberlite pipes. Both in-
clusion and cpx data lay close to a 2.5-Byr isochron line
(Fig. 7.3), implying that diamonds and xenoliths are co-
genetic, and that mineralogical heterogeneity has been

Fig. 7.3. Pb–Pb isochron diagram for nodules from
South African kimberlites: (♦) = sulphide inclusions in
diamonds (F = Finsch mine, K = Kimberley); filled sym-
bols are for cpx from peridotite and cpx megacrysts (dif-
ferent symbols signify different mines). After Kramers
(1979).

preserved in the South African sub-continental litho-
sphere since the Archean. In particular, the very un-
radiogenic composition of the diamonds, which yield
Pb model ages of over 2 Byr, would be very difficult
to explain in terms of any recent metasomatic event.
In contrast, Pb isotope compositions in other ‘fertile’
peridotites and cpx megacrysts were interpreted as ev-
idence of fairly recent disturbance.

Menzies and Murthy (1980) analysed the Sr and Nd
isotope compositions of diopsides in micaceous garnet
lherzolite nodules from South African kimberlite pipes
(Bultfontein and Kimberley). The diopsides exhibited
a strong inverse correlation on the Sr–Nd isotope di-
agram (Fig. 7.4). This was attributed by Menzies and

Fig. 7.4. Plot of Nd versus Sr isotope ratios for diopsides
from South African kimberlite nodules (●), relative to
the mantle array of oceanic basalts: (◆) = whole-rock
peridotites. After Menzies and Murthy (1980).
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Murthy to gross mantle heterogeneity, randomly sam-
pled by kimberlite magmas. They suggested that these
signatures were generated by an ancient metasomatic
event, probably related to an upwelling mantle plume,
which caused LIL-element enrichment of the mantle
lithosphere.

Hawkesworth et al. (1983) estimated from Nd iso-
tope data that the ancient enrichment event postu-
lated by Menzies and Murthy probably occurred about
1–4 Byr ago. However, the Rb/Sr ratios of the analysed
diopsides (and, indeed, any mantle diopsides) are much
too low to ‘support’ their observed 87Sr/86Sr compo-
sitions (i.e. generate the required extra amount of 87Sr
by in situ decay of 87Rb in the required time). This
is demonstrated by the clustering of these points near
the y axis in Fig. 7.5. Therefore, Hawkesworth et al.
argued that the diopsides must have crystallised in a
recent event, presumably during secondary metasoma-
tism of the enriched mantle which was generated by the
ancient metasomatic event. The enhanced Sr isotope
ratios cannot be generated by contamination with the
host kimberlite magma itself, because the latter has
unradiogenic 87Sr.

On the Rb–Sr isochron diagram in Fig. 7.5, whole-
rock analyses of (garnet-free) phlogopite-bearing and

Fig. 7.5. Rb–Sr isochron diagram for South African
kimberlite nodules, showing diopside field (hatched)
relative to kimberlite host (�) and nodules of vari-
ous lithologies: (●) = garnet peridotite; (■) = garnet–
pargasite peridotite; (�) = phlogopite peridotite; (◦) =
phlogopite–K-richterite peridotite. After Hawkesworth
et al. (1983).

K-richterite-bearing peridotites (PP and PKP) define
a linear array with a slope age of 150 Myr. Since
these radiogenic Sr signatures in the nodules could
not be derived from the host kimberlite, Hawkesworth
et al. attributed the array to a metasomatic event about
150 Myr ago, possibly associated with Karoo flood-
basalt magmatism. In contrast, phlogopites separated
from Bultfontein peridotites yield a well-fitted Rb–
Sr mineral isochron with an age of 84 Myr (Kramers
et al., 1983), which is close to the emplacement age of
90 Myr determined from U–Pb data. However, this was
regarded as a metamorphic age, reflecting the opening
of mineral systems during the thermal event associated
with kimberlite emplacement.

Kimberlites are actually known to have two dis-
tinct isotopic signatures, termed Group I and Group II,
respectively (section 7.3.1). As noted above, the
(Group-I) kimberlite host of the peridotite nodules was
ruled out as the metasomatising agent because of its un-
radiogenic Sr signature. Therefore, Erlank et al. (1987)
considered the possibility that the Sr signatures found
in the peridotite nodules could have been generated
by metasomatic fluids related to the more-radiogenic
Group-II kimberlites. A compilation of Sr and Pb iso-
tope data for kimberlites, MARID xenoliths and meta-
somatised peridotite shows that all three suites form
a single array with negative slope, which could be a
mixing line (Fig. 7.6). However, several problems led
Erlank et al. to reject this model. The most important

Fig. 7.6. Plot of initial Sr isotope ratio at 90 Myr (kim-
berlite emplacement age) against Pb isotope ratio for
PKP whole-rocks (+), minerals from MARID xenoliths
(◦) and minerals from other Kimberley peridotites (●),
compared with the fields for Group-I and -II kimberlites.
After Erlank et al. (1987).
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Fig. 7.7. Plot of ε Nd versus ε Sr at 90 Myr to show resemblances between the isotope signatures of various types
of kimberlite magmas and glimmerite nodules. After Grégoire et al. (2002).

of these problems was an apparent lack of similarity
in trace-element signatures of the metasomatised peri-
dotites, MARID xenoliths and kimberlite magmas.

This problem was revisited by Grégoire et al.
(2002), who identified another sub-group of richterite
(amphibole)-free glimmerites with an assemblage
characterised by phlogopite mica, minor rutile,
ilmenite and diopsitic cpx. Grégoire et al. named these
‘PIC’ (phlogopite–ilmenite–cpx) xenoliths, although
‘MID’ (mica–ilmenite–diopside) would have been
more consistent with the established term MARID.
However, the important point is that the PIC xenoliths
have isotope signatures resembling those of Group-I
kimberlites. Grégoire et al. also argued that there
were sufficient trace-element resemblances between
the two respective suites of peridotites, glimmerites
and kimberlites to suggest that mantle metasomatism
in the Kimberley area was caused by fluids related to
the two recognised kimberlite magma groups rather
than the Karoo volcanism. In addition to the resem-
blances in Fig. 7.6, these similarities can also be seen
on a Sr–Nd isotope plot (Fig. 7.7). It remains to be
seen whether this simple unified model will bear de-
tailed scrutiny.

7.2 Crustal contamination

Many continental igneous rocks have enriched chem-
ical and isotopic signatures similar to those discussed
in the previous section. However, the critical question
is whether these signatures were inherited from the
mantle or the crust. In principle, isotopic methods are
ideal for solving this problem, since they are not up-
set by the crystal-fractionation processes which affect
most magmas during ascent and emplacement. How-
ever, the high degrees of enrichment which can occur
in plume or lithospheric mantle sources may generate
isotopic signatures similar to those of the crust. Hence

it has been argued (e.g. Thirlwall and Jones, 1983;
Hawkesworth et al., 1984) that mantle and crustal
sources cannot be distinguished simply on the basis of
‘isotopic discriminant diagrams’ in which each com-
ponent has a unique field. Instead, crustal or mantle
contributions to magmatism must be recognised by
observing the products of processes such as magma
mixing and crustal assimilation.

Philosophically, one can examine contamination
processes in two ways: using a predictive model (e.g.
DePaolo, 1981a) or an inversion technique (e.g. Man-
tovani and Hawkesworth, 1990). In the former, we set
conditions and then examine consequences. In the lat-
ter, we examine products and attempt to reconstruct
the original conditions. The predictive model is well
suited to two-component mixing processes, such as
progressive contamination of a single magma batch
by wall-rock assimilation. Some examples of such
models will be examined below, followed by an ex-
amination of crustal melting processes pertinent to
crustal-contamination models. However, volcanic lava
piles often involve multi-component mixing. These
processes are more difficult to examine using predic-
tive models, because of the plethora of possible mix-
ing scenarios. Therefore, it is more effective to model
such suites using the inversion approach, bearing in
mind the predictive models already developed for sin-
gle magma batches. This approach will be illustrated
using the classic British Tertiary Igneous Province as
a case study.

7.2.1 Two-component mixing models

In its simplest form, contamination of mantle-derived
magma by the continental crust can be regarded as a
process of two-component mixing. However, magma–
crust mixing processes usually have more than one
degree of freedom (such as the compositions and
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proportions of mixed components). Therefore, to eval-
uate mixing relations adequately, it is usually necessary
to apply two or more measured variables to the prob-
lem. These variables are usually isotope ratios, elemen-
tal ratios, and elemental abundances. In the context of
isotope geology, it is logical to begin by examining the
behaviour of isotopic tracers as a function of the ele-
mental concentration of the same element. Therefore,
we will begin by studying initial 87Sr/86Sr ratios as a
function of Sr concentration.

Mixing of components with different isotopic and
elemental compositions yields a hyperbolic curve
on a diagram of initial 87Sr/86Sr ratio against Sr
concentration (Fig 7.8a). Ideally, initial Sr isotope ra-
tios should be plotted against the abundance of 86Sr,
since the total concentration of strontium is slightly
perturbed by variations in 87Sr. This would apply to
old rocks, for which a large age correction is necessary
in order to obtain the initial ratio. However, the decay
constant of Rb is so low that 88Sr makes up the bulk
of strontium in most rocks. Therefore the abundance

Fig. 7.8. Schematic illustration of two-component mix-
ing on plots of Sr isotope ratio against (a) Sr concentra-
tion and (b) 1/Sr: C = crustal end-member; M = mantle-
derived end-member.

Fig. 7.9. Schematic modelling of selective Sr contamination and fractionation of magmas on plots of Sr isotope
ratio against 1/Sr: (a) contamination followed by fractionation; (b) sequential contamination and fractionation
events; and (c) simultaneous contamination and fractionation, followed by pure fractionation. After Briquet and
Lancelot (1979).

of 86Sr can be approximated by total Sr without in-
troducing significant errors. (This is not so for Pb in
old rocks, where radiogenic Pb can easily swamp the
non-radiogenic component.)

A bivariate diagram for two ratios with common
denominators must yield linear mixing lines. There-
fore the hyperbolic mixing curve of Fig. 7.8a can be
transformed into a straight line (Fig. 7.8b) by plotting
the initial 87Sr/86Sr ratio against 1/Sr (approximating
1/86Sr). Briquet and Lancelot (1979) used this format
to examine contamination and fractionation processes
in a ‘selective-contamination’ model (Fig. 7.9), which
envisages two-component mixing between a primary
basic magma and a hypothetical Sr-rich extract from
the crust. Following the contamination process, pla-
gioclase fractionation may cause the Sr content of the
magma to fall as it evolves to dacitic and then rhy-
olitic compositions (Fig. 7.9a). If these contamination
and fractionation steps were repeated sequentially then
they would create the effect seen in Fig. 7.9b. If the
steps become very small, the result is simultaneous
fractionation and contamination (Fig. 7.9c). However,
Briquet and Lancelot’s ‘selective’ model is probably
not the most realistic for magma contamination, since
Nd isotope evidence suggests that most contamination
is by crustal melts (e.g. Thirlwall and Jones, 1983).

Crustal melting and assimilation is an endothermic
process. If the magma is on or below the liquidus then
it can obtain heat to power melting only by itself under-
going fractional crystallisation. Hence, we may expect
these two processes to be coupled into a mechanism
that DePaolo (1981a) termed ‘assimilation fractional
crystallisation’ (AFC). In this model, the effect of frac-
tionation on the mixing trajectory will depend on the
relative importance of assimilation and fractional crys-
tallisation, and also on the crystal–liquid bulk distribu-
tion coefficient (D) pertaining at the time.
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Fig. 7.10. Plot of Sr isotope ratio against concentra-
tion to show the effect of the solid/liquid bulk distribu-
tion coefficient (DSr) during the process of assimilation–
fractional crystallisation (AFC) by a basic magma. For
discussion, see the text. After DePaolo (1981a).

To illustrate these effects, Fig. 7.10 shows calcu-
lated mixing lines for various DSr values at increas-
ing mass fractions of assimilate (Ma) relative to initial
magma (Mm), for a fixed proportion of assimilation
relative to crystallisation (Ma/Mc). (A smaller amount
of fractionation relative to assimilation will cause less
deviation from the simple mixing line; a larger relative
amount of fractionation will cause more deviation.)
When plagioclase joins the crystallising assemblage,
this will have a very dramatic effect on DSr val-
ues, changing strontium from an incompatible element
(DSr � 1) to a compatible element (DSr > 1) in the
crystallising material. This may cause a magma to fol-
low the bold dashed curve in Fig. 7.10 during its evo-
lution.

The Sr versus Nd isotope diagram provides a use-
ful means for assessing crustal-contamination models.
DePaolo and Wasserburg (1979a) showed that sim-
ple two-component mixing on this diagram gives rise
to hyperbolae whose trajectories depend on the rela-
tive Sr/Nd concentration ratio in the two end-members
(Fig. 7.11). For the special case in which the the Sr/Nd
ratio is the same in both end-members, the mixing
line is straight. When the mantle-derived component
(M) has a higher Sr/Nd ratio, Nd compositions are
more readily affected by contamination than Sr com-
positions, yielding a concave-upward curve (K > 1).
This is the normal situation when the mantle-derived
component is more basic than the crustal end-member
(whose Sr content has been lowered by plagioclase

Fig. 7.11. Schematic illustration of two-component mix-
ing on a plot of ε Nd versus ε Sr. M and C are mantle-
derived and crustal end-members. K = Sr/Nd ratio in
mantle-derived relative to crustal end-member. Nor-
mally K is between 2 and 10. After DePaolo and
Wasserburg (1979a).

fractionation in its previous history). However, con-
tamination by very-plagioclase-rich crust could yield
a convex-upward curve (K < 1).

7.2.2 Melting in natural and
experimental systems

The isotopic composition of a mantle-derived magma
undergoing crustal contamination may be fairly pre-
dictable, but the composition of possible crustal melts
is much more poorly constrained. Therefore several
studies have been conducted on melting processes,
both in the laboratory and in ‘natural laboratories’ in
the field. Most of these studies have involved the melt-
ing of granitoid rocks, since this is believed to be the
most important component of rock available for melt-
ing in the continental crust. A few of these studies will
be reviewed here.

One of the first modern studies of this problem
was made by Maury and Bizouard (1974) on partially
melted biotite gneiss xenoliths in a basanitic melt from
southern France. One of the most important findings
was that more than one initial melt composition was
present (represented by quenched glasses). The two
principal melt compositions were a colourless rhyolitic
glass resulting from melting on quartz–feldspar grain
boundaries and a brown latite glass resulting from melt-
ing on biotite–feldspar grain boundaries. Most subse-
quent studies have confirmed these findings, but since
the colourless and brown glasses tend to mix if the
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melting interval is prolonged, the ‘starting composi-
tions’ have often not been found in sufficient quantity
for geochemical analysis. For example, two studies on
melting of the Sierra Nevada granite batholith at Rat-
tlesnake Gulch by a trachyandesite plug (Kaczor et al.,
1988; Tommasini and Davies, 1997) both identified
pale-brown and dark-brown melt glasses. However, it
was not possible to separate the initial colourless and
brown glasses for geochemical analysis.

A purely laboratory-based melting study was per-
formed by Hammouda et al. (1996) on a synthetic
mixture of plagioclase and phlogopite (i.e. Mg biotite).
Preferential melting of the phlogopite was observed
above 1200 ◦C. Since the phlogopite had been doped
with radiogenic Sr to simulate the effects of Rb decay
in an old granite, the melt glasses were much more
radiogenic than the bulk rock. This experiment could
simulate the melting behaviour of a tonalitic crustal
rock, suggesting that partial melting of such material
could cause ‘selective contamination’ of mafic mag-
mas with radiogenic Sr. However, it had previously
been suggested by Thompson et al. (1982) that the
small amounts of fusible granitic rock in a crustal sec-
tion would be more important in promoting crustal
contamination of basaltic magmas than the relatively
refractory tonalite component.

A combined field-based and laboratory-based melt-
ing study of granitic rocks was carried out by Knesel
and Davidson (1999). The field component involved
melting of the Sierra Nevada granite in the vicin-
ity of a Pleistocene-age olivine basalt at Tungsten
Hills, whereas the laboratory-based component in-
volved melting relatively large 45 g cubes of a 1200-
Myr-old Precambrian granite. Sr isotope results from
the latter study (Fig. 7.12) revealed a progressive
evolution in the composition of brown and colour-
less melt glasses as the melting temperature was
increased (for a fixed 24-h duration). The isotope ra-
tios of the two melts were initially very distinct but
evolved towards the whole-rock composition of the
source. In contrast, the Sr abundances of the two melts
started relatively close to the whole-rock value, but
evolved away from it, reflecting increasing Sr enrich-
ment as melting progressed. This was attributed to the
evolution of the restite towards a strontium-free quartz
residue.

A somewhat different picture was obtained when the
bulk composition of the experimental glass was calcu-
lated from the compositions and abundances of the two
components. When the Sr isotope ratio of the bulk glass
was plotted against the melt fraction, a monotonic de-
crease in (initial) Sr isotope ratio was observed as a
function of melt fraction (Fig. 7.13a). Such a pattern

Fig. 7.12. Plot of Sr isotope ratio against concentra-
tion, showing the effect of increasing melting tempera-
ture (1100–1150–1250 ◦C) on colourless and brown melt
glasses generated in laboratory experiments on a Pre-
cambrian granite. After Knesel and Davidson (1999).

was also observed in the field-based data from Tung-
sten Hills and Rattlesnake Gulch (Knesel and David-
son, 1999; Tommasini and Davies, 1997) shown in
Fig. 7.13 (parts b and c).

The laboratory experiments described above were
all performed at atmospheric pressure, and therefore
under anhydrous conditions which do not accurately
represent crustal melting in the deep crust. Therefore,
Knesel and Davidson (2002) repeated the experiments
on the same granite sample at a confining pressure
of 600 MPa (6 kbar), equivalent to a depth of about
20 km within the Earth’s crust. These conditions per-
mitted runs of longer duration (up to 2 months), and
also allowed the melt products to be ‘extracted’ from
the source into a vacant pore space created by a bed of
industrial diamonds at one end of the sample charge.
The sample itself consisted of finely crushed granite
(75–100 µm) that was intended to preserve the min-
eralogical proportions of the original rock. The only
water in the system was derived from the hydrous min-
erals of the source rock.

Results of this experiment are shown in Fig. 7.14 for
three melting temperatures in the range 850–950 ◦C.
The surprising thing about these results is that, un-
like the previously reported field and laboratory ex-
periments, the initial melt was less radiogenic than
the source, although it eventually reached Sr isotope
equilibrium with the whole-rock composition. In con-
trast, an experiment at 1000 ◦C (not shown) gave re-
sults similar to the previous experiments, with an ini-
tial melt more radiogenic than the whole-rock. The
unradiogenic Sr composition of the low-temperature
melts was attributed to the melting of plagioclase in a
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Fig. 7.13. Plots of initial Sr isotope compositions of bulk
melts as a function of melt fraction in three studies of
granitic melting described in the text. After Knesel and
Davidson (1999).

reaction involving the dehydration of a small amount
of muscovite in the sample. In contrast, breakdown of
biotite was the most important reaction above 950 ◦C.
These results are interesting because they suggest that
crustal contaminants are not necessarily enriched in
radiogenic Sr relative to the source rock. However, the
crushing of the original sample may have created ar-
tificial mineral contacts that do not accurately repre-
sent the original rock. Therefore, more experiments
are clearly needed in order to test the behaviour of this
material and other source compositions under similar
melting conditions.

The general conclusion from all of these melting ex-
periments is that the isotopic composition of a crustal
melt evolves slowly towards the bulk composition of
the rock as melting progresses. However, since the tem-
perature and duration of melting are different for any

Fig. 7.14. Plot of Sr isotope ratio of granitic melts gen-
erated in piston–cylinder experiments over various du-
rations and at various temperatures. (Pressure = 6 kbar.)
The inset shows experimental duration on a log scale.
After Knesel and Davidson (2002).

given crustal-contamination event, it is not possible to
make general predictions about the extent of disequi-
librium melting to be expected in crustal contaminants.
Each case must be investigated in its own context.

7.2.3 Inversion modelling of magma
suites

The above modelling has considered the evolution of
single batches of magma during melting, assimila-
tion and/or fractionation processes. However, a suite
of analysed lavas may represent magma batches that
reached different stages of differentiation (and hence
had different trace-element contents) before contami-
nation. Just as different bivariate plots can be used to
model progressive contamination of a single magma,
the same variety of plots can be used to examine
the evolution of magma suites. The Tertiary volcanic
province of NW Scotland represents a good natural
‘laboratory’ in which to examine some of these pro-
cesses for two main reasons. Firstly, magma–crust in-
teraction was relatively intense, due to the volatile-
poor nature of the magmas. This prevented them from
punching through the crust quickly. Secondly, isotopic
contrasts between mantle and crustal end-members are
well developed, because old lithospheric mantle had
been melted away from under the Tertiary volcanic
centres by earlier magmatism.

An example of the co-variation of Sr isotope ratio
with Sr concentration is provided by Tertiary basic-to-
intermediate lavas from the Isle of Skye, NW Scotland
(termed the Skye Main Lava Series). Moorbath and
Thompson (1980) found a weak negative correlation
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Fig. 7.15. Plot of initial Sr isotope ratio against concentration for Tertiary lavas from Skye, NW Scotland. Skye
Main Lava Series: (●) = basalt; (▲) = hawaiite; (■) = mugearite–benmoreite. Other lavas: (◦) = silica-oversaturated
intermediates; (◆) = low-K basalts. After Moorbath and Thompson (1980).

between Sr isotope ratio and concentration in this
suite, forming a hyperbolic trend (Fig. 7.15). How-
ever, any individual mixing line between a hypotheti-
cal mantle-derived precursor and the estimated crustal
component has a slope perpendicular to the observed
trend. Such a trajectory is displayed by a small suite of
low-potassium (low-K) basalts in Fig. 7.15.

To explain the main data set, Moorbath and Thomp-
son proposed that crystal fractionation had occurred
in the upper mantle, yielding a series of magmas
with variable Sr contents. These were then subjected
to similar degrees of contamination with radiogenic
crustal Sr, so that those with high Sr contents were less
affected than those with low Sr contents, yielding a
hyperbolic pattern for the suite as a whole. The scatter
in the data probably results from somewhat variable
degrees of contamination in different magma batches.

Thirlwall and Jones (1983) performed Nd isotope
determinations on the same suite of Skye lavas. The
data are shown (Fig. 7.16) on a plot of Nd isotope ra-
tio against 1/concentration. Most of the basalts define
an approximately linear array (equivalent to a hyper-
bola on a plot of 143Nd/144Nd ratio against Nd concen-
tration). However, this linear array does not have the
trajectory expected for two-component mixing (steep
vectors in Fig. 7.16). Instead, it is attributed to contam-
ination of a magma series with variable Nd contents,
in which the most ‘primitive’ magmas, with lowest Nd
contents, exhibit the greatest effects of contamination.
On the other hand, a few basalts, together with silica-
rich intermediate lavas, exhibit the effects of an AFC

process, in which Nd contents rise rapidly as contam-
ination progresses (Fig. 7.16).

Thirlwall and Jones confirmed this interpretation
(Fig. 7.17) using a plot of Nd isotope ratio against
the major-element differentiation index FeO/(FeO +
MgO). They showed that the ‘F/M’ ratios of the Skye
lavas must have been generated by fractionation at the
base of the crust, since they were too high in most
of the rocks to have been in equilibrium with mantle

Fig. 7.16. Plot of initial Nd isotope ratio (ε Nd), against
reciprocal Nd content in Skye lavas. Symbols are as in
Fig. 7.15. Arrows show the effects of contamination by
magma mixing and by AFC. After Thirlwall and Jones
(1983).
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Fig. 7.17. Plot of ε Nd against ‘F/M’ ratio for Tertiary
lavas from Skye, showing more intense crustal contam-
ination in more magnesian basalts. Symbols are as in
Fig. 7.15. After Thirlwall and Jones (1983).

olivines. It follows that the strong correlation of ε Nd
with F/M must be the result of a subsequent process, i.e.
contamination in the crust. The most primitive basalts
(lowest F/M ratios) were the most contaminated, since
their lower Nd contents rendered them more sensitive
to contamination. Again, the linear array in this dia-
gram does not correspond to a two-component mixing
line. Crustal contaminants have low Fe and Mg con-
centrations, so they do not affect the F/M ratio of the
contaminated magma. Hence, sub-vertical mixing vec-
tors are generated in Fig. 7.17. The formation of the
array of lava compositions at an oblique angle to these
vectors can be ascribed to a regular and predictable
contamination mechanism affecting a suite of related
differentiates.

Huppert and Sparks (1985) attributed the type of
contamination process seen in the Skye lavas to thermal
erosion of wall rocks by turbulently flowing magma
during its ascent through the crust. The more magne-
sian magmas were hotter and less viscous, therefore
enhancing the turbulent flow of these magmas. This
prevented the formation of a chilled margin by contin-
ually bringing fresh, hot magma into contact with the
conduit walls, thereby allowing more wall-rock ero-
sion. Huppert and Sparks imagined this process occur-
ring in dykes, but a more probable site for such wall-
rock assimilation may be sill complexes in the crust,
where the longer magma residence time would allow
more opportunity for contamination.

Kille et al. (1986) described an example of the pos-
sible effects of turbulent wall-rock assimilation from
the Hebridean island of Mull, where inclined intrusive

sheets are intruded into meta-sedimentary units of the
Moine series. Large embayments were seen in the more
fusible units of the sedimentary sequence, suggesting
that ‘excavation’ by turbulently flowing magma had
occurred. Subsequently, additional evidence was found
from the Mull lava pile for wall-rock assimilation dur-
ing turbulent ascent of magma (Kerr et al., 1995). This
study showed that lavas of the Mull Plateau Group
had similar patterns of ε Nd against elemental con-
centration to those previously seen in Skye. Hence, it
appears that this process is of quite widespread oc-
currence, prompting Kerr et al. to coin the expression
‘assimilation during turbulent ascent’.

Isochron diagrams are a particular example of bi-
variate plots involving isotope ratios and trace-element
ratios, and may therefore be useful for studying crustal-
contamination processes. For old rock suites, initial
isotope ratios are plotted on a pseudo-isochron di-
agram. Because the denominators on both axes are
the same, two-component mixing must give rise to
products that lie on a straight line between the end-
members. However, a magma suite may again generate
a data array that does not project to the mixing end-
members. The Tertiary lavas from Skye provide a good
example of this problem also.

Thirlwall and Jones (1983) found a linear array of
ε Nd versus Sm/Nd ratios in Skye basalts (Fig. 7.18).
They interpreted this array as a mixing line between

Fig. 7.18. Sm–Nd pseudo-isochron diagram for Tertiary
lavas from Skye, showing proposed contamination
vectors in comparison with the array of contaminated
basalts. Symbols are as in Fig. 7.15. After Dickin et al.
(1984).
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a mantle-derived magma with constant Sm/Nd ratio
and a partial melt of intermediate (tonalitic) Lewisian
gneiss. The projection of the mixing line onto the
Lewisian isochron then indicates an ε Nd value (at
60 Myr) of about −15. However, Dickin et al. (1984)
argued that the basalt array was not a single mixing
line, but was generated by a series of obliquely an-
gled mixing lines involving mantle-derived magmas
with different Sm/Nd ratios. These trajectories indi-
cate a crustal end-member with ε Nd of about −40,
corresponding to Lewisian granitic (acid) gneiss. This
controversy may be resolvable by Ce isotope evidence
(section 9.4.3), but it serves to reiterate the importance
of distinguishing between individual mixing lines and
magma-evolution trends on all plots where contamina-
tion models are considered.

Since the Sr and Nd isotope compositions of a con-
taminated lava suite may be a complex function of Sr
and Nd concentrations, depending on the differentia-
tion history of the suite, these factors must be borne
in mind when interpreting the Nd versus Sr isotope
diagram for a magma suite. For the data from Skye
and Mull (Fig. 7.19), most samples define an array
with a negative slope, implying coupled behaviour of
Sr and Nd in the mixing process. However, it has been
shown that contamination effects for each isotope sys-
tem (87Sr/86Sr and 143Nd/144Nd) are individually con-
trolled by the Sr and Nd concentrations of the differ-
entiating magmas. Furthermore, these trace elements
often do not behave coherently during magma differ-
entiation, since Nd is always incompatible, whereas Sr

Fig. 7.19. Plot of Nd versus Sr isotope ratio for Skye
(●) and Mull (◦) lavas, showing a trend towards local
crustal units: LG = Lewisian granulite-facies gneiss; LA =
Lewisian amphibolite-facies gneiss; 7H = Archean peg-
matite sheet. After Kerr et al. (1995).

becomes a compatible element once crystallisation of
plagioclase begins. Therefore, we should expect some
scatter in the Sr–Nd isotope correlation in order to re-
flect these complexities.

A further problem with the interpretation of Skye
and Mull data on the Sr–Nd isotope diagram is that the
correlation line of Tertiary lavas trends half-way be-
tween the fields for Rb-depleted granulite-facies and
Rb-rich amphibolite) facies Lewisian gneisses, argued
to represent the lower and upper parts respectively of
the present-day crust under Skye. However, the rela-
tive contributions of these crustal components can be
resolved using Pb isotope data, as shown below.

Pb isotopes are a powerful tool in studies of man-
tle and crustal evolution, because the three different
radiogenic isotopes are generated from parents with a
wide span of half-lives, two of which are a common
element. By using 206Pb/204Pb and 207Pb/204Pb ratios
in conjunction, it is possible to measure not only the
importance of crustal contamination, but also the age
of the crustal component. On the other hand, by using
206Pb/204Pb and 208Pb/204Pb ratios in conjunction, it is
sometimes possible to locate the depth of the crustal
contaminant, since the crust may develop a stratified
signature of these isotopes in response to high-grade
metamorphism. Both of these possibilities are illus-
trated by the Tertiary magmatism of Skye and Mull.

Moorbath and Welke (1969) found that both acid and
basic Tertiary igneous rocks from Skye lay on a strong
linear array on the 207Pb/204Pb versus 206Pb/204Pb di-
agram, with a slope age of about 3 Byr. They in-
terpreted the linear array as a mixing line between
radiogenic mantle-derived Pb and very-unradiogenic
Archean (Lewisian) crustal Pb. Dickin (1981) re-
peated this study with more modern techniques and
found a mixing line with a slope age of 2920 ±
70 Myr (Fig. 7.20a), the same as the Sm–Nd age of
the Lewisian complex (see section 4.1.3). By plotting
208Pb/204Pb versus 206Pb/204Pb ratios (Fig. 7.20b), it
was possible to resolve three components in the Skye
Tertiary igneous rocks. The lavas are interpreted as
mantle-derived magmas that had suffered strong con-
tamination in the granulite-facies lower crust, whereas
gabbros of the Cuillins layered complex are attributed
to contamination in amphibolite-facies upper crust. Fi-
nally, the Skye granites are attributed to differentiated
basic magmas that suffered contamination in the lower
crust, followed by further differentiation and contam-
ination in the upper crust.

In this model, the crustal end-members were based
on average compositions of gneisses from NW Scot-
land, supported by evidence from crustal xenoliths car-
ried up in a Tertiary intrusion from Skye. The lower
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Fig. 7.20. Plot of initial Pb isotope ratios for Tertiary
igneous rocks from Skye, showing evidence for three-
component mixing: (■) = lava series; (�) = granites; (+) =
low-K basalts; (◆) = layered gabbros. Mid-Atlantic Ridge
approximates the local mantle composition. Modified
after Thompson (1982).

crustal rocks were depleted in both U and Th relative
to Pb during the 2.7-Byr-old Scourian granulite-facies
metamorphism, while the present-day upper crust con-
tains rocks that were depleted in U but not Th (relative
to Pb) in the Archean middle crust. The original upper
crust, enriched in U and Th relative to Pb, has largely
been removed by erosion.

The combination of Pb with Sr isotope evidence al-
lows additional constraints to be applied to the evo-
lution of contaminated magma suites. For example,
the shallow slope of the Sr–Pb isotope correlation line
in Fig. 7.21 is consistent with contamination of the
Skye and Mull lavas by granulite-facies lower crust.
However, it must be remembered that (unlike the Pb–
Pb isotope diagram) mixing lines on the Sr–Pb iso-
tope diagram can be strongly hyperbolic. In fact, the
lavas were probably contaminated by the most felsic
components in the granulite-facies basement, which
were more Rb-enriched than the bulk lower crust.

Fig. 7.21. Plot of initial Sr versus Pb isotope ratios in lava
suites from Mull, showing the distinct contamination
histories of the Mull Plateau Group (MPG) and the early
erupting Staffa Magma Type (●). After Morrison et al.
(1985).

Felsic minor intrusions were argued by Thompson
et al. (1982) to be the most likely fraction in the crust
to melt, leading to a kind of ‘selective-contamination’
mechanism due to melts of fusible rock types. One
such rock (sample ‘7H’) is shown in Fig. 7.19, where
it is found to explain the Sr–Nd correlation line in the
lavas.

A contrasting type of behaviour was seen in a distinct
magma type from SW Mull, which was important in the
very early eruptive history of the complex (Morrison
et al., 1985). These lavas of the so-called Staffa Magma
Type lie far off the Sr–Pb correlation line formed by the
later lavas (Fig. 7.21), and were therefore attributed to
a two-stage contamination process. This began at the
base of the crust, as seen in the other lavas, but was fol-
lowed by a period of residence in the uppermost crust,
where the magmas were contaminated by supracrustal
meta-sediments of the Moine series. Thus, as more
isotope tracers have become available, the application
of multiple tracers to magma suites has allowed more
complex magma-evolution histories in the crust to be
modelled and understood.

7.2.4 Lithospheric mantle contamination

Isotopic tracers have been widely used to monitor
crustal contamination of continental magmas during
their ascent, and to some extent this process can now
be quantified. In contrast, the relative importance of
lithospheric and asthenospheric mantle sources con-
tinues to be a matter of debate. Thermal constraints
(McKenzie and Bickle, 1988) suggest that the high
melting rates necessary to erupt flood basalt provinces
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Fig. 7.22. Sm/Nd pseudo-isochron diagram, showing a
linear array of Nuanetsi picrite compositions (●), which
is interpreted as a mixing line between a primitive
picritic magma and a hypothetical lamproite magma.
Open symbols are for oceanic volcanics. After Ellam and
Cox (1991).

can be satisfied only by melting of mantle plumes. On
the other hand, lithospheric extension will cause small-
volume melting of metasomatised lithosphere, gener-
ating mafic potassic magmas that may have extreme
isotopic compositions. Several workers recognised that
these processes might act together, leading to con-
tamination of asthenospheric magmas by the mantle
lithosphere, as well as by the overlying crust. Good ex-
amples of this process come from the Mesozoic flood-
basalt province of Gondwana (Southern Africa, South
America and Antarctica).

In the Karoo province of Southern Africa, picrite
basalts from Nuanetsi define a Sm–Nd pseudo-
isochron with an apparent age of 1 Byr. This was ini-
tially interpreted as a mantle isochron dating the age
of a magma source in the lithosphere (Ellam and Cox,
1989). However, re-examination of the data (Ellam
and Cox, 1991) suggested that the array was a mix-
ing line, formed by contamination of picritic magmas
(from a depleted plume source) by mafic potassic mag-
mas (lamproites) from a lithospheric source (Fig. 7.22).
Trace-element-mixing calculations suggested that the
lamproite component made up about 20% of the mixed
magma, but dominated its Nd and Pb isotope signature.
On the other hand, osmium contents of the two end-
members were about equal (section 8.4.4). A similar
model may explain Nd–Os isotope data for the Still-
water Complex, Montana (Lambert et al., 1994).

An important aspect of the Gondwana flood-basalt
province is its geochemical provinciality, which pro-
vides strong evidence for lithospheric control of
magma chemistry. One example of this provincial-
ity is the identification of high-Ti and low-Ti flood-

Fig. 7.23. Nd isotope evolution diagram, showing pre-
dicted evolution lines of the lithospheric sources of
high-Ti (●) and low-Ti (◦) alkali mafic magmas, with
ages of about 0.8 and 1.4 Gyr, respectively. The inset
shows the lava data on which the evolution lines are
based. After Gibson et al. (1996).

basalt provinces in Southern Africa and in the Paraná
basin of South America (e.g. Hawkesworth et al.,
1984). If the same provinciality were found in mafic
potassic rocks, this would support the lithospheric-
contamination model for flood basalts. Such a case
was observed for the high-Ti Paraná province (e.g.
Hawkesworth et al., 1992), but the absence of low-Ti
alkali mafic rocks caused major uncertainty about the
petrogenesis of low-Ti Paraná basalts (Hergt et al.,
1991). This problem was solved by the discovery of
low-Ti alkali mafic rocks on the flanks of the Paraná
basin (Gibson et al., 1996).

Comparison of the Nd isotope systematics of high-
Ti and low-Ti alkali mafic rocks from the Parana
showed that, while the ranges of Sm/Nd ratios were
identical, Nd isotope compositions were quite distinct
(Fig. 7.23). This suggests that the lithospheric mantle
underlying high-Ti and low-Ti provinces has distinct
trace-element-enrichment ages, possibly reflecting the
geographical extent of a Late Proterozoic crustal re-
working event. Therefore, this confirms that the high-
Ti and low-Ti suites reflect the provinciality of the sub-
continental lithosphere.

If the isotopic signatures of the most enriched al-
kali mafic suites are used as end-members in a mixing
model, the isotopic compositions of low-Ti flood
basalts can be explained by roughly 20% contamina-
tion of a primitive plume end-member in the litho-
spheric mantle, followed by extensive contamination
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Fig. 7.24. Nd–Sr isotope diagram, showing fields for
high-Ti rocks (white) and low-Ti rocks (shaded). Paraná
basalts are explained by two-stage contamination of
plume magmas, firstly in the sub-continental litho-
sphere and secondly in the crust. Mixing lines are
marked in 20% increments. After Gibson et al. (1996).

in the crust (Fig. 7.24). On the other hand, the high-
Ti flood basalts require about 50% contamination in
the mantle lithosphere, but less crustal contamination.
Such multi-stage models for the interaction of plumes
with the mantle lithosphere are likely to be a continu-
ing major focus in geochemical studies of continental
basalts.

7.2.5 Phenocrysts as records of magma
evolution

Inversion modelling is unavoidable when attempting
to reconstruct the evolution of large magma suites dur-
ing emplacement through the crust. However, when
this is based only on the whole-rock composition of
the final products, it may overlook internal minera-
logical evidence that could help to constrain contam-
ination models. Therefore, some recent studies have
investigated the internal Sr isotope heterogeneity of
feldspar phenocrysts in volcanic lavas in order to re-
construct near-surface magma plumbing. Early work
(e.g. Davidson and Tepley, 1997) used a micro-drilling
technique, followed by conventional ion-exchange
chemistry, to study Sr zoning in plagioclase phe-
nocrysts from three volcanic systems. However, the
advent of MC-ICP-MS (section 2.2.2) has allowed
in situ Sr isotope analysis of feldspar phenocrysts by
laser ablation (Davidson et al., 2001).

Fig. 7.25. Sr isotope profile along the length of a zoned
plagioclase with a clear core and a patchy rim, reflecting
two stages of feldspar growth. The width of each data
point indicates the approximate size of each ablation
pit. After Davidson et al. (2001).

Figure 7.25 shows a typical isotope profile from
the study of Davidson et al. (2001), which was mea-
sured along the length of a plagioclase phenocryst
from El Chichón volcano, Mexico. The data are in
good agreement with micro-drill results from the same
crystal (Davidson and Tepley, 1997), and clearly show
two phases of magma evolution recorded by the crys-
tal. The data are attributed to successive injections
of mantle-derived magma with unradiogenic Sr into
a magma chamber in the crust. Plating out of crystals
on the walls is argued to protect subsequent magma in-
jections from contamination, so that the bulk magma
becomes less radiogenic with time.

7.3 Petrogenesis of continental
magmas

It is impossible here to attempt a comprehensive re-
view of continental magma suites. Instead, a few case
studies will be examined for various magma types that
illustrate a variety of approaches to problems of petro-
genetic interpretation.

7.3.1 Kimberlites, carbonatites and
lamproites

Kimberlites, carbonatites and lamproites are highly
incompatible-element-enriched magmas that may be
genetically related. Experimental evidence suggests
that they are all products of very-small-degree par-
tial melting in the deep mantle, and that CO2 plays
an important role in their genesis (e.g. Wendlandt
and Mysen, 1980). The volatile-rich nature of these
magmas causes rapid ascent through the crust. This,
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Fig. 7.26. Plot of ε Nd against Sr isotopic compositions
of basaltic and micaceous kimberlites from South Africa
(�) and western Australia (■), together with Australian
lamproites (●). After DePaolo (1988).

coupled with their high incompatible-element concen-
trations, renders these magmas very resistant to iso-
topic modification by crustal contamination.

South African kimberlites are divided into two
petrological types, basaltic and micaceous (phlogo-
pitic), according to their groundmass mineralogy
(Dawson, 1967). These two groups, referred to as types
I and II, respectively, by Smith (1983), have distinct Sr
and Nd isotope compositions. Basaltic (Group-I) kim-
berlites have isotopic compositions that cluster just
within the depleted quadrant relative to Bulk Earth,
whereas micaceous (Group-II) kimberlites fall well in-
side the enriched quadrant (Fig. 7.26).

Kimberlites of western Australia graduate from
phlogopite kimberlite to lamproite, and were found by
McCulloch et al. (1983) to extend the compositional
range of micaceous kimberlites even further into the
enriched quadrant in Fig. 7.26. McCulloch et al. cal-
culated TDM model ages for the source region of these
rocks, on the assumption that fractionation of REE had
not occurred during magma genesis. These were in the
range 0.9–1.3 Byr. However, they recognised that the
magmas might have been fractionated to more LREE-
enriched compositions than the source, making these
minimum ages that may substantially under-estimate
the age of the enrichment event.

The resistance of carbonatites to crustal contami-
nation makes them a potential source of data on the
composition of the sub-continental lithosphere. Bell
and Blenkinsop (1987) investigated this application
by carrying out Sr and Nd isotope analysis of car-
bonatites from Ontario and Quebec, ranging in age
from 110 to 2700 Myr. Sr isotope ratios lay along a

Fig. 7.27. Nd isotope evolution diagram in terms of
ε Nd against time, showing derivation of carbonatite
from variably depleted (or mixed) mantle sources. After
Nelson et al. (1988).

depleted-mantle evolution line, which Bell and Blenk-
insop attributed to the sub-continental lithosphere of
the Superior province. However, Nd isotope data for
the same samples were more scattered. They comprise
part of a larger set of Nd data from different conti-
nents (Nelson et al., 1988), which scatter between the
depleted mantle and reservoirs at least as enriched as
Bulk Earth (Fig. 7.27).

Nelson et al. argued that the world-wide occurrence
of these scattered data militated against an origin in
the sub-continental lithosphere, and instead favoured
a plume origin similar to that of OIB. This can explain
the data in Fig. 7.27, but not the extreme signatures of
the Australian lamproite data (Fig. 7.26). Therefore,
the mixing model which Nixon et al. (1981) ori-
ginally proposed for genesis of kimberlite can serve
as a unifying petrogenetic model for kimberlites, car-
bonatites and lamproites. In this model, very-small-
degree partial melts originate from comparatively ‘fer-
tile’ asthenospheric sources (Group-I signature); they
are subsequently contaminated to different degrees in
the LIL-enriched but refractory sub-continental litho-
sphere (Group-II signature).

This mixing model essentially places kimberlites,
carbonatites and lamproites on the same footing as
other within-plate magmas. These magmas are now
generally thought to originate from plume sources,
and subsequently undergo variable degrees of con-
tamination in the lithosphere. Therefore, each example
must be investigated in its own context, just like other
magmas.
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Fig. 7.28. Nd–Pb isotope plot, showing carbonatites
from the East African Rift (●) relative to the end-
members invoked to explain the compositions of OIB.
After Bell and Tilton (2001).

One province that has always been important for
the study of carbonatites and ultra-alkaline magmas
is the East African Rift. Bell and Simonetti (1996)
showed that the magmas of this province, including the
active carbonatite volcano Oldoinyo Lengai, lie very
close to the HIMU–EMI mixing line identified in OIB
(Fig. 7.28). Bell and Simonetti (1996) attributed the
mixing line to magmas from a HIMU-type plume that
were subsequently contaminated by sub-continental
lithospheric mantle with an isotopic signature resem-
bling that of EMI (section 6.5.3). However, subsequent
work on a larger number of carbonate and nephelin-
ite volcanic centres from the East African Rift (Bell
and Tilton, 2001) showed that this mixing line was a
widespread phenomenon.

The discovery that the mixing line originally ob-
served at Oldoinyo Lengai was also seen in carbon-
atites from elsewhere in the East African Rift caused
Bell and co-workers to change their ideas about the ori-
gin of these components. The widespread occurrence
of relatively coherent two-component mixing through-
out the rift made a source in the lithosphere less likely,
since this is expected to be laterally heterogeneous.
Therefore, Bell and Tilton (2001) proposed that the
signature of HIMU–EMI mixing in East African car-
bonatites reflected heterogeneity in the plume source
itself, as seen in OIB.

Additional support for the importance of plume
sources in carbonatite magmatism is provided by rare-
gas evidence from carbonatites of the Kola Penin-
sula. For example, neon isotope data provide clear
evidence for the involvement of a plume-type lower-
mantle source (Tolstikhin et al., 2002). However,

individual provinces of kimberlite, carbonatite and
lamproite magmatism are likely to exhibit variable de-
grees of contamination of plume-derived melts by en-
riched sources in the sub-continental lithosphere.

7.3.2 Alkali basalts

An interesting location to study alkali basalt genesis is
provided by the Cameroon Line of western Africa. This
volcanic chain, composed dominantly of alkali basalts
with subordinate tholeiites, stretches from the Atlantic
island of Pagalu (700 km SW of the Niger delta) to the
Biu Plateau (800 km inland). Despite the fact that the
volcanic chain is situated half on young oceanic crust
and half on ancient continental crust, the ranges of
trace-element contents and Sr isotope ratios in the two
sections of the line are identical (Fitton and Dunlop,
1985). Given that oceanic and continental lithosphere
would be expected to have different signatures, Fitton
and Dunlop argued that the magma source must lie
below the lithosphere.

The Cameroon Line exhibits no evidence of age pro-
gression along its length, and must therefore represent
a ‘hot zone’ rather than a hot-spot trail generated by
plate motion over a small plume. Fitton and Dunlop ar-
gued that because there is no evidence of migration of
the area of volcanism over its 65-Myr history (despite
movement of the African plate), ‘the mantle source
must be coupled to the lithosphere’, rather than orig-
inating from a deep-mantle plume that tracked across
the overlying plate. This was a surprising result, since
the only explanation (at that time) for isotopic hetero-
geneity inherited from a shallow mantle source was
disequilibrium melting (section 6.1.2).

To investigate this problem further, Halliday et al.
(1988) performed a more detailed isotopic study on the
Cameroon Line, including Pb and Nd isotope measure-
ments (Fig. 7.29). A few samples were found to show
evidence of contamination by continental basement;
however, after excluding these samples, the most dis-
tinctive feature of the data was the very radiogenic Pb
isotope compositions displayed by basic lavas from the
continent–ocean boundary, about half-way along the
volcanic chain. These compositions approach those of
the St Helena hot-spot, but volcanics on either side
(within the oceanic and continental segments) are less
radiogenic.

Halliday et al. (1988) attributed these features to
the ‘impregnation’ of the upper mantle under the
Cameroon Line by material from the St Helena plume.
This plume played a major role in promoting the ini-
tial opening of the South Atlantic, about 120 Myr ago.
It was probably responsible for the actual location
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Fig. 7.29. Plot of Nd versus Pb isotope compositions
for Cameroon Line volcanics. Solid symbols: continen-
tal lavas; open symbols: oceanic; half-filled: continental
edge. A, I and P = Atlantic, Indian and Pacific MORB.
After Halliday et al. (1988).

of rifting, which subsequently became the continental
edge. With time, the African plate moved away from
the St Helena plume, but a ‘blob’ of hot plume material
became incorporated into the lithospheric mantle un-
der Cameroon as the continental margin cooled after
the rifting event. As the plume component was grad-
ually dispersed laterally along the volcanic chain, its
compositional effect was seen at volcanic centres pro-
gressively further from the continental edge.

Halliday et al. (1990) revised this model as a re-
sult of new observations on the Pb isotope data. These
revealed that the radiogenic 206Pb/204Pb signatures at
the continental edge were not accompanied by high
enough 207Pb/204Pb ratios to represent direct mixing
with the St Helena plume. Instead, a positive correla-
tion between 206Pb/204Pb and U/Pb ratios was observed
(Fig. 7.30), which Halliday et al. interpreted as a 200-
Myr-old erupted isochron. However, it was shown in
Fig. 7.29 that the 206Pb/204Pb ratio correlates with the
Nd isotope ratio, which cannot develop large variations
by decay of Sm over periods of only 200 Myr. There-
fore the arrays of Pb isotope ratio are probably mix-
ing lines. The radiogenic end-member must represent
young lithosphere whose high 206Pb/204Pb signature
was generated by magmas with high U/Pb ratios (µ)

Fig. 7.30. U–Pb isochron diagram for young Cameroon
Line lavas with over 4% MgO, yielding an apparent age
of about 200 Myr. Half-open symbols denote individual
volcanoes from the continental edge. Other symbols in-
dicate continental (◦) and oceanic segments (■). After
Halliday et al. (1990).

at the time of continental rifting. Mixing between this
component and local asthenospheric upper mantle can
explain the isotopic mixing process, which also satis-
fies more recent rare-gas evidence from the Cameroon
Line (Barfod et al., 1999).

This work has two important conclusions. Firstly,
episodes of continental rifting can replace old sub-
continental lithosphere with young lithosphere, which
may have an exotic composition. Secondly, U is more
incompatible than Pb in magmatic processes, so that
preferential extraction of Pb from the mantle cannot be
invoked to explain the lead paradox (section 6.3.1).

7.3.3 Flood basalts

The northwestern USA displays one of the world’s ma-
jor flood-basalt provinces, the Columbia River Basalt
Group (CRBG). The controversies about the petroge-
nesis of these lavas serve very well to illustrate the
complexities of modelling the genesis of flood basalts.

Early Nd isotope data on the Columbia River basalts
clustered near ε Nd = 0, leading DePaolo and Wasser-
burg (1976) to propose an undepleted (primordial-
type) source for these magmas, in contrast to the de-
pleted mantle source of MORB (ε Nd = +10). This
model was supported by DePaolo (1983) on the basis
of a volume-weighted histogram of initial ε Nd values
measured on the Columbia River basalts (Fig. 7.31).
DePaolo argued that the marked concentration of data
at slightly positive ε values and the sharp cut off at
ε Nd = 0 constituted evidence for a chondritic source
for the most voluminous Grande Ronde group of lavas,
merging into a depleted-mantle source for the Imnaha
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Fig. 7.31. Histogram of ε Nd compositions for Columbia
River basalts, weighted according to eruptive volume.
Double-hatched data are from DePaolo and Wasser-
burg (1976; 1979b). Modified after DePaolo (1983).

and Picture Gorge basalts. However, the abundance
peak at ε Nd = 0 in Fig. 7.31 was partly a product
of adding the data of DePaolo and Wasserburg (1976;
1979b) to those of Carlson et al. (1981), which caused
‘double sampling’ of some of the same flows.

Fig. 7.32. Plot of Nd versus Sr isotope ratio for basalts from the northwestern USA: (■) = Grande Ronde; (●) =
Picture Gorge; (�) = Wanapum; (▲) = Steens Mountain; (�) = Saddle Mountains; (✩) = HAOT; (�) = SROT. C1 to C3
are possible sources discussed in the text. Data from the main diagram define the shaded field on the inset. After
Carlson and Hart (1988).

A compilation of Sr and Nd isotope data for several
basaltic suites from the northwestern USA appears to
present a rather different picture. The samples display
a very strong, almost continuous, curved trend, which
fans out somewhat in the enriched quadrant (Fig. 7.32).
These data imply that a relatively simple mixing pro-
cess, such as crustal contamination, was involved in
the genesis of the lavas (Carlson et al., 1981). How-
ever, it has become apparent over the last few years
that radiogenic isotopes alone may not be able to dis-
tinguish between enriched mantle and crustal sources.
Incompatible-element ratios and stable-isotope data
may be needed to assist in this distinction.

Carlson and Hart (1988) argued that the ratio of
a highly incompatible element against a high-field-
strength element (e.g. K2O/P2O5) can be used as an
index of (specifically) crustal contamination. This in-
dex is plotted against Sr isotope ratio in Fig. 7.33. Some
Picture Gorge and Grande Ronde basalts of the CRBG,
together with Steens Mountain basalts from the Oregon
Plateau, have quite elevated K2O/P2O5 ratios, despite
having low-to-intermediate Sr isotope ratios. Carlson
and Hart attributed this pattern to contamination of
magmas from a ‘C-1’ mantle source by crustal units
with a variety of ages. The C-1 source was identified
as typical asthenospheric upper mantle, whose melt-
ing was probably caused by mantle convection behind
the Cascades arc. In contrast to the above lavas, some
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Fig. 7.33. Plot of K2O/P2O5 ratio against Sr isotope ratio for basalts from the northwestern USA, showing mixing
models between C-1 magmas and three crustal contaminants with various Sr isotope ratios. Symbols are as in
Fig. 7.32. After Carlson and Hart (1988).

Fig. 7.34. Plot of δ 18O against Sr isotope ratio for basalts from the northwestern USA. Curves show effects of
mixing with crust of a given Sr and 18O composition. Steep mixing lines model contamination of magmas (◦ =
10% increments); the shallow mixing line models contamination of MORB-type source with subducted sediment
(✕ = 1% increments). Symbols are as in Fig. 7.32. After Carlson and Hart (1988).

Saddle Mountains CRBG flows, high-Al olivine tholei-
ites (HAOT) from the Oregon Plateau, and Snake River
olivine tholeiites (SROT) have 87Sr/86Sr ratios up to
0.708, but low K2O/P2O5 ratios. Carlson and Hart at-
tributed these signatures to a lithospheric mantle source
(‘C-3’).

A plot of δ 18O against Sr isotope ratio supports this
model (Fig. 7.34). Steep vectors result from contam-
ination of basaltic magmas by typical crustal units.
In contrast, sub-horizontal vectors could be produced
by mixing with old 87Sr-enriched mantle, or possi-
bly by recent contamination of the Sr-poor mantle
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a

b

Fig. 7.35. Isotope compositions of basalts from the
northwestern USA: (a) Nd versus Pb isotope plot; and (b)
Sr versus Pb isotope plot. Three distinct mantle sources
are resolved (C-1 to C-3). Symbols are as in Fig. 7.32.
After Carlson and Hart (1988).

source by subducted sediment. Such a distinction be-
tween source and magma contamination vectors on the
oxygen–strontium isotope diagram was investigated
in detail by Taylor (1980) for granitic rocks (section
7.3.5).

Pb isotope data reveal one more level of complex-
ity in this picture. Basalts with 87Sr/86Sr ratios be-
low 0.708 display a triangular distribution on plots
of Sr or Nd isotope ratio against 206Pb/204Pb ratio
(Fig. 7.35). On this diagram, many Grande Ronde lavas
trend towards an end-member (C-2) with radiogenic
Pb that is distinct from the C-1 and C-3 mantle end-
members recognised from other evidence. Carlson and
Hart speculated that the C-2 source may have been
derived by contamination of C-1 depleted mantle by
subducted sediment.

Unlike DePaolo, Carlson and Hart did not invoke
any lower-mantle plume source for the Columbia River
basalts, which therefore makes this an unusual model
for a flood basalt province. In contrast, authors of sev-
eral subsequent studies of the Columbia River Basalt
province have invoked a plume as one of the end-

members. The first of these studies (Brandon and
Goles, 1988) involved trace-element analysis only,
whereas three subsequent studies used radiogenic iso-
tope tracers. However, the analytical results obtained
in these later isotope studies were largely the same as
those of Carlson and Hart . . . just the conclusions dif-
fered. Therefore, these models will be discussed using
the older isotope data in Fig. 7.35.

Hooper and Hawkesworth (1993) and Brandon and
Goles (1995) used multiple isotope tracers (Pb–Sr–
Nd) in their investigation, as well as elemental data.
They broadly agreed with Carlson and Hart (1988) that
C-1 is asthenospheric upper mantle and C-3 is litho-
spheric mantle. However, both groups re-interpreted
C-2 as a plume source, identified as part of the track
of the present-day Yellowstone plume. In contrast,
Chamberlain and Lambert (1994) used Pb isotope
only, and also divided both C-1 and C-2 into two
sub-component reservoirs (R1–R2 and R4–R5, respec-
tively). However, the main difference was that they
identified the C-3 component (their R3) as the plume
source and the C-2 component (i.e. R4–R5) as crustal.

These competing models were tested by Dodson
et al. (1997) using helium and neon isotope evidence.
Two samples were analysed, an Imnaha basalt (close
to the C-2 end-member) and a Wanapum basalt (close
to the C-3/R3 end-member). The Imnaha (C-2) basalt
was found to have a much stronger plume (un-degassed
lower-mantle) signature than the Wanapum basalt, thus
confirming the models of Hooper and Hawkesworth
(1993) and Brandon and Goles (1995). In so doing,
this work also vindicated to some extent the early stud-
ies of DePaolo and Wasserburg, by showing that the
Columbia River basalts do indeed contain a lower-
mantle component. However, these results also demon-
strate that no single isotope tracer (either Nd or Pb) is
sufficient alone to distinguish between sources in such
a complex multi-component system.

More recent investigation of the CRBP using the os-
mium isotope tracer has further quantified the degree
of crustal contamination in the origin of these basalts
(Chesley and Ruiz, 1998). These data do not distin-
guish between the alternative sources in the upper and
lower mantle (C-1 and C-2), but they throw additional
light on the identity of the C-3 source. Contrary to the
arguments of Carlson and Hart (1988) based on trace-
element and oxygen isotope data, Chesley and Ruiz
argued that the C-3 end-member was represented by
crustal rather than mantle lithosphere. After all of the
argumentation above, this seems a surprising conclu-
sion. However, Chesley and Ruiz claimed that initial
osmium signatures in lavas from the Grande Ronde,
Wanapum and Saddle Mountains groups were so
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radiogenic that only a crustal source could explain
them (see section 8.3 for background).

Additional evidence for this interpretation comes
from dykes of the Wanapum group that are intruded
across a suture boundary between Precambrian and
Mesozoic terranes. Analyses of lithophile isotope ra-
tios revealed no change across this boundary, but initial
187Os/188Os ratios changed from 0.2 on the Mesozoic
side to about 3 on the Precambrian side. Hence this
provides strong support for a relatively shallow con-
tamination process, attributed by Chesley and Ruiz
to mafic lower crust. This material would have low
values of δ18O and possibly also low K2O/P2O5 ra-
tios, thus confounding the evidence from these tracers.
This should serve as a warning that the composition of
the lower continental crust is still not well understood,
even for isotope tracer systems which have supposedly
reached a mature stage of understanding.

7.3.4 Precambrian granitoids

One of the most fundamental questions about the con-
tinental crust is the extent to which any given block
of sialic basement is the product of juvenile separation
from the mantle or reworking of older cratonic ma-
terial. Sr isotope data were originally applied to this
problem on the grounds that crustal reservoirs, which
have high Rb/Sr ratios, develop higher 87Sr/86Sr ratios
over geological time than does the low-Rb/Sr mantle.
Calculation of the initial Sr isotope composition of a
plutonic crustal segment should then indicate whether
it has a mantle or crustal source. The evolution line
for Sr in the depleted mantle is constructed by draw-
ing a linear growth curve from the ‘basaltic achondrite
best initial’ (BABI) value of 0.69899 ± 5 (section
3.2.4) to the 87Sr/86Sr composition of recent ocean-
ridge basalts in the range 0.702–0.704. Data for spe-
cific crustal provinces can then be compared with this
evolution line to assess their petrogenesis.

A classic example of the application of the Sr isotope
evolution diagram to the provenance of crustal base-
ment is provided by studies of the Archean and Pro-
terozoic gneisses of West Greenland by Moorbath and
Pankhurst (1976). Figure 7.36 shows average growth
lines for 3.7-Byr-old Amitsoq gneisses from four lo-
calities, 2.8–2.9-Byr-old Nuk gneisses from five local-
ities, 1.8-Byr-old Ketilidian gneisses from two locali-
ties (in South Greenland) and the 2.52-Byr-old Qorqut
granite. The initial ratios of these terranes are compared
in Fig. 7.36 with a hypothetical linear upper-mantle
growth line drawn between BABI and MORB.

Moorbath and Pankhurst argued that the Nuk (and
Ketilidian) gneisses could not be derived by reworking

Fig. 7.36. Sr isotope evolution diagram showing the
development of four crustal suites relative to the
depleted-mantle evolution line. The Qorqut granite (Q)
is attributed to crustal anatexis. After Moorbath and
Taylor (1981).

of older (e.g. Amitsoq) gneiss, since the growth lines
of the Amitsoq samples are much too steep to gen-
erate products with initial ratios of only 0.702–0.703.
Instead they concluded that the igneous precursors of
the Nuk gneisses represented a massive addition of
juvenile calc-alkaline crust to the Archean basement
of West Greenland. The slight elevation of the calcu-
lated initial ratios above the upper-mantle evolution
line was attributed to a period of crustal Sr isotope
evolution, lasting perhaps 100–200 Myr, between the
separation of the igneous precursors from the mantle
and their subjection to granulite-facies metamorphism
(see section 5.5). In contrast, Moorbath and Pankhurst
recognised the Qorqut granite as a good candidate for
a pluton derived by reworking of older crust, since its
initial ratio of 0.709 ± 0.007 is well within error of the
compositions of Amitsoq gneisses at that time.

Pb isotope analysis of the Nuk gneisses revealed a
more complex picture than the Sr isotope data alone, by
demonstrating that Nuk magmas emplaced into areas
of Amitsoq crust had suffered significant contamina-
tion with old crustal Pb (section 5.5). In view of the lack
of obvious crustal Sr contamination, selective contami-
nation by Pb was invoked to explain these observations
(Taylor et al., 1980). In this situation, the application
of Nd isotope analysis provides an ideal way of testing
petrogenetic models for the Nuk gneisses.

Taylor et al. (1984) analysed a selection of Pb-
contaminated and Pb-uncontaminated gneisses for
Nd isotope composition (Fig. 7.37). The data indi-
cate a good correlation between ε Nd and Rb, an
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Fig. 7.37. Variation of ε Nd in Nuk gneisses, compared
with (a) the fraction of isotopic contamination by Amit-
soq Pb (from section 5.5); and (b) Rb content. After
Taylor et al. (1984).

incompatible trace element expected to be enriched
in the Amitsoq gneisses. Taylor et al. attributed these
results to contamination of mantle-derived Nuk mag-
mas by partial melts of Amitsoq gneiss in the lower
crust. However, ε Nd does not correlate well with the
degree of Pb isotopic contamination (represented by
the index 204Pbcontaminant/ 204Pbtotal). This suggests that
additional selective Pb contamination occurred, due to
Pb-enriched fluids generated by crustal dehydration.

The paradox whereby substantial Pb and Nd contam-
ination of the Nuk magmas was not accompanied by
observable Sr isotope disturbance must be attributed to
the stratified nature of the Amitsoq crust. Taylor et al.
argued that the deep crust responsible for Pb and Nd
contamination must have had lower Rb/Sr ratios than
those analysed from the surface outcrops, presumably
due to the flushing out of Rb from the lower crust during
granulite-facies metamorphism. Hence it did not de-
velop elevated Sr isotope ratios over geological time.
It is concluded from this evidence and other studies
that Sr isotope data often cannot readily distinguish
between mantle and lower-crustal source regions. In
this situation, Nd isotopes are a more powerful pet-
rogenetic tracer because Sm/Nd is fractionated during
crustal extraction from the mantle but is not signifi-
cantly fractionated by intra-crustal processes (section
4.3).

The Pb isotope system comprises two coupled dat-
ing systems, whereas Sm–Nd normally offers only

one. Therefore Pb–Pb data should theoretically pro-
vide more control than Nd data on mixing between
crustal reservoirs of different ages. However, U–Pb iso-
tope systems are quite susceptible to open-system be-
haviour over geological history, whereas whole-rock
Sm–Nd systems are very resistant to such effects.
Therefore, when Pb–Pb data are used to study an-
cient mixing events, the measured isotope ratios cannot
normally be corrected to unique initial ratios. Instead,
model initial 207Pb/204Pb ratios are usually determined
by projecting the Pb–Pb data back along an isochron
line corresponding to the age of the mixing event (e.g.
Fig. 5.36). Hence, we are left with a single isotopic
tracer, analogous to 143Nd/144Nd.

Davis et al. (1996) compared the use of initial
207Pb/204Pb and 143Nd/144Nd ratios in late Archean
granitoids as tracers of the extent of Early–Mid-
Archean basement in the Slave Province of NW
Canada. They found a relatively good correlation be-
tween the two tracers (Fig. 7.38), supporting a model
of two-component mixing between juvenile (recently
mantle-derived) and old crustal end-members. The
mixing line is somewhat curved, indicating a Pb/Nd
ratio in the old crustal end-member about three times
higher than in the juvenile end-member. In princi-
ple this makes Pb a more sensitive tracer of hidden
crust than Nd. However, evidence from Greenland
(Fig. 7.37) suggests that Pb may behave less repro-
ducibly. Hence, the scatter in Fig. 7.38 is probably
due to non-stoichiometric mixing of Pb rather than
Nd.

Fig. 7.38. Plot of calculated initial 143Nd/144Nd versus
207Pb/204Pb compositions of Late Archean granitoid
magmas (●), explained by mixing of juvenile and an-
cient crustal end-members. After Davis et al. (1996).
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7.3.5 Phanerozoic batholiths

Hurley et al. (1965) performed a strontium isotope
study of the Sierra Nevada batholith and concluded
that most of the intrusive bodies making up the
batholith had initial 87Sr/86Sr ratios of about 0.7073 ±
0.001. They recognised that this value was intermedi-
ate between expected upper-mantle and Precambrian
crustal values of about 0.703–0.705 and 0.71–0.73,
respectively. However, they were unable to determine
on the basis of the Sr isotope evidence whether the
Sierra Nevada batholith represented mantle-derived
magmas subsequently contaminated by the crust, or
simply partial melting of geosynclinal sediments and
volcanics.

DePaolo (1981b) performed a combined Sr and
Nd isotope study of the Sierra Nevada and Peninsu-
lar Ranges batholiths in a further attempt to resolve
the genesis of these bodies. The data define hyper-
bolic arrays on ε Sr versus ε Nd diagrams (Fig. 7.39),
running from the island-arc basalt field towards the
composition of a nearby Precambrian schist. The lat-
ter was regarded as representative of the source area
which yielded the Paleozoic–Mesozoic geosynclinal
sediments into which the batholiths are intruded. De-
Paolo recognised that the western Peninsular Ranges
samples closely conformed to the Sr–Nd mantle array,
and that they could therefore be products of a heteroge-
neous mantle without crustal contamination. However,
in the context of the Sierra Nevada data, crustal con-
tamination of magmas within the island-arc field seems
much more likely.

This interpretation is supported by a comparison
of strontium and oxygen isotope data (Taylor and
Silver, 1978; DePaolo, 1981b), which together form
another powerful tool for studies of granite petrogen-
esis. (For background to stable-isotope geology, see

Fig. 7.39. Plots of ε Nd against ε Sr for granitoids (●) from the Peninsular Ranges and the Sierra Nevada. Compo-
sitions of crustal reservoirs and the effect of seawater alteration are also shown. After DePaolo (1981b).

Fig. 7.40. Plot of ε Sr against δ 18O, showing data for the
Peninsula Ranges (●) and Sierra Nevada (■) batholiths,
relative to possible magma sources and mixing models.
After DePaolo (1981b).

Hoefs, 1987.) Sierra Nevada and Peninsular Range
granitoids form a hyperbolic array on the ε Sr versus
δ 18O diagram (Fig. 7.40), between mantle-derived and
Paleozoic sediment end-members. The shape of the hy-
perbola is determined by the relative strontium/oxygen
concentrations in the two end-members, and is consis-
tent with a simple mixture of high-δ 18O sedimentary
crustal melts with basic magmas.

Three alternative models can all be ruled out be-
cause they would cause vertical vectors in Fig. 7.40, in
which Sr isotope increases would not be accompanied
by appreciable change in δ 18O. These models are the
following:
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(1) Sr (and Nd) isotopic enrichment of a mantle
source along the mantle array in Fig. 7.39.

(2) Contamination of the mantle source by subduc-
tion of sediment. The much lower strontium
content of mantle, relative to basic magmas,
would make it much more susceptible to con-
tamination by subducted sedimentary or seawa-
ter Sr, whereas the oxygen content of the mantle
is the same as that of basic magmas. In other
words, the mantle has a lower Sr/O ratio than
basic magma, which would yield a mixing hy-
perbola of steeper slope in Fig. 7.40.

(3) Contamination of magmas by a hypothetical
lower crustal component with low δ 18O values.

Neither Fig. 7.39 nor Fig. 7.40 can distinguish be-
tween genesis of the Peninsula Ranges batholith as a
direct mantle-derived differentiate or as a re-melt of
young basic igneous rock at the base of the crustal
geosyncline. However, the San Marcos gabbro unit of
the Peninsular Ranges must be a direct mantle melt
because of its basic major-element composition. Addi-
tional mantle-derived melts must have been present at
depth to cause crustal melting. Therefore, the simplest,
but not exclusive, model is that these melts contributed
fractionated magmas to the rest of the batholith.

As important products of Phanerozoic crustal evo-
lution, the California batholiths are paralleled by the
Berridale and Kosciusko batholiths of the Lachlan
fold belt of SE Australia. However, the genesis of
these granitoid suites has proved particularly contro-
versial. This debate began when Chappell and White
(1974) distinguished two major types of granite on
the basis of chemical and mineralogical criteria. ‘S-
type’ granites with low Ca contents and a tendency
to per-aluminous character (Al2O3/(Na2O + K2O +
CaO) > 1.05) were regarded as partial melts of sedi-
mentary rocks; ‘I-type’ granites with high Ca contents
and Al2O3/(Na2O + K2O + CaO) < 1.05 were re-
garded as partial melts of young igneous crustal rocks.

McCulloch and Chappell (1982) tested this model
by analysing a suite of samples from the Berridale and
Kosciusko batholiths for Sr and Nd isotope composi-
tions. The data formed two overlapping fields, which
together define a hyperbolic array in the lower-right
quadrant of the ε Nd versus ε Sr diagram (Fig. 7.41).
McCulloch and Chappell interpreted these data in sup-
port of the crustal-melting model of Chappell and
White (1974). However, Gray (1984; 1990) attributed
them to contamination of mantle-derived basic mag-
mas by mixing with a sedimentary crustal component.
Possible end-members are represented by young basic

Fig. 7.41. Diagram of ε Nd against ε Sr for ‘I-type’ (●)
and ‘S-type’ (+) granites and crustal xenoliths (�) from
SE Australia. A best-fit mixing line between hypotheti-
cal crustal and mantle-derived end-members is shown.
After McCulloch and Chappell (1982).

rocks with a mantle-like signature, and Ordovician
flysch with a model Nd age of about 1400 Myr. The left
end of the array projects back to a depleted mantle-like
end-member with ε Nd of + 6. The existence of ‘rare
gabbros’ in the vicinity of the batholiths demonstrates
that such magmas were available in the crust; their rar-
ity at the surface can be attributed to the ‘density prob-
lem’ of raising basic magma through a felsic crust. The
crustal end-member is well represented by the Cooma
granodiorite, which displays strong structural evidence
of being an in situ melt of Ordovician flysch.

Gray supported his model with major-element-
variation diagrams and by examining Sr isotope com-
positions on a Rb–Sr isochron diagram (Fig. 7.42).
Average initial 87Sr/86Sr and Rb/Sr ratios are plotted
for two gabbros and for several plutons from the major
‘S-type’ and ‘I-type’ batholiths. Most of the data form
a cone-shaped array, which Gray attributed to mixing
between a low-Rb/Sr basaltic or andesitic end-member
(87Sr/86Sr � 0.703–0.704) and a somewhat heteroge-
neous crustal end-member, typified by the crustally de-
rived Cooma granodiorite. Compositions to the right of
this array were attributed to plagioclase fractionation
subsequent to mixing, which would yield horizontal
displacements.

McCulloch and Chappell (1982) and Chappell and
White (1992) acknowledged that the isotopic data for
the Lachlan Fold Belt could be explained by two-
component mixing between mafic and sedimentary
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Fig. 7.42. Rb–Sr pseudo-isochron diagram for granites
of SE Australia (●) showing a possible ‘mixing fan’: (+) =
gabbros; (◦) = granites argued to have fractionated pla-
gioclase after contamination. After Gray (1984).

end-members. However, they rejected this model
on the grounds that mixing of basic igneous and
greywacke components could not explain the major-
element signatures of the rocks (White and Chappell,
1988).

This problem was solved by a more detailed study
of the most mafic granitoids of the Lachlan Fold Belt,
comprising the Moruya granitoid suite (Keay et al.,
1997). A variety of rock types from this suite defined
an elongated distribution with ε Nd values from +8
to +4, lying between the fields for Paleozoic mantle-
derived magmas and Cambrian greenstones (Fig. 7.43)
believed to be an important deep-crustal component of
the fold belt. Hence, Keay et al. attributed these rocks
to mixing between a mantle-derived basic magma
and tonalitic partial melts of the Cambrian green-
stones. These mixed magmas then provide one end-
member for an additional mixing process involving
melts of Ordovician turbidites, leading overall to a
three-component mixing model. This model also ex-
plains the relatively greater abundance of the S-type
granites (containing a large sedimentary component)
in the western part of the belt, since the turbidite se-
quence is thickest in the west and dies out eastwards
(Collins, 1998).

In response to this revised contamination model,
Chappell et al. (1999) continued to assert one aspect of
their earlier crustal-melting model, involving the im-
portance of restite (the solid residue of crustal melting)
as a component in the genesis of granite. However, this
is largely a second-order problem because all work-
ers agree that restite is present in the granitoids of the

Fig. 7.43. Plot of ε Nd versus initial Sr isotope ratio
for granitoids of the Lachlan Fold Belt, together with
mantle-derived and crustal end-members (shaded) in-
volved in a three-component mixing model. After Keay
et al. (1997).

Lachlan Fold Belt; the disagreement is now about the
relative importance of this solid component in the rel-
atively late-stage evolution of granitoid magmas.
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Grégoire, M., Bell, D. R. and Le Roex, A. P. (2002). Trace ele-
ment geochemistry of phlogopite-rich mafic mantle xenoliths:
their classification and their relationship to phlogopite-bearing
peridotites and kimberlites revisited. Contrib. Mineral. Petrol.
142, 603–25.

Halliday, A. N., Davidson, J. P., Holden, P., DeWolf, C., Lee,
D-C, and Fitton, J. G. (1990). Trace-element fractionation in
plumes and the origin of HIMU mantle beneath the Cameroon
line. Nature 347, 523–8.

Halliday, A. N., Dickin, A. P., Fallick, A. E. and Fitton, J. G.
(1988). Mantle dynamics: a Nd, Sr, Pb and O isotopic study
of the Cameroon line volcanic chain. J. Petrol. 29, 181–211.

Hammouda, T., Pichavant, M. and Chaussidon, M. (1996). Iso-
topic equilibration during partial melting: an experimental test
of the behaviour of Sr. Earth Planet. Sci. Lett. 144, 109–21.



References 201

Harte, B. (1983). Mantle peridotites and processes – the kimber-
lite sample. In: Hawkesworth, C. J. and Norry, M. J. (Eds.),
Continental Basalts and Mantle Xenoliths. Shiva, pp. 46–
91.

Hawkesworth, C. J., Erlank, A. J., Marsh, J. S., Menzies, M. A.
and van Calsteren, P. W. C. (1983). Evolution of the continental
lithosphere: evidence from volcanics and xenoliths in South-
ern Africa. In: Hawkesworth, C. J. and Norry, M. J. (Eds.),
Continental Basalts and Mantle Xenoliths. Shiva, pp. 111–
38.

Hawkesworth, C. J., Gallagher, K., Kelley, S. et al. (1992). Paraná
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8 Osmium isotopes

Osmium is the least abundant member of the group
of six elements called the platinum-group elements
(PGE). Like lead, osmium is an element with
siderophile–chalcophile affinities, but unlike lead, os-
mium appears to be a strongly ‘compatible’ element
during melting in silicate systems (meaning that it is
strongly retained in the mantle source mineralogy).
These geochemical properties mean that osmium can
be used as a dating tool and a tracer in different ways
from lithophile isotope systems such as Sr, Pb and
Nd, providing unique evidence that complements these
other systems.

Osmium has seven naturally occurring isotopes, two
of which (187Os and 186Os) are the decay products of
long-lived radioactive isotopes, 187Re and 190Pt. Of
these two decay schemes, the Re–Os method has been
used as a dating tool and geochemical tracer for over
twenty years. 187Re has a half-life of about 42 Byr
and makes up 62% of natural rhenium, a chalcophile
element that behaves like molybdenum. The Pt–Os
method has only recently been applied because the ra-
dioactive parent, 190Pt, has an extremely long half-life
of about 470 Byr and makes up only 0.013% of natu-
ral platinum. This means that the natural variations in
186Os are extremely small and hard to measure. How-
ever, in combination with the Re–Os couple, the Pt–
Os system provides unique information that justifies
the effort of its analysis. Technically, 186Os is itself
radioactive, but the half-life is so long that it can be
considered stable for geological purposes.

8.1 Osmium analysis

Despite its great potential as a geochemical tool, ana-
lytical difficulties initially limited the application of the
osmium isotope method. The chief of these difficulties
is the high ionisation potential of Os (about 9 eV) which
prevents the formation of positive osmium ions at tem-
peratures attainable in conventional thermal-ionisation
mass spectrometry (TIMS). Alternative methods of ex-
citation therefore had to be sought.

Hirt et al. (1963) analysed osmium isotopes as the
gaseous species OsO4, but precision was low (±10%
on a 200-ng sample of pure radiogenic osmium). This
was probably due to dissociation of OsO4 during ther-
mal ionisation of the molecule. Consequently, this
method was not pursued for over twenty-five years. In-
stead, subsequent work focussed on the enhanced pro-
duction of atomic osmium ions using more-energetic
ion sources. One of the most successful of these meth-
ods was secondary-ion mass spectrometry (SIMS). In
this technique, a beam of light negative ions (e.g. O−)
is used to bombard and sputter a purified solid con-
centrate of osmium metal to yield a positive Os ion
beam, which is analysed in a double-focussing mass
spectrometer (section 5.2.3). Other high-energy exci-
tation methods used with success were ICP-MS (Russ
et al., 1987) and RIMS, involving laser (resonance)
ionisation (Walker and Fassett, 1986).

All of these excitation methods for atomic osmium
ions were rendered largely obsolete by the discovery
that a solid osmium sample could yield negative Os-
bearing molecular ions by conventional thermal ioni-
sation (Volkening et al., 1991). This N-TIMS method
allows levels of precision over an order of magni-
tude better than the positive-ion techniques described
above.

In the N-TIMS method Os is measured as the species
OsO−

3 , using platinum filaments. These are coated with
a barium salt to lower the work function of the filament,
which enhances the emission of negative ions rela-
tive to electrons. The formation of the oxide species
may also be enhanced by bleeding oxygen into the
source (Walczyk et al., 1991). The same N-TIMS
method may be used to perform isotope-dilution anal-
ysis of other PGE, as well as rhenium, which forms
the ReO−

4 species (Fig. 8.1). This method can gen-
erate beams large enough for analysis by Faraday
detector from a few nanograms of osmium, while mul-
tiplier analysis allows picogram samples to be anal-
ysed (Creaser et al., 1991). This technical advance has
now brought the osmium isotope system to the same
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Fig. 8.1. Mass spectrum of Re and Os molecular ions produced from a Ba-doped Pt filament at 770 ◦C (about 2 A),
loaded with 5 ng Os and 3 ng Re. After Creaser et al. (1991).

wide range of applications as the Sr, Nd and Pb isotope
methods.

In addition to the difficulties of ionising osmium,
another major problem with Re–Os analysis has been
the chemical behaviour of osmium in solution, due
to the existence of multiple oxidation states, includ-
ing the volatile tetroxide species. The volatility of os-
mium tetroxide allowed Luck et al. (1980) to establish a
chemical extraction method in which samples were ox-
idised after dissolution, allowing separation by distilla-
tion. However, the variable oxidation states of osmium
have continually plagued the isotope-dilution analysis
of osmium, by preventing complete homogenisation
between sample and spike osmium.

This problem was finally resolved by the introduc-
tion of the somewhat hazardous ‘Carius-tube’ diges-
tion method (Shirey and Walker, 1995) In this tech-
nique, samples are dissolved in sealed glass ampoules
under high temperature and pressure. Reagents are typ-
ically either aqua regia or a mixture of sulphuric acid
and chromium trioxide, and the samples are heated to
240 ◦C. Outer metal safety jackets are used, but the
pressure is retained entirely by the sealed glass tube,
which may quite often break! After a successful reac-
tion, the products are frozen before the vial is broken
to release the sample.

The development of MC-ICP-MS has reopened the
possibility of performing high-precision osmium iso-
tope analyses with the ICP source. However, the princi-
pal advantage of MC-ICP-MS is the ability to perform
in situ analysis by laser ablation. Hirata et al. (1998)
made the first demonstration of this method by per-
forming in situ analysis of Os–Ir alloys. The rarity of
this type of material limits the usefulness of the tech-
nique. However, Pearson et al. (2002) showed that laser
ablation MC-ICP-MS could be also used to make in

situ measurements of osmium isotope ratio and Re/Os
ratios in sulphide inclusions within mantle olivines.
Since most of the osmium inventory from mantle rocks
is probably in sulphide inclusions, the ability to per-
form in situ analyses on this material offers a powerful
technique for understanding the behaviour of the Re–
Os system in the mantle.

8.2 The Re–Os and Pt–Os decay
schemes

8.2.1 The Re decay constant
187Re decays to 187Os by β decay, but the decay energy
of 2.65 keV is extremely low, even compared with that
for 87Rb (275 keV). This makes measurement of the
decay constant by direct counting very difficult. Accu-
rate counting of solid samples is almost impossible, due
to absorption of β particles by surrounding Re atoms.
An alternative technique is to use either a gaseous Re
compound to replace the gas filling of a proportional
counter, or a liquid Re compound in a scintillation de-
tector. In both cases it is difficult to find compounds
with suitable properties, but Brodzinski and Conway
(1965) obtained a 187Re half-life of 66 ± 13 Byr by the
former method, and Naldrett (1984) obtained a value
of 35 ± 4 Byr by the latter.

The difficulty with counting determinations has en-
couraged alternative measurements of the 187Re half-
life based on growth of the 187Os daughter product, ei-
ther in the laboratory or in geological samples. One of
the most successful was by Lindner et al. (1986), who
used the ‘laboratory-shelf’ technique to perform an in-
dependent half-life determination. A 1-kg sample of
purified perrhenic acid (HReO4) was spiked with two
different non-radiogenic Os isotopes (190 and 192),
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Fig. 8.2. Least-squares growth line of 187Os/190Os ratio
as a function of time ‘on the shelf’ for a Re stock solu-
tion. Note the non-zero initial ratio. After Lindner et al.
(1986).

set aside for two years to allow growth of radiogenic
Os, and then sampled for Os isotope composition over
a further two-year interval. Os isotope measurements
by LAMMA and ICP-MS were of comparable preci-
sion, and in good agreement, although the two spikes
gave results differing by 2%. Results for 187Os/190Os
obtained by ICP-MS are shown in Fig. 8.2.

Unfortunately, the starting material used by Lind-
ner et al. had a non-zero level of initial radiogenic
Os, as indicated by the positive intercept in Fig. 8.2.
Hence the first two years of storage were effectively
wasted. Despite this setback, a precise half-life of 43.5
± 1.3 Byr was determined. This was refined by Lind-
ner et al. (1989), using five times as much data as the
earlier work, to a half-life of 42.3 ± 1.3 Byr, equivalent
to a decay constant of 1.64 × 10−11 yr−1.

Geological measurements of the half-life are an at-
tractive alternative to laboratory experiments, but these
have also encountered technical difficulties. In view of
the low concentrations of Re in normal rocks, early at-
tempts at age determination (e.g. Hirt et al., 1963) were
made on molybdenite (MoS2), which strongly concen-
trates Re at contents of about 10–50 ppm. Since molyb-
denites effectively incorporate no initial osmium, only
the total abundance of the daughter need be measured,
but this still involves mass spectrometry, since isotope
dilution is the only method with enough sensitivity.
Unfortunately, the data scattered significantly, yield-
ing an imprecise half-life of 43 ± 5 Byr.

Luck and Allègre (1982) made further studies of
the potential for Re–Os dating with molybdenite. They
selected samples of known age over a wide range of

geological time and analysed Re and Os concentra-
tions by isotope dilution. Since insignificant amounts
of common osmium were found, no isotope-ratio deter-
mination was necessary. High-precision results were
obtained, sometimes in good agreement with pub-
lished ages, but often giving older ages. This sug-
gested that Re–Os dating of molybdenite is an unreli-
able geochronometer. However, more recent work has
shown that the method can work, given careful sample
selection (section 8.2.3).

8.2.2 Meteorite isochrons

In view of these problems, other attempts at geolog-
ical half-life determination were focussed principally
on iron meteorites. These have moderately large Re
and Os contents, commonly in the high-ppb (parts-per-
billion) to low-ppm range, and also display the good
range of Re/Os ratios necessary for a precise age. Since
these samples contain initial Os, the age must be cal-
culated on an isochron diagram. Luck et al. (1980)
ratioed radiogenic 187Os against 186Os, following Hirt
et al. (1963). However, most other workers have nor-
malised osmium isotope ratios with respect to 188Os,
because 186Os can itself exhibit small variations in na-
ture (see below). This leads to the following Re–Os
isochron equation:( 187Os

188Os

)
P

=
( 187Os

188Os

)
I

+
187Re
188Os

(eλt − 1) [8.1]

Luck et al. (1980) determined a good isochron fit
for ‘whole-rock’ (bulk) samples of five iron mete-
orites, suggesting that iron meteorites of different types
were all formed during a narrow time interval. Good
isochron fits were also obtained in subsequent work on
iron meteorites by several workers. These isochrons
can be used to calculate values for the Re half-life by
substituting a value of t into equation [8.1]. Because
group-II and group-III iron meteorites represent the
cores of differentiated planetesimals, their age is con-
strained to be slightly younger than that of chondrites.
However, iron meteorites cannot be more than about
20 Myr younger than chondrites, since they incorpo-
rated the short-lived nuclide 107Pd with a half-life of
6.5 Myr (section 15.5). Hence t must be near 4.55 Byr.

Unfortunately, early meteoritic half-life determina-
tions were also dogged by analytical problems, prin-
cipally involving spike calibration. For example, Luck
et al. (1980) determined a half-life of 42.8 ± 2.4 Byr
(Fig. 8.3), in close agreement with the estimate of Hirt
et al. (1963), but Luck and Allègre (1983) retracted
this value on the grounds that isotope-dilution analysis
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Fig. 8.3. Re–Os isochron diagram, showing best-fit re-
gression for five iron meteorites (notation indicates
sub-group) and one chondrite (◦). For T = 4.55 Byr,
λ = 1.62 ± 0.08 × 10−11 yr−1 (t1/2 = 42.8 Byr). After Luck
et al. (1980).

of Os in their 1980 data set was upset by a change of
osmium species in the spike solution subsequent to its
calibration. However, subsequent work has shown the
original determination to be more nearly correct.

Problems with spike calibration were also encoun-
tered by Walker and Morgan (1989), but this time in-
volving an over-estimate of the Re content of the spike,
as later demonstrated by Morgan et al. (1992). How-
ever, Walker and Morgan also encountered problems
with inadequate homogenisation between sample and
spike. For example, analysis of seven chondrites gave
results that did not lie on the isochron through iron me-
teorites (using the same spike calibration for both types
of meteorite). This discrepancy was probably caused
by the very different chemistries of the two types of
meteorite during dissolution, since more recent work
places the chondrites on the iron-meteorite isochron,
although with a large degree of scatter attributed to later
disturbance of Re–Os systems in chondrites (Walker
et al., 2002).

To avoid problems of inadequate spike homogenisa-
tion, the Carius-tube technique was used in subsequent
studies aimed at more accurate dating of meteorites.
In the most detailed of these studies, Smoliar et al.
(1996) determined Re–Os isochrons for four different
classes of iron meteorites, of which the IIIA group
is the oldest. Evidence from extinct nuclides (section
15.5.1) suggests that these (group-IIIA) iron meteorites
have ages within 5 Myr of the age of angrite meteor-
ites (4558 Myr). Therefore, assuming this age for IIIA
meteorites, the Re–Os isochron slope was used to de-
termine a Re decay constant of 1.666 × 10−11 yr−1,
equivalent to a half-life of 41.6 ± 0.4 Byr. The error
estimate was based on the possibility of a 1% error on
the spike calibration. Although the error estimate itself

Fig. 8.4. Osmium isotope evolution diagram for ages
and initial ratios of iron meteorite isochrons, used to
infer the Re–Os evolution of the early solar system. After
Smoliar et al. (1996).

is uncertain, 41.6 Byr is the best current value for the
Re half-life.

Using this half-life, other iron-meteorite groups (ex-
cept IVB) yield ages and initial ratios on a common
osmium evolution curve (Fig. 8.4). The slope of this
evolution curve represents the Re/Os ratio for the iron-
meteorite source, and is within error of the H-chondrite
Re/Os ratio. Hence, Smoliar et al. suggested that this
source is probably the evolving solar nebula. The off-
set of the IVB initial ratio from the evolution line was
later found to be caused by instrumental bias (Smo-
liar, personal communication). Shen et al. (1996) also
carried out a precise isochron determination on group-
IIAB irons, yielding a slope identical to the group-IIAB
isochron of Smoliar et al. (within analytical error). The
spread of Re–Os ratios in the other groups did not allow
precise ages to be determined.

8.2.3 Dating ores and rocks

Very few dating methods have shown much success
in the dating of ore deposits, despite the importance
of such studies for economic geology. This is because
most dating schemes involve lithophile elements that
are not stable in ore minerals. In contrast, Re, and
to some extent Os, display chalcophile chemistry, so
both parent and daughter should occupy relatively sta-
ble lattice sites in sulphide minerals. Hence, many
attempts at Re–Os dating of ore deposits have been
made. However, following the problems encountered
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by Luck and Allègre (1982) in dating molybden-
ite, there has been continuing disagreement over the
susceptibility of sulphide minerals to open-system be-
haviour.

Suzuki et al. (1993) claimed that recent Re–Os dates
on molybdenite were usually concordant with those
obtained by other methods, and suggested that errors
in the earlier work might be due to poor sample–
spike homogenisation rather than geological distur-
bance. However, other workers such as McCandless
et al. (1993) maintained that open-system behaviour
is a major problem, at least in old molybdenites. They
suggested that a combination of microprobe analysis,
electron back-scatter imaging and X-ray diffraction
should be used to screen samples for alteration prior to
analysis.

More success has been achieved in dating young
ore deposits with molybdenite. For example, Selby
et al. (2002) achieved perfect Re/Os isochrons (MSWD
< 1) for molybdenites associated with Mesozoic gold
deposits from Alaska. The ages were close to the time
of igneous intrusion (from U–Pb dating) and older than
Ar–Ar dates on hydrothermal muscovite and sericite.

In an attempt to widen the usefulness of the Re–Os
method as a geochronometer, Luck and Allègre (1984)
applied it to the dating of a Ni–Cu sulphide ore from
the Cape Smith komatiite of NE Quebec. This mate-
rial has moderate concentrations of Re and Os (about
0.4 ppm of each) and can be used to calculate a model
Re–Os isotope age in a manner analogous to model Nd
ages. Using the then-current decay constant, Luck and
Allègre calculated a model Os age of 1740 ± 60 Myr
for the sulphide ore, in reasonable agreement with the
Sm–Nd isochron age of 1871 ± 75 Myr. However, us-
ing the 1.666 × 10−11 yr−1 decay constant of Smo-
liar et al. (1996), the Re–Os model age is reduced
to 1590 Myr, 250 Myr younger than the Sm–Nd age.
This suggests that Ni–Cu sulphides are susceptible
to re-setting in the same way as Mo sulphide. Sim-
ilar evidence of open-system behaviour was found
by Walker et al. (1989b) in Archean schists from
India.

Laboratory experiments (Brenan et al., 2000) con-
firmed the susceptibility of pyrrhotite to re-setting by
diffusional gain or loss of osmium. An Arrhenius re-
lationship was observed in high-temperature diffusion
experiments. This allowed a pyrrhotite ‘blocking’ or
closure temperature to be calculated (sections 3.3.2
and 10.5; equation [10.15]). The resulting estimates
of blocking temperature for a variety of grain sizes
were between 300 and 400 ◦C, similar to the block-
ing temperature for Rb–Sr and K–Ar in biotite. This
means that pyrrhotite as a dating tool is easily re-set by
metamorphic events. In contrast, Brenan et al. found

diffusion rates over an order of magnitude lower in
pyrite, implying a blocking temperature over 500 ◦C.

A recent study on sulphide-rich ores of the Sudbury
nickel deposit in Ontario exemplifies the problems
of trying to date pyrrhotite-rich ores (Morgan et al.,
2002). Suites of sulphide ore from two different mines
gave errorchrons with large MSWD values, although
the resulting isochron ages were within error of the
known age of the complex from U–Pb dating. Sim-
ilarly, most of the Sudbury ore samples analysed by
Dickin et al. (1999) appeared to be relatively undis-
turbed, but a few samples gave impossible (negative)
initial ratios indicative of major disturbance. Hence,
it is concluded that ages and initial ratios based on
pyrrhotite must be treated with caution and substanti-
ated by the analysis of large sample suites.

In contrast to these difficulties, several recent stud-
ies have generated good isochrons from sulphide-
poor material. One example is a dating study on the
Deccan basalts (Allègre et al., 1999). A suite of ten
whole-rock basalt samples formed an excellent Re–Os
isochron with a good spread of data points. Using a de-
cay constant of 1.663 × 10−11 yr−1, the isochron gave
a precise age of 65.6 ± 0.3 Myr, in excellent agree-
ment with previous K–Ar and Ar–Ar ages averaging
64.5 ± 1.5 Myr. This shows that young whole-rock
suites are capable of generating Re–Os isochrons, al-
though older material may be more problematical.

In another recent dating study, Kirk et al. (2002)
successfully determined a Re–Os isochron age for
gold samples from the Witwatersrand Supergroup of
South Africa (Fig. 8.5). Gold from the Vaal Reef had
moderate Re/Os ratios, and despite the authigenic
appearance of some of the grains, gave an age of
3016 ± 110 Myr (MSWD =1.9) which was older than

Fig. 8.5. Re–Os isochron defined by gold samples from
the Vaal Reef in the Witwatersrand Supergroup of
South Africa. After Kirk et al. (2002).
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the maximum age of sedimentary deposition. This age
provides powerful evidence that the gold is of detrital
origin, and was not introduced by later hydrothermal
fluid circulation.

A final example of the potential of Re–Os
geochronology is its application to dating the deposi-
tional ages of organic-rich sediments. Sedimentary de-
position is one of the most difficult events to date, and
attempts to apply the Rb–Sr and U–Pb methods have
met with mixed success (sections 3.5 and 5.1.1). How-
ever, it was shown by Ravizza and Turekian (1992) that
carbonaceous shales could be used to recover seawater
osmium signatures (section 8.5), and more recent work
(e.g. Cohen et al., 1999) has shown that this material
can also be used for dating sedimentary deposition.

Evidence for open Re–Os systems in sulphides sug-
gests that open-system behaviour might also be a prob-
lem in dating black shales. However, a study of Pale-
ozoic black shales from the Western Canada sedimen-
tary basin (Creaser et al., 2002) suggested that Re–Os
systems remain closed over a variety of degrees of
hydrocarbon maturation. On the other hand, contami-
nation of some samples with detrital osmium led to a
large scatter on the isochron diagram (MSWD = 103).
Therefore, Creaser et al. selected samples with total
organic carbon contents over 5% in order to sample
only seawater-derived (hydrogenous) osmium. These
samples formed a much tighter array (MSWD = 1.8)
with an age of 358 ± 9 Myr. This suggests that the
hydrogenous osmium component in the rock can be
successfully isolated to determine depositional ages.

8.2.4 Os normalisation and the Pt–Os
decay scheme

Hirt et al. (1963) established the convention of ratio-
ing 187Os data against 186Os, and were followed in
this practice by Luck and Allègre (1983), who nor-
malised Os data for within-run fractionation with re-
spect to a 192Os/188Os ratio of 3.0827. However, 186Os
is itself the α-decay product of the rare long-lived un-
stable isotope 190Pt. This is not a significant problem
in most geological applications, since 190Pt makes up
only 0.013% of total platinum. However, in view of the
growing importance of the Pt–Os decay scheme for
understanding mantle evolution (section 8.3), it now
seems best to use an alternative normalising isotope
for both decay schemes, and most workers are now us-
ing 188Os for this purpose. Hence, in this book 188Os
will be used in all cases as the normalising isotope, and
isotope ratios previously quoted as 187Os/186Os ratios
are now quoted in terms of 187Os/188Os ratios. How-
ever, in such cases the original 187Os/186Os ratios are

given in brackets and these ratios are shown where
possible on figures (when 186Os was the original nor-
malising isotope). 187Os/186Os ratios can be converted
to 187Os/188Os ratios by multiplying by 0.12034.

The Pt–Os decay scheme was first applied by Walker
et al. (1991), who analysed a suite of Pt-rich Fe–Cu–Ni
sulphide ores from the Strathcona mine of the Sudbury
nickel deposit. They constructed a Pt–Os isochron by
substituting into the general decay equation as follows:( 186Os

188Os

)
P

=
( 186Os

188Os

)
I

+
190Pt
188Os

(eλt − 1) [8.2]

By using the known age of the complex, Walker et al.
were able to use the isochron for a rough determi-
nation of the 190Pt decay constant, obtaining a value
similar to the counting determination of 1 × 10−12

yr−1 (Macfarlane and Kohman, 1961).
A much more precise determination of the 190Pt de-

cay constant was made by Walker et al. (1997) by anal-
ysis of Fe–Ni sulphide ores with very high Pt/Os ra-
tios from the Noril’sk complex in Siberia. Using the
isochron shown in Fig. 8.6 and a published U–Pb age
of 251.2 ± 0.3 Myr, Walker et al. determined a precise
value for the decay constant. After modification of the
abundance of 190Pt to 0.01296% (Brandon et al., 1999),
this gave a decay constant of 1.477 × 10−12 yr−1,
equivalent to a half-life of 469 Byr.

An alternative osmium isotope notation proposed by
Walker et al. (1989a) is in the form of percentage devi-
ations (γ ) from a chondritic reference point. However,
the Bulk Silicate Earth does not have an exactly chon-
dritic Os signature (see below), so the CHUR reference
point is less powerful for Os than it is for the Sm–Nd
system (section 4.2). Nevertheless, if we wish to com-

Fig. 8.6. Pt–Os isochron diagram for Fe–Ni sulphide ores
from the Noril’sk complex, Siberia. The inset shows data
for samples with low Pt/Os ratios. After Walker et al.
(1997).
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pare Os isotope data of different ages, we may need to
use this notation, so it will be used here to a limited ex-
tent. The present-day average chondrite reference val-
ues chosen by Walker et al. were 187 Os/188 Os = 0.127
and 187 Re/188Os = 0.40186 (after conversion to the
new normalisation).

8.3 Mantle osmium

Given the siderophile chemistry of Re and Os, most
of the inventory of these elements originally accreted
to the Earth must have been partitioned into the core.
Since it is very unlikely that Re and Os should have
identical partition coefficients between the mineralo-
gies of the mantle and core, we should expect to see
Re/Os fractionation during core formation. Therefore,
if Re and Os in the mantle represent the residue from
core formation, we would not expect them to display
a Bulk Earth (i.e. chondritic) ratio. Therefore, many
recent Os isotope studies of mantle-derived rocks have
been devoted to establishing a ‘Bulk Mantle’ osmium
evolution line.

8.3.1 Bulk Silicate Earth

The first determination of the terrestrial osmium evo-
lution line was made by Allègre and Luck (1980)
on placer samples of the platinoid alloy osmiridium,
whose crystallisation ages could be estimated. Not only
can osmiridium be analysed directly on the ion probe,
but also, since its Re content is zero, no age correc-
tion was necessary to obtain initial ratios. These anal-
yses were combined with the initial Os isotope ratio
of the iron-meteorite isochron to estimate an evolution
line for the Bulk Silicate Earth (even though the man-
tle evolution line cannot be constrained from meteorite
analysis, the initial ratio of the meteorite isochron is a
valid starting point for the osmium isotope evolution
of the Earth’s mantle). The data defined a single evo-
lution line for all samples except the Urals, suggesting
that the mantle system was effectively closed for Re–
Os over the Earth’s history (Fig. 8.7). In other words,
the mantle does not display evidence of progressive
depletion in Re/Os ratio due to the extraction of the
crust, as seen for Nd.

Allègre and Luck showed from concentration data
that Re was strongly partitioned into the crust rela-
tive to Os, since the former is an incompatible ele-
ment in the mantle whereas the latter is not. Therefore
they attributed the apparent closed-system osmium iso-
tope evolution of the mantle to the small total os-
mium budget of the crust relative to the mantle. The
Re–Os analysis of whole-rock chondrites by Walker

Fig. 8.7. Os isotope evolution diagram, showing the first
determination of the mantle-growth curve, compared
with the evolution line for average chondrites (Walker
and Morgan, 1989). The Witwatersrand point has subse-
quently been discredited (Hart and Kinloch, 1989). After
Allègre and Luck (1980).

and Morgan (1989) allowed a meaningful compari-
son between chondritic osmium and the mantle-growth
curve of Allègre and Luck. This showed that the aver-
age chondritic growth curve falls close to the mantle-
growth curve in Fig. 8.7. This was surprising, in view of
the expectation of mantle Re/Os fractionation by parti-
tion into the core. To explain this coincidence, Morgan
(1985) suggested that the Re–Os budget of the mantle
was produced by late accretion of chondritic material
to the Earth, after core formation.

Several attempts were then made to determine the
composition of the upper-mantle reservoir from young
mantle-derived products. For example, Martin et al.
(1991) presented data on oceanic peridotites from var-
ious localities. These data were supplemented by Luck
and Allègre (1991), who analysed whole-rock samples
of Phanerozoic ophiolites. Both of these types of sam-
ple are thought to represent the composition of the up-
permost oceanic upper mantle, i.e. the asthenosphere.

In another study of the oceanic mantle, Hattori
and Hart (1991) analysed platinum-group minerals in
placer deposits derived from zoned and un-zoned ul-
tramafic bodies. The former are attributed to ultramafic
magmas, whereas the latter are interpreted as tecton-
ically uplifted pieces of asthenospheric mantle, solid-
ified to become new lithosphere. Since magmas may
be susceptible to minor contamination by crustal Os,
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Fig. 8.8. Ranges of initial Os isotope ratio in Phanero-
zoic placer deposits derived from massive ultramafic
bodies, relative to proposed mantle-evolution lines. Di-
amonds provide the best estimates of depleted-mantle
osmium. After Hattori and Hart (1991).

the tectonically emplaced bodies are more reliable as
indicators of mantle composition. If the lower limit
from each locality is accorded greatest significance
(diamond symbols in Fig. 8.8), then we can obtain
the composition of the most depleted upper mantle.
However, this leaves uncertainty about the meaning of
the more radiogenic samples, and hence the degree of
heterogeneity in the upper mantle.

The approaches described above provide reason-
able evidence on the composition of the most depleted
asthenospheric mantle, but it is evident that the up-
per mantle displays considerable osmium isotope het-
erogeneity. The osmium signatures of mantle-derived
magmas are not a reliable guide to upper-mantle os-
mium because of the possibility of sampling plume-
derived components with radiogenic osmium (section
8.3.4). Therefore, the best understanding of the evolu-
tion and differentiation of the asthenosphere can be ob-
tained by detailed studies of lithospheric mantle peri-
dotite suites. Because this mantle has been preserved
in the solid state for long periods, it offers the opportu-
nity of studying ancient upper-mantle differentiation
events, as well as the effects of more recent mantle
enrichment.

8.3.2 Lithospheric evolution

The first osmium isotope signatures of ancient sub-
continental lithosphere were determined by Walker
et al. (1989a), who analysed peridotite xenoliths from
South African kimberlites. The Re–Os isochron dia-

Fig. 8.9. Re–Os isochron diagram for South African peri-
dotite xenoliths: (�) = high-temperature peridotite:
(■) = low-temperature peridotite; (∗) = group-II (mic-
aceous) kimberlite. After Walker et al. (1989a).

gram (Fig. 8.9) allowed the effects of contamination
by the host (group-I-type) basaltic kimberlite to be as-
sessed. Walker et al. argued that the process of contam-
ination caused samples to move along a sub-horizontal
vector towards high Re/Os ratios characteristic of the
host magma. Samples argued not to have suffered this
effect define a steep array in Fig. 8.9, corresponding to
an age of 2.4 ± 0.9 Byr.

Walker et al. attributed the relatively coherent Re–
Os isotope systematics of the peridotite xenoliths to
separation of South African lithosphere from the con-
vecting asthenosphere in the Archean. Their unradio-
genic compositions, relative to Allègre and Luck’s up-
per mantle 187Os/188Os ratio of 0.125 (187 Os/186 Os =
1.04), suggested that these peridotites represent
residues from partial melting, which is consistent
with gross incompatible-element depletion of the sub-
continental lithosphere (Jordan, 1978). Hence, Walker
et al. suggested that the Re–Os system could pro-
vide insights into mantle-depletion events in a manner
distinct from LIL tracers such as Sr and Nd, which
commonly chart secondary enrichment of the sub-
continental lithosphere by metasomatism.

The first attempt to determine a Re–Os isochron on
a section of lithospheric mantle was made by Reisberg
et al. (1991) for the Ronda ‘orogenic lherzolite’ mas-
sif in southern Spain. The massif contains both mafic
and ultramafic layers, which Reisberg et al. interpreted
as relics of old recycled oceanic mantle (‘marble-cake
mantle’, section 6.1.5), which had later been incorpo-
rated into the continental lithosphere. Whole-rock sam-
ples of mafic and ultramafic layers defined Re–Os er-
rorchrons with similar apparent ages (Fig. 8.10), which
were interpreted as the time when this piece of mantle
was accreted to the continental lithosphere. However,
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Fig. 8.10. Re–Os isochron diagrams for the Ronda ultramafic complex: (a) mafic units and (b) ultramafic units. After
Reisberg et al. (1991).

the ranges of isotopic composition are very different:
ultramafic units displayed both isotopic enrichment
and depletion relative to the chondritic composition,
whereas the mafic units displayed extreme isotopic en-
richment. The significance of the latter component will
be discussed further below.

Reisberg and Lorand (1995) attempted to apply the
Re–Os isochron technique to date a similar mantle-
differentiation event in the East Pyrenees lherzo-
lite, but the data were badly scattered on the Re–Os
isochron diagram. The scattered data were attributed
to open-system behaviour of rhenium during mantle
metasomatism. However, Reisberg and Lorand (1995)
observed good correlations between osmium isotope
ratios and aluminium contents of whole-rock peridotite
samples, both for the East Pyrenees and the Rhonda
lherzolite. Hence, they proposed that these plots are
isochron analogues, in which aluminium, an immo-
bile and incompatible element, is a proxy for rhenium.
Because the Re/Al ratio of the original rock before
metasomatism is unknown, the slope cannot be solved
directly to yield an age. However, if Re and Al behaved
coherently in the original rock, the intercept on the y
axis will yield the initial osmium isotope ratio in the
usual way. This quantity can be used to date mantle-
differentiation events using Os model ages. However,
the Al–Os pseudo-isochron diagram was also found to
be useful in determining the composition of the prim-
itive upper mantle (section 8.3.3).

Because the Re–Os system can effectively date
mantle-depletion events, as well as the mantle-
enrichment events normally dated by lithophile iso-
tope systems, osmium model ages may be particularly
useful for dating sub-continental lithospheric mantle.
Samples of depleted mantle can be used to calculate
conventional osmium model ages, based on the in-
tersection of sample and Bulk Earth evolution lines
(Fig. 8.11). However, the Re/Os ratio of mantle sam-
ples may be disturbed by metasomatic addition of

Fig. 8.11. Comparison of a rhenium-depletion model
age (TRD) with a conventional model age relative to
the Primitive Upper-Mantle reservoir (TPUM).

rhenium after the initial crust-forming Re-depletion
event. An alternative approach (Walker et al., 1989a) is
to assume that the depletion event generated Re/Os ra-
tios of zero in the samples. Rhenium-depletion model
ages (TRD) can then be calculated by projecting a hor-
izontal line back to the Os mantle-growth curve (Fig.
8.11).

Rhenium-depletion ages are minimum ages for
lithospheric formation. However, they can be calcu-
lated directly from the osmium isotope ratios of peri-
dotites, allowing the accumulation of reasonably large
data sets (e.g. Carlson and Irving, 1994). From these
data (Fig. 8.12) we can deduce that the Wyoming,
Kaapvaal and Siberian cratons all possess mantle keels
with minimum formation ages of about 3 Byr. Where
osmium data are available for enriched samples from
the same locality, these can further constrain the age
of the lithospheric mantle. For example, eclogites from
Siberian kimberlites yield Re–Os model ages of about
3 Byr, which are consistent with a Re–Os isochron age
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Fig. 8.12. Histograms showing the ages of lithospheric
mantle keels under the Wyoming, Kaapvaal and
Siberian cratons, based on Rhenium-depletion model
ages for peridotites. Carlson and Irving (1994).

of 2.9 Byr for the same rocks and with the (minimum)
mantle-depletion age of 3 Byr (Pearson et al., 1995b).

Several other studies have also documented osmium
isotope signatures less radiogenic than the chondritic
evolution line in samples of lithospheric mantle (e.g.
Olive et al., 1997; Chesley et al., 1999). However, it
is also known that lithospheric mantle can undergo
secondary enrichment processes, causing the develop-
ment of more-radiogenic osmium signatures. An im-
portant example of this process comes from lherzo-
lite and harzburgite xenoliths in arc lavas (Brandon
et al., 1996). These xenoliths have low osmium con-
centrations of 0.1–2.1 ppb, and are believed to sam-
ple the mantle wedge which overlies a subduction
zone.

Brandon et al. determined osmium isotope ratios in
whole-rock xenoliths which ranged up to 5% above

Fig. 8.13. Osmium isotope data for xenoliths from
subduction-related magmas, compared with (a) Nd iso-
tope data and (b) Al2O3 contents: (●) = Simcoe; (◦) =
Ichinomegata. Mixing lines show the effect of con-
tamination with subduction-related fluids (percentage
increments are shown). After Brandon et al. (1996).

and below the chondritic composition, from a min-
imum near the field of abyssal peridotites to a maxi-
mum 187Os/188Os ratio of 0.134 (187Os/186 Os = 1.12).
Os and Nd isotope ratios displayed a broad negative
correlation (Fig. 8.13a), which could be explained by
mixing of depleted upper mantle with 5%–15% of
a subduction-related component derived from 80%–
95% basalt and 5%–20% sediment. This model is
supported by the relatively low Al2O3 ratios of the
xenoliths (especially those from Simcoe, Washington).
These define a vertical trend (Fig. 8.13b) distinct from
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the diagonal enrichment–depletion trend seen in oro-
genic lherzolites. Brandon et al. suggested that their
results reflected metasomatic transport of osmium in a
chloride-rich slab-derived fluid or melt.

Additional examples of metasomatic osmium-
enrichment events overprinted on earlier lithospheric
extraction (Re-depletion) events have been demonst-
rated in several different localities. For example, Pes-
lier et al. (2000) described peridotite xenoliths in the
Canadian cordillera that displayed ancient Re deple-
tion, followed by later enrichment with radiogenic Os,
probably also from the cordilleran subduction zone.
Similarly, Becker et al. (2001) described Alpine peri-
dotite bodies that had undergone melt percolation by
subduction-related magmas, causing variable intro-
duction of rhenium and radiogenic osmium. These
melts were believed to be associated with a Paleozoic
subduction zone in this area.

A final question about lithospheric samples that
needs to be discussed is the location of osmium in
mantle minerals. To investigate this issue, Burton et al.
(1999b) performed a detailed petrographic and geo-
chemical examination of a spinel lherzolite xenolith
from Kilburn Hole, New Mexico. This revealed that
most osmium was contained in Fe–Ni sulphide min-
erals, which contained about 4 ppm osmium, two thou-
sand times as much as the bulk xenolith. These findings
have been confirmed in subsequent studies (e.g. Burton
et al., 2002), showing that osmium is not really a com-
patible element in mantle minerals such as olivine, but
is contained in sulphide phases that tend to crystallise
at the same time as olivine.

Of the sulphide material in the Kilburn Hole xeno-
liths, Burton et al. found that 80%–90% was interstitial
between the silicate minerals, while the remainder was
mostly in small inclusions 5–10 µm in diameter, en-
closed in pyroxenes. Isotopic analysis showed that the
interstitial sulphide was in equilibrium with the silicate
minerals of the xenolith and with the host basalt. How-
ever, the sulphide inclusions within the pyroxenes were
out of isotopic equilibrium with the rest of the system.
It was concluded that these inclusions were protected
from diffusional communication with the rest of the
rock by the high sulphide/silicate partition coefficient
of osmium, which tends to keep osmium ‘locked up’
in the inclusions.

Similar results were obtained by Alard et al. (2002),
using the laser-probe MC-ICP-MS to study peridotite
xenoliths from the Massif Central of France. They
demonstrated that there was isotopic disequilibrium
between interstitial sulphides and sulphide inclusions
in silicates, but the interstitial sulphides were also out
of equilibrium with the host magma. The sulphide

inclusions in silicates (termed ‘Type 1’) had unradio-
genic osmium, which is consistent with ancient mantle
depletion. However, interstitial sulphides (‘Type 2’)
had variable isotope compositions, usually more ra-
diogenic than Type 1, which is consistent with recent
metasomatism. Therefore, Alard et al. cautioned that
whole-rock osmium analyses of mantle peridotites are
really sampling isotopic mixtures from different types
of sulphide grains.

8.3.3 Primitive upper mantle

Since mantle depletion events are quantitatively the
most important processes affecting the osmium evolu-
tion of lithospheric mantle, Meisel et al. (1996) argued
that the most fertile (Al-rich) lherzolites from the sub-
continental lithosphere could be used to constrain the
osmium isotope evolution of the ‘primitive upper man-
tle’ (PUM). Mantle xenoliths from Kilburn Hole (New
Mexico), West Eifel (Germany) and the Baikal Rift
(Mongolia) formed a linear array on a plot of Os iso-
tope ratio against Al2O3 (Fig. 8.14). The most Al-rich
samples were consistent with an estimated Al2O3 con-
tent of 4.2% in PUM, and gave an average 187Os/188Os
ratio of 0.129 (187Os/186Os = 1.08), in good agree-
ment with the most Al-rich of the massive peridotites
analysed by Reisberg and Lorand (1995). This PUM
value is in agreement with the average for ordinary
chondrites, but is significantly more radiogenic than
the mantle value of Allègre and Luck (1980).

The composition of PUM determined by Meisel
et al. (1996) was further refined by Meisel et al. (2001)

Fig. 8.14. Al–Os ‘isochron’ diagram used to determine
the composition of PUM: (◦) = old data; (●) = new data.
After Meisel et al. (1996).
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using a much larger data set of spinel- and garnet-
lherzolites from around the world. Again using Al–Os
pseudo-isochrons, they obtained a PUM osmium com-
position of 0.1296 ± 0.0008. When this value is com-
pared with a compilation of data for various kinds of
chondrites, it is a good match for the composition of
ordinary chondrites but slightly more radiogenic than
carbonaceous chondrites. Analysis of Early Archean
peridotites from western Greenland and western Aus-
tralia has also given initial osmium ratios close to that
of PUM (Bennett et al., 2002), suggesting that the up-
per mantle has had this composition since very early
in the Earth’s history.

The choice of value for PUM has profound implica-
tions for terrestrial Re–Os evolution. For example Mar-
tin et al. (1991) used a more radiogenic estimate for
the undepleted mantle that was based on plume com-
positions (187Os/188Os = 0.132; 187 Os/186 Os = 1.10).
However, using this mantle osmium value, the extrac-
tion of the continental crust from the mantle was insuf-
ficient or barely sufficient to balance Re/Os depletion
in the sub-continental lithosphere, let alone to balance a
Re-depleted asthenospheric upper mantle. Hence, they
argued that depletion of the upper mantle from a prim-
itive 187Os/188Os ratio of 0.132 to an asthenospheric
ratio of 0.126 could be achieved only by storage (some-
where in the mantle) of oceanic crust equal to ten times
the volume of the continental crust.

The primitive-mantle composition of Martin et al.
(1991) is now believed to be an over-estimate. How-
ever, this ‘osmium problem’ still persists, albeit at a
slightly reduced level. This can be seen by ratioing es-
timated Re concentrations in various Earth reservoirs
against Yb, which has a similar solid/liquid distribu-
tion coefficient in silicate systems (Fig. 8.15). On this
figure, both depleted upper mantle (DMM) and conti-
nental crust have lower Re concentrations than PUM,
requiring a hidden reservoir to balance them. Righter
and Hauri (1998) proposed that this reservoir was rep-
resented by the garnet component of subducted oceanic
crust. They also performed mass-balance calculations
to estimate the necessary quantity of this recycled
crustal component and its Re content. For a recycled
crustal reservoir equal to 6% of the mantle, this would
need to contain 650 ppb Re. This material would also
need to make up 30% of the source of HIMU plumes
in order to explain their highest Os isotope ratio (see
below).

Becker (2000) performed direct measurements on
the Re contents of ancient garnet-bearing meta-basic
rocks to evaluate their ability to act as sources of HIMU
magmas. The measured Re contents varied very widely
from 3 to 1689 ppb, with a median of 331 ppb. This

Fig. 8.15. Plot of Re/Yb ratio against Yb concentration
to show the need for a component with high Re/Yb
ratio to balance the derivation of the crust and upper
mantle from PUM. Precambrian komatiites and basalts
(◦) may represent the missing component. After Righter
and Hauri (1998).

was too low to satisfy the modelling described above.
However, the mean value for the eclogites and mafic
granulites in their data set is about 530 ppb. In view
of the extreme scatter of the data, this seems to rep-
resent a reasonable fit to the first-order modelling de-
scribed above. However, new data published by Sun
et al. (2003) suggest that crustal Re/Yb ratios may also
have been under-estimated.

8.3.4 Enriched plumes

The first osmium isotope analyses of OIB were per-
formed on samples from Iceland and Hawaii (Martin,
1991). These exhibited modest enrichment in 187Os
relative to the values seen in ophiolites and peri-
dotite xenoliths (see above). However, as was seen for
lithophile isotope systems (section 6.5), the best un-
derstanding of mantle enrichment processes in OIB
is obtained by the analysis of extreme examples. For
example, Hauri and Hart (1993) determined initial
(187Os/188Os ratios approaching 0.15) 187Os/186Os ra-
tios as high as 1.25 in lavas from the HIMU island of
Mangaia. These radiogenic compositions are best ex-
plained by the recycling of enriched crustal material
back into the upper mantle. Thus, Hauri and Hart cal-
culated that 16% of recycled 2.1-Byr-old oceanic crust
can explain the osmium signature of the HIMU com-
ponent. On the other hand, 1%–2% of recycled con-
tinental crust in the EMII source does not markedly
affect its osmium isotope signature.
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Reisberg et al. (1993) found even more radiogenic
osmium in the HIMU islands of the Comores and St
Helena, with initial 187Os/188Os ratios as high as 0.2.
However, they cautioned that, because these signatures
were carried by osmium-poor lavas (10–30 parts per
trillion (ppt) = 0.01–0.03 ppb), their elevated 187Os
signatures could have been introduced by processes in
the oceanic lithosphere. This could involve contam-
ination of OIB magmas with ocean-floor sediments
included in the volcanic edifice, or by accumulated
lithospheric olivine xenocrysts. However, work on the
Canaries (Marcantonio et al., 1995) established that
samples with more than about 30–50 ppt (0.03–
0.05 ppb) osmium are generally immune to sea-floor
contamination processes. Such effects were also ruled
out in Mauna Kea lavas by strong correlations between
Os and Sr, Nd and Pb isotope ratios, showing that the
osmium signatures must be derived from primary man-
tle sources (Hauri et al., 1996).

Although sea-floor contamination was ruled out for
the Canaries samples, they nevertheless gave evidence
of complex mixing processes in the plume source, since
they had radiogenic osmium signatures, coupled with
Pb isotope ratios intermediate between HIMU and EMI
(Fig. 8.16). This cannot be explained by simple mix-
ing between DMM and HIMU (Marcantonio et al.,
1995). Therefore, the Canaries data were tentatively
attributed to mixing between DMM and a HIMU–EMI
mix. This model is also consistent with lithophile iso-
tope evidence, which suggests that there is an intimate

Fig. 8.16. Plot of Os against Pb isotope ratios for var-
ious plume sources to show possible mixing lines be-
tween a depleted lower-mantle end-member (FOZO)
and distinct enriched end-members. Data were from
OIB samples with more than 45 ppt osmium. Hauri et al.
(1996).

Fig. 8.17. Plot of osmium against oxygen isotope com-
position for Hawaiian lavas, showing a positive corre-
lation attributed to recycling of ancient sediment into
the Hawaiian plume source: (�) = Koolau; (●) = Mauna
Kea; (◦) = Mauna Loa. After Lassiter and Hauri (1998).

relationship between HIMU and EMI in plume sources
(section 6.5).

New data for the Koolau volcano, Hawaii (Bennet
et al., 1996) extended the Hawaiian Os–Sr–Pb corre-
lation line to more enriched compositions, approach-
ing the composition of Pitcairn (Fig. 8.17). This is
thought to approximate the isotopic composition of
the EMI mantle component. However, the trajectory
of the Hawaiian array in Fig. 8.16 cannot be explained
by simple two-component mixing between EMI and
DMM mantle. Therefore, Hauri et al. (1996) identi-
fied the other mixing component as entrained lower
mantle (FOZO, section 6.5.5) with unradiogenic os-
mium. In contrast, post-erosional alkaline mafic rocks
of the Honolulu volcanic series define a mixing line
with a quite different trajectory that does trend towards
DMM. This suite is best explained by interaction of the
plume source with partial melts of the oceanic litho-
sphere under Hawaii (Class and Goldstein, 1997).

An important discovery by Lassiter and Hauri (1998)
is that radiogenic osmium in Koolau basalts is associ-
ated with elevated δ 18O signatures (Fig. 8.17). Since
elevated oxygen isotope compositions are normally
produced only in the sedimentary system, these work-
ers attributed the enriched (EMI) signature to a mixture
of recycled oceanic crust and pelagic sediment, a model
also supported by Hf isotope evidence (section 9.2.5).
A similar osmium–oxygen isotope correlation was also
obtained for the Iceland plume (Skovgaard et al., 2001)
and attributed to melting of a mixed source involving
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various components of ancient recycled oceanic litho-
sphere. One end-member with an osmium signature at
the bottom end of the MORB array was attributed to
a mixture of recycled lower-oceanic crust and mantle
lithosphere, whereas the more radiogenic end-member
was attributed to a mixture of recycled upper-oceanic
crust and mantle lithosphere.

With the development of methods to analyse Os iso-
tope ratios at very low abundance (Birck et al., 1997),
the analysis of subduction-related magmas allows the
opportunity of ‘direct monitoring’ of the material being
subducted into the deep-mantle. Such an investigation
was performed by Alves et al. (1999) on volcanic rocks
of the Sunda arc in Java. On successfully analysing
samples with extremely low Os concentrations (0.1–
17 ppt), Alves et al. found extreme ranges of osmium
isotope ratio in Miocene and Pliocene subduction-
related magmas. Os isotope ratios were inversely corre-
lated with osmium contents, suggesting the occurrence
of binary mixing. However, the correlation of osmium
isotope ratios with Sr and Pb signatures suggested that
the osmium variations did not originate from contam-
ination with seawater osmium during ascent through
the oceanic lithosphere.

Instead, Alves et al. attributed the mixing lines to
contamination of the mantle wedge overlying the sub-
duction zone. For example, lavas of different ages
defined two distinct mixing lines (Fig. 8.18), imply-
ing the involvement of two different radiogenic end-
members, each mixing with a common non-radiogenic
end-member. Thus, Alves et al. attributed a steeper

Fig. 8.18. Plot of initial Os isotope ratio against recip-
rocal of Os concentration to show evidence for mixing
between mantle wedge and subduction components in
two suites of arc volcanics from Java. After Alves et al.
(1999).

array in Miocene lavas to mixing of osmium from
primitive mantle and subducted oceanic crust. How-
ever, they suggested that post-Miocene entry of ter-
rigenous sediment into the subduction zone caused a
change in the radiogenic end-member from oceanic
crust to continental sediment. However, these isotopic
variations could be due to crustal contamination ef-
fects, since even individual lavas exhibited significant
isotopic heterogeneity. Similar mixing arrays between
mantle wedge and slab-derived components were sub-
sequently found in several other volcanic arc systems
(Alves et al., 2002).

8.3.5 Osmium from the core

Walker et al. (1995) and Widom and Shirey (1996)
proposed an alternative model for isotopic enrichment
of OIB, which derives the radiogenic osmium signa-
tures of some plumes directly from the core. They
suggested that a metallic core component could be in-
corporated into plumes at the core–mantle boundary,
such that its high osmium content would overprint the
isotopic signature of the deep-mantle source with ra-
diogenic osmium from the outer core. However, the
existing isotope tracer evidence was inadequate to test
this model.

The development of the Pt–Os decay scheme pro-
vided an additional isotopic tracer to test the possibility
of contamination of plumes by material from the outer
core. To provide a basis for interpretation, Walker et al.
(1997) predicted the behaviour of Re–Os and Pt–Os
systems in the core and mantle from known silicate–
metal partition coefficients, and by comparison with
the isotope and PGE systematics of iron meteorites. It
is well known that all PGE were strongly partitioned
from the mantle to the core during the early history of
the Earth. However, the meteorite evidence also sug-
gests that the PGE were partitioned between the liquid
and solid core once the latter had begun to crystallise,
such that the outer core was enriched in Pt and Re
relative to Os. This was attributed to the very strong
partitioning of Os into the solid metal phase. Over time,
this would lead to correlated enrichments in 186Os and
187Os in the outer core.

The first evidence in support of this predictive model
came from analysis of the Noril’sk complex, which
revealed a significant enrichment of 186Os relative to
other terrestrial and meteorite samples (Walker et al.,
1997). This is consistent with the derivation of the
Noril’sk complex from a plume source. These findings
were supported by Brandon et al. (1998), who found
similar enrichments of 186Os in Hawaiian picrites from
the Loihi, Mauna Loa and Koolau volcanoes. However,



8.3 Mantle osmium 217

Fig. 8.19. Enrichments of 186Os in Hawaiian picrites relative to other isotope tracers: (a) 187Os, (b) 3He and (c) 206Pb.
(�) = Koolau; (●) = Loihi & Hualalai; (�) = Mauna Loa; ( ◦) = Mauna Kea and Kilauea. After Brandon et al. (1999).

evidence that the most 186Os-enriched sample came
from the Koolau volcano caused great consternation,
because other workers provided very strong evidence
that the enriched signature of this volcano was derived
from lithospheric recycling into the mantle (Lassiter
and Hauri, 1998). The combination of such a recycled
signature with an osmium contribution from the core
would require a peculiar coincidence.

Fortunately, these problems were resolved by the
more detailed investigation of Brandon et al. (1999).
This replicated the elevated 186Os signatures in Loihi
and Mauna Loa, but showed that the original Koolau
analysis was in error, probably due to small molecular-
ion interferences on the 186Os peak. The new Koolau
data exhibited a small enrichment in 186Os, but lay be-
low a correlation line formed by the Noril’sk plume
and other Hawaiian samples (Fig. 8.19a). When the
186Os data from the latter samples were compared
with helium isotope data (Fig. 8.19b), the observed
positive correlation provided powerful support for the
core-derivation model of Walker et al. (1995; 1997).
This is because the enriched 3He signatures seen in
Loihi are generally regarded as indicative of primor-
dial helium from the deep interior of the Earth, possibly
the core itself. Therefore, the observation that some of
the highest 186Os signatures are found in Loihi is very
persuasive.

The geochemical picture of the Hawaiian plume is
completed in Fig. 8.19c by plotting 186Os against Pb
isotope ratio. In this plot the data fall within a trian-
gular field which requires three end-members. In the
bottom right is the so-called Kea component, derived
from a relatively depleted plume source (FOZO?). In
the bottom left is the Koolau component with a sig-
nature of recycled Pb resembling EMI (section 6.5.3).

The slightly elevated 186Os signatures in this material
can be explained by recycling of old lithosphere with
moderate enrichment of Pt relative to Os. Finally, the
Loihi–Hualali component has an intermediate Pb iso-
tope signature, possibly representative of primordial
lower mantle that was ‘fertilised’ by radiogenic 186Os
from the outer core.

The advent of this persuasive evidence for a flux
of siderophile elements from the core to the mantle re-
quires a reconsideration of the Os–Pt–Re budget of the
mantle. Hauri and Hart (1997) examined this problem
by analysing Re abundances in MORB and OIB sam-
ples. Since Re has the same degree of incompatibility
as Yb during mantle melting processes, the Re/Yb ra-
tio is independent of solid/liquid partition processes,
and can be used to compare the relative abundances
of Re in the sources of MORB and OIB. A plot of
Re/Yb ratio against Yb showed essentially no differ-
ence between Re/Yb ratios in MORB and OIB, leading
Hauri and Hart to suggest that plume sources have not
been enriched by a significant flux of Re from the core.
(A similar argument was used to place limits on late
partition of Pb into the core, section 6.3.1.)

However, it was pointed out by Brandon et al. (1999)
that the lower mantle was depleted in siderophile ele-
ments when these were first partitioned into the core,
early in the Earth’s history. Because of this depletion,
Brandon et al. calculated that less than 0.2% of outer-
core material would be needed to modify the osmium
isotope signature of the Hawaiian plume. In contrast,
it was argued on the basis of Re–Os evidence (sec-
tion 8.3.1) that the upper-mantle budget of siderophile
elements was derived by a late addition of material
with a chondritic siderophile-element signature. This
model is supported by Pt–Os evidence (Brandon et al.,
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2000), which suggests that the upper mantle has a
homogeneous 186Os/188Os signature that overlaps with
the chondritic composition. Hence the upper mantle
has been approximately chondritic regarding both its
Re/Os ratio and its Pt/Os ratio over most of the Earth’s
history.

One problem remaining for this model was to ex-
plain how osmium in the dense metallic core could
possibly rise into the light oxide-dominated mantle.
However, an explanation was provided by an experi-
mental petrologist (Walker, 2000). He cited the work
of Ito et al. (1995), who suggested that crystallisation
of the inner core might drive the oxygen content of the
liquid outer core past the level of saturation, so that ox-
ide species might exsolve at the core–mantle boundary
(termed the D′′ layer). This process would provide an
ideal mechanism by which to reimplant osmium and
other PGE back into the lower mantle, whence they
originated before the formation of the core.

Most osmium isotope analyses of Archean and Pro-
terozoic mantle-derived rocks have come from so-
called ‘Large Igneous Provinces’ attributed to mantle
plumes. A compilation of some of these data (Fig. 8.20)
shows that most have initial ratios above the chondritic
evolution line. This plot shows two models for 187Os
evolution in the outer core, assuming either early or
continuous crystallisation of the inner core. Most of
the provinces analysed have initial ratios within error
of one or other of these evolution lines. However, an
outer-core contribution to osmium in these plumes can
be verified only by very demanding 186Os analysis.

Fig. 8.20. Compilation of initial osmium isotope data
for Large Igneous Provinces of various ages, using the
gamma notation. These are compared with osmium
evolution lines for the outer core, assuming either early
(solid) or continuous (dotted) inner-core crystallisation.
After Puchtel et al. (2001).

Otherwise, plumes of recycled ocean crust are an al-
ternative possibility.

8.3.6 Asthenospheric mantle
heterogeneity

Roy-Barman and Allègre (1994) made a detailed com-
parison between ocean-ridge basalts and abyssal peri-
dotites from different ridges. These two types of
sample are expected to have the same osmium isotope
ratios, since they are thought to represent (respectively)
the eruptive product and the residue from melting.
Samples were leached with oxalic acid (and then HBr)
to remove ferromanganese coatings, which have radio-
genic seawater osmium signatures. Leached peridotites
from the flanks of the Mid-Atlantic Ridge (MAR) had a
very narrow range of 187Os/188Os ratios, in good agree-
ment with previous work. However, leached MORB
samples had elevated ratios of 0.128–0.133, within
the range of North Atlantic OIB. (Roy-Barman and
Allègre interpreted the MORB values as magmatic
because they found good agreement between leached-
glass and crystalline-basalt compositions.) They pro-
posed two alternative models to explain the differ-
ences between MORB and peridotites: contamination
of MAR basaltic magmas by assimilation of hydrother-
mally altered oceanic crust; or contamination of the
MAR magma source with isotopically enriched os-
mium, either from the Azores plume or from enriched
streaks in a marble-cake mantle (Roy-Barman et al.
1996).

Further work on this problem by Schiano et al.
(1997) confirmed the earlier results using pristine
MORB glasses from the MAR, with additional samples
from the Pacific and Indian ridges. Extreme care was
necessary in order to obtain accurate Os data from these
samples with very low Os concentrations of 1–30 ppt.
This involved the hand picking of large samples, fol-
lowed by a four-step sequential leaching procedure to
remove any Fe–Mn coatings, together with very care-
ful correction for analytical blanks.

Schiano et al. discovered correlations between the
signatures of osmium and lithophile isotope systems
(Sr, Nd and Pb), which suggested that the osmium
data were representative of long-term DMM sources
rather than being due to recent seawater contamina-
tion of these sources or MORB magmas. However, the
range of osmium isotope signatures measured in these
samples (Fig. 8.21) was almost as large as for HIMU
samples of OIB (Fig. 8.17). Assuming that these ele-
vated signatures represent recycled oceanic crust in the
mantle magma sources, this would imply a huge com-
ponent of recycled crust in the upper mantle (as much
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Fig. 8.21. Plot of osmium isotope ratio against Sr iso-
tope ratio for pristine MORB glasses. Pacific and Indian
Ocean samples define distinct trends: (◦) = Atlantic; P =
peridotite source. After Schiano et al. (1997).

as 40%). However, if eclogitic streaks in a ‘marble-
cake mantle’ were allowed to melt preferentially in
the production of new MORB, the fraction of recycled
oceanic crust required in the MORB source would be
reduced to less than 5%, which seems more reason-
able. These findings are supported by recent U-series
isotope data (section 13.3.4).

Another interesting feature in Fig. 8.21 is the ex-
istence of two distinct trends, which are even more
clearly separated on a plot of Os against Pb isotope
ratio (not shown here). One trend is defined princi-
pally by Pacific Ocean MORB and one trend by Indian
Ocean MORB, consistent with previous lithophile iso-
tope evidence for distinct isotopic signatures in these
ocean basins. On the other hand, the Atlantic Ocean
samples span both trends, suggesting that two sources
of enriched material are available in this ocean basin.

We infer that the regional geochemical differences
between the upper mantle under different ocean basins,
normally attributed to contamination of the MORB
source by various types of plume (‘plume-pudding
mantle’), are continuous with the much smaller-scale
heterogeneities of the ‘marble-cake mantle’, in a seam-
less manner. Hence, these data help to resolve a long-
standing question about the relative importance of
these alternative models.

8.4 Petrogenesis and ore genesis

As one of the PGE, osmium is uniquely suited as
a tracer of petrogenetic and ore-forming processes
of noble-metal deposits. PGE deposits are generally

associated with major mafic complexes, and have
been attributed to mixing between mantle-derived and
crustal components (e.g. Naldrett, 1989). The strong
fractionation between Re and Os in crust-forming pro-
cesses, which generates very radiogenic osmium in the
crust relative to the mantle, makes osmium a pow-
erful tracer for such studies. Several of the world’s
largest basic–ultrabasic intrusions have been subjected
to Re–Os analysis; however, the complexities of their
chemistry have typically required several studies in or-
der to gain a reasonable understanding of their genesis.

8.4.1 The Bushveld Complex

The Bushveld Complex is the world’s largest lay-
ered mafic intrusion and principal PGE producer. His-
torically, most of these PGE came from the famous
Merensky Reef, but the UG1 and UG2 chromite lay-
ers (chromitites) are now also major sources. Hart
and Kinloch (1989) performed an ion-microprobe
study of PGE sulphides from the Merensky Reef
on the western lobe of the intrusion. They found
consistent initial 187Os/188Os ratios of about 0.175
(187Os/186 Os = 1.45) for grains of laurite (RuS2)
from the Rustenburg, Union and Amandelbult min-
ing areas. These values are far above the mantle
growth line for osmium at the time of intrusion of
the Bushveld Complex (2.05 Byr ago), indicating that
there is a large crustal component in the ore. How-
ever, two grains of erlichmanite (OsS2) from Rusten-
burg and Union gave low 187Os/186Os ratios, ly-
ing on the chondritic evolution line (187Os/188 Os =
0.112).

The Bushveld laurites can be interpreted as the prod-
ucts of crustally contaminated magmas, as has been
proposed to explain Sr isotope data for the Bushveld
Complex (Sharpe, 1985). However, the erlichmanite
results pose a major problem for this interpretation.
They cannot be attributed to open-system perturbation
of Re–Os, since these minerals contain no rhenium.
Hence, if the osmium isotope variations in the laurites
are attributed to magmatic processes, then the erlich-
manites must represent mantle-derived PGE phases
that were somehow carried into the intrusion (which
seems unlikely). Alternatively, osmium isotope vari-
ations in the laurites must be hydrothermal in origin,
and some component of the Merensky Reef mineral-
isation must therefore be attributed to hydrothermal
introduction of PGE.

In an attempt to solve this conundrum, Schoenberg
et al. (1999) analysed separated minerals from the
‘Critical Zone’ underlying the Merensky Reef and the
‘Bastard Unit’ of the Main Zone above it (Fig. 8.22).
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Fig. 8.22. Plot of initial osmium isotope ratios in the
Bushveld Complex against stratigraphic height relative
to the Merensky Reef: (◦) = pyroxene; (�) = sulphide;
(●) = chromite. After Schoenberg et al. (1999).

Powerful evidence against the ‘metasomatic contam-
ination model’ came from four analyses of the Bas-
tard Unit. Four poikilitic pyroxenites collected from
4–20 m above the Reef gave a perfect Re–Os isochron
with an age of 2043 ± 11 Myr (MSWD = 0.7). When
we take into account the uncertainty of about 1% in
the Re decay constant, this is in excellent agreement
with an intrusive age of 2059 ± 1 Myr from U–Pb
dating (Buick et al., 2001). Schoenberg et al. argued
that such a good isochron would have been very un-
likely if pervasive introduction of osmium by metaso-
matism had occurred in the vicinity of the Merensky
Reef.

Support for the alternative ‘magma-mixing model’
came from analysis of chromitites of the Critical Zone
(Schoenberg et al., 1999; McCandless et al., 1999).
These chromitites were found to have variable initial
ratios (Fig. 8.22), including some unradiogenic val-
ues near the chondritic evolution line that confirmed
the erlichmanite analyses of Hart and Kinloch (1989).
Since crystallisation of chromite is attributed to magma
mixing, the variable initial ratios of the Critical Zone
chromitites suggest that two magmas mixed several

times in the history of the magma chamber, in different
proportions. The same magma-mixing process which
pushed the mixed magma into the field of chromite
crystallisation probably also caused the separation of
immiscible sulphide droplets. The chromite grains and
sulphide droplets would then have settled at the same
time, forming cumulate chromitites with interstitial
sulphide. However, the composition of the sulphide
droplets thus formed might have been quite variable,
as they scavenged PGE from different pockets of an
isotopically heterogeneous magma. Hence the data
of Hart and Kinloch (1989) are reasonably explained
within the overall framework of the magma-mixing
model.

8.4.2 The Stillwater Complex

The Stillwater Complex in Montana has similarities
to the Bushveld Complex, and has also produced some
puzzling Re–Os results that have only recently been re-
solved. As in the Bushveld case, two distinct magmas
have been proposed to explain the petrology and chem-
istry of the pluton. An ultramafic liquid apparently gave
rise to the lower Ultramafic Series (UMS), whereas a
magma similar to high-Al basalt formed most of the
overlying Banded Series. The PGE-bearing J–M reef is
located near the stratigraphic boundary between these
two liquids, whose mixing may have promoted the seg-
regation of a PGE-bearing sulphide liquid to form the
reef. However, chromite-rich layers scattered through
the ultramafic series may also reflect small influxes
of a high-Al basaltic liquid into a magma chamber
crystallising an ultramafic liquid. These chromitites are
identified by letters (A, B, G etc.).

Despite the initial ratio heterogeneity of the com-
plex, Lambert et al. (1989) obtained a Re–Os isochron
from four Re-rich whole-rock samples, comprising
two sulphide-rich cumulates, a bronzite pegmatite, and
the K-seam chromitite band. The isochron had a low
MSWD of 0.03, although this was achieved at the ex-
pense of throwing out a fifth data point from a hy-
drothermally altered harzburgite (Fig. 8.23a). Using a
decay constant of 1.64 × 10−11 yr−1, the isochron gave
an age of 2.66 ± 0.08 Byr, but recalibration of the spike
(Lambert et al., 1994) increased this to 2.74. Neverthe-
less, the age is revised back down to 2.69 ± 0.08 Byr
using the new decay constant of 1.666 × 10−11 yr−1.
This result is in good agreement with U–Pb and Sm–Nd
ages for the intrusion (section 4.1.2), and suggests that
fresh whole-rock samples from the Stillwater Com-
plex generally remained as closed systems for Re and
Os during a thermal event that re-set Rb–Sr mineral
systems in the complex.
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Fig. 8.23. Re–Os isochron diagrams for whole-rock samples from the Stillwater Complex: (a) rhenium-rich samples
used to construct an isochron and (b) Re-poor samples, including the J-M reef (◦), chromitite bands A to K, and
un-named chromitites (●). After Lambert et al. (1989).

Analysis of whole-rock samples with low Re/Os ra-
tios by Lambert et al. revealed a degree of initial ratio
heterogeneity similar to that of the Bushveld Complex
(Fig. 8.23b). Chromitite bands from the ultramafic se-
ries had initial 187Os/188Os compositions ranging from
a late Archean chondritic value of 0.109 to a maxi-
mum initial ratio of 0.145 in the J–M reef. Similar re-
sults were also obtained on a smaller suite of samples
by Martin (1989). Lambert et al. attributed the vari-
able initial Os ratios in the chromitites to crustal con-
tamination of mantle-derived magmas by an enriched
crustal component, whereas Martin (1989) attributed
isotopic variation in the reefs to variable mixing be-
tween chromite cumulates and contaminated intercu-
mulus liquid.

Further study of fresh Stillwater chromites by Marc-
antonio et al. (1993) gave puzzling results. Chromite
separates and chromitite whole-rocks from four hori-
zons had initial 187Os/188Os ratios within error of
the ‘chondritic’ mantle ratio of 0.109 at the time
of intrusion. On the other hand, samples from the
fifth horizon (G chromitite) gave very variable ini-
tial ratios, ranging from below the chondritic evolu-
tion line to well above it (initial 187 Os/188Os = 0.79)
in a molybdenite-bearing sample. The simplest ex-
planation for the latter sample would be later dis-
turbance of the Re–Os system, but the molybden-
ite from this sample gave a Re–Os age of 2.74 ±
0.08 Byr, suggesting that re-distribution of osmium oc-
curred soon after emplacement of the complex. There-
fore, Marcantonio et al. attributed the elevated ini-
tial ratios in this and other chromitite samples to
hydrothermal introduction of radiogenic Os immedi-
ately after crystallisation. They also suggested that the
Sm–Nd system might have been similarly upset by hy-
drothermal re-mobilisation, but this seems extremely
unlikely.

Fig. 8.24. Plot of initial Os isotope ratios (γ Os) for mas-
sive chromite layers of the Stillwater Complex against
stratigraphic height in the ultramafic series (UMS). Af-
ter Horan et al. (2001).

Subsequent work by Lambert et al. (1994) and
Horan et al. (2001) helped to resolve some of these
problems. For example, analysis of additional chromi-
tite samples gave a more coherent picture in which
initial osmium isotope ratios of massive chromitites
gradually decreased upwards through the ultramafic
series (Fig. 8.24). Horan et al. attributed this effect to
the mixing of two magmas in changing proportions;
an osmium-rich melt with a chondritic isotope signa-
ture that was probably derived from a mantle plume,
and a second magma probably contaminated by up-
per crustal rocks. According to this model, the fraction
of the second (contaminated) magma must have de-
creased with time. However, the lack of a complete
Nd data set on all samples analysed for Os makes the
model speculative.
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The J–M reef itself represents a reversal of this trend,
which is difficult to explain (Lambert et al., 1994).
However, as in the Bushveld Complex, it seems most
likely that a much larger influx of crustally contam-
inated melt, mixing with the plume-derived magma,
caused major precipitation of immiscible sulphide,
which then took on the relatively radiogenic osmium
signature of the mixed liquid. Additional Os and Nd
analyses on the same samples are needed in order to
test and clarify these models.

8.4.3 The Sudbury Igneous Complex

The Sudbury Igneous Complex (SIC) in Ontario,
Canada, is a large mafic body which also hosts the
world’s largest nickel reserves. However, isotopic evi-
dence indicates a unique origin for the magmas which
gave rise to this mineralisation. This can be attributed
to the genesis of the Sudbury structure in a meteorite
impact, a model first proposed by Dietz (1964) and
now confirmed by numerous lines of evidence.

Nd isotope data for the silicate rocks of the SIC
were presented by Faggart et al. (1985) and Naldrett
et al. (1986). Both groups showed that the silicate rocks
had a remarkably strong crustal signature, with ε Nd at
1.85 Byr averaging about −7.5, although Naldrett et al.
found a range of ε values from −5 to −9. Faggart et al.
argued that their data could be explained by an exclu-
sively crustal origin for the SIC, whereas Naldrett et al.
preferred a model involving gross crustal contamina-
tion of a mantle-derived magma. However, because Nd
is a lithophile element, this evidence cannot reliably be
extrapolated to deduce such an origin for the nickel-
bearing sulphide ores of the complex. Furthermore, the
enrichment of Nd in crustal relative to mantle-derived
melts makes it an insensitive tracer for a small mantle-
derived source component, which would tend to be
swamped by crustal Nd. In this situation, Os data may
be more diagnostic.

Walker et al. (1991) demonstrated approximate
agreement between Re–Os isochron ages for sulphide
ores and the 1.85 Byr U–Pb age of the silicate rocks
(Krogh et al., 1984). This substantiated previous geo-
chemical evidence indicating that the sulphide and sili-
cate melts were co-genetic. However, age correction of
measured isotope ratios in ores from the Levack West,
Falconbridge and Strathcona mines gave rise to vari-
able initial Os isotope ratios 1.85 Byr ago. This was
attributed to a heterogeneous magma body, formed by
variable mixing between mantle-derived osmium and
radiogenic crustal osmium.

In contrast to these results, Dickin et al. (1992) ob-
served relatively good homogeneity of initial osmium

isotope ratios for sulphide ores from the Creighton, Fal-
conbridge and Levack West mines. Tails to lower ini-
tial ratios in two of these mines, and the large scatter of
initial ratios from the Strathcona mine, were attributed
to post-intrusive open-system behaviour of the Re–Os
system, possibly in response to the Grenville orogeny.
The consensus of initial ratios for Sudbury mines falls
within the range of estimated crustal compositions at
1.85 Byr, and was attributed by Dickin et al. to an en-
tirely crustal source for osmium in the Sudbury ores.
This is consistent with an origin of the SIC as an im-
pact melt sheet (Dietz, 1964). However, no evidence
of material contribution from the meteorite itself is
seen.

Further work by Dickin et al. (1999), Cohen et al.
(2000), and Morgan et al. (2002) has resulted in some
convergence between the previous positions. It is now
recognised that the complex probably had a 100%
crustal origin, but it is also recognised that there is con-
siderable Os isotope heterogeneity in the complex due
to incomplete mixing between the melted target rocks.
The degree of osmium heterogeneity in the complex is
demonstrated by the compilation of data in Fig. 8.25.
This histogram shows that there is good agreement be-
tween the initial ratios of Creighton and Falconbridge
ores, but much larger variations in mineralised ‘inclu-
sions’ from the Whistle mine. These ‘inclusions’ are
mafic–ultramafic xenoliths whose elemental chemistry
is indicative of an origin as cumulates from the SIC
magma. However, their isotopic signatures are indica-
tive of an origin from locally melted crustal rocks,
at least some being of basaltic composition. Hence

Fig. 8.25. Histogram of initial Os isotopic ratios (γ Os)
for Sudbury ores 1.85 Byr ago. Some mines display ho-
mogeneous osmium, whereas others (e.g. Whistle) are
very heterogeneous. After Cohen et al. (2000).
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it appears that the SIC magma was very poorly ho-
mogenised at an early stage in its evolution when these
cumulates were formed, but became much better ho-
mogenised as it cooled and differentiated (Dickin et al.,
1999).

The evidence from the Whistle mine for impact melt-
ing of mafic as well as felsic crustal rocks is supported
by 190Pt–186Os isotope evidence (Morgan et al., 2002).
Comparison of initial 186Os and 187Os abundances in
three mines revealed a rough inverse correlation, con-
sistent with the mixing of distinct lithologies. Thus,
Strathcona samples had radiogenic 187Os but unradio-
genic 186Os, indicative of a large component of melted
felsic rocks with high Re/Pt ratios. On the other hand,
samples from Falconbridge and McCreedy West had
less radiogenic 187Os, but more radiogenic 186Os, in-
dicative of a component of melted basic rocks with
lower Re/Pt ratios. This mixing model is supported by
Sr isotope evidence (e.g. Dickin et al., 1999). How-
ever, Pb isotope evidence provides a different slant,
by revealing distinct contributions to the impact melt
sheet from different crustal depths (Dickin et al., 1996;
1999). Thus, most Pb in North Range ores came from
Archean crust, whereas most Pb in South Range ores
came from Huronian supracrustals.

Hence it is concluded that the melt sheet formed
by the Sudbury meteorite impact was a complex mix-
ture of shock-melted crustal rocks. Mixing of mafic
and felsic lithologies probably caused the melt to enter
the field of immiscibility between silicate and sulphide
melts (Naldrett et al., 1986). This sulphide melt was of
crustal origin and probably did not originally contain
high levels of PGE. However, the melt must have been
in intimate contact with the pool of fused crustal mat-
erial for considerable time. During this time, PGE were
partitioned from the bulk crustal melt into the sulphide
phase in a process analogous to the nickel sulphide
fire-assay method (e.g. Hofmann et al., 1978). Hence,
Sudbury represents ‘nature’s largest fire assay’.

8.4.4 Flood-basalt provinces

A combination of Os and Nd isotope data has been
used to study mixing between source components of
the picritic Karoo flood basalts from southern Africa
(Ellam et al., 1992). Initial Os–Nd isotope data for
these samples (at 190 Myr) are shown relative to pos-
sible source reservoirs in Fig. 8.26. These data re-
veal some of the potential advantages of Os isotope
data, relative to other tracers such as Nd, in dis-
criminating between components involved in basalt
genesis. Nd isotope compositions in the continental
crust and sub-continental lithosphere may be similar,

Fig. 8.26. Plot of ε Nd against γ Os for Karoo basalts
and possible source reservoirs. Mixing lines between
plume and lithospheric components are shown. After
Ellam et al. (1992).

making these components hard to resolve. In addition,
the greater incompatible-element inventories of litho-
spheric reservoirs, relative to asthenospheric melts,
make it hard to quantify the contamination processes
which may occur during ascent of magma through the
lithosphere. On the other hand, Os isotope data can re-
solve these components because the Re-depleted sub-
continental lithosphere typically has an unradiogenic
signature relative to plume sources and crustal units
(Walker et al., 1989a). The model mixing lines in Fig.
8.26 suggest that there were variable contributions of
material to magma genesis from asthenospheric and
lithospheric mantle (see section 7.2.4).

Another flood-basalt province from which osmium
isotope data have been obtained is the Deccan trap
province of southern India (Allègre et al., 1999).
Samples collected from a wide range of stratigraphic
heights in the lava pile nevertheless had very homo-
geneous initial ratios close to the chondritic evolution
line. This is in contrast to lithophile isotope tracers,
which record significant effects of crustal contamina-
tion. This contrast in behaviour reflects the known en-
richment of osmium in primitive mantle-derived mag-
mas relative to continental crust.

8.5 Seawater osmium

A comparison with Sr isotope systematics suggests
that the large differences in osmium isotope compo-
sition between crustal and mantle reservoirs should
generate large seawater Os isotope variations through
time. Seawater itself contains very little osmium, but
chemical sediments act to pre-concentrate osmium by
scavenging it from seawater, thus reaching quite high
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abundances. Ravizza and Turekian (1992) showed that
this ‘hydrogenous’ osmium component could be ex-
tracted from the substrate by leaching. Hence, they
demonstrated that modern seawater has radiogenic
187Os/186Os ratios of about 8.5 (187Os/188Os = 1.0).
In contrast, residues from leaching have significantly
lower Os isotope ratios due to the presence of a micro-
meteorite (cosmic-dust) component that is constantly
raining down upon the Earth.

It is most convenient to review this subject under the
same categories that were used for seawater Sr (sec-
tion 3.6). Therefore, we first examine the evidence used
to reconstruct a seawater osmium curve, before con-
sidering the competing fluxes which cause changes in
seawater osmium through time.

8.5.1 Seawater Os isotope evolution

Pegram et al. (1992) analysed leached carbonaceous
sediments of various ages in the first study of sea-
water osmium isotope evolution through the Ceno-
zoic. Osmium was extracted by acid hydrogen perox-
ide leaching of pelagic black shales from a large piston
core recovered from the North Pacific. Pegram et al.
interpreted the measured osmium isotope ratios as pri-
mary signatures of the sediments, reflecting seawater
osmium, rather than the product of secondary mix-
ing between re-mobilised terrestrial and meteoritic os-
mium. Given this assumption, the data implied a sharp
increase in seawater osmium isotope composition dur-
ing the Tertiary period, mimicking the seawater Sr pro-
file for this period (section 3.6.1).

These preliminary findings were confirmed by Rav-
izza (1993), who used metalliferous sediments de-
posited near mid-ocean ridges as recorders of sea-
water osmium. Because these sediments have greater
rates of deposition than the pelagic clays used previ-
ously, the fraction of hydrogenous (seawater-derived)
osmium dominates over the cosmic-dust fraction. The
results were in good agreement with leached pelagic
clay data, and revealed a rapid increase in seawater Os
isotope ratio over the last 15 Myr, but relatively con-
stant ratios between 18 and 28 Myr ago (Fig. 8.27).
Sr isotope ratios from the same samples were in good
agreement with published data, but when they were
compared with osmium data they revealed significant
decoupling between the two systems. This is not sur-
prising, in view of the very different chemistries of the
two elements.

Peucker-Ehrenbrink et al. (1995) extended the de-
tailed seawater osmium record to 80 Myr, using a com-
bination of leached and bulk sediment analyses. How-
ever, they showed that for slowly deposited pelagic

Fig. 8.27. Plot of Os isotope ratio of sediment leachates
against age, attributed to increasing seawater Os iso-
tope ratio during the Tertiary. Data sources: (◦) =
Ravizza (1993) and Peucker-Ehrenbrink et al. (1995);
(●) = Pegram and Turekian (1999).

clays, a more gentle leaching procedure was neces-
sary in order to remove hydrogenous osmium with-
out releasing the cosmic-dust fraction. Data from sed-
iments with a relatively high deposition rate were in
good agreement between different studies, but data
from slowly deposited sediments were less reliable.
Leached 80-Myr-old sediment showed for the first time
a radiogenic osmium isotope signature below the K–T
boundary (Fig. 8.27). In addition, gently leached sam-
ples on either side of the boundary constrained a sharp
drop in osmium isotope ratio to the immediate vicin-
ity of the boundary. To explain this dip at the K–T
boundary, Peucker-Ehrenbrink et al. calculated that a
meteorite impact could have released a pulse of dis-
solved osmium into the oceans equivalent in size to
that provided by 5 Myr of the global run-off flux (see
below).

Data from the above studies were augmented by
Pegram and Turekian (1999) in a larger study of the
same sediment core as that used by Pegram et al.
(1992). The bottom of the core was dated using cobalt
accumulation rates (section 4.5.3), and the accuracy
of Os measurements on bulk sediment was improved
by correcting for the cosmogenic Os component in the
sediment on the basis of 3He measurements. The re-
sult was a more detailed profile for the early Tertiary,
which was largely consistent with earlier work but also
reached to even less radiogenic compositions at the
K–T boundary. A similar dip was seen at the Eocene–
Oligocene boundary (Fig. 8.27).

The first attempt to extend the seawater osmium
curve back into the Jurassic was made by Cohen et al.
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Fig. 8.28. Plot of inferred Os isotope ratios of sea-
water through the Jurassic to Tertiary periods. After
Cohen et al. (1999). Open symbols are data of Peucker-
Ehrenbrink et al. (1995).

(1999). This was based on analysis of relatively very-
Os-rich, organic-rich mud-rocks with total Os con-
tents between 0.2 and 3 ppb. Samples were analysed
by bulk dissolution techniques on the grounds that
the meteoritic component was insignificant in these
continental-shelf sediments, which have deposition
rates several orders of magnitude faster than those of
pelagic sediments. Unlike the cases discussed above,
these organic-rich mud-rocks also have high Re/Os ra-
tios, so relatively large age corrections were necessary
in order to recover initial Os isotope ratios indicative
of seawater osmium. This was achieved by means of
three Re–Os isochrons, with ages of intervening sam-
ples estimated by interpolation.

The results from this study (Fig. 8.28) revealed
very unradiogenic osmium near the Triassic–Jurassic
boundary, with a subsequent very rapid rise, reminis-
cent of the K–T boundary. Despite the relatively prox-
imal (near-shore) deposition site of the sediments, the
osmium isotope signatures were taken to be indicative
of seawater osmium on the grounds that only the open
ocean could supply the relatively very large amounts
of Os necessary to support the deposition flux in these
Os-rich sediments. However, Cohen et al. attributed
the presumed variations in seawater osmium to vary-
ing terrestrial osmium fluxes (see below), rather than
a meteoritic source.

One case where a continental weathering model
seems justified is the Os isotope peak in the early Juras-
sic, which was shown by Cohen et al. (2004) to be
much sharper than previously realised, with a duration
of only 1 Myr. The Os peak is correlated with the ‘Toar-
cian oceanic anoxic event’, a global warming event that
caused a sharp increase in continental weathering. This

could have released a spike of radiogenic osmium to
the oceans.

8.5.2 Os fluxes and residence times

In order to understand seawater osmium evolution
it is important to quantify the fluxes which control
its composition. A comparison between these fluxes
and the oceanic osmium inventory will then allow a
calculation of the residence time of osmium in sea-
water. The principal source of radiogenic osmium is
river-borne run-off from old continental crust. On the
other hand, possible sources of unradiogenic osmium
are low-temperature hydrothermal alteration of ultra-
mafic rocks (Sharma et al., 2000) and the dissolution
of cosmic dust. The magnitude of the unradiogenic
component is unknown, but its composition is well
constrained. Therefore, a major objective has been to
constrain the size and composition of the river-water
budget.

In early work on this subject, Pegram et al. (1994) ar-
gued that the oxidising conditions of river water would
cause osmium to be adsorbed on the ferromanganese
coatings of particulate sediment, rather than remain-
ing in solution. They speculated that when this sedi-
ment reached the sea, reducing conditions would break
down the ferromanganese oxides, releasing osmium
to seawater. By analysing leaches of river sediment,
Pegram et al. found very variable 187Os/188Os ratios,
ranging from 0.17 to 0.85 in rivers draining ultramafic
rocks to values of 1.4–2.8 in more typical drainage
basins. However, large rivers such as the Mississippi
and Ganges had ratios close to 2.2, a best estimate for
the global average. This was substantially more radio-
genic than an estimate of 1.26 in average upper crust
(Esser and Turekian, 1993).

The first direct measurements on dissolved river-
water osmium were made by Sharma and Wasserburg
(1997). Because these concentrations are so low, it is
convenient to quote them in pg/kg (10−15 g/g). Analy-
sis of four major rivers suggested a concentration range
from 2.8 to 8.5 pg/kg and a range of 187Os/188Os ratio
from 1.2 to 2.0. Hence Sharma and Wasserburg esti-
mated the total riverine supply of dissolved osmium
at 320 kg/yr. These results were refined by Levasseur
et al. (1999), using data for seventeen of the world’s
largest rivers. The average dissolved osmium concen-
tration was estimated as 7.9 pg/kg, with a 187Os/188Os
ratio of 1.5, leading to an estimated global riverine
flux of 295 kg/yr, in good agreement with Sharma
and Wasserburg (1997). In addition, the flux of non-
dissolved Os carried on particulate matter was esti-
mated at less than 25% of the dissolved flux.
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Fig. 8.29. Profiles of (a) osmium isotope ratio and
(b) concentration, in sections through the SW Indian
Ocean. After Levasseur et al. (1998).

The first direct measurements of seawater osmium
concentration were made by Sharma et al. (1997),
yielding a best estimate of 3.6 pg/kg, with an isotope
ratio of 1.04 (187Os/186Os = 8.7). Subsequent work
by Levasseur et al. (1998) and Woodhouse et al.
(1999) confirmed the mean isotope ratio of modern
seawater as 1.06 (8.8), but suggested that the con-
centration determined by Sharma et al. was an under-
estimate, due to a failure to achieve complete isotopic
homogenisation between sample and spike osmium.
Thus, Levasseur et al. determined a constant concen-
tration of 10.9 pg/kg in a 5-km-deep section from the
southwest Indian ridge (Fig. 8.29). A similar exper-
iment by Woodhouse et al. (1999), on a 3-km-deep
section from the eastern Pacific, gave identical iso-
tope ratios but suggested some variations in osmium
concentration. Below 2 km depth, these ranged from
8.5 to 9.5 pg/kg, but at 500 m depth the concentration
dropped as low as 6.5 pg/kg.

A comparison between the isotopic compositions of
average river water and seawater allows the relative
fluxes of riverine osmium and unradiogenic osmium
(meteoritic and mantle-derived) to be estimated. Esti-
mates of the size of the riverine flux vary from a low of
50% (using the riverine 187Os/188Os ratio of 2.2 from
Pegram et al., 1994) to a high of 81% (using the value
of 1.5 from Sharma and Wasserburg, 1997). The in-
termediate riverine value of 1.8 from Levasseur et al.
(1999) corresponds to a 70% contribution. Ignoring the
redissolution of particulate osmium from rivers, this

implies a global osmium flux to the oceans (riverine
and unradiogenic) of 420 kg/yr.

Assuming that the system is in a steady-state con-
dition, comparison of the seawater osmium inventory
with the total input flux allows the oceanic residence
time of osmium to be calculated. An average seawater
concentration of 10 pg/kg, divided by the mass of the
oceans (1.4 × 1021 kg), leads to an oceanic osmium
inventory of 1.4 × 107 kg. Given a total input flux of
420 kg/yr, this leads to a residence time (τ ) of 33 kyr.
This residence time is near the middle of many esti-
mates made over the past ten years. It is much shorter
than that of strontium (section 3.6.2), but also substan-
tially longer than those of non-conservative elements
such as Nd, Th and Be. In fact it is similar to the time
taken for river water to fill the oceans (37 kyr).

Despite the efforts described above to place con-
straints on global osmium fluxes, there are still ma-
jor uncertainties. One of these concerns the fate of
dissolved osmium in the estuarine and coastal zone.
As noted above, Pegram et al. (1994) initially pro-
posed that particulate riverine osmium would be re-
leased into solution in estuaries. On the other hand,
a study of the Lena river in Siberia (Levasseur et al.,
2000) showed that nearly 30% of dissolved riverine os-
mium was lost from solution in the estuary by adsorp-
tion onto suspended particles. If this process occurred
on a world-wide scale, the seawater residence time of
osmium would have to be increased by 30%. How-
ever, a study of the Fly and Sepik rivers in Papua New
Guinea (Martin et al., 2001) suggested that both river-
ine osmium and seawater osmium were removed by
adsorption in the estuary and the near-shore zone. This
was demonstrated in a 200-km-long ‘salinity transect’
(Fig. 8.30).

When the osmium isotope ratios are plotted against
salinity (Fig. 8.30a), they provide evidence of fairly
simple mixing between seawater and the unradiogenic
osmium carried by the river (reflecting its source in
young ultramafic rocks). However, the plot of osmium
concentration against salinity (Fig. 8.30b) shows that
removal of dissolved osmium has occurred, particu-
larly at the seaward end of the transect. This implies
that seawater osmium may be lost at a similar rate to, or
greater rate than, riverine osmium. The relative mag-
nitude remains unknown, certainly at the global scale,
but it suggests that 33 kyr may be a maximum rather
than a minimum value for residence of osmium in sea-
water.

The tentative consensus of seawater osmium resi-
dence times around 30–40 kyr was shattered by ev-
idence for very rapid changes in seawater osmium
isotope composition during the Quaternary period
(Oxburgh, 1998). This evidence comes from two



8.5 Seawater osmium 227

200-kyr sediment cores from the East Pacific Rise,
which display osmium isotope variations in step with
glacial cycles, as represented by oxygen isotope analy-
sis (Fig. 8.31). The two cores yielded consistent results,
suggesting that they might be recording real changes
in the seawater osmium signature. However, the sharp-
ness of the changes (particularly during deglaciations
140 kyr and 20 kyr ago) implied an extremely short

a

b

Fig. 8.30. Salinity profiles from the estuary of the Fly
River, Papua New Guinea: (a) against isotope ratio and
(b) against Os concentration. After Martin et al. (2001).

Fig. 8.31. Plot of osmium isotope ratio against age for two sediment cores (●, ◦) from the flanks of the East Pacific
Rise. These are compared with a record of oxygen isotope variations, which are representative of glacial cycles.
After Oxburgh (1998).

seawater osmium residence time, possibly as low as
3000 yr. Given such a short residence time, the appar-
ent sharp drops in the isotope signature during the last
two glacial periods were attributed to a reduction in
chemical weathering at these times. However, in order
to reconcile these data with the box-model estimate of
seawater residence, it is necessary to postulate a river-
ine flux at least three times greater than that estimated
by Sharma and Wasserburg (1997) and Levasseur et al.
(1999).

Further evidence for very rapid changes in seawa-
ter osmium was presented by Oxburgh (2001) for the
Cariaco Basin in the Caribbean (Fig. 8.32). This basin
shows annual varves that have been calibrated against
radiocarbon ages (section 14.1.5). This data set gave
much better time resolution for seawater osmium evo-
lution and appeared to reveal a sudden jump from a
steady state during the last glacial maximum to a new
steady state during the Holocene.

The data are compared in Fig. 8.32 with three of the
data points from core V19-55 in the Pacific (Oxburgh,
1998). This comparison reveals some positive and
some negative points (for an interpretation of these
signals as real seawater osmium variations). On the
positive side, the core-top analyses from the Pacific
and the Caribbean samples are consistent with osmium
analysis of young Fe–Mn crusts from the Pacific and
Atlantic oceans (Burton et al., 1999a), as shown in
Fig. 8.32. However, on the negative side, the Cariaco
basin records a very early rise in the osmium signa-
ture, largely in advance of the oxygen isotope pro-
file, and while the Pacific core is still displaying a
‘glacial’ signature. Hence it is concluded that more
work must be undertaken before these findings can be
accepted as genuine reflections of seawater osmium
isotope evolution.
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Fig. 8.32. Plot of Os isotope ratio against age for sedi-
ment cores from the Cariaco Basin (●) and the East Pa-
cific Rise (◦), compared with an oxygen isotope record
from the Cariaco Basin. Recent Fe–Mn crusts from the
Atlantic and Pacific Ocean are also shown (�). Modified
after Oxburgh (2001).
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Luck, J. M. and Allègre, C. J. (1984). 187Re–187Os investigation
in sulphide from Cape Smith komatiite. Earth Planet. Sci. Lett.
68, 205–8.
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9 Lu–Hf and other
lithophile isotope
systems

Lutetium lies at the end of the lanthanide series as
the ‘heaviest’ of the REE. It has two isotopes, 175Lu
and 176Lu, whose respective abundances are 97.4% and
2.6%. 176Lu, displays a branched isobaric decay, by
β− emission to 176Hf and by electron capture to 176Yb.
However, the latter makes up only a few per cent at most
of the total activity and can be more or less ignored
(Dixon et al., 1954). 176Hf is left in an excited state after
β emission, and decays to the ground state by γ emis-
sion. It is one of six isotopes and makes up 5.2% of total
hafnium, an element which is not a rare earth but resem-
bles Zr very closely in its crystal chemical behaviour.

9.1 Lu–Hf geochronology

The decay scheme
176

71Lu → 176
72Hf + β− + ν + Q

yields a decay equation
176Hf = 176HfI + 176Lu(eλt − 1) [9.1]

This is conveniently divided through by 177Hf:

176Hf
177Hf

=
( 176Hf

177Hf

)
I

+
176Lu
177Hf

(eλt − 1) [9.2]

The first Lu–Hf geochronological measurement was
made by Herr et al. (1958), who attempted to de-
termine the half-life of 176Lu by analysing the iso-
topic composition of Hf in the heavy-REE-rich min-
eral gadolinite (containing several thousand ppm Lu).
However, routine Hf isotope analysis was prevented
until 1980 by the difficulties of low-blank chemical
separation and by the poor ionisation efficiency of Hf
during thermal-ionisation mass spectrometry (TIMS).
These problems were finally overcome by Patchett
and Tatsumoto (1980a), using a modified form of
triple-filament analysis with a very hot centre filament
(section 2.2.1). After this breakthrough, TIMS analy-
sis of Hf continued to be limited by poor ionisation
efficiency, although improvements were achieved by

various methods. For example, one technique involved
bombarding the heated sample with an ion beam during
TIMS analysis, hence ‘hot SIMS’ (Salters and Zindler,
1995). However, TIMS analysis of Hf has now been
superseded by MC-ICP-MS (section 2.5.2).

9.1.1 The Lu decay constant and the
CHUR composition

Patchett and Tatsumoto (1980b) presented the first
Lu–Hf isochron, using data from a suite of eucrite me-
teorites (achondrites). These have an estimated age of
about 4.55 Byr, from which Patchett and Tatsumoto
were able to make a geological determination of the
176Lu decay constant. Their original ten-point whole-
rock isochron was improved by the addition of three
extra points (Tatsumoto et al., 1981) to yield a half-
life of 35.7 ± 1.2 Byr (equivalent to a decay constant
of 1.94 × 10−11 yr−1) and an initial 176Hf/177Hf ra-
tio of 0.27978 ± 9 (2σ ), Fig. 9.1. This half-life com-
pared very well with the value of 35.4 ± 1.1 Byr
which Patchett and Tatsumoto (1980b) calculated as
a weighted mean of five physical half-life determi-
nations made since 1960 (Faure, 1977). However, it
should be noted that the good isochron fit obtained
from achondrites was achieved by rejecting one sam-
ple, the Antarctic meteorite ALHA.

More recent physical determinations yield signifi-
cantly higher values of the half-life, averaging 37.3 ±
0.1 Byr (Nir-El and Lavi, 1998), equivalent to a decay
constant of 1.86 ± 0.005 × 10−11 yr−1. This value has
been supported by geological half-life determinations
based on four Proterozoic rock samples (Scherer et al.,
2001). Three of these samples comprised pegmatites,
whereas the fourth was a monazite–xenotime gneiss
from Grenville-age rocks of the Hudson Highlands,
New York State. All four samples were dated by U–Pb,
yielding an overall value for the 176 Lu decay constant
of 1.867 × 10−11 yr−1(t1/2 = 37.1 Byr) which is in ex-
cellent agreement with the value of 1.86 × 10−11 yr−1

determined by counting experiments.
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Fig. 9.1. Lu–Hf isochron for eucrite meteorites. Allan Hills samples (+) were omitted from the regression; (◦) =
chondrites analysed in later work. Modified after Blichert-Toft and Albarède (1997).

Pettingill and Patchett (1981) attempted to test their
Lu decay constant in a dating study on the Amit-
soq gneisses of west Greenland. Despite metamorphic
events that occurred 2.9 and 1.7 Byr ago, zircon sepa-
rates and whole-rock gneiss samples formed a coherent
array on a Lu–Hf isochron diagram. However, the rela-
tively large scatter on the isochron prevented its use as
a critical test of the decay constant. The regression gave
a somewhat low age of 3.58 ± 0.22 Byr (2σ ) using the
176Lu decay constant of 1.94 × 10−11 yr−1, but this is
increased to 3.70 Byr using the new decay constant of
1.867 × 10−11 yr−1 (Fig. 9.2).

Similarly low Lu–Hf isochron ages were also ob-
tained in a more recent dating study on the Isua
supracrustals of western Greenland, and on Early Pro-
terozoic (Birimian) metamorphic rocks of western
Africa (Blichert-Toft et al., 1999). In this case the rel-
atively large discrepancy between Lu–Hf and Sm–Nd
ages was attributed to open-system behaviour of the
Lu–Hf system. However, the Lu–Hf and Sm–Nd ages
in this study can be reconciled using the new decay
constant (Villa et al., 2001).

The low Hf abundances in chondrites, coupled with
the poor efficiency of Hf analysis by TIMS, prevented
a direct determination of their Hf isotope composi-
tion until recently. Therefore, Patchett and Tatsumoto
(1981) determined the composition of the chondritic
uniform reservoir (CHUR) from the intersection of the
eucrite meteorite isochron and the 176Lu/177Hf ratio
of 0.0334 derived from the carbonaceous chondrites
Murchison and Allende. This gave a present-day chon-
dritic 176Hf/177Hf ratio of 0.28286.

Direct analysis of chondritic Hf was finally made
possible by MC-ICP-MS (Blichert-Toft and Albarède,

Fig. 9.2. Lu–Hf errorchron for a suite of whole-rock
Amitsoq gneisses and separated zircons. Open symbols
were omitted from the regression. After Pettingill and
Patchett (1981).

1997). This work yielded a cluster of data points very
close to the eucrite isochron of Patchett and Tatsumoto,
but the average present-day CHUR value was lowered
slightly to 0.28277 ± 3. Both values compare quite
well with the Bulk Earth Hf isotope ratio determined
from the intersection of chondritic 143Nd/144Nd with
the Nd–Hf isotope array defined by OIB. However, the
new value does not fit quite as well as the old one.

Hf isotope ratios can be expressed using the ε nota-
tion developed for Nd (parts per 10 000 deviation from
the chondritic evolution line). Unfortunately, changes
in the Lu decay constant also have a major impact on
the calculation of ε Hf values because they change the
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slope of the chondritic growth line. As a result, the new
decay constant described above gives rise to a CHUR
evolution line that is approximately three epsilon units
higher than the old value. This has major ramifications
for the use of Hf initial ratios as a tracer of crust and
mantle evolution, as discussed in more detail in sec-
tion 9.2.

Following the studies described above, additional
work was done on the Lu–Hf systematics of meteorites,
with somewhat perplexing results. The first of these
studies, by Blichert-Toft et al. (2002), re-examined the
suite of eucrites analysed by Patchett and Tatsumoto.
The second study focussed on ordinary chondrites and
carbonaceous chondrites, with a few eucrite analyses
for comparison (Bizzarro et al., 2003).

Blichert-Toft et al. analysed a suite of twenty-one
whole-rock eucrites, including most of the samples in
Fig. 9.1. This suite actually comprises two different
petrological types, the cumulate eucrites (with Lu/Hf
ratios greater than chondrites) and the basaltic eucrites,
also called basaltic achondrites (with lower Lu/Hf ra-
tios, similar to those of chondrites). Basaltic achon-
drites have been dated successfully by Sm–Nd min-
eral isochrons (section 4.1.1), but Sm–Nd analysis of
the cumulate eucrites shows evidence of major dis-
turbance, especially for Moama, the high-Lu/Hf-ratio
sample that controls the eucrite Lu–Hf isochron in
Fig. 9.1. On the other hand, if the Lu–Hf data set is
restricted to basaltic eucrites (achondrites), the spread
in Lu/Hf ratios is not sufficient to obtain a precise re-
gression.

After rejecting Moama and two other samples
from a composite Sm–Nd data set of cumulus and
basaltic eucrites, Blichert-Toft et al. obtained an age of
4464 ± 75 Myr. Using the old 176Lu decay constant of
1.94 × 10−11 yr−1 then gave a similar age of 4470 ± 22
Myr for the three most radiogenic eucrites in Fig. 9.1
(Moama, Moore County and Serra de Mage). However,
this agreement was obtained only by selecting differ-
ent samples for the two isochrons, and is not therefore
very meaningful.

Alternatively, the basaltic eucrite suite alone
yields a Lu–Hf ‘errorchron age’ of 4604 ± 39 Myr
(MSWD = 4.52) using the old decay constant, which
is within error of the latest estimate of 4565 Myr ago
for the time of differentiation of the eucrite parent body
(section 15.5.2). On this basis, Blichert-Toft et al. ar-
gued that their data supported the old decay constant.
However, if analytical errors on the basaltic eucrite er-
rorchron are expanded to equal the geological scatter
(MSWD = 1), the errorchron then provides a relatively
weak constraint on the decay constant. For example, an
age of about 4.75 ± 0.18 Byr would be obtained using

the new 176Lu decay constant, which is just within er-
ror of the earliest solar-system ages of 4.57 Byr. On
this basis, the eucrite data cannot definitely exclude
the new decay constant.

Apparently stronger evidence against the new de-
cay constant was obtained from the study of Bizzarro
et al. (2003) on chondrites. For example, a composite
suite of ordinary chondrites, carbonaceous chondrites
and a few eucrites gave an isochron fit with a reported
MSWD of 1.04. Assuming an age of 4.56 Byr for the
chondrite-forming event, the isochron implied a high
176Lu decay constant of 1.98 × 10−11 yr−1, equivalent
to a half-life of 35.0 Byr. In addition, the steeper slope
on the isochron gave a less radiogenic chondritic initial
ratio of 0.27963 ± 2. Combining this value with the
high decay constant leads to a CHUR evolution line
about three epsilon units lower than Patchett’s original
value (in contrast to the new ‘terrestrial’ value that is
three epsilon units higher).

The discrepancy between the new ‘terrestrial’ and
‘meteorite’ decay constants obviously introduces a lot
of uncertainty into the interpretation of hafnium iso-
tope data, both in terms of dating and in terms of crust–
mantle evolution models. Faced with this dilemma, the
present author believes that the terrestrial value is to
be preferred, because it causes fewer problems for sev-
eral dating studies on terrestrial rock suites. It is also
supported by the new study of Söderlund et al. (2004).
However, until the meteorite initial ratio is clarified,
the interpretation of Hf isotope data must be regarded
as provisional. Hence the CHUR line used in the rest of
this chapter will largely follow the old value of Patchett
and Tatsumoto (1981).

9.1.2 Dating metamorphism

The high Lu/Hf ratios found in garnets make these min-
erals useful for Lu–Hf dating of metamorphic events
in a manner analogous to Sm–Nd. In particular, the
spread of Lu/Hf ratios measured in metamorphic gar-
nets is typically greater than for the Sm/Nd ratio. When
coupled with the lower half-life of Lu, this allows
more precise dating of young (Cenozoic) metamor-
phic events. Applications have included the dating of
garnet granulite lower-crustal xenoliths (Scherer et al.,
1997) and the dating of high-pressure metamorphism
in the Alps (Duchêne et al., 1997).

Scherer et al. (2000) performed a detailed study of
the application of Lu–Hf garnet geochronology, in-
cluding the effects of Hf-rich accessory minerals and
an estimation of the blocking temperature of the Lu–Hf
system in garnet. Of the major accessory minerals ap-
atite, monazite and zircon, only the last contains high
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Fig. 9.3. The effects of zircon on Lu–Hf ages of meta-
morphic garnet growth: (a) involving groundmass zir-
cons only; and (b) involving zircon inclusions in garnet
grains: (●) = garnet; (◦) = leached garnet; (�) = whole-
rock; (✕) = zircon. After Scherer et al. (2000).

levels of Hf, whereas monazite contains high levels of
Nd. This means that comparison of Lu–Hf and Sm–Nd
ages can be used to test for the perturbation of garnet–
whole-rock isochrons by these minerals. This is im-
portant because zircon may contain as much as 95% of
the total Hf inventory of a rock, so any discordance be-
tween zircon and garnet will have a large effect on the
Lu–Hf age. Such discordance is quite likely when we
are trying to date the growth of metamorphic garnet, be-
cause the rock will probably contain pre-metamorphic
zircon grains which do not equilibrate with garnet un-
der peak metamorphic conditions.

Two alternative scenarios involving discordant zir-
con are shown in Fig. 9.3. The first rock (Fig. 9.3a) has
zircon grains in the groundmass, but not in the garnet.
Comparison between zircon and whole-rock composi-
tions shows that the zircon grains bias the whole-rock
point to give an apparent isochron age that is slightly
too old. In the other case (Fig. 9.3b) there are zircon

inclusions in the garnet as well as zircon grains in
the groundmass. In this case, comparison of leached
and unleached garnets shows that the apparent age
will be too young. To avoid these problems, Scherer
et al. recommended that inclusion-free garnets should
be selected by hand picking. In addition, the analysis
of other zircon-free minerals such as hornblende or
clinopyroxene can be used (instead of the whole-rock
point) to avoid the effects of groundmass zircon.

Having applied such corrections, Scherer compared
the resulting Lu–Hf ages with Sm–Nd ages on the same
samples. Their published ages should also be corrected
for the new decay constant. The result is that the Lu–Hf
ages are either within error of or older than the Sm–Nd
ages, so the blocking temperature of the Lu–Hf system
in garnet appears to be greater than or equal to that of
the Sm–Nd system. However, because metamorphic
garnets have large variations in texture and chemistry,
both isotope systems will have a fairly wide range of
blocking temperatures.

9.2 Mantle Hf evolution

9.2.1 Hf zircon analysis

Patchett et al. (1981) investigated the usefulness of ini-
tial Hf isotope ratios as a tracer of mantle Hf through
time, using crustal rocks with a clear mantle deriva-
tion. In order to calculate accurate initial 176Hf/177Hf
ratios for many rock bodies without making numer-
ous isochron determinations, Patchett et al. principally
analysed zircon separates. These provided excellent
material for Hf isotope analysis for several reasons:

(1) Hf forms an integral part of the zircon lattice, which
is therefore very resistant to Hf mobility and con-
tamination.

(2) The very high Hf concentrations in zircon (about
10 000 ppm) yield very low Lu/Hf ratios and con-
sequently minute age corrections.

(3) There are large quantities of zircon separates pre-
viously prepared for U–Pb analysis, which yield
accurate dates for the same material.

(4) Any metamorphic overprinting or zircon inherited
from a previous crustal history are clearly revealed
by the U–Pb data.

Initial 176Hf/177Hf ratios of presumed mantle-
derived igneous rocks of various ages were plotted on
a hafnium isotope evolution diagram by Patchett et al.
(1981). All of the igneous rocks with a mantle-derived
signature lay within error of, or above, the chondrite
evolution line (Fig. 9.4). However, only one sample, a
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Fig. 9.4. Diagram of Hf isotope evolution over geological time. Initial ratios of uncontaminated mantle-derived
magmas show them to be derived from a slightly depleted source relative to chondrites. Data from Patchett et al.
(1981).

meta-tholeiite dyke cutting the Suomussalmi–Kuhmo
greenstone belt in Finland, had an initial 176Hf/177Hf ra-
tio above a linear depleted-mantle evolution line drawn
from the primordial solar-system value to the most ra-
diogenic MORB analysis (Fig. 9.4).

One explanation for the fan of Hf data in Fig. 9.4 is
their derivation from a heterogeneous mantle exhibit-
ing variable trace-element depletion of Hf relative to
Lu through space and time. An alternative would be
to derive magmas from a more depleted homogeneous
source (such as defined by the dashed evolution line in
Fig. 9.4) and subject them to contamination by older
crustal basement. Patchett et al. (1981) preferred this
model for the 1.4-Byr-old Silver Plume and 1.0-Byr-
old Pikes Peak batholiths of Colorado, which have Nd
and Hf initial ratios near the chondritic evolution line,
and were argued to contain large fractions of 1.7-Byr-
old crust by DePaolo (section 4.2.2). Two 1.8-Byr-old
post-tectonic granites intruded into the Archean cra-
ton of north Finland had spectacularly low initial ra-
tios, corresponding to ε Hf values of −10 and −12.
These two samples are clearly of crustal derivation on
the basis of Pb and Sr isotope data, and were selected
to demonstrate the effects of crustal reworking on Hf
isotope systematics.

It is important to remember that when this paper was
published (in 1981), the only conclusive Nd isotope

evidence for depleted mantle in the Proterozoic was
provided by the work of DePaolo on the Front Ranges
of Colorado (see section 4.2.2). Nd isotope evidence
from komatiites for Archean depleted mantle (section
4.4.3) was not yet available. Hence the major signifi-
cance of this paper at the time.

9.2.2 Archean sediments

Because Hf involves greater analytical difficulties than
Nd, the latter has been the primary tool for studying
continental growth through geological time (section
4.4). However, the resistance of zircon to weathering
and to metamorphic re-setting means that Hf isotope
analysis of this mineral provides a good test for Nd
isotope data in studies of the Earth’s early evolution,
involving both ancient sediments and mantle-derived
igneous rocks. These data have then been used to con-
strain models of crustal growth or recycling in the early
Archean (section 4.4.2).

Stevenson and Patchett (1990) performed the first
Lu–Hf study on Archean and Proterozoic sedimentary
zircons from the Canadian, Wyoming, North Atlantic
and South African cratons. The samples were mainly
from the Late Archean and Early Proterozoic, and are
summarised on a diagram of Lu–Hf model age versus
stratigraphic age (Fig. 9.5), using the old CHUR value.
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Fig. 9.5. Model age versus stratigraphic age diagram for
sedimentary zircons to constrain crustal-growth mod-
els for the Archean: (●) = Hf data; (�) = Nd data. The
dashed line accents the upper envelope of the data. Af-
ter Stevenson and Patchett (1990).

A significant number of samples gave model ages in
excess of stratigraphic age (i.e. above the ‘concordia’
line). The excess of model age over stratigraphic age
was less in older sediments, leading Stevenson and
Patchett to argue that there were ‘no great quantities of
continental crust in the early Earth providing ancient
zircons . . . ’. However, a significant number of points
lie below the concordia line in Fig. 9.5, indicating that
the chondritic mantle model is an under-estimate of the
provenance ages of these samples.

The use of a depleted-mantle model implies prov-
enance ages about 200 Myr older than those obtained
with the CHUR model, suggesting a significant volume
of Early Archean crust. Nevertheless, there is no evi-
dence for a ‘big-bang’ model in which the volume of
Early Archean crust was as great as that at the present
day. Consequently, the data provide some support for a
model involving progressive crustal growth with time,
but are nevertheless ambiguous.

Amelin et al. (1999) extended the study of Hf in
detrital zircons to the early Archean. This was based
on zircons from the Jack Hills meta-conglomerate in
western Australia, which have yielded U–Pb ages as
old as 4.28 Byr. The greater sensitivity of MC-ICP-
MS (section 2.5.2) allowed the Hf analysis of single
grains rather than bulk zircon separates, and therefore
permitted a better understanding of this detrital zir-
con population with variable U–Pb ages. Results for
thirty-seven individual grains fell into three groups on
a plot of ε Hf against lead 207/206 age (Fig. 9.6). How-
ever, two of the groups lay on an isotopic growth line
(dashed) with a 176Lu/177Hf ratio (0.022) typical of
mafic rocks. This implies that the zircon grains in these
two groups (whose elemental chemistry is indicative of

Fig. 9.6. Plot of ε Hf against 207/206 lead ages for
37 detrital zircon grains from the Jack Hills meta-
conglomerate of the Narryer gneiss complex of western
Australia. Error bar indicates average precision. Modi-
fied after Amelin et al. (1999).

felsic magmas) might be derived from granitoid rocks
of various Early Archean ages, derived by melting of
mafic crustal rocks.

Back projection of the Hf isotope crustal-growth line
to an intersection with the chondritic evolution line al-
lowed the age of formation of this mafic crustal terrane
to be estimated. The result obtained using the con-
ventional chondritic evolution line suggested a crustal
formation age of about 4.1 Byr for this terrane. How-
ever, the new low decay constant would imply a chon-
dritic evolution line about three epsilon units higher,
and therefore a crustal formation age of about 4.4 Byr
(Amelin et al., 2000). This implies that at least some
crustal fragments were in existence almost immedi-
ately after the last giant impact event led to the forma-
tion of the Moon (section 15.5.4). On the other hand,
the new high decay constant implies a chondritic line
two or three epsilon units lower than the old value. This
would imply that mantle depletion was occurring very
early in the Earth’s history.

9.2.3 Western Greenland

Another important application of Hf isotope data was
to test Nd evidence for early crustal evolution in
western Greenland. Nd isotope analysis of Amitsoq
gneisses by Bennett et al. (section 4.4.4) had previ-
ously implied a large range of ε Nd values, based
on initial ratios calculated at the U–Pb ages of the
rocks. This included some strongly positive ε values,
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Fig. 9.7. Plot of initial ε Hf against ε Nd (using values of
t from U–Pb ages) for Amitsoq gneisses (●) compared
with a variety of juvenile samples less than 3.5 Byr old
(◦). After Vervoort and Blichert-Toft (1999).

suggesting strong mantle depletion in the Early
Archean. To test these results, Vervoort et al. (1996)
analysed zircon separates from a selection of the sam-
ples analysed by Bennett et al. However, the ε Hf
values fell in a narrower range than ε Nd, suggest-
ing to Vervoort et al. that whole-rock Sm–Nd systems
in some of these rocks had probably been disturbed.

In a continuation of this study, Vervoort and Blichert-
Toft (1999) analysed Hf both in whole-rock samples
and in additional zircon separates. The results bore
out the earlier work, showing that whole-rock Hf–Nd
isotope systematics in the West Greenland samples de-
part from the mantle array defined by juvenile samples
younger than 3.5 Byr (Fig. 9.7). Hence, the whole-rock
Hf isotope data support the earlier data on zircon sepa-
rates in implying that the Nd isotope system was some-
what disturbed. It should also be noted at this point that
these conclusions apply to samples from the heavily re-
worked southern area of the Itsaq gneiss terrane (as it
is now called), as well as the less reworked northern
area (see section 4.4.4).

When initial Hf isotope ratios are plotted against
U–Pb ages, the resulting Hf isotope evolution plot
shows essentially linear depletion with time, sup-
porting the model of progressive continental growth
through time (Fig. 9.8). An exception to this linear
evolution trend is exhibited by some zircon data from
the Amitsoq gneisses, with 176Lu/177Hf values less than
0.1, which are shown by solid symbols. However, these
samples are the most susceptible to perturbation by any
errors in the decay constant, because their evolution
lines depart most strongly from the chondritic evolu-
tion curve. In view of the uncertainties in the decay con-
stant, these samples should be given less significance in

Fig. 9.8. Hf isotope evolution plot showing initial ra-
tios of juvenile mantle-derived rocks. Samples with low
Lu/Hf ratios are shown by solid symbols. After Vervoort
and Blichert-Toft (1999).

interpreting the depleted-mantle composition against
time, suggesting that this is essentially a linear evolu-
tion trend.

Despite the results previously obtained, Blichert-
Toft et al. (1999) reversed their earlier position on grad-
ual Hf mantle depletion in the Early Archean as a result
of new Hf isotope analysis on the Isua supracrustal se-
quence of western Greenland. As described in section
9.1, this sample suite, and one from western Africa,
gave apparent Lu–Hf isochron ages consistently lower
than Sm–Nd isochron ages on the same whole-rock
samples. This led Blichert-Toft et al. (1999) to invoke
mobility of Hf in these samples, whose effects they
tried to ‘see through’ by a fairly complex modelling
procedure. The result of this modelling was to cre-
ate strongly positive ε Hf and ε Nd values, implying
strong mantle depletion. However, in a scientific com-
ment on this paper, Villa et al. (2001) pointed out that
the use of the new Lu decay constant causes the Sm–Nd
and Lu–Hf isochron ages to agree within error, avoid-
ing the necessity for wholesale Hf isotope re-setting
in these rocks. In the meantime, however, Albarède
et al. came up with a different explanation of the Hf
data. This was based on the Lu/Hf versus Sm/Nd dia-
gram, which has been used quite widely in Hf isotope
studies.

Firstly, Albarède et al. plotted measured ratios of
Lu/Hf against Sm/Nd for Early Archean rocks of west-
ern Greenland, and compared them with these ratios in
modern volcanic rocks (Fig. 9.9). They showed that a
moderate number of Amitsoq gneisses and Isua meta-
volcanic rocks lay along the array of modern vol-
canic rocks, whereas samples of the Garbenschiefer
unit of the Isua sequence lay well off the array. They
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Fig. 9.9. Plot of measured concentration ratios of Lu/Hf
and Sm/Nd for Amitsoq gneisses (◦) and Isua meta-
volcanics (●), compared with a ‘mantle array’ of modern
volcanic rocks. After Albarède et al. (2000).

Fig. 9.10. Plot of model (time-integrated) Lu/Hf ver-
sus Sm/Nd (�) necessary to generate calculated ini-
tial Hf and Nd isotope ratios of igneous rocks at the
time of their crystallisation. The ratios are chondrite-
normalised using the new Hf decay constant: (�) =
Moon; (�) = Mars; (●) = Isua; (◦) = Amitsoq. After Al-
barède et al. (2000).

interpreted this to mean that the latter unit (which is
REE-depleted) has disturbed Lu–Hf and Sm–Nd sys-
tems, whereas the samples that plot within the modern
array are undisturbed.

Having thus ‘screened’ the Early Archean samples
for disturbance, Albarède et al. then plotted the ‘suc-
cessful’ samples on a graph of time-integrated Lu/Hf
versus Sm/Nd ratios (Fig. 9.10). The significance of
the plotted ratios of Lu/Hf and Sm/Nd is that these are
model values necessary to generate the initial isotope

ratios of the samples (at the time of igneous crystalli-
sation given by their U–Pb age) by isotopic evolution
in a closed system starting from a chondritic compo-
sition 4.56 Byr ago. In essence, this is equivalent to
plotting ε Hf against ε Nd. When the Early Archean
samples from western Greenland are compared
with modern oceanic volcanics, lunar samples, and
Martian (SNC) meteorites, it appears that the Green-
land rocks exhibit similar variations to other solar sys-
tem bodies (the Moon and Mars) that were charac-
terised by very heterogeneous isotope signatures in
their early history. Hence, Albarède et al. inferred that
the Greenland magmas were sampling a heterogeneous
terrestrial mantle.

Because the argument put forward by Albarède et al.
is quite complex, it is difficult to evaluate. However,
there are a couple of hidden assumptions. The first
is that collinearity with modern volcanics in Fig. 9.9
implies a lack of disturbance. This need not be true if
the manner of disturbance of the gneisses was isotopic
homogenisation between different types of rock, as was
suggested by Moorbath et al. (section 4.4.4).

The second assumption is that the spread of time-
integrated Lu/Hf and Sm/Nd ratios in the Greenland
rocks is similar to those of the other solar-system bod-
ies, and may therefore have originated in the same
way. However, an examination of Fig. 9.10 shows that
some of the Greenland rocks (in the top-left quadrant)
have much lower time-integrated Sm/Nd ratios than lu-
nar or Martian samples. These compositions represent
sources that are very enriched relative to the chondritic
evolution line (i.e. ε Nd values well below the chon-
dritic line). It is much more likely that these are dis-
turbed crustal signatures rather than enriched-mantle
reservoirs. However, if we admit that these disturbed
crustal rocks could nevertheless lie on the modern
volcanic array in Fig. 9.9 then samples in the top-
right quadrant of Fig. 9.10 could likewise be disturbed.
Hence, the present author agrees with Kramers (2001)
that the balance of evidence does not support the exis-
tence of strongly depleted sources in the Early Archean
Earth.

9.2.4 Mantle depletion and recycling

Patchett and Tatsumoto (1980c) made the first Hf
isotope measurements on selected MORB and OIB
samples (that had previously been analysed for
143Nd/144Nd and 87Sr/86Sr). These data, augmented
by Patchett (1983) show that the 176Hf/177Hf ratio
very closely parallels the 143Nd/144Nd ratio in OIB
(Fig. 9.11). However, MORB samples display a pro-
portionally greater degree of spread in 176Hf/177Hf ratio
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Fig. 9.11. Hf versus Sr and Nd isotope diagrams, showing early data for oceanic volcanics. OIB samples define a
mantle array, but MORB samples exhibit some decoupling of Hf systematics from Sr and Nd. After Patchett (1983).

(60% of the total range for oceanic basalts) than they
do in 143Nd/144Nd (only 30% of the total range). Hence
the MORB arrays in Fig. 9.11 are nearly three times
steeper than the OIB arrays. Patchett and Tatsumoto
attributed these differences to stronger fractionation of
Lu/Hf than of Sm/Nd and Sr/Rb in very trace-element-
depleted source regions such as MORB, due to the
greater incompatibility displayed by Hf relative to Lu
than Nd/Sm or Rb/Sr.

Compared with their radiogenic Hf isotope signa-
tures (indicative of a depleted source), many MORB
samples are enriched in Hf/Lu (corresponding to a low
Lu/Hf ratio). This phenomenon has also been observed
for other incompatible-element systems such as Sm/Nd
and U/Th, and is generally attributed to sequential ex-
traction of very-small-degree melts (sections 6.2.2 and
13.3.1); however, it is more marked in the Lu–Hf sys-
tem than the Sm–Nd system. Salters and Hart (1989)
attributed this ‘hafnium paradox’ to residual garnet in
the MORB source. Because Hf is not a true REE, its
chemistry is not coherent with that of the heavy rare
earths. This is illustrated by the mineral–magma parti-
tion coefficients shown in Fig. 9.12. Hence there is an
opportunity for more extreme fractionation in Lu/Hf
than in Sm/Nd ratio when low-degree melting occurs
at depths greater than 80 km, within the garnet stability
zone.

Gruau et al. (1990) analysed 3.5-Byr-old komatiites
from the Onverwacht Group of South Africa to see
whether Archean depleted mantle displayed extreme
ranges of Lu/Hf depletion due to fractionation of gar-
net. They compared Al-depleted and Al-enriched ko-
matiites, whose contrasting chemistries are attributed
to fractionation of garnet in the mantle source. How-
ever, calculated initial Hf and Nd isotope ratios were in-
dicative of similar degrees of mantle depletion (ε from

Fig. 9.12. Partition coefficients for REE and Hf between
minerals (cpx, garnet) and kimberlite magma. After
Fujimaki et al. (1984).

0 to +2) in both Al-enriched and Al-depleted types.
Hence there is no evidence for widespread fractiona-
tion of garnet in the early Earth, such as might have
resulted from a magma ocean. Consequently the major-
element composition of the magma was attributed to
fractionation of garnet in the source during the ko-
matiite melting event itself, a conclusion supported by
Blichert-Toft and Arndt (1999).

Although the concept of garnet fractionation from
an ancient magma ocean has been rejected, Salters
and Hart (1991) argued that variable garnet contents
in ancient melting events could nevertheless explain
the partial decoupling of Hf–Nd isotope systematics
in MORB. When garnet is present in the residue from
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melting, this residue develops high Lu/Hf ratios, and
hence, over time, a radiogenic Hf isotope signature. On
the other hand, the melting residues of (garnet-free)
spinel peridotites will have lower Lu/Hf ratios, result-
ing in less radiogenic Hf isotope signatures over geo-
logical time. Johnson and Beard (1993) termed these
two types of depleted-mantle signature DMM-I and
DMM-II, respectively, and showed that the latter type
was also represented in the source of Tertiary basalts
in the southern Rio Grande rift (USA). They argued
that the DMM-I and DMM-II components were gen-
erated by ancient depletion events, and that interme-
diate MORB compositions were generated by mixing
between them (Beard and Johnson, 1993).

Salters (1996) presented an enlarged Hf–Nd data
set for MORB samples in order to re-examine the
‘hafnium paradox’ in ocean-ridge magmatism. Trace-
element fractionation during melting is quantified us-
ing the � value, which compares the actual Lu/Hf
and Sm/Nd ratios in MORB samples with the time-
integrated ratios necessary to generate observed iso-
topic signatures by evolution from a 2-Byr-old chon-
dritic source (Fig. 9.13).

Almost all MORBs and OIBs have significantly
more extreme � (Lu/Hf) values than � (Sm/Nd) in
Fig. 9.13, which implies melting in the garnet stability
zone. In addition, average � values from four different
ridges (interpreted as garnet signatures) gave a posi-
tive correlation with the depth of water over the ridge
(Fig. 9.14), which in turn is inversely dependent on the
rate of magma generation at the ridge. In other words,
the ridge with the lowest rate of magma generation
had the largest garnet signature. This is the opposite of
what would be predicted for peridotite melting, since

Fig. 9.13. Plot of time-integrated ratios of Sm/Nd and
Lu/Hf (�) necessary to generate observed isotope ratios
in MORB (◦) and OIB (●) over 2 Byr. Curves show model
melting conditions that can explain the calculated �

ratios. After Salters (1996).

Fig. 9.14. Plot of calculated � values for Sm/Nd
(Fig. 9.13) against water depth for a selection of ridge
segments. � Lu/Hf shows a similar pattern. After Salters
(1996).

ridges with high magma-generation rates should be-
gin melting at greater depth, allowing a longer melting
interval in the garnet zone.

To explain this paradox, Hirschmann and Stolper
(1996) argued that Lu/Hf fractionation in MORB re-
sults from melting of garnet pyroxenite (rather than
garnet peridotite) in a marble-cake mantle. Accord-
ing to this model, the ‘garnet signature’ from melting
of pyroxenite is preserved under deep ridges with low
melting rates, but under shallow ridges this signature is
diluted by large-scale melting of spinel peridotite. Evi-
dence from other isotopic systems may help to resolve
this debate (sections 8.3.6 and 13.3.4).

The advent of MC-ICP-MS offered the opportunity
to test the earlier work on MORB samples by the anal-
ysis of larger sample suites at levels of precision nearly
an order of magnitude better. At first, it appeared that
the large spread of Hf isotope analyses originally mea-
sured by Patchett et al. on Atlantic MORB samples
might not be reproduced (e.g. Nowell et al., 1998;
Kempton et al., 2000). However, subsequent work by
Chauvel and Blichert-Toft (2001) was able to repro-
duce most of the range of Hf isotope ratios seen in the
early work on MORB.

Hf analyses of OIB samples were presented by
Salters and Hart (1991) and Salters and White (1998)
in order to establish the locations of the end-member
components proposed by Zindler and Hart (section
6.4.2). The results (Fig. 9.15) showed that EMI and
EMII were strongly collinear. On the other hand, the
isolation of HIMU below the main trend suggests a pos-
sible connection with the DMM-II component, which
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Fig. 9.15. Hf–Nd isotope diagram, showing fields for
geochemically important ocean islands, together with
the estimated compositions of end-members. The
Leucite Hills represent sub-continental lithosphere.
Modified after Salters and Hart (1991).

was attributed by Johnson and Beard (1993) to ancient
depleted spinel peridotite. In other words, if we take
into account the location of the HIMU field below the
main OIB array, the degree of decoupling between Hf
and Nd isotope signatures in OIB mirrors that seen in
MORB.

9.2.5 Sediment recycling

Another geological environment where Lu/Hf can un-
dergo strong fractionation relative to Sm/Nd is the sed-
imentary system. Patchett et al. (1984) plotted Lu/Hf
ratios against Sm/Nd for various types of marine sed-
iment (Fig. 9.16). While 147Sm/144Nd ratios are more
or less constant at about 0.12–0.14 in most samples
analysed, 176Lu/177Hf is strongly fractionated between
sandstones and clays. Patchett et al. attributed this
fractionation to the very strong affinity of Hf for zir-
con, which, because of its resistance to mechanical
and chemical attack, becomes enriched in sand-grade
sediments. Hf is correspondingly depleted in the fine-
grained clay fraction.

The sorting of marine sediments according to grain
size is expected to yield low-Lu/Hf-ratio sands and tur-
bidites on the continental shelf and continental slope,
medium-Lu/Hf-ratio shales and clays, and very-high-
Lu/Hf-ratio red clays and Mn nodules in the deep
ocean, where terrigenous sediment is lacking. These
variations in sediment Lu/Hf ratios were in turn pre-
dicted to generate large variations in Hf isotope ratio
after recycling and storage in deep-mantle reservoirs.
Hence, Patchett et al. (1984) calculated that any in-
dividual type of sediment subducted (e.g. red clay,
average pelagic sediment, or turbidite) would yield

Fig. 9.16. Plot of Lu/Hf versus Sm/Nd ratio in various
types of sediment, showing that large fractionations in
Lu/Hf are not accompanied by significant changes in
Sm/Nd ratio. After Patchett et al. (1984).

Fig. 9.17. Trends in OIB data predicted to result from the
subduction of various types of sediment into the deep
mantle, followed by storage for 1–2 Byr. After Patchett
et al. (1984).

distinctive isotopic compositions after 2 Byr of resi-
dence in the mantle (Fig. 9.17). Since such dramatic
divergences are not seen in OIB samples, Patchett et al.
concluded that the magnitude of sediment recycling
into the mantle must be strictly limited.

Island-arc basalts (IAB) offer a means of monitor-
ing the composition of material actually being recy-
cled into the mantle, in order to test theoretical mod-
els such as that of Patchett et al. (1984). Hf–Nd iso-
tope data were presented by White and Patchett (1984)
for arc basalts sampling depleted and enriched sources
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Fig. 9.18. Hf–Nd isotope plot, showing the composi-
tion of island-arc basalts (●, and marked fields) relative
to MORB, OIB and sub-continental lithosphere. After
Salters and Hart (1991).

(solid symbols in Fig. 9.18). These data fall within
the field of OIB samples, showing that old sedimen-
tary material now being subducted into the mantle has
appropriate Hf–Nd systematics to explain the com-
position of OIB magmas. Therefore, contrary to the
prediction of Patchett (1984), this implies that non-
extreme mixtures of various types of sediment can ex-
plain the composition of OIB sources with moderate
ease.

This conclusion was supported by MC-ICP-MS
analysis of Hf in a much larger suite of sediment sam-
ples by Vervoort et al. (1999). This work showed that
Hf–Nd isotope systematics in the global sedimentary
system were more coherent than had previously been
expected. Apart from a very few extreme samples,
the vast majority of sediments (of a wide variety of
ages) lie along the same trend as the OIB mantle array
(Fig. 9.19). This is particularly true for sediments from
active margins, which are much more likely to be recy-
cled into the mantle than are passive-margin sediments.
Therefore, it is concluded that Hf isotope data pro-
vide a weaker constraint on recycling of sediment into
the mantle than had originally been expected, so mod-
els involving recycling of terrigenous or pelagic sed-
iment into various OIB reservoirs are no longer ruled
out.

With the advent of new high-precision Hf data sets
from MC-ICP-MS, more subtle trends have been ob-
served within the OIB data set, which can give a
better understanding of the origins of OIB sources
from various types of recycled crustal material. For
example, a detailed Hf isotope study of Hawaiian
lavas (Blichert-Toft et al., 1999) revealed two en
échelon arrays formed, respectively, by the Koolau
volcano and by a composite of several other volca-
noes (Fig. 9.20). These arrays cut across the main

Fig. 9.19. Hf–Nd isotope data for a large suite of sed-
iments of various ages (●), to show variation relative
to the field of oceanic volcanics. After Vervoort et al.
(1999).

Fig. 9.20. Plot of ε Hf versus ε Nd compositions for sev-
eral Hawaiian volcanos relative to the main trend of the
Hf–Nd OIB array: (●) = Koolau volcano; (◦) = Lanai and
Kahoolawe; (�) = Haleakala. After Blichert-Toft et al.
(1999).

Nd–Hf isotope array in OIB, with significantly lower
slopes and were attributed to a significant fraction of
recycled pelagic sediment in parts of the Hawaiian
plume, mixed in different proportions with a compo-
nent of recycled oceanic lithosphere. This model is
supported by osmium and oxygen isotope evidence
(section 8.3.4). A similar shallow trend, consistent with
a subducted sediment component, was subsequently
found in Pitcairn samples (Eisele et al., 2002). Since
Pitcairn is the most extreme example of the EMI man-
tle reservoir, this supports the model involving recy-
cling of pelagic sediment into this OIB source (sec-
tion 6.5.3).
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9.3 Seawater hafnium

The first study of seawater hafnium was performed by
White et al. (1986), by analysis of four Fe–Mn nod-
ules from the Pacific and one each from the Atlantic
and Indian Oceans. In contrast to the wide range of
Hf isotope signatures in marine sediments, ferroman-
ganese nodules were found to have homogeneous ε Hf
values around +2, with little variation outside analyt-
ical error, despite the observed wide range of Nd iso-
tope compositions (Fig. 9.21). White et al. interpreted
the isotope signatures of the nodules as indicative of
seawater hafnium, which therefore appears to resem-
ble seawater strontium in being homogeneous in the
world’s oceans.

White et al. attributed the homogeneous seawater
hafnium signature to mixing between crustal and man-
tle sources of dissolved hafnium. This implies that the
crustal source should reflect the composition of non-
zircon-bearing sediments, with ε Hf about −9, proba-
bly carried in river water. On the other hand, the mantle-
like end-member was attributed to low-temperature
alteration of basaltic ocean-floor crust, with a MORB ε

Hf signature of about +16. This implies approximately
equal mixing between the two end-members. However,
because the deduced range of seawater Hf is much
smaller than the range between the end-members, it
also suggests that hafnium must have a long residence
time in seawater, to allow such a high degree of ho-
mogenisation. This was surprising, since the concen-
tration of hafnium in seawater is low. However, White
et al. suggested that hafnium would be present in

Fig. 9.21. Plot of hafnium isotope compositions against
Nd and Sr, to show variations in Fe–Mn nodules (●) and
marine sediments (◦) relative to oceanic volcanics. After
White et al. (1986).

seawater as the hydrolysed species Hf(OH)−5 , making
it resistant to the process of particulate scavenging that
gives rise to the short seawater residence time of the
REE.

The relatively large errors in Hf analysis by TIMS
prevented the development of this work until the ad-
vent of MC-ICP-MS. In the first study with this in-
strument, Godfrey et al. (1997) used ferromanganese
crusts as archives of recent seawater Hf compositions,
and revealed a weak correlation with Pb isotope ratio.
This was attributed to the mixing of continental and
hydrothermal Hf in the global ocean system. Within
this array the Atlantic had less radiogenic Hf, imply-
ing domination by sedimentary Hf, whereas the Pacific
had more radiogenic Hf, suggesting domination by a
sea-floor hydrothermal Hf flux. However, the range
of seawater Hf isotope signatures was more restricted
than that of Pb (relative to the end-member composi-
tions), which led Godfrey et al. to suggest that Hf has
a longer seawater residence time than Pb.

Albarède et al. (1998) analysed a larger suite of fer-
romanganese nodules from the Atlantic and Pacific
oceans, and confirmed that these did show some de-
gree of Hf isotope variation. In addition, they found
that samples with over 7.5 ppm Hf displayed a signif-
icant co-variation with Nd isotope composition, both
in the Atlantic and in the Pacific Ocean (Fig. 9.22).
On the other hand, aberrant signatures in samples with
lower Hf contents were attributed to the incorporation
of less radiogenic Hf of a detrital or diagenetic origin.
The trajectory of the right-hand end of the mixing line
is not precisely defined, but it converges on the general

Fig. 9.22. Plot of Hf versus Nd isotope composition for
ferromanganese nodules from the Atlantic Ocean (●)
and Pacific Ocean (▲), compared with sedimentary rocks
(◦) and the oceanic mantle array; (+) = Mn nodules with
low Hf contents. After Albarède et al. (1998).



9.4 The La–Ce and La–Ba systems 245

field of ocean-floor basalts, and is therefore compati-
ble with a source in low-temperature hydrothermal flu-
ids, as proposed by White et al. (1986). On the other
hand, the left-hand end of the mixing line in Fig. 9.22
points to an end-member distinctly more radiogenic
than most sediments. Similar results were obtained by
David et al. (2001). Putting all the evidence together, it
appears that the seawater residence time of Hf is some-
what longer than that of Nd, but much shorter than that
of Sr.

The first record of paleo-seawater Hf isotope vari-
ations for the Cenozoic was presented by Lee et al.
(1999). This record came from two Pacific ferroman-
ganese crusts from about 2 km depth. These have been
dated by 10Be over the past 20 Myr, with extrapolated
growth rates back to 50 Myr. The two crusts were found
to have flat ε Hf evolution profiles for the past 20 Myr,
ranging from +6 to +8, with more variations in the
period 20–50 Myr ago that were partially correlated
between the two crusts. However, there was essentially
no correlation with Nd isotope ratio.

More complex paleo-seawater Hf variations were
observed in ferromanganese crusts from the North At-
lantic Ocean by Piotrowski et al. (2000). Using a com-
posite record from two different crusts, Piotrowski
et al. observed a positive correlation between Hf and
Nd isotope signatures over the past 5 Myr (Fig. 9.23).
However, between 30 and 5 Myr ago, Hf and Nd were
decoupled, as ε Nd gradually increased while ε Hf
decreased and then increased again. Piotrowski et al.

Fig. 9.23. Plot of ε Hf against ε Nd, showing a magni-
fied (composite) record from two North Atlantic Fe–Mn
crusts, attributed to temporal variations in the isotope
composition of Hf and Nd of seawater due to varying
riverine fluxes. After Piotrowski et al. (2000).

invoked changes in the weathering of the non-zircon
component of the continental crust to explain these
variations. However, they rejected a suggestion by
Albarède et al. (1998) that this end-member might
reflect the input of zircon-deficient wind-borne ma-
terial to the oceans. This was because suggested in-
dices of the windborne flux, such as the Al contents
of the crusts, were not correlated with changes in Hf
isotope ratio. Therefore, Piotrowski suggested that the
zircon-deficient continental Hf flux was mostly carried
by rivers. This model is supported by Hf isotope data
from Pacific ferromanganese crusts, which do not show
a marked change in isotopic composition 3.5 Myr ago,
when there was a marked increase in the flux of aeo-
lian dust from the loess deposits of eastern Asia (Pettke
et al., 2002).

9.4 The La–Ce and La–Ba systems
138La exhibits branched decay; by β emission to 138Ce
and by electron capture to 138Ba. The La–Ce decay
scheme is a potentially useful isotopic tracer, and the
La–Ba scheme may form a useful geochronometer, but
their application has been greatly hindered by the very
low abundance of the parent isotope (0.089% of natural
lanthanum) and its very long half-life (over 100 Byr,
totalled for both routes). Nevertheless, both methods
have been applied to geological problems.

In addition to the general problems mentioned
above, counting determinations of the La decay con-
stants are hampered by the low energy of emitted par-
ticles. Hence, early measurements, particularly of the
β-decay branch, were scattered. To overcome this
problem, the counting experiments actually measure
the γ decay of isomers (excited states) of the product
nuclide, rather than the isobaric decay process itself.

A further complication for counting experiments is
the hygroscopic nature of La2O3, the material usually
used in these studies. Transformations to the hydroxide
or carbonate result in weight gains of 17% and 2.5%,
respectively, but in ten out of twelve recent counting
determinations on La, no volatile data were reported
(Tanaka and Masuda, 1982). However, despite a large
variation in absolute values, all counting determina-
tions since 1970 yield a ratio for β/electron-capture
decay constants near 0.51. In addition, two recent
counting experiments on anhydrous La oxide yielded
average values for theβdecay constant of 2.29 × 10−12

and 2.22 × 10−12 yr−1, respectively (Sato and Hirose,
1981; Norman and Nelson, 1983). The La–Ce system
was the first of the two methods to be applied geolog-
ically, but since the La–Ba case is simpler, it will be
discussed first.
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Fig. 9.24. La–Ba isochron diagram for a sample of Amit-
soq gneiss, western Greenland. The isochron yields an
age of 2408 ± 24 Myr, which dates a metamorphic event
rather than the age of the rock. The initial ratio of
6.3897 is invariant in whole-rock systems. After Nakai
et al. (1986).

9.4.1 La–Ba geochronology
138Ba, the daughter product of the electron capture
decay of 138La, is also the most abundant isotope
of barium, making up 88% of the natural element.
In view, therefore, of the very low abundance of the
parent nuclide, significant variations in the abundance
of 138Ba are found only in REE-rich and Ba-poor min-
erals. The first geological measurements were made
by Nakai et al. (1986) on epidote, allanite and sphene
from Precambrian rocks (Fig. 9.24). Nakai et al. ra-
tioed 138Ba against 137Ba to yield the following decay
equation:

138Ba
137Ba

=
( 138Ba

137Ba

)
I

+
138La
137Ba

λEC

λtotal
(eλtotalt − 1) [9.3]

Ba isotope analyses were normalised with respect to a
136Ba/137Ba ratio of 0.6996.

Nakai et al. found that all analysed whole-rock
samples had 138Ba/137Ba initial ratios within error
of 6.3897, which they attributed to the very low
138La/137Ba ratios of all such materials. Since the Ba
isotope ratio of whole-rock systems is effectively in-
variant over time, a La–Ba mineral age can be based
simply on the analysis of one or more La-enriched
minerals. Using the electron-capture decay constant of
4.44 × 10−12 determined by Sato and Hirose (1981),
Nakai et al. obtained relatively good agreement be-
tween the La–Ba and Sm–Nd ages of a pegmatite from
Mustikkamaki (Finland) and Amitsoq gneiss from
Greenland.

9.4.2 La–Ce geochronology

The relative harmony between counting and geo-
logical determinations of the La electron-capture de-
cay branch was not matched by the La β-decay route
to cerium. This branch is beset by much larger analyt-
ical problems, but has more geochemical applications.
Tanaka and Masuda (1982) determined the first La–
Ce isochron, ratioing 138Ce against 142Ce and normal-
ising with respect to a 136Ce/142Ce ratio of 0.0172 . The
decay equation is

138Ce
142Ce

=
( 138Ce

142Ce

)
I

+
138La
142Ce

λβ

λtotal
(eλtotalt − 1) [9.4]

Because the half-lives of both decay branches are
so long, they have very little effect on each other. For
example, simplifying the equation to

138Ce
142Ce

=
( 138Ce

142Ce

)
I

+
138La
142Ce

(eλβt − 1) [9.5]

causes only a 0.5% over-estimate in age.
Two further technical problems are encountered in

Ce isotope analysis. One is the extreme size of the 140Ce
peak relative to the small 136Ce and 138Ce peaks (e.g.
140Ce/136Ce = 464.65). Collision of the 140Ce ion beam
with gas molecules in the vacuum system causes down-
mass peak tailing, whose effect on the small peaks must
be corrected.

A second major problem is the isobaric interference
of 138Ba onto 138Ce. 138Ba is six times more abundant
than any other natural Ba isotope that could be used
to monitor Ba interference. Therefore any interference
correction for 138Ba (even if near zero) will amplify
detector noise six-fold. The solution to this problem
is to analyse Ce as the oxide species CeO+. Because
barium is divalent, the BaO+ species is very un-
favourable. Therefore, provided that overall Ba levels
are kept low by good chemistry, the Ba interference can
be taken to be zero without correction. Analysing Ce as
the oxide introduces other isobaric interference prob-
lems, but these are easily overcome by good chemistry
(section 2.1.2).

Tanaka and Masuda (1982) attempted to date sep-
arated minerals from the Bushveld pluton, but be-
cause of the geological similarity between La and
Ce, a limited range of La/Ce ratios was available
and the isochron had a large analytical error. Fur-
ther isochron determinations were made by Masuda
et al. (1988). However, using the β decay constant of
2.29 × 10−12 yr−1 obtained by Sato and Hirose (1981),
the La–Ce isochrons gave old ages outside error of
the corresponding Sm–Nd isochrons. If ages are taken



9.4 The La–Ce and La–Ba systems 247

Fig. 9.25. La–Ce isochrons for (a) the Lovbole and (b) the Mustikkamaki pegmatites of Finland. When combined
with Sm–Nd data, they imply La β decay constants of 2.70 ± 0.25 and 2.93 ± 0.41 ×10−12 yr−1, respectively. After
Masuda et al. (1988).

from the Sm–Nd data then the La–Ce isochron slopes
can be used to make a geological decay-constant de-
termination. Using the Bushveld result and mineral
isochrons from two Finnish pegmatites (Fig. 9.25),
Masuda et al. calculated an average β decay constant of
2.77 × 10−12 yr−1, about 20% higher than the counting
determinations.

In an attempt to provide further geological con-
straints on the La β decay constant, Dickin (1987a)
determined a La–Ce isochron on a suite of Lewisian
whole-rock gneisses from northwest Scotland. 138Ce
was ratioed against 136Ce, since this gives rise to more
manageable isotope ratios, but an equivalent normalis-
ing factor was used to correct for fractionation. It was
argued that whole-rock REE systems were more ad-
vantageous for calibrating the decay constant than min-
eral systems, due to the greater resistance of the former
to metamorphic re-setting. The original sample suite
contained two basic granulites and four intermediate-
to-acid granulites. Using the decay constant of Sato and
Hirose (1981), the La–Ce isochron age of 2.99 Byr was
in good agreement with the Lewisian Sm–Nd age of
2.91 Byr (section 4.1.3).

However, further work on the Sm–Nd systematics of
Lewisian gneisses has shown that the samples analysed
by Dickin (1987a) comprise two suites with different
geological histories. Basic gneisses preserve crustal
formation ages of 2.9 Byr, whereas intermediate-to-
acid whole-rock gneisses have been re-set by granulite-
facies metamorphism at 2.60 Byr (section 4.1.3). Us-
ing the decay constant of Sato and Hirose, the four
intermediate-to-acid granulites yield a La–Ce age of
2.65 ± 0.3 Byr (2σ ), which is in agreement with the
Sm–Nd result on this suite. No meaningful La–Ce age
can be calculated on the basic granulites alone.

The most recent geological determination of the La
β decay constant (Makishima et al., 1993) has also

supported the value of Sato and Hirose. Two La–Ce
mineral isochrons were determined on Archean gran-
ites from western Australia, which gave more or less
concordant U–Pb zircon and Rb–Sr mineral isochron
ages. Sm–Nd mineral suites also yielded ages within
error of the other methods, but with higher error due
to large MSWD values. Using a decay constant of
2.29 × 10−12 yr−1, the granites gave La–Ce mineral
ages of 2.76 ± 0.41 and 2.69 ± 0.38 Byr, which agree
well with U–Pb ages of 2.665 and 2.692 Byr, respec-
tively.

9.4.3 Ce isotope geochemistry

Since La and Ce are LREE, Ce isotope data form a
tracer for time-integrated LREE enrichment or deple-
tion of geological reservoirs. Similarly, Nd isotope data
are a tracer for time-integrated fractionation between
the middle REE. Therefore, a combination of Ce and
Nd isotope data provides a unique control of the time-
integrated light-to-middle REE evolution of complex
geological reservoirs in the mantle or crust. Together
they may form a powerful petrogenetic tool.

Ce isotope analyses of eight OIB from the Atlantic,
Pacific and Indian oceans were presented by Dickin
(1987b). When plotted against published Nd isotope
analyses, the data defined a linear array that fell within
error of the meteoritic Bulk Earth point of Shimizu
et al. (1984). The linearity of this ‘mantle array’ can be
attributed to the coherent behaviour of the REE during
processes of mantle evolution.

Subsequently, Tanaka et al. (1987) reported Ce iso-
tope data on eleven more ocean-island, ocean-ridge and
island-arc basalts (Fig. 9.26). Most of these were very
consistent with the data of Dickin (1987b), but three
samples lay outside of error of a best-fit mantle array
calculated by Dickin (1988). Tanaka et al. (1987; 1988)
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Fig. 9.26. Plot of ε Nd against ε Ce (parts per 104 de-
viation from Bulk Earth) for young oceanic volcanics.
Error bars represent 2 SDM within-run precision. Plain
crosses and those with solid centres denote data from
two different laboratories. The solid square is for a Skye
plateau lava, relative to 60-Myr-old Bulk Earth. Dotted
error bars denote samples whose error bars do not over-
lap the mantle array. After Dickin (1988).

attributed these outliers to incoherent behaviour of the
La–Ce and Sm–Nd systems during the evolution of the
depleted upper mantle. However, the fact that Nd, Sr
and Pb isotope systems in the Ce-anomalous samples
were perfectly normal led Dickin (1988) to suggest that
larger analytical errors might be responsible. In con-
trast, Makishima and Masuda (1994) found high ε Ce
in MORB and rejected the low value of Tanaka et al.
(1987), implying a mantle array twice as steep.

Because of the gradual variation of chemical proper-
ties along the lanthanide series, chondrite-normalised
REE patterns for large rock reservoirs tend to define
approximately linear profiles. Tanaka et al. (1987) con-
sidered the behaviour of an idealised group of rocks
that underwent Ce and Nd isotope evolution starting
at the Bulk Earth isotope composition. If these rocks
all had linear REE profiles then their Ce–Nd isotope
compositions must lie on a linear array whose slope is
solely a function of the relative decay constants of the
parent nuclides, irrespective of age. Ideally, if such a
rock suite were analysed for Ce and Nd isotope compo-
sition, the relative decay constants could be calculated
without the need to know any concentration or age in-
formation.

Tanaka et al. attempted to apply this model in
practice, by determining the La β decay constant by

the analysis of four unrelated continental rocks from
around the world with approximately linear REE pro-
files. An almost perfect linear array was found, but
unfortunately this must be attributed to coincidence,
since the calculated initial ratios of these samples are
actually more dispersed than their present-day compo-
sitions. Therefore the linearity of this particular data
set is coincidental, and its slope cannot be used to de-
termine the La β decay constant. This concept is prob-
ably destined to remain a theoretical construct, since
the principal difficulty in determining the decay con-
stant is not determination of the La/Ce ratio, but the
Ce isotope ratio itself.

A combination of Ce and Nd isotope data was used
by Dickin et al. (1987) to study mixing relations during
crustal contamination of continental magmas. Twelve
Tertiary igneous rocks from Skye in northwest Scot-
land were analysed for Ce isotope composition. These
were compared with theoretical mixing models based
on analysed crustal end-members. The Ce versus Nd
isotope diagram (Fig. 9.27) provides one way to eval-
uate the merits of various mixing models for analysed
lavas. This immediately allows the exclusion of the
trondhjemitic mixing line as a relevant petrogenetic
model. However, the data allow a more elegant test of
the end-members involved in magma mixing.

Fig. 9.27. Plot of initial Nd versus Ce isotope composi-
tion of Skye lavas (solid symbols), relative to Archean
basement gneisses at 60 Myr (stars). The array of lava
compositions excludes mixing of mantle-derived and
trondhjemitic crustal melts. After Dickin et al. (1987).
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Fig. 9.28. LREE profiles for isotopically uncontaminated
lavas (solid lines) compared with model LREE profiles
for mantle-derived precursors of contaminated lavas
(dashed). The 7H model yields more consistent profiles
for the two types of lava. After Dickin et al. (1987).

By taking the Ce isotope compositions of compet-
ing crustal end-members, linear mixing lines can be
projected back through the analysed product lavas on
diagrams of Ce isotope ratio against 1/Ce concentra-
tion and La/Ce ratio to model the elemental composi-
tion of the mantle-derived precursor prior to contam-
ination. By performing the same calculation for the
Sm/Nd data, a complete model LREE profile can be
determined for each precursor. These model profiles
(dashed) are compared in Fig. 9.28 with a variety of
REE profiles for lavas whose isotopic compositions are
effectively uncontaminated (solid lines). In this way
it was possible to show that the granitic sheet end-
member is better able to explain the isotopic composi-
tion of the contaminated lavas than is the intermediate
tonalitic gneiss end-member.

The oceans constitute another environment where
combined Ce and Nd isotope analysis can be used to
study mixing processes. Ce–Nd isotope data for At-
lantic and Pacific ferromanganese nodules were pre-
sented by Tanaka et al. (1986) and Amakawa et al.
(1991). These isotope ratios are argued to be indica-
tive of the composition of the ocean water from which
the nodules grew. In the light of Nd and Sr isotope
data (section 4.5), the Ce–Nd data are expected to
reflect mixing between continental and MORB-type

Fig. 9.29. Plot of ε Nd versus ε Ce, showing data for Pa-
cific (●) and Atlantic (◦) manganese nodules that can be
explained by mixing of REE from MORB and continental
end-members. After Amakawa et al. (1996).

REE fluxes into the ocean system. However, the data
were widely scattered, and did not lie on a single mix-
ing line between reasonable MORB and continental
end-members.

New Ce isotope analyses on ocean-floor manganese
nodules from the Atlantic Ocean (Amakawa et al.,
1996) gave values that were much less scattered than
previous data. Hence, the scatter of the old data may
have been due to analytical error. On a plot of ε Nd
versus ε Ce (Fig. 9.29), the new data fall close to a mix-
ing line between MORB and continental crust, which
is consistent with simple mixing of REE from these
sources.

9.5 The K–Ca system

The K–Ca couple was actually the first isotopic system
to be suggested as a geochemical tracer for granite
petrogenesis (Holmes, 1932). However, this was on the
assumption that the major isotope of potassium, 41K,
was the radioactive nuclide. (Fortunately this is not
really the case or the Earth would have melted from
the heat.) When it was realised that 40K was actually
the radioactive nuclide, the idea of pursuing the K–
Ca system was abandoned, since it was expected that
radiogenic 40Ca would be swamped by the dominant
non-radiogenic 40Ca component. The method finally
became viable with the development of modern high-
precision mass spectrometers, but has not been applied
widely.

Russell et al. (1978) used Ca isotope analysis to in-
vestigate mass-dependent fractionation processes, but
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the first geochronological application of the method
was made by Marshall and DePaolo (1982). Because
of the large relative differences between Ca nuclide
masses, isotope ratios must be corrected for natural and
instrumental mass fractionation using a more complex
procedure than the simple linear law (section 2.2.3). In
practice, an exponential mass-fractionation correction
was used in the two studies mentioned above. Marshall
and DePaolo quoted their Ca isotope data as 40Ca/42Ca
ratios, corrected by reference to a value of 0.31221 for
the non-radiogenic 42Ca/44Ca ratio.

A variety of meteorites, lunar samples and mantle-
derived materials was analysed by Russell et al. (1978)
and Marshall and DePaolo (1982). When age-corrected
to yield initial Ca isotope ratios at various times be-
tween 1.3 and 4.6 Byr ago, all of the measurements
fell within analytical uncertainty of a 40Ca/42Ca ratio
of 151.016. This tells us that, because of its very low
K/Ca ratio, the Earth’s mantle demonstrates negligible
growth of radiogenic Ca with time.

Rather than quoting raw isotope ratios, Ca isotope
compositions can be reported in terms of ε units (parts
per 104 deviation from the mantle composition). How-
ever, this is more a matter of convenience than ne-
cessity, in view of the zero Ca isotope evolution of
the mantle reservoir with time. In contrast, granitic
crustal reservoirs have high K/Ca ratios of about 5–10,
which can generate appreciable growth in 40Ca with
time. For reservoirs more than 1 Byr old these may
give rise to isotope ratios outside error of the mantle
value (Fig. 9.30). Because of the relatively short half-
life of 40K compared with the age of the Earth, isotopic
growth lines are curved in this diagram.

Fig. 9.30. Plot of Ca isotope evolution against time in
terms of ε units (parts per 104 deviation from the con-
stant mantle composition). Growth lines are shown for
intermediate crust (K/Ca = 1) and granitic crust (K/Ca =
5). After Marshall and DePaolo (1982).

Fig. 9.31. K–Ca isochron plot for separated minerals
from the Pikes Peak batholith. Note erroneous results of
spiking aliquots (◦) rather than the whole dissolution
(●). After Marshall and DePaolo (1982).

Bearing in mind the branched decay of 40K, we can
substitute into the general decay equation [1.10] to de-
rive the following isochron equation for the K–Ca sys-
tem:
40Ca
42Ca

=
( 40Ca

42Ca

)
I

+
40K

42Ca

λβ

λtotal
(eλtotalt − 1) [9.6]

The branching ratio of β to total decays is 0.8952, and
the total decay constant is 5.543 × 10−10 yr−1 (section
10.1).

Marshall and DePaolo tested the K–Ca system as
a dating tool by analysing a small suite of separated
minerals from the Pikes Peak batholith of Colorado.
Plagioclase, whole-rock, K-feldspar and biotite define
an isochron array (Fig. 9.31), whose slope yields an age
of 1041 ± 32 Myr (2σ ). This is within error of other
age determinations on this largely unmetamorphosed
pluton. The initial ratio of the Pikes Peak batholith
(151.024) is within error of the mantle value.

One severe analytical problem that was encountered
during this work (other than the mass-fractionation be-
haviour mentioned above) was that samples divided
into aliquots before mixing with spike gave erroneous
K/Ca ratios. Marshall and DePaolo speculated that this
might have been due to some precipitation of potas-
sium from the rock solutions. It is avoided by spiking
the whole sample before dissolution.

Marshall and DePaolo (1989) went on to apply the
K–Ca method as a petrogenetic tracer in a study of
Cenozoic plutons from the western USA. Granites em-
placed into Paleozoic crust on the continental margin
had a similar range of Ca isotope ratios to island-
arc volcanics, from values within error of the MORB
composition to just outside error (see also Nelson and
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Fig. 9.32. Plot of ε Nd against ε Ca, showing composi-
tions of Cenozoic granitoids emplaced into young base-
ment (�) and old basement (●), relative to island-arc
volcanics and MORB. Curves show model K/Ca ratios for
basement with 147Sm/144Nd = 0.1. After Marshall and
DePaolo (1989).

McCulloch, 1989). In contrast, granites emplaced into
Lower Proterozoic basement exhibited larger Ca iso-
tope enrichments which were correlated with ε Nd
(Fig. 9.32). Hence, the Ca isotope ratios of the plutons
must be inherited from the crustal source at depth.

Marshall and DePaolo compared the ε Ca – ε Nd
compositions of the plutons with crustal-evolution
models shown by dashed curves in Fig. 9.32. Given a
crustal 147Sm/144Nd ratio of 0.1 (determined using the
known Nd isotope signature of Colorado basement),
Ca–Nd isotope evolution curves were drawn for vari-
ous crustal K/Ca ratios. If we assume the granites to be
total crustal melts, then the data in Fig. 9.32 imply a
K/Ca ratio of about unity in the source. However, this
is higher than most estimates for bulk crust, so a more
likely explanation is that ε Ca ratios were fractionated
during the melting processes by preferential extraction
of the most fusible components of the crust. The use-
fulness of these constraints for petrogenetic modelling
suggests that Ca isotopes have promise as a tracer for
crust–mantle mixing, and may find more exploitation
in the future.
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10 K–Ar and Ar–Ar
dating

Potassium is one of the eight most abundant chemical
elements in the Earth’s crust and a major constituent
of many rock-forming minerals. However, the radioac-
tive isotope, 40K, makes up only 0.012% of total potas-
sium, so it effectively falls in the low-ppm concentra-
tion range. 40K exhibits a branched decay scheme to
40Ca and 40Ar. The major branch leads to 40Ca, but in
most rocks the daughter product is swamped by com-
mon (non-radiogenic) 40Ca, which makes up 97% of
total calcium. Because variations in abundance of ra-
diogenic 40Ca are very limited in most rock systems,
this method has a restricted application as a dating tool
(section 9.5). Only 11% of 40K decays lead to 40Ar,
but since this is a rare gas, the radiogenic component
is dominant. It makes up 99.6% of atmospheric argon,
equal to 0.93% of dry air by volume.

Decay to 40Ar is by three different routes (section
1.3.1), two of which involve capture of an orbital elec-
tron by the nucleus. The third route (positron emis-
sion) makes up only 0.01% of decays to 40Ar. There-
fore, the electron capture (EC) decay constant can be
taken to represent all of the routes from 40K to 40Ar.
This decay constant has a recommended value of 0.581
× 10−10 yr−1, equivalent to a half-life of 11.93 Byr
(Steiger and Jäger, 1977), based on a weighted mean
of the six best counting determinations evaluated by
Beckinsale and Gale (1969).

Decay to 40Ca is by emission of a β particle, and the
β decay constant has a recommended value of 4.962 ×
10−10 yr−1, equivalent to a half-life of 1.397 Byr. The
sum of the decay constants for the two branches yields
the total 40K decay constant of 5.543 × 10−10 yr−1,
equivalent to a half-life of 1.25 Byr. The possible need
for revision to this value is discussed in section 10.4.3.

10.1 The K–Ar dating method

The fraction of 40K atoms that decay into 40Ar is
given by the expression λEC/(λEC + λβ). Hence, sub-
stituting into the general decay equation [1.10], the
growth of 40Ar in a K-bearing rock or mineral can be

written as

40Artotal = 40ArI + λEC

λtotal

40K(eλtotalt − 1) [10.1]

However, if the system was completely outgassed of Ar
at the time of formation, the initial Ar term disappears,
and the equation is simplified to

40Ar∗ = (λEC/λtotal)
40K(eλtotalt − 1) [10.2]

where 40Ar∗ signifies radiogenic argon only. As will
be seen below, this is the situation which is normally
assumed in K–Ar dating.

10.1.1 Analytical techniques

The isotopic composition of naturally occurring potas-
sium has been found to be effectively constant in all
types of rock throughout the Earth, with a few mi-
nor exceptions (e.g. Garner et al., 1976). Therefore
the 40K content of a mineral or rock is usually found
by straightforward chemical analysis for total potas-
sium, followed by multiplication by 1.2 × 10−4 to de-
rive the concentration of the radioactive isotope. Var-
ious methods can be used to determine potassium, in-
cluding ICP-OES (inductively coupled plasma–optical
emission spectrometry), X-ray fluorescence, and iso-
tope dilution. In the past, a commonly used method
was flame photometry (Vincent, 1960), a form of op-
tical emission spectrometry especially suitable for the
alkali metals. This technique was less accurate than
isotope dilution but could achieve precisions of about
1% and was quick and inexpensive.

Argon trapped in a geological sample is released and
purified in an argon-extraction line, ‘spiked’ with an
enriched isotope, and then fed into a mass spectrom-
eter for isotopic analysis (Fig. 10.1). Samples must
have the minimum possible surface area for absorp-
tion of atmospheric argon; therefore mineral separates
or whole-rock chips are not powdered. After loading
the sample(s) in the extraction line, the whole line,
and especially the sample itself, must be baked under
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Fig. 10.1. Schematic diagram of an argon extraction line coupled to a static gas mass spectrometer. After Dalrymple
and Lanphere (1969).

vacuum to extract all possible atmospheric argon from
the system. Next, after isolating the pump, the sample
is manoeuvred into a disposable molybdenum crucible,
which is positioned in a radio-frequency induction fur-
nace. The crucible is heated to about 1400 ◦C, where-
upon the sample melts and releases all of the trapped
gases. These consist mostly of H2O and CO2, with a
very small amount of argon and other rare gases. All
gases except the rare gases can be removed by reaction
with titanium vapour in a Ti-sublimation pump or by
using a zeolite ‘getter’. Activated charcoal fingers may
be used for temporary absorption of gases during their
manipulation.

Highly enriched 38Ar spike is usually stored in
a large glass reservoir bulb. This is connected to a
length of capillary tube of fixed volume, between two
valves with low dead-space (Fig. 10.1). The capillary is
opened to the reservoir while valve 1 is closed. Valve 2
is then closed, and the known volume of spike be-
tween the two valves is added to the sample by open-
ing valve 1. Because the reservoir pressure falls with
each gas withdrawal, successive spike aliquots con-
tain smaller and smaller fractions of 38Ar. However,
aliquots are periodically calibrated by mixing with a
known volume of atmospheric argon and performing
an isotope-dilution analysis. The amount of 38Ar spike
added to each sample is determined by noting its or-
der in the sequence and interpolating between the cal-
ibration runs (Lanphere and Dalrymple, 1966). The
amount of argon released from a typical sample of a few
hundred milligrams is very small, generally less than
10−6 cm3 at STP (standard temperature and pressure =
25 ◦C at 1 atm). For this reason the isotopic analysis is

performed statically; in other words, the entire sample
is fed into the mass spectrometer at once, after isolation
from the pumps. The 40Ar/36Ar ratio in the air may be
measured between unknown samples as a check on the
calibration of the machine, and normally has a value
of 295.5 ± 0.5.

Two different types of mass spectrometer are in com-
mon use. Modern rare-gas machines tend to be very
similar to solid-source TIMS machines, with a high
accelerating potential of several kilovolts and peak-
switching by changing the magnetic field. The prob-
lem with this type of machine is that the high velocities
of the ions make them implant into metal components
in the vacuum system whenever these are struck by
the ion beam. Such ions diffuse back out of the metal
surfaces during analysis of the next sample, and this
memory effect must be carefully corrected. The effect
may be reduced by polishing metal components that
the beam is likely to strike. Many older instruments
used a low accelerating potential of a few hundred
volts and a small permanent-field magnet. The accel-
erating potential was then switched to focus different
nuclides into the collector. This type of machine suf-
fered from very little memory effect but was capable of
much poorer precision in the measurement of isotope
ratios. Since the source is gaseous, there is no prob-
lem of mass-dependent fractionation in either type of
machine.

A typical argon isotope mass spectrum is shown
in Fig. 10.2. The presence of any 36Ar signal shows
that common or non-radiogenic argon is present. This
is almost inevitable, because of the great difficulty
of removing all atmospheric argon from the system.
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Fig. 10.2. Schematic argon isotope mass spectrum, showing fractions of each peak due to radiogenic Ar (white),
spike (stippled) and atmospheric contamination (hatched). Size fractions are not shown to scale. After Dalrymple
and Lanphere (1969).

However, if the sample was completely outgassed at the
time of its formation, it will not contain any inherited
non-radiogenic Ar. In this case the measured 40Ar peak
can be corrected for atmospheric contamination by
subtracting 295.5 times the 36Ar peak:

40Ar∗ = 40Artotal − 295.5 36Ar [10.3]

A value of 0.063% of atmospheric argon is similarly
subtracted from the 38Ar peak. The 40Ar and 36Ar peaks
must also be corrected for small fractions of these iso-
topes in the spike. The amount of radiogenic 40Ar∗ in
the sample is then found by comparison with the size
of the net 38Ar peak, formed by a known quantity of
spike. (In other words, this is an isotope-dilution deter-
mination.) Given the abundances of 40Ar and 40K in the
sample, the age is calculated by rearranging equation
[10.2]:

t = 1

λtotal
ln

( 40Ar∗
40K

λtotal

λEC
+ 1

)
[10.4]

K–Ar ages depend on closed-system behaviour of
the sample for K and Ar throughout its history. In ad-
dition, it is necessary to assume that the sample con-
tains no initial argon (usually called ‘excess’ argon),
because this might have a 40Ar/36Ar ratio different from
that of atmospheric argon. This would lead to a mix-
ture with indeterminate 40Ar/36Ar ratio that could not
be corrected for atmospheric contamination.

The 36Ar/40Ar ratio must be analysed to very high
precision because the atmospheric Ar correction mag-
nifies any errors in this measurement by a factor of
nearly 300. The importance of this effect is shown in
Fig 10.3, where the effect of error in the measurement
of 36Ar is shown in terms of the resulting error on the
calculated age (Cox and Dalrymple, 1967). Once at-
mospheric contamination exceeds 70% of total argon,
errors in 36Ar have serious consequences for the age

Fig. 10.3. Error magnification in K–Ar dating (y axis) re-
sulting from atmospheric argon contamination. Curves
are calculated for 0.5%, 1%, 2% and 5% errors in the
measurement of 36Ar. After Cox and Dalrymple (1967).

measurement. This correction is not a problem for old
and/or K-rich samples, but is the principal limitation
to dating young material.

Since 1967, great improvements in measurement
precision have been made, allowing the dating of very
young rocks. However, Mussett and Dalrymple (1968)
showed that volcanic rocks contain ‘locked-in’ atmo-
spheric (non-radiogenic) argon, some of which cannot
be removed even by baking in a vacuum. Hence, even
with a low-blank analytical system, a small residual at-
mospheric fraction is almost unavoidable in terrestrial
lavas.
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10.1.2 Inherited argon and the K–Ar
isochron diagram

Since 36Ar is used as a monitor of atmospheric contam-
ination, there is no facility in K–Ar dating to correct for
initial argon incorporated into minerals or rocks at the
time of crystallisation. Hence, it must be assumed to
be absent. However, early work by Damon and Kulp
(1958) showed the presence of initial or ‘excess’ ar-
gon in beryl, cordierite and tourmaline. Since these
minerals all have a ring structure, it was initially as-
sumed that the stacking of rings created channels in
which excess argon inherited from fluids could reside.
Hence, Damon and Kulp suggested that this problem
might also occur in hornblende, where partial vacancy
of the alkali-cation site might provide a location for
excess argon.

However, excess argon was subsequently also found
in pyroxenes by Hart and Dodd (1962). Since the py-
roxene structure does not have any suitable voids for
accommodation of argon, Hart and Dodd argued that
it must be located in crystal dislocations and defect
structures. This implies that excess argon is a product
of the environment of crystallisation rather than the
host mineral. Hart and Dodd noted that their analysed
pyroxenes were from originally deep-seated rocks, un-
like the volcanic or shallow intrusive rocks normally
used in K–Ar dating. Hence they warned that excess
argon might be a common feature in samples from
deep-seated (plutonic) environments.

The known occurrence of excess argon was extended
to submarine lavas by Dalrymple and Moore (1968).
They dated glassy pillow rims and whole-rock pillow
cores from flows at 500–5000 m depth on the north-
east ridge of Kilauea volcano, Hawaii. Various geolog-
ical lines of evidence suggested a historical age for the
samples, but K–Ar ages of up to 43 Myr were found.
Furthermore, a series of samples from rim to interior
of one pillow (from 2590 m depth) showed an inverse
correlation of apparent K–Ar age with distance from
the rim (Fig. 10.4). The results were attributed to en-
trapment of initial or excess argon that had been inher-
ited from the mantle source by the magmas. Dalrymple
and Moore concluded that because these magmas were
quenched under substantial hydrostatic pressure, inher-
ited argon was not completely outgassed at the time
of eruption, as usually occurs in terrestrial lavas. It
was subsequently able to escape from the slowly crys-
tallising core of the pillow, but was retained in the
glassy rim.

Even some sub-aerially erupted lavas were subse-
quently found to contain inherited argon. For exam-
ple, McDougall et al. (1969) encountered measurable

Fig. 10.4. Contents of (excess) radiogenic 40Ar in sub-
marine pillows from Hawaii, plotted against inward dis-
tance from the pillow rim. Apparent K–Ar ages for each
sample are noted in Myr. After Dalrymple and Moore
(1968).

radiogenic 40Ar contents in historical-age sub-aerial
basalts from New Zealand. Lavas shown by 14C dating
of wood inclusions to be less than 1 kyr old nevertheless
gave K–Ar ages of up to 465 kyr. This led McDougall
et al. to consider whether such cases of inherited argon
could be detected and/or corrected.

They proposed that the raw 40Ar signal (uncorrected
for atmospheric contamination) be divided by 36Ar and
plotted against the K/Ar ratio to form an isochron di-
agram analogous to that for Rb–Sr (Fig. 10.5). This is
achieved by expanding the initial Ar term in [10.1] to
include both atmospheric and excess components, and
by dividing throughout by 36Ar:( 40Ar

36Ar

)
total

=
( 40Ar

36Ar

)
atm+excess

+
40K
36Ar

λEC

λEC + λβ
(eλtotalt − 1) [10.5]

This equation has the form

y = c + xm [10.6]

When a suite of samples is analysed from a single com-
pletely outgassed system such as a lava flow, the c term
is entirely atmospheric. Therefore, the analysed points,



258 K–Ar and Ar–Ar dating

Fig. 10.5. K–Ar isochron plot for a lava of historical age
from Mount Wellington, New Zealand, showing a best-
fit slope age of 75 kyr. After McDougall et al. (1969).

when plotted on an isochron diagram, should define a
straight line with an intercept of 295.5, whose slope
yields the age of eruption. In fact, this array is merely
a mixing line between the samples and atmospheric ar-
gon. When the atmospheric correction is performed on
a single analysis, we effectively make 295.5 the origin
and determine the slope.

In the case studied by McDougall et al. (1969), the
lavas are of approximately zero age. Hence, the anal-
yses which make up their ‘isochrons’ (e.g. Fig. 10.5)
represent argon trapped in the magma and later vari-
ably mixed with atmospheric argon. McDougall et al.
speculated that the trapped argon might originate from
partially digested crustal xenocrysts.

Roddick and Farrar (1971) considered the case of a
geologically old sample suite displaying both inherited
argon and atmospheric contamination (Fig. 10.6). With
inherited and radiogenic argon only, the array ABC is
defined, but if variable atmospheric contamination oc-
curs, a scatter (DEF) may result. In principle, a good
linear array on the K–Ar isochron diagram should indi-
cate that both the age and the initial Ar isotope ratio are
meaningful. However, it may be possible for the slope
of the line to swing round in a systematic way due to
complex mixing processes, so that it yields a good ar-
ray of meaningless slope. Nevertheless, the isochron
diagram is a useful test of K–Ar data where the pres-
ence of inherited Ar is suspected.

Lanphere and Dalrymple (1976) drew a distinction
between inherited argon and excess argon. They de-
fined the former as argon that ‘originates within min-
eral grains by decay of 40K prior to the rock-forming
event’. Hence, this definition applies to the exam-
ples given above. However, excess argon has a wider

Fig. 10.6. Schematic K–Ar isochron diagram to show the
effect of mixing inherited and radiogenic argon (A, B
and C), coupled with variable atmospheric contamina-
tion (D, E and F). After Roddick and Farrar (1971).

definition that also includes sources of extraneous ar-
gon that diffuse into a system from outside. Lanphere
and Dalrymple (1971; 1976) pioneered the use of the
40Ar/39Ar method to identify excess argon in rocks
(section 10.2.5).

10.1.3 Argon loss

The K–Ar method is unique amongst the major ra-
diometric dating methods in having a gaseous daugh-
ter product. This means that the K–Ar system reacts
differently from lithophile isotope systems such as
Rb–Sr in response to thermal and hydrothermal events.
Because argon is a non-reactive gas, its partition into
the fluid phase is limited. Therefore, the K–Ar sys-
tem may be more resistant than Rb–Sr to hydrothermal
metamorphism. On the other hand, no mineral phase
preferentially takes up argon when it is lost from the
mineral where it was originally produced. This means
that in K–Ar dating, whole-rock analysis confers no
additional resistance to metamorphic re-setting (as it
does for the Rb–Sr method). On the contrary, in K–Ar
analysis a whole-rock sample is only as resistant to
re-setting as its least retentive phase. Consequently
whole-rock K–Ar analysis is a last resort, when all min-
eral phases in the rock are too fine-grained for mineral
separation.

A good comparison of argon loss from various min-
erals during a thermal event is provided by contact
metamorphism associated with the Eldora stock in the
Colorado Front Ranges (Hart, 1964). The 54-Myr-
old quartz monzonite stock is intruded into roughly
1350-Myr-old amphibolites and schists. Hart anal-
ysed biotite, hornblende and K-feldspar at increasing
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Fig. 10.7. Plot of apparent K–Ar mineral ages against
outward distance from the contact of the 60-Myr-old
Eldora stock, Colorado. After Hart (1964).

distances from the intrusive contact (Fig. 10.7), and
found that despite the limited extent of petrographic
alteration, K–Ar mineral ages were re-set at large dis-
tances from the stock. Hornblende displayed good
Ar-retention properties, with loss of argon confined
primarily to within ten feet (about 3 m) of the con-
tact. However, coarse biotites were largely re-set at
distances up to 1000 ft (300 m) from the contact, while
K-feldspars had lost a substantial fraction of argon even
20 000 ft (6 km) from the contact. The latter can hardly
be said to be within the thermal aureole of the stock,
and reflects the now widely accepted view that K-
feldspars may lose argon by diffusion even at ambient
temperatures. It is now recognised that systems such
as these, that have suffered open-system behaviour of
argon, must be studied by the 40Ar–39Ar technique (see
below).

10.2 The 40Ar–39Ar dating technique

The very different chemical affinities of potassium and
argon cause limitations in the K–Ar dating method.
However, these limitations can be overcome by con-
verting 39K into 39Ar in a nuclear reactor, by irradiation
with fast neutrons. This causes an n, p (neutron capture,
proton emission) reaction

39
19K + n → 39

18Ar + p

This reaction permits the potassium determination for
a K–Ar age to be made as part of the argon isotope
analysis, thus opening up many new opportunities for
the K–Ar dating technique.

10.2.1 40Ar–39Ar measurement

The comparatively long half-life of 39Ar (t1/2 =
269 yr) means that it can be regarded as a stable iso-
tope for mass-spectrometric analysis, which was first
applied to 40Ar–39Ar dating by Merrihue and Turner
(1966). It is interesting to note, however, that the con-
cept of combined irradiation and mass-spectrometric
analysis was applied to the I–Xe system in meteorite
studies five years earlier (section 15.3).

The production of 39Ar from 39K during the irradi-
ation is expressed as

39Ar = 39K �t
∫ max e

min e
ϕeσe de [10.7]

where �t is the irradiation time, ϕe is the flux density
of neutrons with energy e, and σe is the capture cross-
section of 39K for neutrons of energy e. The production
must be integrated over the total range of neutron en-
ergies, which is a very difficult calculation in practice.
Therefore, the normal procedure is to use a sample of
known age as a flux monitor.

Taking the K–Ar decay equation [10.2], which is
reproduced here,

40Ar∗ = (λEC/λtotal)
40K(eλtotalt − 1)

and dividing through on both sides by [10.7] yields

40Ar∗
39Ar

=
(

λEC

λtotal

40K
39K �t

∫
ϕeσe de

)
(eλtotalt − 1)

[10.8]

However, the term in large parentheses is the same for
sample and standard. Therefore it is customary to refer
to it as a single quantity, whose reciprocal J can be
evaluated as a constant (Mitchell, 1968). Hence, for
the standard,

J = eλt − 1
40Ar∗/39Ar

[10.9]

where t is known. Rearranging [10.8] for samples of
unknown age yields

t = 1

λ
ln

[
J

( 40Ar∗
39Ar

)
+ 1

]
[10.10]

In order to obtain an accurate value of J for each
unknown sample, several standards need to be run,
representing known spatial positions relative to the
unknown samples within the reactor core (Mitchell,
1968). Hence J values for each of the samples can be
interpolated.
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10.2.2 Irradiation corrections

During the irradiation of 39K, interfering Ar isotopes
are generated from calcium and other potassium iso-
topes by neutron reactions (Fig. 10.8). Brereton (1970)
and Dalrymple and Lanphere (1971) made detailed
studies of the magnitudes of these effects and their
correction. However, it appears in practice that many
workers have simply ignored the interferences.

Mitchell (1968) suggested that acceptable results
could be obtained without interference correction on
minerals over 1 Myr old, provided that the K/Ca ra-
tio was greater than unity. In such circumstances,
a simple atmospheric correction may be considered
adequate:
40Ar∗
39Ar

=
( 40Ar

39Ar

)
meas

− 295.5

( 36Ar
39Ar

)
meas

[10.11]

Turner (1971a) showed that Ar interferences could
be kept to a minimum by variation of certain irradiation
parameters. The principal interferences which must be
considered (Fig. 10.8) are

40K n, p → 40Ar
40Ca n, nα → 36Ar
42Ca n, α → 39Ar

Other interferences occur but may be omitted as in-
significant.

40Ar∗
39Ar

=
[ 40Ar

39Ar
− 295.5

36Ar
39Ar

+ 295.5
37Ar
39Ar

( 36Ar
37Ar

)
Ca

−
( 40Ar

39Ar

)
K

]/[
1 −

37Ar
39Ar

( 39Ar
37Ar

)
Ca

]
[10.12]

Fig. 10.8. Part of the chart of the nuclides in the re-
gion of potassium, showing the production reaction
(heavy arrow) and major interfering reactions (solid)
during neutron activation. The dashed reaction to
37Ar is the interference monitor. Data from Mitchell
(1968).

The approaches suggested by Turner were the fol-
lowing:

(1) Optimisation of neutron dose according to age
(Fig. 10.9a) to maximise 39Ar production, with-
out generating significant artificial 40Ar from
40K. (K content is not considered as a factor
because the intended target and interfering one
are both K isotopes.)

(2) Optimisation of sample size according to age
and K content in order to obtain the total 40Ar
and 39Ar yields necessary to achieve the desired
counting statistics during mass-spectrometric
analysis.

(3) The K/Ca ratio in the sample also dic-
tates an optimum neutron dose to generate
enough 39Ar without significant interfering
36Ar (Fig. 10.9b). However, the optimum values
largely overlap with those prescribed by crite-
rion (1).

Theoretically, very young rocks can be activated
with less than 1% interferences by following these
rules. However, this may require an immense sam-
ple size. In practice, a better alternative may be to
use more irradiation but apply corrections. The com-
plete correction formula (in terms of Ar isotope ratios)
is

where 37Ar/39Ar is the interference monitor ratio mea-
sured for the unknown, which must be corrected for
decay of 37Ar from the time of irradiation until analy-
sis (t1/2 = 35 days); and (36Ar/37Ar)Ca , (39Ar/37Ar)Ca

and (40Ar/39Ar)K are production ratios of Ar isotopes
from the subscripted elements. These production ratios
are determined by irradiating pure salts of Ca and K,
respectively, in the reactor of interest, and are charac-
teristic of the neutron flux of that reactor. Values for
these production ratios measured by various authors
for different reactors have typical ranges of 2.1–2.7,
6.3–30 and 0.006–0.031, respectively (Dalrymple and
Lanphere, 1971).

10.2.3 Step heating

Because the potassium signature of a sample is con-
verted in situ into an argon signature by the 40–39
technique, it is possible to liberate argon in stages
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Fig. 10.9. Optimisation of neutron dose for (a) K content and (b) K/Ca ratio. The hatched area in (a) and bold lines
in (b) indicate regions of acceptable compromise between sufficient 39Ar production and minimal 40Ar or 36Ar
interference in typical rocks. After Turner (1971a).

from different domains of the sample and still re-
cover full age information from each step. Merrihue
and Turner (1966) demonstrated the effectiveness of
this ‘step-heating’ technique in their original Ar–Ar
dating study of meteorites, adapting the method from
its previous application to I–Xe analysis of meteorites
(section 15.3.1).

The great advantage of the step-heating technique
over the conventional ‘total-fusion’ technique is that
progressive outgassing allows the possibility that
anomalous sub-systems within a sample may be iden-
tified, and, ideally, excluded from an analysis of the
‘properly behaved’ parts of the sample. This can apply
both to separated minerals and to whole-rock samples.
Most commonly the technique is used to understand
samples that have suffered argon loss, but it may also
be a help in interpreting samples with inherited argon.

In the case of partially disturbed systems, the do-
mains of a sample that are most susceptible to diffu-
sional argon loss (such as the rim of a crystal) should
be outgassed at relatively low temperatures, whereas
domains with tightly bound argon (which are more re-
sistant to disturbance) should release argon at higher
temperature. In order to understand the history of dis-
turbed samples, results of the step-heating analysis are
normally presented in one of two ways: as a K–Ar
isochron diagram, analogous to a suite of samples anal-
ysed by conventional K–Ar; or as an age-spectrum plot.

Step-heating results from the meteorite Bjurbole
(Merrihue and Turner, 1966) are plotted on an isochron
diagram in Fig. 10.10. The straight-line array indicates
a simple one-stage closed-system history for the me-
teorite. However, the initial 40Ar/36Ar ratio may be only

Fig. 10.10. Step-heating data for the Bjurbole meteorite
presented on the Ar–Ar isochron diagram. Numbers by
data points signify temperatures of each release step in
◦C. After Merrihue and Turner (1966).

partially meaningful, since it is a mixture of initial Ar
and atmospheric contamination. The isochron plot can
be useful to see the relative amounts of radiogenic ar-
gon and atmospheric/inherited argon in the sample.
However, it conceals one of the most useful pieces of
information about a step-heating analysis, which is the
position of each argon-release step in the overall heat-
ing experiment. This information is displayed in the
argon spectrum plot.
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Fig. 10.11. Ideal 40Ar/39Ar age spectra for two Texas tek-
tites, distinguished by solid and dashed boxes. After
York (1984).

To construct a spectrum plot, the size of each gas re-
lease at successively higher temperature is measured in
terms of the magnitude of the 39Ar ion beam produced.
Each gas release can then be plotted as a bar, whose
length represents its volume as a fraction of the total
39Ar released from the sample, and whose value on
the y axis is the corrected 40Ar/39Ar ratio from equa-
tion [10.12]. The latter is proportional to age, which
is sometimes plotted on a log scale, and sometimes
linear. Determination of a reliable crystallisation age
from the spectrum plot depends on the identification of
an age ‘plateau’. A rigorous criterion for a plateau age
is the identification of a series of adjacent steps that
together comprise more than 50% of the total argon
release, each of which yields an age within two stan-
dard deviations of the mean (Dalrymple and Lanphere,
1974; Lee et al. 1991). However, plateaus have been
‘identified’ in many instances on the basis of weaker
evidence.

The age spectrum plot displays the ideal behaviour
of the K–Ar system in tektite glasses. These are ob-
jects that were completely melted during flight through
the atmosphere and then rapidly quenched on landing.
Thus, young tektites that have not been affected by
weathering yield perfect plateaus (Fig. 10.11). How-
ever, the most useful application of the 40–39 method
is on samples with a complex geological history that
does involve secondary argon loss.

10.2.4 Argon-loss events

In order to assess the usefulness of 40–39 dating
on disturbed systems, Turner et al. (1966) applied
the method to chondritic meteorites. Many of these

Fig. 10.12. The 40–39 argon-release pattern for the
Colby meteorite, showing evidence for disturbance af-
ter formation. The best-fit curve is consistent with a
model in which 40% of argon was lost during a ther-
mal event (see below). After Turner (1968).

objects yield conventional K–Ar ages below 4.5 Byr,
with U–He ages clustering around 500 Myr (Anders,
1964). For example, step-heating results from a whole-
rock sample of the Colby meteorite generate a complex
age spectrum (Fig. 10.12), which was attributed to ar-
gon loss at about 500 Myr (Turner et al., 1966; Turner,
1968).

Turner et al. suggested that when these meteorites
were subjected to an ancient heating event (possibly in
a collision between planetesimals), Ar loss occurred
from the surface of mineral grains, and its transport
within grains was by volume diffusion. This argon-
loss model is illustrated schematically in Fig. 10.13.
Turner et al. argued that step-heating analysis of the
sample in the vacuum system would mimic the natu-
ral thermal event, so that domains near the surface of
minerals, which had suffered geological disturbance,
would outgas first in the experiment. In contrast, do-
mains near the cores of grains would be resistant to
geological disturbance, and would also outgas at the
highest temperatures in the laboratory. (Although these
meteorites are chondrites, it is the minerals in the chon-
drules that retain argon, rather than the chondrules
themselves.)

In order to test their diffusion model, Turner et al.
calculated theoretical age spectrum plots, assuming
that the meteorites were formed at 4500 Myr and meta-
morphosed in a single event at 500 Myr. Argon loss was
modelled by assuming volume diffusion from spherical
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Fig. 10.13. Schematic illustration of the geological his-
tory of a mineral grain in a partially disturbed me-
teorite: (1) at 4500 Myr; (2) 500 Myr ago, before the ther-
mal event; (3) immediately after the event; and (4) at
the present day. After Turner (1968).

Fig. 10.14. Argon-release profile of the Bruderheim me-
teorite, compared with calculated argon-loss profiles
from spherical mineral grains formed at 4.5 Byr and
disturbed at 0.5 Byr: (a) assuming a uniform size dis-
tribution; and (b) a log-normal size distribution with
σ = 0.20. After Turner (1968).

K-bearing mineral grains (probably mainly feldspar).
The results of two different models are compared with
the measured argon-release profile of the Bruderheim
meteorite in Fig. 10.14. The first model assumed that
argon was lost from spherical grains of uniform size,
but this gave a bad fit to the measured profile (curve
a). However, thin-section analysis of the meteorite

revealed the existence of variably sized feldspar grains.
Therefore, Turner et al. calculated the result of diffu-
sion of argon from grains with a log-normal size distri-
bution. This model generates a family of solutions ac-
cording to the amount of grain-size variation allowed.
Curve b in Fig. 10.14 shows the best result, assuming a
standard deviation (σ [log radius]) of 0.20, equivalent
to four-fifths of grains falling within a factor of two
from the mean radius.

The shape of best-fitting curve in Fig. 10.14 is also
dependent on the fraction of total Ar that was lost in
the heating event. Thus, the concave upwards shape of
curve b indicates that Bruderheim suffered more than
80% argon loss. In this case the low-temperature part
of the profile yields the age of metamorphism (0.5 Byr)
but the formation age is lost because even the highest-
temperature release steps give ages well below 4.5 Byr.
On the other hand, the shape of the Colby release profile
(Fig. 10.12) approximates to about 40% argon loss,
so that the high-temperature argon-release steps still
preserve an indication of the age of formation. For
samples that lost less than 20% (not shown), the high-
temperature plateau still records a good crystallisation
age but the metamorphic age is badly constrained.

The relatively good agreement between the anal-
ysed and the log-normal model pattern in Fig. 10.14
suggests that the diffusional loss mechanism is a good
description of the thermal disturbance of meteorites.
This might be expected, since both the geological event
and laboratory measurements were based on heating
of anhydrous phases in a vacuum. Turner (1972) dem-
onstrated a similar good fit to the diffusional model
for experimental data from a lunar anorthosite. In con-
trast, terrestrial 40–39 dating generally involves hy-
drated minerals such as biotite and hornblende. In
this case, the diffusional argon-loss mechanism might
not provide such an accurate model. An assessment
can be made by examining 40–39 data for the Eldora
stock (Berger, 1975), for which conventional K–Ar
data were described above. Figure 10.15 shows age
spectrum plots for hornblendes, biotites and feldspars
in the vicinity of the stock.

Of the three minerals studied, hornblende (Figs.
10.15a and b) displays the type of pattern most simi-
lar to Turner’s thermal-diffusion degassing model, al-
though this resemblance may be misleading. The most
distant sample (not shown) yields an excellent plateau
age of about 1400 Myr. Samples at 1130, 950 and 248 ft
(about 350, 290 and 75 m) display serious Ar loss from
the outside of grains, but approach the ‘true’ age in the
highest-temperature fractions. However, Berger recog-
nised that the pattern of Ar loss might reflect alter-
ation to biotite, rather than diffusional loss of Ar from
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Fig. 10.15. Ar–Ar age spectrum plots for mineral phases at different distances from the Eldora stock. Figures beside
age spectra indicate distances in metres: (a) and (b) a hornblende, (c) biotite and (d) K-feldspar. Release steps with
identical ages are separated by slashes. After Berger (1975).

hornblende. This interpretation is supported by dating
experiments on synthetic hornblende–biotite mixtures
(Rex et al., 1993). Another problematical observation
is that the sample 11 ft (3.5 m) from the contact dis-
plays an intermediate ‘false’ plateau of high quality.
Finally, the sample 2 ft (0.6 m) from the contact dis-
plays a saddle-shaped pattern, in which the lowest-age
fraction approaches the age of metamorphism.

Coarse biotite (Fig. 10.15c) behaves somewhat dif-
ferently. Its maximum age at infinite distance from
the stock (1250 Myr) is lower than the hornblende
age. At intermediate distances the spectra are irreg-
ular, but exhibit a general decrease in ‘plateau’ age as
the stock is approached. Hence, it appears that biotites
can be partially but uniformly outgassed, possibly be-
cause of enhanced diffusion parallel to the cleavage.
Finally, K-feldspar suffers irregular and disastrous Ar
losses, as is known from conventional K–Ar analysis
(Fig. 10.15d).

Berger concluded that hornblendes were able to gen-
erate plateaus of high quality that were nevertheless
meaningless. This may make hornblende a dangerous
material on which to base geological interpretations of
age, in the absence of independent confirmatory evi-
dence. On the other hand, partially re-set biotites were

always identifiable by their irregular patterns, making
biotite ages a more reliable tool for age interpretation.
The exact meaning of the plateaus in the biotite and
hornblende samples distant from the stock is equiv-
ocal, since the country-rocks are paragneisses with
a long history of thermal events. Subsequent studies
have indeed generated many examples of meaningless
plateaus in hornblende and, more rarely, in biotite.

10.2.5 Excess argon

As well as detecting argon loss, step-heating analy-
sis can also be used to evaluate cases in which ex-
cess argon is present in a 40Ar–39Ar analysis. Follow-
ing early work by Lanphere and Dalrymple (1971), a
more detailed examination of this problem was made
by Lanphere and Dalrymple (1976). In this study,
step-heating analyses were done on separated mineral
phases from several rocks that were known from earl-
ier work to contain excess (inherited) argon. The data
were presented on K/Ar isochron diagrams and age
spectrum plots for comparison. The example shown in
Fig. 10.16 (a and b) comes from a sample of Mg-rich
biotite separated from a kimberlite dyke that intrudes
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Fig. 10.16. Comparison between the K/Ar isochron plot
and age-spectrum plot for 150-Myr-old biotite with ex-
cess argon. Note the characteristic ‘saddle-shaped’ pro-
file. Numbers indicate the temperature of each heating
step in ◦C. After Lanphere and Dalrymple (1976).

Devonian sediments in New York state. Results of pre-
vious studies had suggested that these minerals might
be xenocrysts, since K–Ar ages were variable.

On the K–Ar isochron diagram, it can be seen that
the data scatter badly above a 150-Myr reference line.
This line was based on the estimated age of the kimber-
lite, with an intercept equal to the atmosphere point.
The scatter of the data provides evidence of excess
argon, but is not further diagnostic. However, when
the data are plotted on the spectrum plot, they form a
‘saddle-shaped’ pattern that was found to be character-
istic of all of the samples with excess argon analysed
by Lanphere and Dalrymple (1976). Unfortunately,
the minimum age from the saddle does not give the
age of intrusion, since it is still above this estimated
age. Therefore, such minima must be regarded only

as maximum ages for the rock, as argued by Kaneoka
(1974).

In seeking an explanation for the saddle-shaped
age spectrum associated with excess (inherited) argon,
Kelley (2002) suggested that this feature was caused by
inclusions of various types. For example, fluid inclu-
sions in mineral grains are expected to release argon
at low temperature, whereas mineral inclusions may
release argon at high temperature. A special case of
the former type is exhibited by anorthoclase grains in
a lava from Mt Erebus, Antarctica (Esser et al., 1997).
The lava is of zero age, but the anorthosite phenocrysts
contain excess argon. 40Ar–39Ar analysis showed that
this argon was inherited by melt inclusions in the phe-
nocrysts, which were not completely outgassed during
eruption. A different type of excess argon observed in
some other cases is caused by back-diffusion into a
mineral of argon from the surrounding rock. This will
be discussed below (section 10.5.2).

10.2.6 Dating paleomagnetism:
a case study

Paleomagnetic measurements are a vital tool in the re-
construction of ancient plate-tectonic motions, by com-
parison of ‘apparent polar wander paths’ (APWPs) for
various continental fragments. One essential step in the
construction of an APWP ‘track’ for a given terrane is
to date the time when magnetic remanence was inher-
ited by the rock. However, the magnetic remanence is
relatively easily overprinted because it has a compar-
atively low blocking temperature.

The dating of magnetic remanence took a major
step forwards when York (1978) showed from the-
oretical principles that the processes of thermal de-
magnetisation and argon loss from a mineral grain were
related. This is because they are both almost exclu-
sively the products of thermal kinetics, in contrast to
loss of 87Sr (for example), which may be dependent
on the presence or absence of aqueous fluids. Hence,
the 40–39 method is ideal for dating paleomagnetic
remanence.

A good example of such work is provided by the
oldest reliable Ar–Ar age for terrestrial rocks (Lopez
Martinez et al., 1984), on the Barberton komatiites. Al-
though the time of eruption was constrained by Sm–Nd
dating, knowledge of their subsequent thermal history
was required in order to interpret paleomagnetic data.
Analyses were performed on whole-rock powders,
which were irradiated alongside the ‘3 GR’ hornblende
standard to determine neutron fluxes. Figure 10.17
shows an age spectrum from the best sample analysed,
with three separate release stages. At low temperatures
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Fig. 10.17. Age spectrum and Ca/K spectrum from Bar-
berton komatiite sample B40A. Mineral phases respon-
sible for gas releases are identified. Error boxes, where
visible, are 1σ . After Lopez Martinez et al. (1984).

(600–800 ◦C) and high temperatures (>1100 ◦C) argon
loss was observed, resulting in low ages. However, at
intermediate temperatures (925–1035 ◦C) a very stable
plateau was observed, from which an age of 3486 ±
6 Myr (2σ ) was obtained. The integrated (total-fusion)
age of 3336 Myr was significantly younger, due to the
effects of the low- and high-temperature steps.

The top half of Fig. 10.17 reports Ca/K ratios cal-
culated from the measured 37Ar/39Ar ratio (section
10.2.2), which help characterise the mineral phases in
the sample which gave rise to various parts of the age
spectrum. By microprobe analysis, the authors were
able to deduce that the mineral giving rise to the age
plateau was metamorphic tremolite, while the low-
temperature, low-Ca/K-ratio phase was stilpnomelane.
The high-Ca/K-ratio phase may represent pyroxene
relics of the original igneous mineralogy.

A K–Ar isochron diagram was plotted (Fig. 10.18)
in order to examine the composition of the non-
radiogenic end-member and test for inherited argon.
In this case the isochron diagram was plotted in the
alternative form 36Ar/40Ar versus 39Ar/40Ar (Turner,
1971b). This representation helps to curtail the strong
correlation between the two ordinates which occurs
with the conventional K–Ar isochron diagram, mak-
ing error estimates easier. An initial 40Ar/36Ar ratio of

Fig. 10.18. Inverse argon–argon isochron plot for two
Ar–Ar runs (●, ▲) on the Barberton komatiite B40A. The
age is determined from the intersection on the x axis.
After Lopez Martinez et al. (1984).

281 ± 18 (2σ ) is calculated from the inverse of the
y-axis intercept, after expansion of analytical errors
to absorb a small amount of geological scatter. This
is within error of the atmospheric value of 295.5, so
an insignificant amount of initial argon was proba-
bly present. These data are from a sample that was
stored under vacuum between irradiation and analysis.
This was found to be necessary in order to prevent a
strong absorption of atmospheric argon by the sample.
The reciprocal of the x intercept yields the radiogenic
40Ar/39Ar ratio, equivalent to an age of 3489 ± 68 Myr
(2σ ). This is almost identical to the plateau age.

Age spectrum results from the better of two basaltic
komatiite samples are shown in Fig. 10.19. In con-
trast to the komatiites, these samples display signif-
icant excess argon in the low- and high-temperature
gas releases, with an integrated age of 3778 Myr. Nev-
ertheless, the best plateau age of 3447 Myr is in close
agreement with the best komatiite results. The saddle-
shaped form is well known for samples containing ex-
cess argon.

The Ca/K plot for the basaltic komatiite suggests
that the plateau is due to hornblende, while the dis-
turbed parts of the spectrum are again related to stilp-
nomelane. Lopez Martinez et al. speculated that K–Ar
systematics in this mineral might have been disturbed
during oxidation from ferro- to ferric-stilpnomelane.
Since the plateau ages are in all cases identified
with metamorphic minerals, they must be dating a
thermal event that occurred less than 100 Myr after
eruption. Hale (1987) tentatively identified this event
as the intrusion of the nearby Threespruit granitoid
pluton.
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Fig. 10.19. Age and Ca/K spectrum for two runs on
a basaltic komatiite, showing evidence of inherited
Ar during low- and high-temperature emission from
high-Ca/K domains. Arrows separate successive gas re-
leases with identical ages. After Lopez Martinez et al.
(1984).

10.2.7 39Ar recoil

The Ar–Ar dating technique was found to be particu-
larly useful for dating small whole-rock samples of
lunar material, especially fine-grained mare basalts.
The dashed profile in Fig. 10.20 shows a typical re-
lease pattern (Turner and Cadogan, 1974), attributed
to 8% radiogenic Ar loss from K-rich sites with low
Ar retentivity. However, other samples gave either a
sharp decrease in apparent age in the high-temperature
fractions, or, particularly in fine-grained rocks, a pro-
gressive decrease in apparent age over most of the gas
release. The latter examples led workers to suspect that
re-distribution of Ar was occurring within the sample,
possibly during the irradiation process.

It was proposed by Mitchell (in Turner and Cadogan,
1974) that recoil of 39Ar during the n, p reaction from
39K could cause small-scale re-distribution of this nu-
clide. Turner and Cadogan calculated that this effect
could deplete argon from the surface of a K-bearing
mineral to a mean depth of 0.08 µm (Fig. 10.21). In
order to test the practical effects of this process on

Fig. 10.20. The effect of fine crushing on a 40–39 age
spectrum, due to 39Ar recoil. Dashed profile = analysed
rock chip of a lunar mare basalt. Solid profile = similar
sample activated after fine powdering. After Turner and
Cadogan (1974).

Fig. 10.21. Plot showing calculated drop in 39Ar con-
centration at the surface of a K-bearing mineral due to
recoil, in response to bombardment with an isotropic
neutron flux. After Turner and Cadogan (1974).

fine-grained material, they powdered a sample of
medium-grained ferrobasalt to a grain size of 1–10 µm
before irradiation. This was expected to bring about
10% of K-bearing lattice sites to within 0.1 µm of a
grain boundary, whereupon 39Ar could recoil out of the
lattice. It was thought that the 39Ar released would en-
ter low-K minerals such as plagioclase, pyroxene and
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ilmenite, leading to an old apparent age during low-
temperature release (K-bearing minerals) and a young
apparent age during high-temperature release.

The results from this experiment (Fig. 10.20)
showed that, while abnormally old ages were pro-
duced at low temperature, the data approached the
‘true’ plateau age at intermediate temperatures. There-
fore, Turner and Cadogan argued that 39Ar released by
recoil must have been lost from the sample altogether,
rather than absorbed by low-K phases. This is probably
due to the fact that adjacent grains are in less intimate
contact in a powdered sample than they are in a fine-
grained rock sample. The unusually high ages in the
highest-temperature fraction (Fig. 10.20) were tenta-
tively attributed to an incorrect Ca correction, due to
recoil of the monitor isotope 37Ar during the n, α re-
action from 40Ca. This transformation should result in
four times more recoil than proton emission from 39K.

Argon recoil has important implications for min-
erals whose diffusional history is explained in terms of
micro-domains (section 10.5.3). The most important
examples are feldspars, which have exsolution lamel-
lae about 0.01–0.3 µm thick, but show little evidence
for recoil effects in their plateau ages or Arrhenius
plots. The lack of any such evidence led McDougall
and Harrison (1988) to speculate that a large fraction
of 39Ar recoils might occur at low energy, with reduced
displacements.

Onstott et al. (1995) re-examined this question us-
ing theoretical calculations and ion-implantation ex-
periments, but these continued to support a mean 39Ar
recoil distance of 0.082 µm. The implications were
examined for three minerals showing exsolution of
K-rich and K-poor lamellae (amphibole, plagioclase
and K-feldspar). In all three cases, calculations indi-
cated that 39Ar concentrations would be significantly
homogenised and 37Ar almost totally homogenised
between adjacent lamellae (Fig. 10.22). Therefore,
Onstott et al. concluded that the lamellae were too
small to be the domains controlling volume diffusion
of argon in the samples of amphibole and plagioclase
studied. The situation for K-feldspar was less clear,
but they suggested that some re-interpretation of re-
sults might be necessary for the smallest domain sizes
of K-feldspar used in thermal-history analysis.

The calculations of Onstott et al. were tested by a di-
rect determination of the 39Ar recoil distance by Villa
(1997). A thin slab of KCl was sandwiched between
two sheets of silica, but on one side the silica layer was
shielded by a silicon coating 95 nm thick. The whole
assembly was then irradiated to simulate a 40–39 ar-
gon analysis. After irradiation, the 39Ar concentration
on the inner surface of each silica sheet was analysed,

Fig. 10.22. Predicted argon isotope distribution after
neutron irradiation of a plagioclase grain. The grain has
alternating lamellae of calcic plagiocase (60 nm wide)
and 50% plagioclase and K-feldspar (320 nm wide).
After Onstott et al. (1995).

and, from the difference between the shielded and un-
shielded surface, a mean 39Ar recoil distance of 80 ±
20 nm in silicon was calculated. From the relative
densities of silicon and K-feldspar, the recoil dis-
tance in the mineral was estimated as about 70 nm.
This measurement supported the theoretical calcula-
tions of Onstott et al. (1995), and therefore led Villa
(1997; 1998) to question the meaning of K-feldspar
thermochronometry using the multi-diffusion domain
(MDD) model (section 10.5.3). This question remains
controversial.

10.2.8 Dating glauconite and clay minerals

The problem of 39Ar recoil was found to be particularly
severe in attempts to apply 40Ar–39Ar dating to the au-
thigenic sedimentary mineral glauconite (e.g. Foland
et al., 1984). This is probably due to the very small
grain size of the glauconite crystallites which make
up the grains of a pellet. Smith et al. (1993) showed
that this problem might be overcome by encapsulating
glauconite grains in small glass ampoules prior to irra-
diation. The recoil products can then be collected for
analysis, in order to correct the Ar release from the rest
of the grain. However, this method is applicable only
to a whole-sample degassing analysis (analogous to a
conventional K–Ar age) and cannot be used with the
step-heating method.

Smith et al. (1998) applied the method of micro-
encapsulation to the analysis of suites of single glau-
conite grains of three different ages. However, when
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the data were used to construct age frequency dia-
grams, Smith et al. found multiple age peaks, suggest-
ing several episodes of glauconitisation. Nevertheless,
it appeared that the oldest of these episodes was in each
case close to the time of sediment deposition, so that
the analysis of a large sample suite may give a reason-
able estimate of the time of deposition. It remains to
be seen whether such ages are sufficiently reliable for
calibration of the stratigraphic column.

The small grain size of clay minerals (typically
5–1000 nm thick) makes them also very susceptible
to 39Ar loss by recoil effects. To combat this process,
the technique of encapsulation was also applied by
Smith et al. (1993) to clay minerals. 39Ar that escaped
from the sample due to recoil was held in an ampoule
so that it could be collected and analysed with argon
released during laser heating. However, experiments
by Dong et al. (1995) suggested that the escaping ar-
gon fraction is not lost from illite and smectite by di-
rect recoil, but by thermal degassing of low-retentivity
sites that have picked up recoiling nuclides. These low-
retentivity sites are actually the two free surfaces of the
clay mineral grain, and the amount of 39Ar loss is in-
versely proportional to thickness. For example, a grain
of illite 100 nm (1000 Å) thick, made of 100 silicate–
cation–silicate composite layers, will lose about 1% of
its 39Ar (2 out of 200 surfaces); on the other hand, a
grain 10 nm thick might lose as much as 10% of its
39Ar budget during irradiation.

Dong et al. argued that 39Ar loss during irradiation
may match 40Ar loss during geological heating (diage-
nesis). They measured the 39Ar signal retained by en-
capsulation, then subtracted this fraction from the total
gas release of the sample (including all encapsulated
argon). The resulting ‘argon-retention age’ should be
the same as a non-encapsulated age, and was argued
to be a better estimate of the time of deposition or
early diagenesis than the encapsulated age. However,
retention ages measured on Paleozoic clays were older
to varying degrees than the non-encapsulated ages.
This suggests that 39Ar loss by recoil was indeed caus-
ing a bias to the data, even if this was superimposed
on an argon-loss process during diagenesis. The fact
that recoil loss of 39Ar is a problem in the analysis
of many clay samples is indicated by excess ages for
the high-temperature release fraction, which is not af-
fected by low-temperature argon-loss events (Kapusta
et al., 1997).

Kapusta et al. (1997) proposed a new method
whereby step-heating experiments could be performed
on fine-grained material such as glauconite or clay.
This approach involves irradiating two aliquots of the
sample to be dated. The first is used for the step-heating

Fig. 10.23. Ar spectrum plot on a 95-Myr-old glauconite
standard showing the results of conventional step heat-
ing (top two profiles) as well as a step-heating analy-
sis corrected using the JC recoil loss monitor (hatched).
Modified after Kapusta et al. (1997).

analysis, whereas the second is encapsulated and used
to determine a total release age (relative to a standard
of known age). The standard of known age is used to
determine the J value of the irradiation in the usual
way. The total release age of the encapsulated aliquot
is then used in turn to calculate a ‘JC’ correction for
the step-heated aliquot, modified from [10.9]:

JC = eλt − 1

(40Ar∗/39Ar)total release
[10.13]

The JC value allows normalisation of both the neu-
tron flux and recoil loss, provided that the encapsu-
lated sample has the same grain-size distribution and
crystal make-up as the step-heated sample. Kapusta et
al. (1997) demonstrated the method on a glauconite
standard (Fig. 10.23). However, it should be applica-
ble to clay minerals that have suffered a combination
of radiogenic 40Ar loss over geological time and 39Ar
loss during irradiation.

10.3 Laser-probe dating

10.3.1 Method development

The application of the laser probe to K–Ar dating is
now becoming an important technique, but surpris-
ingly, the method was slow in development. Megrue
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Fig. 10.24. Schematic illustration of laser ablation Ar–Ar
dating equipment. After York et al. (1981).

(1967) pioneered the use of laser ablation for rare-gas
analysis, but did not apply the method to geochronol-
ogy until six years later (Megrue, 1973). This study
made use of the laser probe in order to date small
clasts in a polymict lunar breccia. After activation,
spots 100 µm in diameter were irradiated with single
pulses from a ruby laser. Each pulse ablated a pit about
30 µm deep, equivalent to about 1 µg of rock, repre-
senting a miniature total-fusion analysis of the exposed
surface. The aggregate gas fraction from several nearby
spots was gettered and cryogenically trapped, before
admission to the mass spectrometer for analysis. (Typi-
cal equipment is shown in Fig. 10.24.) Analysis of ten
different clasts revealed two arrays of data on a K–Ar
isochron diagram with ages of approximately 3.7 and
2.9 Byr.

York et al. (1981) developed the laser-microprobe
technique by showing that a de-focussed continuous-
wave laser could be used to perform step-heating anal-
ysis in a manner analogous to conventional 40–39 dat-
ing. The technique was demonstrated on a whole-rock
sample of slate from the Kidd Creek mine, near Tim-
mins, Ontario. The laser beam was focussed to generate
a spot 0.6 mm in diameter, which caused progressive
release of argon from the surface after a few minutes,
using a 1-W power setting. The laser step-heating anal-
ysis produced results consistent with conventional step
heating of the same sample, representing the timing of a
thermal event that opened the K–Ar system in the slate.

The low sensitivity of the MS-10 mass spectrome-
ter used by York et al. (1981) limited application of
the method, but in subsequent development a purpose-
built continuous laser system was coupled to a high-
sensitivity mass spectrometer. Layer et al. (1987)
tested this system by analysing the hornblende standard
Hb3GR. This is known from previous step-heating
analysis (Turner, 1971a) to yield a perfect plateau
age (Fig. 10.25a). After activation, single grains up
to 0.5 mm across were heated within the laser beam

Fig. 10.25. Step-heating results for the Hb3GR standard:
(a) conventional and (b) laser single grain. Quoted ages
are average (integrated release) ages. After Layer et al.
(1987).

for 30 s at increasing power levels. After each heating
episode, argon was gettered and then analysed. Excel-
lent plateaus were generated (e.g. Fig. 10.25b), and the
integrated release ages fell within error of the conven-
tional step-heating result.

Laser-probe dating was developed using
continuous-wave infra-red lasers, either de-focussed
for step heating, or focussed for spot analysis. These
lasers are effective for heating most samples, but
cannot be focussed below a spot size of 50 µm, and
are not effective for analysing pale-coloured minerals
such as feldspar. To overcome these problems, ultra-
violet lasers have been introduced (e.g. Kelley et al.,
1994). Ultra-violet laser light is obtained by frequency
doubling, which necessitates using pulsed lasers. The
power available with such a system is much lower,
but it is effective for spot ablation because the energy
is more efficiently concentrated in a 10-µm-diameter
spot. The ultra-violet laser-ablation microprobe
(UVLAMP) offers the opportunity for in situ analysis
of thin sections with high spatial precision, both
laterally and with depth in the sample. Kelley et al.
demonstrated the depth resolution by using a rastered
beam to ablate successive 2-µm-deep steps into the
surface of a K-feldspar grain. The resulting isotopic
depth profile shows the diffusion of atmospheric argon
into the surface of the grain (Fig. 10.26). The method
shows great potential for detailed studies of argon
diffusion in minerals (section 10.5.2).
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Fig. 10.26. UVLAMP depth-profiling measurements of
total 40Ar concentration and radiogenic 40Ar in a
K-feldspar grain. The data fit a model involving diffu-
sion of radiogenic Ar out of the grain and of atmo-
spheric Ar into the grain, except for a high value at
the surface, which is probably due to adsorption. After
Kelley et al. (1994).

10.3.2 Applications of laser-probe dating

In order to test the laser step-heating method on a
slowly cooled geological system, Layer et al. (1987)
analysed biotites from the Trout Lake batholith, NW
Ontario. Laser step heating of a small (0.25 mm) biotite
grain yielded an age of 2600 Myr, which was identical
to the result obtained with a conventional step-heating
analysis on 13 mg of biotite. However, laser step heat-
ing of a large (1 mm) biotite from the same hand speci-
men yielded a significantly older age. The total release
age for this grain (2654 ± 5 Myr) was closer to the
U–Pb intrusive age for the batholith of 2699 ± 2 Myr.
This shows that the larger biotites probably closed ear-
lier during metamorphic cooling.

Wright et al. (1991) developed this study on the
Trout Lake batholith by using the laser step-heating
method to date a range of single biotite grains of var-
ious sizes. Only grains having a regular shape similar
to a thin cylinder were analysed. After measurement
of the grain radii and activation in the reactor, each
specimen was subjected to laser step-heating analysis,
during which the whole grain was bathed in the laser
beam at increasing intensities. For samples display-
ing normal plateaus, their integrated ages were plotted
against grain size (Fig. 10.27). The results display a
positive correlation between grain size (cylindrical ra-
dius) and integrated age. This was attributed to diffu-
sional loss of argon during the original cooling history
of the batholith. Wright et al. speculated that the scatter
of data points to the right of the main array might rep-
resent large grains that either had been damaged during
sample crushing or consisted of natural aggregates of
smaller sub-domains.

Fig. 10.27. Plot of integrated release ages against grain
size for single biotite grains from the Trout Lake
batholith, Ontario. The plateau is attributed to loss of
Ar from sub-domains within large biotite grains. After
Wright et al. (1991).

The positive correlation in Fig. 10.27 is explained by
the larger surface-area/volume ratio of smaller grains,
resulting in a lower effective blocking temperature
than for larger grains. Geological determinations of
Ar diffusion in biotite (e.g. Onstott et al., 1989) can
be used to calculate the size dependence of blocking
temperature (0.1 mm = 275 ◦C; 0.23 mm = 295 ◦C).
Hence, the array in Fig. 10.27 translates into a cooling
curve for the batholith, of temperature against time.
This yields a calculated cooling rate between 295 and
275 ◦C of about 0.33 ◦C/Myr. The high-temperature
cooling curve of the pluton can be calculated between
the older biotite ages and the U–Pb zircon age of
2700 Myr (with a blocking temperature estimated to
be about 750 ◦C). This segment of the cooling curve is
much steeper, at about 5 ◦C/Myr.

Lee et al. (1990) tested the laser step-heating method
on biotite and hornblende grains that had suffered
a thermal disturbance long after initial cooling. The
sample consisted of baked Archean gneiss adjacent
to an Early Proterozoic dyke, and both minerals were
analysed by three methods: conventional step heating;
single-grain laser step heating; and laser spot dating.
Biotite ages for the three methods clustered closely
around 2050 Myr, which was interpreted as the time
of dyke intrusion. On the other hand, hornblende pro-
duced very different results from the three techniques.
Conventional step heating of a multi-grain popula-
tion and laser spot dating generated very variable ages
(Fig. 10.28), whereas laser step heating generated a
good plateau with an apparent age of 2430 Myr. How-
ever, this does not correspond to a known geological
event.
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Fig. 10.28. Comparison of spot and step-heating ages
for a disturbed hornblende sample: a profile of laser
spot ages across a single grain; and laser and con-
ventional step-heating profiles. After Lee et al. (1990;
1991).

Fig. 10.29. Argon-release pattern observed in response
to heating of the hornblende standard Mmhb-1. After
Lee et al. (1991).

Lee et al. (1991) speculated that the plateau could
result from mixing of argon from different domains
in the mineral before release. Heating experiments on
the hornblende standard Mmhb-1 showed that argon
was released in three principal pulses (Fig. 10.29). The
first of these, at 930 ◦C, was correlated with the on-
set of structural breakdown at the margins of grains.

However, the main phase of breakdown occurred at
1050 ◦C, forming a strong fabric parallel to cleavage
and accompanied by the breakdown of titanite lamellae
in the crystal. Finally, at 1130 ◦C the grains melted. The
laser step-heating plateau in Fig. 10.28 was formed by
release of argon between 960 and 1250 ◦C, suggesting
that it may result from homogenisation of the argon
distribution in the grain during structural breakdown.
Therefore, although laser step heating is a powerful
technique, it is necessary to check data from disturbed
systems by a second technique such as laser spot dating
or laser depth profiling (e.g. Roberts et al., 2001).

10.4 Timescale calibration

The high precision that is obtainable in K–Ar dating,
particularly using the 40Ar–39Ar step-heating method
or the laser-probe method, makes this method very use-
ful for timescale calibration. This applies particularly
to the Tertiary period, for which K–Ar dating can ex-
ceed the precision of U–Pb zircon geochronology. The
following sections will review some of the most im-
portant applications.

10.4.1 The magnetic-reversal timescale

One of the most important applications of the K–Ar
method has been to calibrate the magnetic-reversal
timescale defined by sea-floor magnetic-anomaly
‘stripes’. The amount of ocean-floor material recov-
ered which is fresh (unaltered) enough for dating is
limited, so most attention has been focussed on dating
terrestrial sections (such as basic lavas) which yield a
good magnetostratigraphy. The K–Ar method is really
the only geochronometer capable of dating young basic
rocks. Since its establishment, the reversal timescale
has been subject to almost continuous revision, and
some landmarks are reviewed here.

Pioneering work was performed by Cox et al.
(1963) on 0–3-Myr-old lavas from California, and by
McDougall and Tarling (1964) on 0–3-Myr-old lavas
from the Hawaiian islands. Cox et al. used K–Ar
dates on sanidine, obsidian, biotite and whole-rocks,
whereas McDougall and Tarling worked on basalt
whole-rocks. Good agreement between the two data
sets confirmed that the reversal timescale is due to
world-wide changes in the polarity of the Earth’s mag-
netic field, rather than to post-crystallisation alteration
phenomena, as had been suggested by some workers.

A comprehensive compilation of data for 354 ter-
restrial lavas (mostly from ocean islands) was used
by Mankinen and Dalrymple (1979) to constrain the
polarity timescale for the last 5 Myr more precisely,
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Fig. 10.30. Standard deviation of apparent dating in-
consistencies as a function of ‘trial’ values for polarity
boundaries. The best estimate of each boundary age
is where the error is a minimum. After Mankinen and
Dalrymple (1979).

using the new K–Ar decay constants (Steiger and Jäger,
1977). Not all of the available data were in perfect
agreement; therefore Mankinen and Dalrymple used
a statistical technique to calculate the most probable
ages of the three most recent polarity-epoch bound-
aries, such that the standard deviation of apparent dat-
ing inconsistencies was minimised (Fig. 10.30).

Unfortunately, the geological record of terres-
trial lavas is too fragmented to extend the tech-
nique of detailed epoch-boundary dating back beyond
5 Myr. Therefore, Heirtzler et al. (1968) used sea-
floor magnetic-anomaly patterns to extend the terres-
trial timescale to about 80 Myr by extrapolation. They
took as a fixed point an age of 3.35 Myr for the epoch
boundary between Gilbert (reversed) and Gauss (nor-
mal), based on the Sierra Nevada data of Doell et al.
(1966). Heirtzler et al. extrapolated from the present
day, through the Gilbert–Gauss point, to calibrate the
older part of the timescale, by assuming a constant
spreading rate for the South Atlantic ridge over the last
80 Myr. This may seem a crude assumption, but Heirt-
zler et al. justified it on the basis of the good correlation
between S Atlantic and N Pacific spreading rates.

During the next two decades, improvements to the
reversal timescale were achieved by adding additional
fixed points. LaBrecque et al. (1977) made the first
major revision by using two fixed points to avoid the
extreme extrapolation of Heirtzler et al. (1968). The
younger point was again the Gilbert (R)–Gauss (N)
boundary, while the older (marine anomaly 29) was
tied by magnetostratigraphy of Paleocene limestones

near Gubbio, Italy, to the Cretaceous–Tertiary (K–T)
boundary. Tying the reversal timescale to the geo-
logical column was advantageous in harmonising the
timescales, but problematical in that it revealed the
poor constraints on the K–T boundary itself. For ex-
ample, sources cited by LaBrecque et al. (1977) for
a K–T boundary age of 65 Myr were a poster pub-
lished by Elsevier (van Eysinga, 1975) and a paper by
van Hinte (1976). The latter was merely a citation of
Berggren (1972), whose only constraints were a mini-
mum of 57.1 ± 3 Myr from Belgium and a maximum
of 68.1 ± 4 Myr from SE England. Fortunately the age
of 65 Myr for the K–T boundary has proved so robust
in the long run that it has not even been affected by
changes in the decay constants used! (This is a coinci-
dence, of course.)

The next major step in calibrating the reversal
timescale was made by Lowrie and Alvarez (1981),
who used magnetostratigraphy on the 25–130 Myr-old
Gubbio limestones of Italy to interpolate between
eleven fixed points. However, the large number of fixed
points generated a kinked line, due to errors in the ab-
solute age calibrations of some points. Harland et al.
(1982) ironed out some of these inflections to produce
a useful ‘working timescale’ (Fig. 10.31). However,

Fig. 10.31. Diagram to show the fixed points that con-
strain the reversal timescales of LaBrecque et al. (■);
Lowne and Awarex ( ); and Harland et al. (↓↓). Inset
shows consequences for Atlantic spreading rate. After
Harland et al. (1982).
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Harland’s approach had probably now reached its tech-
nical limit, since the absolute ages of the fixed points,
being based mainly on K–Ar glauconite ages, were not
reliable enough for more accurate calibration.

10.4.2 The astronomical timescale

Johnson (1982) proposed a completely new ap-
proach to the calibration of the geomagnetic-polarity
timescale, which was based on planetary mechanics
(Milankovich forcing, section 12.4.2). According to
this theory, small variations in the Earth’s orbit have
led to variations in the intensity of solar radiation reach-
ing the Earth, which were responsible for the glacial–
interglacial cycles of the Quaternary period. These
glacial cycles caused variations in the oxygen isotope
composition of seawater, which were recorded in fossil
forams.

Because the Earth’s orbital variations can be pro-
jected back into the past very accurately, it is possible to
‘tune’ the oxygen isotope record in deep-sea cores with
a precision of better than 1%. From coherent patterns in
two high-quality cores from the western Pacific, John-
son was able to date the Brunhes–Matuyama magnetic-
reversal signature, which was preserved in sediment
7.25 m below the surface of core V28-239 (Fig. 10.32).
He estimated a date of 790 kyr for the boundary, with a
probable uncertainty of less than 5 kyr. However, this
work did not receive much attention because of the
large discrepancy between this date and the younger

Fig. 10.32. Section of a DSDP core displaying the
Brunhes–Matuyama reversal boundary. This is dated by
tuning oxygen isotope variations (caused by glacial cy-
cles) to the history of northern-hemisphere insolation,
calculated from orbital mechanics. Arrows show sug-
gested correlation points. After Johnson (1982).

value of 730 kyr determined by Mankinen and Dal-
rymple (1979).

The publication of a new high-resolution oxygen
isotope record for the Pleistocene (Shackleton et al.,
1990) focussed attention back onto the discrepancy
between the astronomical and K–Ar calibrations. A
slight revision of the orbital tuning calculation placed
the Brunhes–Matuyama boundary at 780 kyr and sug-
gested that the date of Mankinen and Dalrymple (1979)
might indeed be in error. Therefore, several high-
resolution K–Ar and 40Ar–39Ar studies were under-
taken to test the age of this and other important reversal
boundaries. The first of these studies were conducted
simultaneously by Baksi et al. (1992), Spell and Mc-
Dougall (1992) and Tauxe et al. (1992).

Baksi et al. (1992) calibrated the Brunhes–
Matuyama boundary using 40Ar–39Ar ages of whole-
rock samples of basalt lava exposed in the caldera
wall of Haleakala volcano on the island of Maui. The
magnetic signature of the section had previously been
studied, and gives such detailed coverage of the rever-
sal boundary that several flows actually have magnetic
signatures that are transitional between normal and re-
versed polarities. Samples were analysed in two dif-
ferent laboratories, yielding consistent results with an
average age for the reversal boundary of 783 ± 11 kyr,
in excellent agreement with the astronomical calibra-
tion.

Tauxe et al. (1992) re-examined the data analysis of
Mankinen and Dalrymple (1979). The K–Ar ages used
to constrain the Brunhes–Matuyama boundary ex-
hibited significant internal disagreement (Fig. 10.33),
as was shown in fact by the ‘error-function’ plot of
Mankinen and Dalrymple (Fig. 10.30). The failure of
the error function to reach a zero value should have
been a warning that the raw data were unreliable,
but the scientific community (including the present
author) was ‘bewitched’ by the statistical treatment
of the data. In hindsight we can see that the low ages
for the reversed (Matuyama) chron were probably
caused by argon loss. In such cases, the appropriate
remedy is to collect new high-precision data rather
than statistically filtering old data. Therefore Spell and
McDougall (1992) performed a new dating study on
the Valles Caldera, New Mexico, where the anomalous
samples had come from. They used the 40Ar–39Ar
laser-fusion technique to date sanidine crystals from
the critical section, and obtained older ages, confirm-
ing that the Brunhes–Matuyama boundary should be
located at 780 ± 10 kyr.

The use of the astronomical timescale reached a ma-
ture stage in 1994 when it was used to back calibrate
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Fig. 10.33. Chart showing raw data used by Mankinen and Dalrymple to date the Brunhes–Matuyama reversal
boundary. The best-fit age for the boundary was biassed downwards by some data (boxed) that had evidently
been affected by argon loss. Modified after Tauxe et al. (1992).

the Fish Canyon sanidine standard, one of the pri-
mary 40Ar/39Ar dating standards (Renne et al., 1994).
Sanidine crystals from Fish Canyon tuff had been used
in several earlier studies to calibrate Ar–Ar ages for
six important reversal boundaries. However, with the
advent of a precise astronomical calibration of these
boundaries, it was possible to reverse the calibration in
order to determine an absolute geological age of 27.95
± 0.18 Myr for the eruption of the Fish Canyon tuff.

Absolute ages cannot be determined directly by the
Ar–Ar method because a standard must always be used
to calculate the neutron flux. However, high-precision
conventional K–Ar ages on undisturbed material al-
low absolute calibration of Ar–Ar standards such as
Fish Canyon sanidine. Intercalibration studies by Baksi
et al. (1996) and Renne et al. (1998b) were based on
K–Ar dating of three older standards (SB3, GA-1550
and GHC-305). The resulting calibration ages for Fish
Canyon tuff were 27.95, 28.02 and 28.15 Myr, re-
spectively, using the recommended 40K half-life. All
of these values fall within error of the astronomical
calibration, but the median value is probably most re-
liable.

10.4.3 Intercalibration of decay constants

Despite the great advances made in K–Ar and Ar–Ar
dating in the past few years, there remains one out-

Table 10.1. Comparison between U–Pb and Ar–Ar ages of ‘ideal’ samples

U–Pb age Ar–Ar age
Material (Myr) (Myr) Reference

Fish Canyon tuff 28.4 ± 0.1 28.0 ± 0.4 Renne et al. (1998b)
Siberian traps 251.3 ± 1 250.0 ± 4 Renne et al. (1998a)
Palisade rhyolite 1098 ± 4 1088 ± 15 Min et al. (2000)
Acapulco meteorite 4554 ± 12 4507 ± 50 Renne (2000)

standing problem in the use of this method for high pre-
cision dating of older rocks. This is the observation that
calibrated Ar–Ar ages are consistently slightly younger
than U–Pb ages for the same rock unit. This has raised
the question of whether the decay-constant determina-
tion of Beckinsale and Gale (1969), adopted by Steiger
and Jäger (1977) as a recommended value, is signifi-
cantly in error.

U–Pb dating is regarded as the ‘gold standard’ for
geochronology (Lugmair, section 5.2.2), because the
uranium decay constants are based on the best labora-
tory determinations, and because of the built-in check
for disturbance. However, even U–Pb ages have non-
negligible uncertainties arising from decay-constant
errors, and these now exceed the analytical uncertainty
of high-precision ages. Despite these difficulties, high-
precision measurements have been made on a few
‘geologically ideal’ samples to test for concordance
between U–Pb and Ar–Ar ages. Some of these re-
sults are presented in Table 10.1. All errors are quoted
at the 2σ level and include uncertainties in the de-
cay constants. Unfortunately, it can be seen that, al-
though the Ar–Ar ages are about 1% less than the
U–Pb age on each occasion, these two results are ac-
tually within error if the uncertainties in the decay
constants are fully propagated into the age determi-
nation. This problem is complicated by the branched
nature of 40K decay, which means that two different
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Fig. 10.34. Effect on calculated geological ages of us-
ing alternative experimentally determined potassium
decay constants. Deviations are very small below 1 Byr.
After Min et al. (2000).

decay constants have to be considered in any geological
calibration.

As part of their study of this problem, Min et al.
(2000) also reviewed the counting experiments of
Beckinsale and Gale (1969) and compared them with
two other determinations. These values are compared
in Fig. 10.34 (after some minor corrections to the
Beckinsale and Gale value adopted by Steiger and
Jäger, 1977). The results show that the divergence of
the three curves is not really significant for ages below
1 Byr, although it is quite large for very old rocks.
Unfortunately, it remains unclear whether the young
K–Ar age for the Acapulco meteorite is due to an error
in the 40K half-life or due to slow cooling of the mete-
orite from 4.55 to 4.50 Byr ago (Trieloff et al., 2001;
Renne, 2001).

Schmitz and Bowring (2001) recently performed a
new U–Pb dating study on the Fish Canyon tuff, which
confirmed the U–Pb age quoted in Table 10.1. How-

Fig. 10.35. 40Ar/39Ar age spectrum of La Encrucijada biotite, Venezuela, compared with predicted cooling curves
based on modelling of diffusion of Ar in biotite. After York (1984).

ever, the discrepancy between the U–Pb and K–Ar ages
might not be due to an error in the decay constant.
Hence, it is concluded that the 40K decay constant of
Steiger and Jäger should probably still be used until
more data are obtained to resolve this problem.

10.5 Thermochronometry

The thermal history of meteorites was interpreted in
section 10.2.4 in terms of short-lived thermal events,
including their initial cooling and any subsequent colli-
sions, separated by long periods under cold conditions.
However, Turner (1969) recognised that, in different
circumstances, slow cooling from a single event could
yield an age spectrum rather similar to that produced
by episodic thermal events.

10.5.1 Arrhenius modelling

A special feature of the Ar–Ar step-heating method is
that argon release in the laboratory should be controlled
by the same diffusional properties of minerals as those
that cause argon loss in nature. The long timescales of
geological events obviously preclude laboratory anal-
ysis under natural conditions. However, if diffusion
obeys the Arrhenius law, a rapid argon-release ex-
periment at high temperature in the laboratory can
mimic much slower argon release at lower tempera-
tures in the crust. Hence, step-heating data may be used
to reconstruct thermal histories such as post-orogenic
cooling.

The result of slow cooling in a young intrusive body
is illustrated by the age spectrum of a biotite from La
Encrucijada pluton in Venezuela (Fig. 10.35). Unfor-
tunately, this approach can rarely be used on terres-
trial rocks because the low-temperature part of the pro-
file, which is critical in the determination of a precise
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cooling rate, becomes ‘corrupted’ by minor diffusional
loss of argon at ambient temperatures over geological
time.

A more useful approach to quantifying the cooling
history of crustal rocks is the blocking-temperature
concept (section 3.3.2), whose theoretical basis was
examined by Dodson (1973). Argon loss from a
mineral can be described by the thermal diffusion
coefficient

D = D0e−E/(RT ) [10.14]

where D0 is the thermal diffusivity of the mineral, E
is the activation energy for diffusion of argon, R is the
gas constant and T is the absolute temperature. The
exponent makes D a very strong function of tempera-
ture. Therefore a small drop in temperature can cause
a transition from a state in which Ar loss by diffusion
is rapid to a state in which Ar loss by diffusion is very
slow. This relatively sharp transition constitutes the
process of blocking. The blocking temperature TB is
defined by Dodson (1973) as follows:

TB = E

R ln(Aτ D0/a2)
[10.15]

where A is a geometrical parameter that takes account
of the crystal form of the argon-bearing mineral (55,
27 or 9 for a sphere, cylinder or sheet, respectively), a
is the length of the average diffusion pathway from the
interior to the surface of the grain, and τ is the cooling
time constant. The latter in turn is defined as follows:

τ = RT 2
B/(−CB E) [10.16]

where −CB is the cooling rate at the blocking tem-
perature TB. Hence, substituting equation [10.15] into
[10.14] yields

TB R = E

/
ln

(
A

RT 2
B

−CB E

D0

a2

)
[10.17]

A method to calculate blocking temperatures from
Ar–Ar spectrum plots was proposed by Buchan et al.
(1977) and developed by Berger and York (1981a).
A plateau age must be available on a mineral from
a slowly cooled terrane. For each heating step in the
plateau, the volume of radiogenic 40Ar released in a
given time is used to calculate D/a2. For planar min-
erals such as biotite the diffusion equation has the
following general form (e.g. Harrison and McDougall,
1981):

D

a2
= (q f )2

t
[10.18]

Fig. 10.36. Arrhenius plot for hornblende from a
Grenville diorite, Haliburton Highlands, Ontario. The
blocking temperature was determined from the array
of seven solid data points. Error bars are 1σ . After
Berger and York (1981a).

where f is the fractional loss of argon, t is the heating
time and q is a geometrical factor.

The results are plotted on a log scale against
the reciprocal temperature of each step, forming an
Arrhenius plot (e.g. Fig. 10.36). If diffusional Ar loss
obeys the Arrhenius law as expected, then the steps in
the plateau should define a straight line whose slope
is the activation energy E and whose y intercept is
the frequency factor D0/a2. These values allow equa-
tion [10.17] to be solved, provided that the cooling
rate −CB at the blocking temperature (TB) can be es-
timated. Fortunately, the temperature solution has a
weak dependence on the cooling rate, such that an
order-of-magnitude change in this value causes only
a 10% change in the calculated blocking temperature.
Because TB appears on both sides of equation [10.17], it
must be solved iteratively, but it converges quickly. The
power of this technique is that the blocking temperature
of a mineral is calculated directly on the dated material,
rather than having to depend on generalised blocking
temperatures for various types of mineral from the lit-
erature, which might not be applicable to the specific
cooling conditions under study.

Berger and York (1981a) applied this ‘ther-
mochronometry’ method to a study of post-orogenic
cooling in the Grenville province of southern On-
tario, Canada. Plutonic ages in the Grenville belt vary
from 1.0 to 2.7 Byr, but most K–Ar dates fall below
1 Byr and are attributed to uplift and cooling after
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Fig. 10.37. The 40–39 age spectra for hornblende, bi-
otite and K-feldspar analyses used to determine block-
ing temperatures in Figs. 10.36 and 10.38. Modified
after Berger and York (1981a).

collisional orogeny (Harper, 1967). Berger and York
studied dioritic and gabbroic plutons from the Hal-
iburton Highlands, both to determine a detailed cool-
ing curve for the area and to interpret paleomagnetic
data on these rocks.

Typical 40–39 profiles from Haliburton diorites
that gave reasonable plateaus are shown in Fig. 10.37.
These samples are plotted on Arrhenius plots in Figs.
10.36 and 10.38. The hornblende displays a relatively
simple array in Fig. 10.36, although low-temperature
and high-temperature points must be excluded from
the regression. K-feldspar displays coherent low-
temperature behaviour, but high-temperature data are
irregular, possibly due to disruption of the lattice above
900 ◦C. The most unusual behaviour was demonst-
rated by biotite, which in many cases gave rise to two
heating pulses that defined sub-parallel arrays (such
as in Fig. 10.38). Nevertheless, the blocking temper-
atures calculated from the two segments were usually
within error. Berger and York speculated that the
break in regular behaviour was due to structural break-
down.

Results from all of the analysed minerals are shown
on a diagram of blocking temperature against age

Fig. 10.38. Arrhenius plot for Grenville K-feldspar (▲,
�) and biotite (■, �) dated in Fig. 10.36. Blocking-
temperature calculations were based on solid data
points only. After Berger and York (1981a).

(Fig. 10.39). Points without error bars failed a relia-
bility criterion that required both the age plateau and
the Arrhenius correlation line to have four or five sta-
tistically well-fitting data points. The data show a clear
picture of fairly rapid cooling (at about 5 ◦C/Myr)
from the hornblende blocking temperature of about
700 ◦C at 980 Myr to the biotite blocking temperature
of about 380 ◦C at 900 Myr. Thereafter, the data are
mainly from plagioclase, which displays considerable
scatter. Berger and York’s original interpretation (solid
line in Fig. 10.39) called for very slow cooling (under
1 ◦C/Myr) for a further 300 Myr. However, in a study of
gabbro from the Hastings Basin of the Grenville (about
80 km east of the Haliburton Highlands), Berger and
York (1981b) recognised that the apparently slow cool-
ing curve after 900 Myr might really represent a more
recent thermal event.

The latter interpretation of the plagioclase data was
supported by Hanes et al. (1988), on the basis of Ar–Ar
dating of the Elzevir and Skootamata plutons of the
Hastings basin. Hanes et al. analysed three plagio-
clases, which displayed a range of rather mediocre
plateau ages between 400 and 600 Myr. Variations in
37Ar/39Ar ratio with the fraction of 39Ar released were
used as an index of the Ca/K ratios of various domains
within the minerals. A pronounced hump in the mid-
dle of these profiles indicated that the analysed pla-
gioclases were multi-phase systems. They display two
different types of alteration, which may be of differ-
ent ages. Hanes et al. suggested that scattered coarse
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Fig. 10.39. Plot of calculated mineral blocking temperatures against plateau ages to show a model for crustal
cooling after the Grenville orogeny. Solid and open symbols indicate minerals from different plutons. After Berger
and York (1981a).

epidote and muscovite alteration might have formed
at high temperatures soon after plutonism, while
fine-grained sericitic alteration probably represents an
event younger than 400 Myr.

The evidence for structural breakdown in biotite
points to a weakness in the thermochronometry method
of Berger and York. Because biotite is a hydrous min-
eral, diffusional loss of Ar during vacuum heating
may not accurately mimic Ar loss in nature under
(probable) hydrothermal conditions, as suggested by
Giletti (1974). This problem was confirmed by Gaber
et al. (1988), who showed that there were large di-
vergences in argon diffusivity between hydrothermal
and vacuum-heating experiments on biotite and horn-
blende.

The susceptibility of these hydrous minerals to struc-
tural breakdown during vacuum heating has largely
discredited the application of step-heating analysis to
determine their blocking temperatures. Instead, atten-
tion has switched to K-feldspar, the most common an-
hydrous K-bearing mineral. As an anhydrous phase,
the behaviour of this mineral during vacuum degassing
can mimic argon loss in nature with some accuracy
(section 10.5.3). However, studies of diffusional loss
of argon from hydrous minerals have been continued

using laser spot analysis. For example, this method has
been applied to the study of complex argon-diffusion
models in micas and amphiboles.

10.5.2 Complex diffusion models

The traditional approach to mineral blocking temper-
atures is based on ‘Fickian’ behaviour, which means
that diffusion of argon in minerals is assumed to oc-
cur by volume diffusion, obeying Fick’s first law (e.g.
McDougall and Harrison, 1999). However, detailed
analysis of Ar–Ar ages in minerals has revealed break-
downs in this simple model, requiring more complex
models of argon diffusion to be proposed. The advent
of the laser probe has allowed the detailed spatial anal-
ysis of minerals in order to test these more complex
models.

It has long been known that large biotite grains
can lose radiogenic strontium or argon more rapidly
than predicted by volume diffusion (e.g. section 3.3.2).
This behaviour was also seen in argon-diffusion ex-
periments using hydrothermal bombs, and can be
explained if biotite has an ‘effective diffusion radius’
of about 150 µm (e.g. Harrison et al., 1985). This im-
plies that biotite grains consist of domains of about



280 K–Ar and Ar–Ar dating

Fig. 10.40. Plot of 40Ar concentrations along two tran-
sects (solid and open boxes) from core to rim of a
metamorphosed phlogopite grain. Predicted argon-loss
curves based on volume diffusion fail to explain the
data. After Phillips and Onstott (1988).

150 µm radius, within which argon moves by volume
diffusion, but between which there is a mechanism of
enhanced transport along crystallographic defects.

The increased amount of spatial argon data avail-
able from the laser probe has allowed complex diffu-
sion models to be tested using natural mineral systems.
Phillips and Onstott (1988) performed the first such
study, which was based on mantle-derived phlogopites
from the Premier kimberlite, South Africa. ‘Chron-
tour’ mapping of 75 laser spots revealed apparent ages
of 1.2–1.4 Byr in the rim of a large grain, rising to a
maximum of 2.4 Byr in the core. This pattern was at-
tributed to the loss of inherited mantle argon from the
rim of the grain during emplacement of 1.2-Byr-old
kimberlite. However, the shape of the argon-loss pro-
file (boxes in Fig. 10.40) did not fit a volume-diffusion
model (curves in Fig. 10.40). Phillips and Onstott at-
tributed the observed patterns to enhanced diffusive
loss of argon from a wide band (round the rim of the
grain) due to structural defects. However, the nature of
these defects was unknown.

Hodges et al. (1994) compared argon-diffusion pat-
terns in muscovite and biotite using the laser probe.
Single mica grains were analysed from the 1700-Myr-
old Crazy Basin monzogranite of central Arizona,
which has been argued to display either very slow cool-
ing or multiple metamorphic events. Laser step heating
of both muscovite and biotite gave very similar plateau
ages of 1412 and 1410 Myr. However, for muscovite,
the gas-release steps which form the plateau occurred

Fig. 10.41. Comparison between ‘chrontour’ age maps
for muscovite and biotite determined from laser spot
dating. Numbers indicate ages in hundreds of Myr. After
Hodges et al. (1994).

after melting had begun. Therefore, this plateau un-
doubtedly results from argon homogenisation during
melting, and the similarity to the biotite plateau age
is probably a coincidence. These findings are consis-
tent with the work described above, in which argon
homogenisation was shown to be a greater problem in
laser step heating than it is in conventional step heating
(section 10.3.2).

Laser spot dating revealed very different age patterns
in other muscovite and biotite grains from the same
sample. Muscovite spot ages ranged from 1270 Myr at
the rim to 1650 Myr (the ‘true’ age) in a small core
area, with a roughly concentric pattern (Fig. 10.41a).
This age distribution fits a simple volume-diffusion
model for cylindrical geometry with an effective diffu-
sion radius similar to the grain size. On the other hand,
laser spot ages in the biotite grain had a quite differ-
ent distribution, with ages ranging from 1150 Myr at
the rim to 1420 Myr in a large core area (Fig. 10.41b).
The large area with (re-set) ages of 1400 Myr, together
with an asymmetrical zone of young ages approach-
ing the core, was evidence of the operation of fast
diffusion pathways. Hodges et al. interpreted the data
in terms of small domains with an effective diffusion
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Fig. 10.42. Predicted effect of an ‘exchange coefficient’
(D) in changing the dominant diffusive mechanism from
volume to short-circuit diffusion. Curves a, b and c rep-
resent exchange coefficients of −10−13, −10−14 and
−10−15 for the transfer of species from the crystal lattice
to high-diffusivity paths. After Lee (1995b).

radius of 150 µm, as postulated in hydrothermal experi-
ments.

Lee and Aldama (1992) attempted to explain com-
plex diffusion behaviour by combining mechanisms
for diffusion within the crystal lattice with enhanced
(‘short-circuit’) diffusion between lattice domains into
a general model termed ‘multi-path’ diffusion. In this
model, diffusion in both of the pathways (lattice and
short-circuit) is Fickian, but is of very different mag-
nitudes in the two pathways. In addition, the trans-
fer of species from the crystal lattice to the high-
diffusivity paths, and vice-versa, is attributed to two
exchange coefficients, termed K2 and K1 respectively.
The magnitudes of these coefficients are critical in de-
termining whether multi-path diffusion will occur in a
given situation.

The operation of the multi-path diffusion model can
be examined on an Arrhenius plot (Fig. 10.42). At high
temperatures (>800 ◦C), volume diffusion in the crys-
tal lattice is the dominant mechanism for loss of argon
from a mineral. However, if the exchange coefficient
(K2) is relatively large, this causes a sudden change
from lattice-dominated to short-circuit argon transport
as temperature falls, forming a sigmoidally shaped dif-
fusion curve. On the other hand, smaller values of K2

inhibit the role of short-circuit diffusion, maintaining a
lattice-dominated diffusion mechanism to lower tem-
peratures (<500 ◦C).

Fig. 10.43. Demonstration of a cyclic heating schedule
for Ar–Ar analysis. After Richter et al. (1991).

Although the multi-path model is an attempt to cre-
ate a realistic representation of the physical movement
of argon in minerals, McDougall and Harrison (1999)
argued that it is of limited use in analysing thermal
histories from geological samples, because the pos-
tulated exchange coefficients cannot be determined by
laboratory measurement. In addition, the model cannot
explain the results of ‘cycling step heating’, a method
developed by Lovera et al. (1991) for K-feldspar ther-
mochronometry (see below). In this method, the heat-
ing schedule in an Ar–Ar degassing experiment is not
increased monotonically as in a conventional analy-
sis, but is increased in short ‘bursts’ with a period
in between when the temperature is either reduced or
maintained at a constant level for a relatively long time.
An example of such a heating schedule is shown in
Fig. 10.43.

According to the multi-path diffusion model, the
short-circuit diffusion path should be ‘replenished’
by volume diffusion out of the lattice during the
backward-cycling stage of the step-heating procedure,
so that the subsequent increasing-temperature cycles
reproduce the low-temperature behaviour from the be-
ginning of the experiment. However, such behaviour
was not seen (McDougall and Harrison, 1999). There-
fore, if the short-circuit pathway exists, it may be more
like an independent reservoir of stored argon, perhaps
sampling argon from defect sites, than a pathway fed
by lattice diffusion. In fact, McDougall and Harrison
(1999) pointed out that, if the exchange coefficients
are ignored, the multi-path diffusion model is math-
ematically equivalent to diffusion of argon from two
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Fig. 10.44. Plots of bulk argon diffusion coefficients
against grain radius. Measurements from hydrothermal
experiments on (a) hornblende and (b) biotite are com-
pared with the predicted results of volume and multi-
path diffusion models. After Lee (1995b).

different domain sizes in the multi-domain model (sec-
tion 10.5.3). In other words, extraction of argon over
relatively long distances along high-diffusivity path-
ways is equivalent to volume diffusion from very small
lattice domains.

Complex diffusion models can be tested against the
results of hydrothermal diffusion experiments on horn-
blende and biotite at different grain sizes (Fig. 10.44).
Lee (1995b) argued that the enhanced diffusivities for
large grain sizes favour the multi-path model over sim-
ple volume diffusion. However, the data can also be
explained by a domain model, in which the lattice
domains controlling volume diffusion are smaller than
the complete crystal.

In the hydrothermal experiments, the behaviour of
hornblende and biotite may result from similar styles
of alteration, both in the laboratory and in natural sys-

tems. For example, Onstott et al. (1991) suggested that
fast diffusion pathways in hydrothermal biotite may
be created during the experiment by the breakdown
of chlorite layers, whereas Kelley and Turner (1991)
attributed fast diffusion pathways in natural horn-
blende to biotite alteration.

Recent experiments using the ultra-violet laser
ablation microprobe (UVLAMP) suggest that, in pris-
tine, unaltered grains of biotite, most diffusion of argon
out of (or into) the grains occurs by volume diffu-
sion. For example, Pickles et al. (1997) demonstrated
such behaviour in biotite grains of various sizes (50–
4500 µm diameter) in a pegmatite affected by Alpine
metamorphism. During the metamorphic event, excess
40Ar diffused into the grains from the grain-boundary
fluid and created diffusion profiles. In several grains,
diffusion profiles up to 100 µm long were success-
fully modelled by volume diffusion. In the largest
grain, the diffusion profile spanned a distance of nearly
300 µm, although the outermost 90 µm of the profile
was disrupted by argon loss during a later alteration
event.

Results of other experiments suggest that short-
circuit diffusion is principally a feature of low
temperatures of argon release. For example, Lo et al.
(2000) found low-temperature argon diffusivities two
to four orders of magnitude faster than the values
that would result from extrapolation of hydrothermal
experiments to low-temperature conditions. However,
they suggested that this low-temperature release might
be of argon that had accumulated in radiation-induced
lattice defects. Evidence for this interpretation comes
from the fact that the outgassing of 39Ar usually ex-
ceeds that of 40Ar during very-low-temperature argon
release (about 400 ◦C), which would be consistent with
the preferential release of recoiled 39Ar atoms residing
in defect sites. In this case the occurrence of short-
circuit diffusion might be to some extent an artefact
of the irradiation procedure involved in the Ar–Ar
method. Similar doubts have been expressed about the
meaning of the lowest-temperature emission step from
K-feldspars (section 10.2.7 and below).

10.5.3 K-feldspar thermochronometry

K-feldspars have long been known to exhibit com-
plex diffusion behaviour. Because of the unpredictable
effects of perthitic exsolution, K-feldspars have very
variable blocking temperatures, which must be de-
termined for individual dated samples by the step-
heating method. Heizler et al. (1988) demonstrated
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Fig. 10.45. Plot of calculated K-feldspar blocking tem-
perature against plateau age to model cooling of the
Chain of Ponds pluton, NW Maine. Solid symbols show
the single-plateau analysis of Heizler et al. (assuming
uniform domain size). Open symbols show the sub-
plateau analysis of Lovera et al. (assuming variable do-
main size). After Harrison (1990).

this technique in determining the cooling curve of the
Chain of Ponds pluton, NW Maine. They obtained
quite distinct blocking temperatures and ages on three
feldspar separates, establishing a post-Appalachian
cooling curve from 330 to 180 ◦C (solid symbols in
Fig. 10.45).

Other workers (e.g. Foland, 1974) suggested that dif-
fusion in K-feldspars is controlled by microstructural
domains of variable size, rather than on a whole-grain
scale. The variable domain sizes invoked by this model
can explain the traditional reputation of K-feldspars
for having such poor retentivity of argon as to be use-
less as a dating tool. The smallest of the domains
do indeed suffer argon loss at near ambient tempera-
tures. However, the larger domains, sampled in a step-
heating analysis, can have blocking temperatures as
high as that of biotite. Therefore, if this variation in
blocking temperatures can be exploited using the step-
heating method, K-feldspar can be a powerful tool in
thermochronometry. Because this method is based on
the assumption of domains of various sizes, it is termed
the multi-diffusion domain (MDD) model.

Adopting the MDD model, Lovera et al. (1989) re-
interpreted the data of Heizler et al. (1988) by break-
ing each Ar–Ar analysis into a series of sub-plateaux
with distinct ages and blocking temperatures. They
attributed these sub-plateaux to diffusional domains
within each feldspar grain, varying in size by two

orders of magnitude. This model was tested by com-
paring measured step-heating data with model spectra
based on different domain-size distributions, as applied
by Turner et al. (1966) to meteorite studies (section
10.2.4). The variable-domain-size model was shown to
fit the experimental data much better than the uniform
model, thus confirming its usefulness. The result of
this approach was that each analysis yielded a separate
but overlapping cooling-curve segment (open symbols
in Fig. 10.45), rather than a single point on the cooling
curve. Further experiments on single feldspar crystals
by Lovera et al. (1991) showed that domains of vary-
ing size are an intrinsic property of alkali feldspars,
which therefore cannot be separated by hand picking
of material for analysis.

Conventional thermochronometry is based on lin-
ear Arrhenius relationships observed when 39Ar is re-
leased from diffusion domains of uniform size and K
content that obey a simple diffusion law. In their devel-
opment of the K-feldspar method, Lovera et al. (1989)
showed that non-linear Arrhenius trends produced by
conventional step heating could be resolved into sep-
arate linear segments by cycling the heating schedule
up and down.

Subsequent work on a variety of samples showed
that these line segments were effectively parallel, indi-
cating relative constancy of diffusional activation en-
ergies. The vertical separation between different linear
segments on the Arrhenius diagram can then be inter-
preted in terms of relative domain size. If the effective
diffusion radius of the domain which generates the first,
low-temperature array is set arbitrarily to be r0 (‘r ’ is
the equivalent of ‘a’ in section 10.5.1), then the relative
diffusion dimension of each subsequent gas-release
point can be calculated using the following relation:
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)
=
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r2

)
− log

(
DT

r2
0

)
2

[10.19]

Because we are interested only in the relative diffusion
dimension, the exact geometry assumed (slab, sphere
etc.) has little effect on the calculations. Richter et al.
(1991) proposed that each value of log(r/r0) should
be plotted against cumulative 39Ar release in a manner
analogous to an age spectrum plot (Fig. 10.46b).
This plot therefore bridges the gap between the age
spectrum diagram and the Arrhenius diagram.

The working of the ‘Richter plot’ was demonstrated
on an analysis from the Quxu pluton of the Himalayas.
The diagram gave evidence of four plateaus, of
which the three highest-temperature ones correspond
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Fig. 10.46. Comparison of different ways of presenting
data for K-feldspar thermochronometry: (a) the tradi-
tional age-spectrum plot; (b) an r/r0 plot; and (c) the
resulting solution of volume fraction against relative
domain size. After Richter et al. (1991).

to plateaus on the age spectrum plot (Fig. 10.46a). The
lowest-temperature plateau had no corresponding age
because the first five steps were perturbed by excess
40Ar, which had probably diffused into the grains af-
ter cooling of the pluton. However, this did not affect
the 39Ar released during this part of the analysis, which
can still be used to obtain diffusional data. On the other
hand, the highest-temperature step gave an age, but
no diffusional information, because it occurred dur-
ing melting of the sample. After the gas release has
been broken into plateaux, the volume fraction of
each is calculated, and an iterative program is used
(Lovera, 1992) to determine the actual radius ratios
of the domains which will model the observed pro-
file of relative diffusion dimensions. The solution is

Fig. 10.47. Arrhenius plot for K-feldspar from the Chain
of Ponds pluton, Maine. Parallel linear arrays were ob-
tained from the low-temperature gas releases, after
crushing to four different grain sizes. After Lovera et al.
(1993).

shown in Fig. 10.46c. Finally, a cooling curve is deter-
mined (iteratively), which will yield the observed age
spectrum.

In several experiments on K-feldspars from different
orogens, the radius ratio of largest to smallest domains
was determined to be between 100 and 500. Lovera
et al. (1993) performed step-heating experiments on
the Chain of Ponds pluton, Maine (sample MH-10) in
an attempt to find the absolute sizes of these domains.
After crushing, K-feldspar grains were separated into
four size fractions, averaging 425, 138, 54 and 42 µm
in diameter. Following irradiation, a full step-heating
analysis was performed on each size fraction, and the
resulting Arrhenius plots were compared (Fig. 10.47).
The results revealed a dramatic decrease in retentivity
of argon between the 138- and 54-µm size fractions,
attributed to the ‘breaking open’ of the largest diffusion
domain in crushing to 54 µm. Hence, the diameter of
this domain was inferred to be 50–100 µm. On the basis
of relative domain-size ratios, the smallest domain size
was then estimated to be about 0.1 µm.

In an accompanying optical and TEM study,
FitzGerald and Harrison (1993) attempted to deter-
mine the crystallographic identities of the different
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domain sizes. They tentatively correlated the largest
domains with blocks of K-feldspar surrounded by frac-
tured and turbid zones, and the smallest with the dis-
tance of 0.1 µm (100 nm) between albite exsolution
lamellae. However, they were unable to identify any
intermediate-sized domains.

Authors of more recent studies have attempted to
achieve a better understanding of argon diffusion in
K-feldspar by studying gem-quality crystals, which are
expected to display simpler diffusional behaviour. Two
of these studies were performed on the same gem-
quality orthoclase from Madagascar. The first study
(Arnaud and Kelley, 1997) primarily used cyclic step-
heating experiments to investigate the argon-release
behaviour of the orthoclase. This experiment revealed
that Ar release occurred in two stages with differ-
ent activation energies. The main release was consis-
tent with simple volume diffusion from a single do-
main size. However, the low-temperature release could
be explained by invoking either rapid diffusion path-
ways (e.g. short-circuit diffusion) or multi-diffusion
domains. However, this release stage represented only
0.5% of the total 39Ar inventory of the sample, so
Arnaud and Kelley speculated that it actually rep-
resented release of argon from the surface of the
sample, which had possibly been damaged during sam-
ple preparation.

The second study of this material used the ultra-
violet laser-ablation microprobe to perform depth pro-
files of the sample surface (Wartho et al., 1999). This
study revealed that argon release from the surfaces of
the orthoclase crystal was controlled by volume dif-
fusion, just like in the crystal’s interior. In fact, cal-
culations of the effective diffusion radius for the low-
temperature release and the main argon release gave
values of 1.8 and 1.3 mm, respectively, both of which
were consistent with the 2–3-mm dimensions of the
analysed fragments. Therefore, despite the different
activation energies of the different release stages, they
both reflected volume diffusion from a single domain,
which is consistent with the unflawed nature of the
analysed fragments. Possibly, the low-temperature re-
lease was of argon from vacancy sites in the mineral.
It was concluded from these experiments that cyclic
step heating faithfully measured the diffusion param-
eters of the sample. However, they could not provide
further help in understanding complex metamorphic
K-feldspars.

Because the estimated size of the smallest diffusion
domains in the MDD model is similar to the 39Ar recoil
distance, doubts have been expressed (section 10.2.7)
about the meaning of the lowest-temperature argon-
emission data. In addition, Parsons et al. (1999) argued

Fig. 10.48. Comparison of cooling data for the Snake
Range, Nevada. Shaded fields derived from K-feldspar
thermochronometry are consistent with control points
from apatite fission-track analysis and Ar–Ar muscovite
analysis (boxes). After Lee (1995a).

that many K-feldspars display microstructural com-
plexity that is meta-stable during step-heating exper-
iments. Therefore, they suggested that alkali-feldspar
thermochronology using the MDD model is a ‘math-
ematical mirage’ rather than a method that can be
used to recover real thermal histories. However, there
have been several empirical demonstrations that cool-
ing curves based on K-feldspar thermochronology are
in good agreement with other geochronological evi-
dence. For example, Lee (1995a) demonstrated that
there was good agreement of K-feldspar cooling curves
with 40–39 muscovite ages and fission-track apatite
ages in a study of tectonic uplift in the Snake Range,
Nevada (Fig. 10.48).

To provide a more objective test of the reliability
of K-feldspar thermochronology as a technique for re-
covering real thermal histories, Lovera et al. (1997;
2002) analysed the argon-release patterns of a suite
of nearly 200 basement samples. They found that the
most common obstacle to the derivation of thermal his-
tories from step-heating results was inherited argon.
This has long been recognised as a problem in K–Ar
and Ar–Ar dating, and in the study of Lovera et al. it
was manifested by saddle-shaped profiles (intermedi-
ate age minimum) on the age spectrum diagram. On the
other hand, a second type of anomalous behaviour was
manifested as an intermediate age maximum, which
was attributed to low-temperature alteration. Together,
these problems affected about one-half of the total sam-
ple suite of 194 K-feldspars studied. The remaining
half of the sample suite was considered to be ‘well
behaved’, and therefore suitable for analysis by the
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MDD model. In addition, the activation energies in
these samples had a normal distribution (average = 46
± 6 kcal/mol), so a standard protocol could be used to
analyse all samples, thereby minimising subjectivity
in the interpretation of the data.

Lovera et al. (2002) argued that the effectiveness of
the MDD model at explaining the real thermal history
of a sample could be assessed by the goodness of fit
between the step-heating age spectrum and the pattern
of changing effective diffusion-radius ratio (r/r0). If
these two profiles matched in a K-feldspar analysis,
this was held to be evidence that the laboratory argon-
release experiment successfully mimicked the diffu-
sional loss of argon over the cooling history of the
sample. However, in order to demonstrate the quality
of fit between the two profiles, it was necessary to de-
velop quantitative indices for comparing their shapes.
Two indices were calculated for the middle part of
the argon-release curve, after low-temperature inher-
ited argon had essentially disappeared and before the
sample started to melt. These indices are compared in
Fig. 10.49, which shows the analysis spectra from two
K-feldspars, one with an ideal argon-release pattern
and one of poor quality.

The first index is a correlation coefficient, derived
by fitting a polynomial function to each of the two pat-
terns, extracting a series of discrete points at evenly
spaced intervals, then calculating the correlation co-
efficient between the two series. This is shown in the
lower right of each spectrum plot in Fig. 10.49. The
second index is obtained simply by determining the av-
erage value of each series, and then determining where
this point is achieved in the cumulative argon-release
pattern. For the ideal experiment (Fig. 10.49a) the cor-
relation coefficient was 0.98 and the mean points co-
incided. For the poor experiment the correlation coef-
ficient was very poor (0.5) and the mean points did not
coincide. On several other occasions, one or other of
the criteria was satisfied, but not both.

The result of applying this analysis to the complete
sample suite was that 40% of the samples had correla-
tion coefficients above 0.9, leading Lovera et al. (2002)
to suggest that most of the alteration-free samples
without large inventories of inherited argon were suit-
able for thermal-history analysis by the MDD model.
In response to the criticism that the postulated multi-
diffusion domains cannot be identified structurally,
Lovera et al. argued that the empirical results are ade-
quate in themselves to demonstrate the effectiveness of
the method for recovering thermal histories, and that
understanding the structural basis of the model was
of secondary importance. Doubtless, this debate will
continue.

Fig. 10.49. Age spectra and profiles of changing effec-
tive diffusion radius ratio (r/r0) in two step-heating
experiments on basement samples of K-feldspar show-
ing: (a) excellent agreement between the two pro-
file shapes; and (b) poor agreement between profile
shapes. After Lovera et al. (2002).
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11 Rare-gas
geochemistry

The elements known as the rare, inert or noble gases
possess unique properties that make them important
in isotope geology. The low abundance of these rare
gases allows them to sensitively record several types of
nuclear process, even including rare nuclear-fission re-
actions. (In contrast, the relatively larger abundance of
other fission-product nuclides such as the ‘rare’ earths
swamps fissiogenic production.) Another property of
these gases is their inertness, which allows unique in-
sights into the Earth’s interior because of their lack
of interaction with other materials. Finally, as isotopic
tracers, rare gases can give information about the de-
gassing history of the mantle, the formation of the at-
mosphere, and mixing relationships between different
mantle reservoirs.

11.1 Helium

Helium has two isotopes, 4He and 3He. The former
was recognised by Rutherford (1906) to be the α-decay
product of actinide elements, and hence comprised the
first radiometric dating method. However, the great dif-
fusivity of helium made the method very susceptible
to thermal disturbance, and it has therefore been aban-
doned in all but the most specialised applications (e.g.
Wernicke and Lippolt, 1993).

Non-radiogenic 3He was first discovered in nature
by Alvarez and Cornog (1939). Alvarez and Cornog
estimated (using a cyclotron) that atmospheric helium
had a 3He/4He ratio ten times greater than that of
natural oil-well gases from the Earth’s crust. Aldrich
and Nier (1948) confirmed this observation by mass-
spectrometric measurements, and determined atmo-
spheric and well-gas 3He/4He ratios of about 1.2 ×
10−6 and 1 × 10−7, respectively. They concluded that
there must be independent sources of the two isotopes,
one of which could be primordial.

11.1.1 Mass spectrometry

Mass-spectrometric analysis of helium is broadly sim-
ilar to argon isotope analysis in K–Ar dating (section

10.1.1). However, in helium isotope analysis there
are no ‘extra’ isotopes available to allow accurate
correction for atmospheric contamination. Therefore
it is critical to minimise the extent of this con-
tamination during helium extraction and analysis.
Uncertainties in the atmospheric ‘blank’ may con-
tribute the principal error in helium isotope analysis,
especially for rock samples. Well-gas samples, being
larger, are less susceptible to atmospheric contami-
nation during analysis, but may have come from an
open system in the natural environment. In the case of
rock analysis, absorbed atmospheric helium is usually
driven off by heating overnight at 200–300 ◦C. The
sample gas may then be extracted by melting the rock
or by crushing under vacuum. A combination of the
two techniques (e.g. Kurz and Jenkins, 1981) provides
an extra check against the possibility of atmospheric
contamination, both in the laboratory and in the envi-
ronment.

Two steps are necessary in order to reduce blank lev-
els in the mass spectrometer for all rare-gas analyses.
One is to polish all internal surfaces of a metal instru-
ment to minimise absorption of gas onto the walls of
the vacuum system. Another is to reduce the internal
surface area of the instrument as much as possible, for
example by boring the flight tube out of a solid piece
of steel rather than using welded pipe. A low inter-
nal volume also yields better sensitivity for very small
samples.

All rare-gas analyses are performed in the static gas
mode (i.e. with vacuum pumps isolated). As a result,
hydrogen tends to build up in the instrument, so that
its molecular ions HD+ and H+

3 cause isobaric inter-
ferences onto 3He+. Therefore, the vacuum system in
some older machines contains a small titanium ‘getter’,
designed to absorb H2 released inside the instrument
(Clarke et al., 1969). Nevertheless the peak composed
of HD and H3 may still be much larger than that of
3He, so it is essential to separate them by mass. This
can be done by making use of the 0.006-atomic-mass-
unit difference between 3He and the other two species
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Fig. 11.1. Scan of peaks in the region of mass 3 dur-
ing helium isotope analysis, showing the separation of
molecular interference using high spectral resolution.
Masses are quoted relative to 12C = 12.000. After Lup-
ton and Craig (1975).

(Fig. 11.1) which results from their different nuclear
binding energies. In order to achieve this separation
at mass 3, a resolution of one mass unit in 600 is
necessary, which can be achieved with an instrument
of about 25 cm radius (Clarke et al., 1969; Kurz and
Jenkins, 1981).

In order to measure the very large difference in in-
tensity between 3He and 4He signals, it is most con-
venient to measure the former on a multiplier detector
and the latter by Faraday detector. These can only be
used in the static collection mode if a branched flight
tube is available, because of the extreme divergence of
the mass-3 and mass-4 ion beams (Lupton and Craig,
1975). Alternatively, peak switching is performed by
changing the accelerating potential or magnetic field
(e.g. Clarke et al., 1969; Poreda and Farley, 1992).

11.1.2 Helium production in nature

In order to determine whether primordial helium is
an important constituent in the Earth, it is necessary
to determine the 3He/4He ratio of primordial solar-
system helium, and also the production ratio in nuclear
and cosmogenic processes. A good indication of the
composition of primordial helium is provided by the

3He/4He ratio of (2–4)×10−4 measured in gas-rich car-
bonaceous chondrites (Pepin and Signer, 1965). These
meteorites have such high primordial gas contents that
their composition is not significantly perturbed by ‘cos-
mogenic’ helium (a product of cosmic-ray spallation
effects). In contrast, most 3He in iron meteorites is cos-
mogenic.

Early calculations of the nuclear 3He/4He produc-
tion ratio in igneous rocks were made by Morrison and
Pine (1955). Radiogenic production of 4He is obvious,
since the α particle is synonymous with a 4He nucleus.
However, ‘nucleogenic’ 3He can also be generated by
neutron bombardment of light atoms. Radioactive de-
cay of uranium generates a neutron flux in rocks by two
mechanisms. Spontaneous fission is a minor source,
but by far the dominant source of neutrons is the colli-
sion of α particles with nuclei of light elements. Some
of these neutrons reach epithermal energies, where they
can induce the (n, α) reaction on lithium. The tritium
thus produced decays to 3He:

6Li + n → 3H + α
3H → 3He + β (t1/2 = 12 yr)

Kunz and Schintlmeister (1965) calculated that 3He
generation by this reaction is at least three orders
of magnitude more efficient than all other neutron-
induced reactions. Given the uranium (plus thorium)
and lithium content of a rock, the 3He/4He yield can be
calculated (Gerling et al., 1971). The results are con-
sistent with the range of (1–3) × 10−8 measured empir-
ically in old granites. The calculations were also con-
firmed by experimental irradiation of ultrabasic rocks
in a reactor (Tolstikhin et al., 1974). Some other pos-
sible sources of 3He (via tritium) are

238U → fission products + (2 × 10−4) 3H
7Li + α → 8Be + 3H
7Li + γ → 4He + 3H

However, Mamyrin and Tolstikhin (1984) calcu-
lated total 3He/4He production ratios of 8 × 10−12,
<7 × 10−9 and about 10−13, respectively, for these
reactions, making them insignificant compared with
the main (n, α) reaction. It was concluded from these
observations and calculations that no nuclear process
is capable of generating 3He/4He ratios significantly
greater than 10−8 in normal rocks. However, uranium
ores generate lower ratios, while Li-rich minerals gen-
erate abnormally high ratios.

Another mineral in which high 3He/4He ratios have
been observed is diamond. Values up to 3 × 10−4 were
interpreted by Ozima and Zashu (1983) as indicative of
primordial mantle reservoirs, but have been attributed
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by later workers to either nucleogenic or cosmogenic
3He production. For example, Lal et al. (1987) at-
tributed high 3He/4He ratios in alluvial diamonds from
Zaire to cosmogenic production while the diamonds
had been exposed at the surface.

On the other hand, Kurz et al. (1987) and Zadnik
et al. (1987) measured 3He/4He ratios as high as
1.4 × 10−3 in diamonds mined directly from kimber-
lite pipes at depths of about 26 and 200 m, respectively.
Since cosmic rays cannot penetrate to such depths,
these helium signatures were attributed to nucleogenic
production. Evidence for this interpretation came from
the observation of isotopic variability within individ-
ual diamonds, and the determination of 3He/4He ra-
tios higher than solar in the latter study. In both cases,
3He production was attributed to the (n, α) reaction on
lithium. For this process to occur, the diamond and its
inclusions must be irradiated by neutrons from outside
the crystal, so that radiogenic 4He production in the
diamond itself is suppressed.

In situ cosmogenic helium production in terrestrial
rocks was proposed by Jeffrey and Hagan (1969), but
was not identified unambiguously until work by Kurz
(1986a) and Craig and Poreda (1986). In a detailed he-
lium isotope study of sub-aerial lavas from Haleakala
volcano, Kurz discovered very high 3He/4He ratios re-
leased by step heating of some near-surface 0.5–0.8-
Myr-old alkali basalts. Low-temperature gas releases
from samples within 0.5 m of the weathered surface
gave 3He/4He ratios over 10−3 (Fig. 11.2). These val-
ues are even higher than those for primordial meteoritic
or solar-wind helium.

In contrast, step heating of samples from a simi-
lar stratigraphic horizon that were buried under about
160 m of younger flows yielded MORB-like helium
(3He/4He = 1.2 × 10−5). Helium released by crush-
ing of phenocrysts also gave a MORB signature, both
for the buried and for the surface samples. Therefore,
Kurz argued that crushing released magmatic helium
from vesicles, but step heating of old surface samples
released dispersed cosmogenic helium from the rock
matrix. Young surface samples such as the 1790 flow
on Haleakala do not show these effects, ruling out an-
thropogenic bomb tritium as the source of the 3He.

Kurz (1986b) went on to examine cosmogenic 3He
production as a function of depth below the surface of a
lava flow. Spallation reactions caused by cosmogenic
neutrons are the dominant source of 3He at the sur-
face, but neutron fluxes are attenuated exponentially
downwards. Nevertheless, 3He abundances exhibited
less attenuation with depth than expected. This was
attributed to production by cosmic-ray muons, which
have a greater penetration depth than neutrons. Muon

Fig. 11.2. Step-heating helium isotope analysis of a sur-
face sample of Haleakala lava, showing a large cos-
mogenic component, especially in the low-temperature
release steps. Crushed vesicles yield the ‘true’ mantle
value. After Kurz (1986a).

capture by nuclei causes neutron emission, which in
turn produces 3He via the (n, α) reaction on lithium.
The depth dependences of different production routes
for 3He are summarised in Fig. 11.3 (Lal, 1987).

Cosmogenic isotopes constitute a useful tool for
determining exposure ages of rock surfaces (section
14.6). However, the great diffusivity of helium may
be a problem in using 3He in such studies. For exam-
ple, Cerling (1989) showed that helium was often not
quantitatively retained in quartz, the most widely used
material in surface-exposure dating. On the other hand,
21Ne displays cosmogenic production with an attenu-
ation depth similar to that of 3He (Sarda et al., 1993).
The lower diffusivity of neon may therefore make it
more widely useful in surface-exposure dating (sec-
tion 11.2.1).

11.1.3 Terrestrial primordial helium

The first accurate determinations of the atmospheric
3He/4He ratio were made by Mamyrin et al. (1970) and
Clarke et al. (1976), yielding ratios of 1.40 × 10−6

and 1.38 × 10−6. Because atmospheric helium is uni-
versally used as a mass-spectrometric standard, it is
convenient to express 3He/4He ratios in unknown sam-
ples relative to the atmospheric ratio in the form
Runknown/Rair (R/RA). However, because cosmogenic
3He production in the atmosphere is difficult to
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Fig. 11.3. Calculated rates for production of 3He by dif-
ferent processes as a function of depth in a rock surface.
Depths are expressed as kg/cm2, which is approximately
equal to 1/3 × depth in metres. After Lal (1987).

quantify accurately, it is not possible to prove the exis-
tence of a primordial helium source in the Earth simply
by the fact that the atmosphere is two orders of mag-
nitude richer in 3He than the radioactive production in
rocks.

Stronger evidence of a primordial helium signature
in the Earth was provided by Clarke et al. (1969), when
they discovered that deep water from the Pacific Ocean
was enriched in 3He by up to 20% relative to the atmo-
sphere. However, Sheldon and Kern (1972) and Lupton
and Craig (1975) hypothesised that this could conceiv-
ably be due to a temporary weakening of the Earth’s
magnetic field, during which the atmospheric 3He/4He
ratio was elevated by greater penetration of cosmic
rays.

Convincing evidence of primordial helium in the
Earth was first provided by Mamyrin et al. (1969), who
found 3He/4He ratios ten times the atmospheric ratio in
thermal fluids from the Kurile Islands. Subsequently,
3He/4He ratios as high as twenty times atmospheric
were found in hot springs from Iceland (Mamyrin et al.,

Fig. 11.4. Plot of helium isotope ratios along the Mid-
Atlantic Ridge, expressed as deviations from the atmo-
spheric value (R/RA). The primordial 3He signature of
the Iceland plume (×) is elevated relative to MORB (●).
Shaded fields display mixing of sources. After Kurz et al.
(1985).

1972). Even higher R/RA values have been found in
oceanic volcanic rocks: up to 26 in sub-glacial basaltic
glasses from Iceland and up to 32 in basaltic glass from
Loihi Seamount off Hawaii (Kurz et al., 1982). These
values are regarded as reliable indicators of primordial
helium because they come from rocks that have been
shielded from in situ cosmogenic production, either by
water or by ice.

The highest R/RA value for any plume source (38)
was found in crushed phenocrysts from an olivine
basalt in the neovolcanic zone of NW Iceland (Hilton
et al., 1999). These rocks are not shielded from cos-
mogenic production, but it was argued that the possi-
bility of cosmogenic contamination of the data could
be excluded. This was based on the observation that
the residues from crushing (which should contain any
dispersed cosmogenic component) had less-elevated
3He/4He ratios than the gases released by crushing.
The helium signature of the Iceland plume can also
be seen spreading out over a large area of the North
Atlantic as the plume head contaminates the astheno-
spheric upper mantle (Fig. 11.4).

11.1.4 The ‘two-reservoir’ model

In contrast to the variable helium isotope signatures
in OIB, Craig and Lupton (1976) found a relatively
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narrow range of R/RA ratios around 9 in MORB
glasses from various ocean basins. Subsequent data
have confirmed this narrow helium isotope range in
MORB, relative to the large variations in plumes (e.g.
Fig. 11.4). The intermediate helium isotope compo-
sition of MORB, between those of atmospheric and
plume sources, can be explained by partial outgassing
of primordial helium from the upper mantle, followed
by radiogenic helium production. This caused the up-
per mantle to develop a lower 3He/4He composition
than the un-degassed lower mantle, where radiogenic
production is swamped by primordial helium.

This partial-degassing or ‘two-reservoir’ model for
the mantle was originally proposed to explain argon
isotope systematics (Hart et al., 1979), and was ap-
plied to helium by Kaneoka and Takaoka (1980). Un-
fortunately, Kaneoka and Takaoka based their case on
rare-gas compositions in phenocrysts from Haleakala
volcano, Hawaii, which were subsequently shown to
be contaminated with atmospheric argon and cosmo-
genic helium (Fisher, 1983; Kurz, 1986a). However,
more recent data from OIB samples have confirmed
the elevated R/RA value of the plume source, as noted
above. Hence the two-reservoir model for mantle he-
lium has been widely accepted.

An early test of the two-reservoir model was per-
formed by comparing helium and heat fluxes from the
Earth (O’Nions and Oxburgh, 1983). These fluxes must
be related because the decay of uranium and thorium
produces both radiogenic helium (alpha particles) and
also radioactive heating. Taking account of the small
amount of heat also derived from 40K decay, O’Nions
and Oxburgh (1983) calculated that 1012 atoms of 4He
would be generated in the mantle per joule of heat pro-
duction. They then calculated the concentration of U
necessary to generate the observed helium and heat
fluxes. The results were somewhat surprising, because
the amount of uranium required to generate 88% of
the Earth’s oceanic helium flux can produce only 3%
of the oceanic heat flow.

The logical source for some of the remaining heat
flux is crystallisation of the inner core, which releases
heat through the outer core and mantle by convection.
However, this convection must operate in such a way
that the reservoir of primordial 3He in the Earth’s inte-
rior is not completely exhausted. Therefore, O’Nions
and Oxburgh proposed that a boundary layer inhibits
upward transport of helium from the ‘primordial’ reser-
voir much more effectively than it inhibits the trans-
port of heat. They envisaged this boundary layer at
700 km depth, separating the upper and lower mantle.
This would imply that the whole of the lower mantle is
a kind of primordial helium reservoir. Other workers

have preferred the core–mantle boundary, although it
is not clear whether the core could represent the repos-
itory of primordial Earth helium. This question will be
discussed further below.

Another challenge for the two-reservoir model is to
explain the respective concentrations of helium and
other rare gases in the two reservoirs. Thus, if OIB
come from the un-degassed source, we would expect
them to contain more helium than MORB glasses
from the degassed upper mantle. However, OIB
glasses actually have ten times less 3He than MORB
glasses (Fisher, 1985). This observation has sometimes
been called the helium paradox (e.g. Hilton et al.,
2000). However, although this evidence is problem-
atical, it is not definitive, due to the poorly constrained
behaviour of rare gases during the melting process. For
example, the dynamics of mantle convection and melt
segregation under ridges must be different from those
of plumes; so that ridge magmas collect helium from
a greater volume of mantle during the melting process
(section 13.3.6). Hence, most workers have taken the
isotopic evidence in favour of the two-reservoir model
for helium as definitive, and over-riding any problems
involving rare-gas abundances. The case for the heavy
rare gases will be discussed later.

The existence of a primordial helium reservoir in
the Earth was challenged more recently by Anderson
(1993), who attributed this signature to the subduc-
tion of cosmic (interplanetary) dust particles. These
particles were found to accumulate in ocean-floor sed-
iments by Merrihue (1964). Cosmic dust has 3He/4He
ratios similar to those of gas-rich meteorites (about
3 × 10−4), but unlike meteorites, these particles can
fall to Earth without burning up in the atmosphere
(Nier and Schlutter, 1990). Hence, ocean-floor sedi-
ments develop a ‘primordial’ helium isotope signature
(Fig. 11.5a).

The rare gases in cosmic dust particles are encapsu-
lated in magnetite grains, which are relatively resistant
to thermal degassing (Matsuda et al., 1990). Therefore,
the cosmic helium in ocean-floor sediments might sur-
vive the subduction process and be transported into
the deep mantle. In contrast, atmospheric rare gases
trapped in ocean-floor sediments are very susceptible
to thermal degassing. Staudacher and Allègre (1988)
argued that subduction-related volcanism is at least
98% efficient at scavenging these atmospheric gases
from subducted sediments before they can reach the
deep mantle.

Because cosmic dust might survive the ‘subduction
barrier’ against atmospheric rare gases, it has the po-
tential to deliver helium with a primordial signature
into the deep mantle. This possibility was recognised
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Fig. 11.5. Histograms of (a) 3He/4He and (b) 3He/20Ne
in cosmic dust particles (stipple) and ocean-floor sedi-
ments (white) compared with the rare-gas composition
of MORB (hatched) and OIB (black). The solar-wind com-
position is shown for reference. Data from Allègre et al.
(1993).

by several workers (e.g. Allègre et al., 1993), but An-
derson (1993) took the model a step further by attribut-
ing most of the primordial helium signal in mantle hot-
spots to subducted cosmic dust. However, Allègre et al.
(1993) used neon isotope data to place upper limits
on the amount of cosmic 3He which can enter plume
sources. They noted that the 3He/20Ne ratio in cos-
mic dust is one to two orders of magnitude lower than
the 3He/20Ne ratio in the upper mantle (Fig. 11.5b).
Furthermore, helium has a much greater diffusivity
than neon, which would promote its preferential de-
gassing from grains of cosmic dust during subduction
(Hiyagon, 1994). Therefore it appears that subduction
of cosmic dust cannot contribute more than a small
fraction of the mantle 3He budget without causing ex-
cessive enrichment of 20Ne in submarine glasses.

Although helium isotope ratios provide the best ev-
idence for a primordial gas reservoir in the Earth, this
single isotope ratio cannot provide enough degrees of
freedom to constrain the complex mixing processes ex-
pected to occur in the mantle. Hence, various attempts
have been made to compare helium isotope signatures
with other isotope ratios in oceanic volcanics, in order
to provide extra constraints on mantle processes.

One such approach is the comparison of helium
and strontium isotope data (Kurz et al., 1982; Lup-
ton, 1983). MORB samples define a restricted range

Fig. 11.6. Plot of 3He/4He against Sr isotope ratio to
show mixing between the MORB reservoir and primor-
dial and recycled plume sources. For discussion, see the
text. After Lupton (1983).

of compositions on a plot of helium isotope ratio
against 87Sr/86Sr ratio, but ocean islands are widely
scattered (Fig. 11.6). While Loihi defines the most pri-
mordial helium composition, some ocean islands such
as Tristan, Gough and the Azores have 3He/4He ratios
lower (more radiogenic) than MORB. Similar low ra-
tios have subsequently been found in the HIMU islands
of the SW Pacific (Hanyu and Kaneoka, 1997). These
low 3He/4He ratios require a component of radiogenic
helium from a long-lived U- or Th-rich source, which
can most easily be satisfied by the recycling of oceanic
crust and sediments into the mantle, as inferred from
lithophile isotope data (section 6.5). Finally, a possi-
ble third type of plume source is exemplified by the
data distribution from Samoa in Fig. 11.6. This was
originally attributed to mixing of primordial and recy-
cled helium in the deep mantle, but more recent work
suggests a mixing process in the shallow mantle as the
cause (section 11.1.5).

The MORB field in Fig. 11.6 breaks into two lobes
with geographical boundaries. The main field trends
slightly towards the primordial source, while the Mid-
Atlantic Ridge between 33 and 50 ◦N defines a sub-
sidiary field with more radiogenic helium, which is
consistent with contamination by the nearby Azores
plume. This evidence suggests that plumes break into
trains of blobs that locally contaminate the MORB
source. According to the nature of the plume material
contaminating any given ridge segment, the MORB
array can trend towards either the primordial or the
recycled type of plume.
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Models that involve large-scale recycling of crustal
sources back into the mantle imply that the upper man-
tle has a short residence time for many elements, and
would therefore have reached a steady-state condition
at the present day (e.g. sections 6.3.3 and 13.3.7).
In view of the ease with which helium can escape
from any system at elevated temperatures, it repre-
sents the ultimate incompatible element, and should
therefore have the shortest residence time. Since it was
argued above that subduction of helium is negligible,
input to the upper mantle must be restricted to pri-
mordial helium escaping from the lower mantle, plus
in situ production of radiogenic helium from U-series
isotopes.

Kellogg and Wasserburg (1990) assumed a steady
state between supply and degassing in order to deter-
mine the residence time of helium in the upper mantle.
They argued that ridges are the principal sites where
helium escapes from the upper mantle (whereas hot-
spots dominate in outgassing the lower mantle). Hence,
they used a simple calculation to estimate the residence
time of helium in the upper mantle:

τ = mass of upper mantle/rate of outgassing

Assuming a depth of 670 km, the upper mantle has a
mass of 1 × 1027 g. Also, assuming ocean-floor pro-
duction at 3.5 km3/yr and a melting depth of 60 km, the
rate of mantle outgassing is estimated at 7 × 1017 g/yr.
Hence, Kellogg and Wasserburg calculated a helium
residence time of 1.4 Byr in the upper mantle. On the
other hand, O’Nions and Tolstikhin (1994) estimated a
somewhat shorter residence time of 1.1 Byr, assuming
an upper mantle mass of 1.1 × 1027 g and an outgassing
rate of 1 × 1018 g/yr (corresponding to a melting depth
of 90 km). These relatively short residence times sug-
gest that the upper mantle has been completely out-
gassed of primordial helium. However, in view of the
extreme volatility of helium, they also represent a mini-
mum for the upper-mantle residence times of lithophile
elements (section 6.3.3).

Contamination of the MORB source by OIB sources
can occur at various scales, from plumes to isolated
blobs and sheets. To evaluate this process, Allègre et al.
(1995) examined the dispersion of helium isotope data
in MORB as a function of the spreading rates of var-
ious ridges. They found that several ridges defined a
strong inverse correlation between isotopic dispersion
and spreading rate (Fig. 11.7). This led them to suggest
that the MORB source has a stirring time for helium
about four times shorter than the mean residence time
of helium in this source. Other authors have exam-
ined isotopic variations of particular ridge segments in
more detail, and shown how these can be explained by

Fig. 11.7. Plot of the standard deviation of helium iso-
tope ratios for various ridges against the reciprocal of
spreading rate, showing a good correlation for several
ridges. The South Pacific displays more isotope hetero-
geneity than expected. After Allègre et al. (1995).

local contamination by plums or plumes. For example,
Graham et al. (1996) observed correlated He–Pb and
He–Sr isotope systematics in the South Atlantic.

The relatively coherent account of the two-reservoir
model given above has been threatened more re-
cently by increasing geophysical evidence for single-
layer mantle convection (section 6.2.3). This militates
against traditional box models, which make the lower
mantle the source of primordial helium signatures. Sev-
eral alternative approaches have been proposed to deal
with this problem.

An attractive way of preserving the two-reservoir
model in a mantle with single-layer convection is to
invoke increasing mantle viscosity with depth. It is ar-
gued that this could cause large lumps of the lower
mantle to be preserved intact, without being streaked
out and homogenised by convection. This model was
tested by two-dimensional numerical modelling of
one-layer convection in such a mantle (van Keken and
Ballentine, 1998; 1999). However, these workers ar-
gued that models which were realistically close to the
real Earth in terms of viscosity and phase transforma-
tions could not preserve lower-mantle domains large
enough to retain a significant primordial helium reser-
voir. Opinion about the effect of three-dimensional
modelling is divided: van Keken and Ballentine (1999)
argued that this would cause more rapid homogenisa-
tion, whereas other workers (e.g. Schmalzl et al., 1995)
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suggested that it would cause less rapid homogenisa-
tion.

A second approach to preserving the two-reservoir
model is to place the primordial reservoir in the core.
Work by Matsuda et al. (1993) suggested that the
core would have only a limited helium budget, but on
the other hand, osmium isotope data (section 8.3.5)
support this model. A recent review of the evidence
(Porcelli and Halliday, 2001) is equivocal.

A third approach to this problem is to dismantle,
at least partially, the two-reservoir model. For exam-
ple, studies by Coltice and Ricard (1999), Anderson
(2001) and Seta et al. (2001) suggested that the ‘pri-
mordial’ or ‘relatively un-degassed’ helium reservoir
does not exist. Instead, they argued that all of the man-
tle is equally degassed, but some parts (e.g. the MORB
reservoir) are more enriched in radiogenic helium due
to U recycling via enriched OIB plumes. Anderson
again took the most extreme position, suggesting that
OIB are actually derived from a shallow mantle reser-
voir. In contrast, other workers still require a lower-
mantle plume source, with a relatively high 3He/4He
ratio which must be preserved against convective ho-
mogenisation with the more radiogenic upper mantle.
However, Seta et al. argued that such a distinction is
easier to preserve than a primordial helium reservoir,
because it needs to be preserved only for about 2 Byr,
whereas a primordial reservoir must be preserved for
4.5 Byr. This argument is illustrated in more detail in
Fig. 11.8.

Although this model can be represented numerically,
this does not necessarily mean that it is a realistic
Earth model. Indeed it has several problems. Firstly,
the new helium data from Iceland (R/RA = 38) sug-
gest that some plume sources are less degassed than
had previously been thought, placing tighter limits on
the amount of degassing possible from this source. Fur-
thermore, evidence for a relatively un-degassed mantle
source is supported by new neon data (section 11.2.2).
Finally, new data from some plume sites with low
R/RA values suggest that some of these may be due
to shallow mixing with radiogenic sources. Therefore,
the average R/RA value of the plume source is higher
than proposed by Anderson. It is concluded that a gen-
uine primordial helium source is probably still present
in the Earth. To the present author, the evidence now
favours the core.

11.1.5 Crustal helium

Of the continental helium flux, 99% is radiogenic,
and can be sustained by a U equivalent concentra-
tion of 6 ppm in the upper 8 km of the crust. This can

Fig. 11.8. Plot of helium isotope ratios against time to
show how uniform degassing plus excess production of
radiogenic helium in the MORB reservoir (from recycled
uranium) could give rise to present-day signatures simi-
lar to those of the traditional variable-degassing model
(dashed lines). After Seta et al. (2001).

also explain 50% of the continental heat flux. Hence,
the other 50% of continental heat flow must be sub-
continental, whereas less than 1% (primordial plus ra-
diogenic) of the continental helium flux comes from
the mantle. In this case it is clear that the continen-
tal crust is a boundary layer. Mantle-derived heat can
be carried across it conductively, but mantle-derived
helium only leaks through the crust in certain discrete
areas. These are normally areas of active magmatism.

Well-gas studies demonstrate the local nature of
mantle helium transport through the crust. Oxburgh
et al. (1986) showed that sedimentary basins resulting
from crustal loading, such as the Alpine Molasse basin,
yield helium with very low R/RA values around 0.05,
whereas sedimentary basins formed by extensional tec-
tonics, such as the Rhine Graben and the Pannonian
basin of Hungary, may yield helium with much higher
R/RA values around unity (Fig. 11.9a). The huge ‘Pan-
handle’ gas field in the southern USA is particularly
interesting. It is one of the world’s largest gas fields,
and has helium contents of up to 2%. In the south, the
reservoir is draped over uplifted Proterozoic–Paleozoic
basement, and in this region R/RA values as low as
0.06 have been measured (Fig. 11.9b). In contrast, the
northern part of the reservoir is in an area of recent ig-
neous activity. Here, R/RA values up to 0.2 have been
measured, corresponding to 2% MORB-type helium
(Oxburgh et al., 1986).
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Fig. 11.9. Histograms showing variation in R/RA values
(on a log scale) in different types of sedimentary basin.
After Oxburgh et al. (1986).

More recently, helium analysis of geothermal fluids
was used by Hilton et al. (1993b) and Hoke et al. (1994)
to probe the width of the mantle melting zone behind
the Andean subduction zone. Both studies revealed
high R/RA values (indicative of a significant frac-
tion of mantle helium) in the magmatic zone centred
on the Altiplano. In contrast, R/RA values below 0.5
were found in the trench zone in front of the magmatic
arc, and behind the Eastern Cordillera (Fig. 11.10).
Hilton et al. found good agreement between helium
analyses of geothermal fluids and phenocrysts from
nearby volcanoes. However, because of the high al-
titude of these volcanoes, special rapid-crushing pro-
cedures were necessary in order to minimise contam-
ination from a large in situ cosmogenic component.
Hoke et al. attributed high R/RA values in the cen-
tral section of the Andes to thinned lithosphere result-
ing from subduction erosion. The lower R/RA val-
ues behind the Eastern Cordillera probably mark the
transition from hot thin lithosphere above the subduc-
tion zone to the thick cold lithosphere of the Brazilian
shield.

It is now widely understood that heavy rare gases
in OIB magmas are very susceptible to shallow-level
contamination in magmatic systems (sections 11.2–
11.4). However, recent work shows that helium iso-
tope signatures in OIB may also be susceptible to
such contamination processes. These processes can

Fig. 11.10. Variation of R/RA values across the Central
Andes, compared with a 1/1 cross section showing pro-
posed thinning of the lithosphere within the mantle
wedge: (◦) = gas sample; (●) = water sample. After Hoke
et al. (1994).

potentially be mistaken for the signature of deep-
mantle sources in OIB.

For example, Hilton et al. (1993a) found a strong
correlation between R/RA value and petrology in sub-
marine volcanic glasses from the Lau back-arc basin,
situated behind the Tongan arc. Basaltic samples from
the centre of the basin had relatively high helium con-
tents (up to 10 µcc/g), and normal MORB-like R/RA

values of 8 (Fig. 11.11). However, more differenti-
ated glasses from just behind the magmatic arc had
much lower helium contents (<0.2 µcc/g) and R/RA

values as low as unity. Given this correlation between
3He/4He ratio, helium content, and petrology, Hilton
et al. attributed the lower R/RA values in differenti-
ated glasses to shallow-level contamination, probably
due to crustal assimilation by magmas that had largely
been degassed of mantle helium.

Hilton et al. (1995) observed similar evidence
in phenocryst phases from two different lava se-
ries on Heard Island, in the Kerguelen Archipelago.
Phenocrysts from the Laurens Peninsula series had
a plume-type helium signature with R/RA of 16–
18. However, phenocrysts from the Big Ben series
had MORB-like R/RA values in helium-rich sam-
ples, but lower R/RA values in helium-poor samples
(Fig. 11.12a). In the latter sample suite, isotopic dis-
equilibrium between olivine and cpx phenocrysts was
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Fig. 11.11. Plot of helium isotope composition (in vesi-
cles) against the silica content of Lau Basin submarine
volcanics, showing an inverse correlation. After Hilton
et al. (1993a).

observed. Therefore, Hilton et al. suggested that con-
tamination with radiogenic helium occurred imme-
diately before eruption, probably during phenocryst
growth in shallow magma chambers.

Several other hot-spots with R/RA values lower than
MORB and elevated Sr isotope ratios (up to 0.705) have
been attributed to crustal recycling into the OIB source
reservoir (Fig. 11.6). However, Hilton et al. observed
that low R/RA values in these islands were also as-
sociated with low total helium contents (Fig. 11.12b).
Hence, they suggested that the radiogenic helium sig-
natures in these islands also result from contamination
within the oceanic lithosphere, rather than recycling of
sediment into the deep mantle.

A different scenario is seen in Samoan basalts,
which have a unique combination of elevated R/RA

and radiogenic Sr (Fig. 11.6). Peridotite xenoliths in
these lavas have very radiogenic Sr isotope signatures,
which are attributed to metasomatism by an EMII
mantle component (section 6.5.2). However, helium
isotope analysis of fluid inclusions from the xeno-
liths revealed high R/RA values of around 12 (Farley,
1995a). This was unexpected, since a recycled sedi-
ment component should have radiogenic helium with
low R/RA values. However, the fluids also had C/3He
ratios of about 3 × 109 that were typical of mantle val-
ues and distinct from ratios of over 1011 seen in sed-
iments (see below). The combined evidence suggests
that the volatile component of the metasomatic fluid
was derived from the deep mantle and only recently
mixed with a volatile-poor melt of subducted sediment.

Fig. 11.12. Plot of helium isotope ratio against abun-
dance, showing (a) depressed R/RA values in helium-
poor samples from Big Ben volcano, Heard Island; and
(b) similar features in other OIB. After Hilton et al.
(1995).

Because subducted sediment accumulates radiogenic
helium from uranium decay, the high R/RA value of
the metasomatic fluid places limits on the mantle res-
idence time of the sediment since subduction. On the
basis of binary strontium–helium mixing calculations,
Farley estimated a residence time of only 10 Myr, sug-
gesting that the sediments were incorporated into the
plume from the nearby Tongan trench.

11.1.6 Helium and volatiles

The comparison of helium isotope data with other rare-
gas tracers will be discussed below. However, helium
isotope compositions can also be used to place impor-
tant constraints on the interpretation of other volatile
species, the most important of which are carbon diox-
ide and methane.

Carbon fluxes in the Earth are difficult to constrain
because of the reactivity of this element. However,
Marty and Jambon (1987) argued that, if the abundance
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Fig. 11.13. Plot of C/3He ratio against glass vesicularity
for MORB samples: (◦) = heated glass; (●) = crushed
vesicles. After Marty and Jambon (1987).

of carbon could be tied to 3He in major mantle prod-
ucts such as MORB, helium fluxes might be usable as
a measure of the carbon flux in a variety of environ-
ments. They collated C/3He data for MORB from var-
ious ocean basins and found a relatively narrow range
with an average C/3He ratio of about 2 × 109.

In a parallel study, Jambon and Zimmerman (1987)
showed that the C/3He ratios measured by heating
MORB glass and by crushing of vesicles were sim-
ilar (Fig. 11.13), suggesting that the measured ratios
are indicative of the basaltic magma itself, and are
not severely fractionated relative to one another during
eruption. This is attributed to the similar solubilities of
helium and carbon dioxide in basaltic magma. Taken
together, these pieces of evidence suggest that the mea-
sured ratio is typical of the C/3He flux from the upper
mantle on a world-wide scale.

O’Nions and Oxburgh (1988) took these deduc-
tions further, by arguing that the oceanic upper-mantle
flux of C/3He could also be applied to mantle-derived
volatile fluxes through the continental lithosphere.
They examined as an example the Pannonian basin
of Hungary, which has an R/RA value as high as 6,
suggesting that mantle-derived helium comprises up to
90% of the total helium flux in parts of the basin. This
is attributed to its extensional tectonic setting. Mea-
surements of helium abundance for a major aquifer in
the Pannonian basin were used by Martel et al. (1989)
to estimate a mantle 3He flux of 8 × 104 atoms/m2

per s for the basin as a whole, which is greater than the
globally averaged oceanic flux. Hence, O’Nions and
Oxburgh concluded that, if extensional zones such as
the Pannonian basin make up a significant fraction of

the lithosphere, they must also make a major contribu-
tion to the global carbon inventory of the crust.

11.1.7 Helium and interplanetary dust

It is well established that high 3He/4He ratios in ocean-
floor sediments reflect the accumulation of interplan-
etary dust particles (IDPs). However, the question
of temporal variability in the IDP flux has only re-
cently been examined (Takayanagi and Ozima, 1987).
These authors studied 3He variability in a 10-m pelagic
clay core from the Central Pacific and a 150-m nano-
fossil ooze core from the South Atlantic. The former
spanned 0–3 Myr, whereas the latter, with generally
higher sedimentation rates, spanned 0–40 Myr. Sedi-
mentation rates were determined in both cases by pa-
leomagnetism, supplemented in the 3-Myr-old core
with 10Be data (section 14.3.4). The observed range of
3He/4He ratios was attributed to mixing of 0.1–1 ppm
of IDPs with terrestrial sediment (Fig. 11.14).

Fig. 11.14. Plot of 3He abundance against isotope ra-
tio in pelagic clays from the Central Pacific, compared
with mixing lines between cosmic dust and terrestrial
sediments. After Takayanagi and Ozima (1987).
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However, the 3He content of IDPs is ten orders of mag-
nitude higher than that of terrestrial sediment, so the
IDP fraction totally dominates the 3He budget of the
samples.

In both cores studied by Takayanagi and Ozima, 3He
contents were inversely correlated with sedimentation
rate. The 3He deposition flux was therefore determined
by multiplying the 3He content by the sediment-mass
accumulation rate (mass is used because ocean-floor
sediments undergo compaction after deposition). The
results suggested flux variations over time, but did
not display any overall trend. The average 3He flux
over the past 40 Myr was estimated as 1.5 (±1) ×
10−15 cc/cm2 per yr (at STP).

Generally similar results were obtained by Farley
(1995b) on a 22-m core of pelagic clay from the cen-
tral North Pacific, spanning the past 72 Myr. During
the Quaternary, the sedimentation rate was high, yield-
ing a 3He flux of about 1.1 × 10−15 cc/cm2 per yr, in
good agreement with Takayanagi and Ozima (1987).
However, in the deeper part of the core, the cal-
culated 3He flux was lower, averaging about 0.5 ×
10−15 cc/cm2 per yr. It is not clear whether this repre-
sents a real variation in the flux of interplanetary dust
over time, or a reduction in the retentivity of 3He with
depth. In a detailed study, Mukhopadhyay et al. (2001)
observed no 3He peak at the K–T boundary, indicat-
ing that the extra-terrestrial signals from iridium and
helium are decoupled (Fig. 11.15). This was attributed
to impact-induced vaporisation and outgassing of the
K–T bolide. In contrast, Farley et al. (1998) discovered
a spike of 3He in the late Eocene (35–36 Myr ago) that
did correlate with the iridium signal (Fig. 11.15). This
was attributed to a comet shower.

Fig. 11.15. Record of 3He abundances in Cretaceous
to Paleogene sediments, showing a 3He peak in the
late Eocene, but no peak at the K–T boundary. After
Mukhopadhyay et al. (2001).

Fig. 11.16. Isotope stratigraphy of a carbonate-rich sed-
iment from the Central Pacific, showing strong co-
variation between 3He abundance (●) and excess initial
230Th activity (◦). After Marcantonio et al. (1995).

A more controversial question concerns the evidence
for variation of the 3He flux during the glacial cycles
of the Quaternary period. A detailed study in this time
range was performed by Marcantonio et al. (1995) on a
4-m core of carbonate-rich sediment from the Central
Pacific, spanning the last 200 kyr. After correcting for
dilution by biogenic carbonate, their 3He/4He data lay
on the same mixing line as that observed by Takayanagi
and Ozima between terrigenous and IDP components.
However, Marcantonio also determined initial excess
230Th activities on the same samples. Normalisation
of 3He with respect to 230Th can remove the effects
of variable sediment dilution, because 230Th is con-
stantly produced in seawater from 234U, and is rapidly
transported to the ocean floor by adsorption onto sink-
ing particulate matter (section 12.3.3). When plotted
against ages from oxygen isotope stratigraphy, 3He and
230Th exhibited strong co-variation, with peak signals
during interglacial periods (Fig. 11.16). These peaks
were attributed, not to variations of the IDP flux, but
to intensified dissolution of carbonate during inter-
glacial periods. Hence, from the ratio of 230Th activ-
ity to 3He content, an average 3He deposition flux of
0.96 × 10−15 cc/cm2 per yr was determined for the past
200 kyr.

Farley and Patterson (1995) performed a similar
study of Quaternary 3He variation on a 9-m core of
foram-nano-fossil ooze from the flank of the Mid-
Atlantic Ridge, spanning the period 250–450 kyr BP.
3He contents were inversely correlated with δ 18O vari-
ations, which were interpreted as monitors of glacial–
interglacial cycles. Similar results were found by
Patterson and Farley (1998) for a Pacific core.
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The 100-kyr cycle of 3He abundance variations ob-
served in these studies, if interpreted as a proxy of
IDP flux variations, ties in with a proposal by Muller
and MacDonald (1995; 1997) that Quaternary climate
variations might be due to a 100-kyr cycle of variations
in the Earth’s orbital inclination, causing periodic en-
counters with a cloud of IDPs that could partially block
out solar radiation. Hence, Farley and Patterson spec-
ulated that the helium isotope data might be recording
a causal relationship between IDP accumulation and
climate. However, according to this model, interglacial
periods should be characterised by the lowest 3He flux,
whereas Farley and Patterson found the opposite rela-
tionship. Therefore, an alternative interpretation of the
data (Marcantonio et al., 1995) is that climatically in-
duced variations in sedimentation rate caused apparent
variations in the 3He flux, which could not be adequa-
tely corrected with the available age data for the core.

Curiously enough, new modelling of the orbits of
IDPs and the Earth (Kortenkamp and Dermott, 1998)
confirmed the 100-kyr periodicity of the IDP flux
predicted by Muller and MacDonald, but attributed
this periodicity to variations in the eccentricity of the
Earth’s orbit. However, the predicted IDP flux varia-
tions were still anti-correlated with the ocean-floor 3He
record, and their magnitude was also judged to be too
small to cause climatic cycles.

Confirmation that Quaternary 3He variations in
ocean-floor sediments are due to variations in sedi-
mentation rate rather than the IDP flux was provided
in new work (Marcantonio et al., 1996; 1999) on cores
from the Atlantic and Indian Oceans, respectively. In
both studies 3He abundances were again correlated
with 230Th data, which Marcantonio et al. attributed
to variations in the amount of sediment focussing dur-
ing different climatic periods. After using 230Th data
to correct for these effects, constant 3He accumulation
rates were found, with magnitudes of 0.8, 1.2 and 1.1 ×
10−15 cc/cm2 per yr for the equatorial Pacific, Atlantic
and Indian Oceans, respectively. Hence, it is concluded
that the 3He flux has been essentially uniform and con-
stant over the past 200 kyr.

11.2 Neon

Until recently, neon was the most problematical of the
rare gases. Of its three isotopes, 21Ne and 22Ne are nu-
cleogenic and their variations are well understood. In
contrast, 20Ne is non-nucleogenic, and the causes of
its variation in the Earth were hotly debated. However,
the resolution of this debate has now made neon iso-
topes a kind of ‘Rosetta Stone’ for understanding the
behaviour of the other rare gases in mantle sources.

Fig. 11.17. Neon three-isotope correlation diagram,
showing well gases from the Alberta basin on a mix-
ing line between atmospheric and nucleogenic neon.
After Kennedy et al. (1990).

11.2.1 Neon production

The principal nuclear reactions which generate neon
isotopes are n, α reactions on 24Mg and 25Mg, which
produce 21Ne and 22Ne, respectively. Subsidiary path-
ways are α, n reactions on 18O and 19F, which produce
21Ne and 22Na, the latter undergoing β decay to 22Ne.
The α, n reaction on 17O to yield 20Ne is unimportant,
due to the low abundance of the parent. All α particles
are derived from the U-series decay chains, while the
neutrons are mostly produced by secondary reactions
from α particles.

These reactions were first studied by Wetherill
(1954), and have been refined in subsequent work (e.g.
Kennedy et al., 1990). The net result of these reac-
tions is to yield a trend towards lower 20Ne/22Ne and
higher 21Ne/22Ne ratios, which is most clearly seen
in uranium-rich rocks such as granites. Figure 11.17
shows isotopic data for gas wells from Alberta, Canada,
plotted on the commonly used neon three-isotope dia-
gram. The data form a linear array which was attributed
to mixing between atmospheric and nucleogenic neon.
This is consistent with helium isotope data for these
gases, which show a strong radiogenic signature with
no mantle-derived component.

Isotopic analysis of exposed terrestrial rocks has
also demonstrated the cosmogenic production of 21Ne
(Marty and Craig, 1987). This isotope is produced by
spallation reactions on Mg, Na, Si and Al, generat-
ing a sub-horizontal array on the three-isotope plot.
By analysing all three isotopes, the cosmogenic com-
ponent can resolved from trapped (magmatic) neon
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and nucleogenic neon. Graf et al. (1991) applied the
cosmogenic-neon method to quartz separates from
Antarctic rocks that had previously been dated by 26Al
and 10Be (section 14.6.2). They demonstrated coher-
ent behaviour of 21Ne with these other cosmogenic
isotopes, suggesting that neon will be a useful tool in
determining cosmic exposure ages of surficial rocks.

11.2.2 Solar neon in the Earth

The first evidence for non-atmospheric neon in the
mantle was presented by Craig and Lupton (1976) for
samples of MORB and volcanic gases. These are en-
riched in 20Ne, as well as nucleogenic 21Ne, relative
to 22Ne contents. Subsequently, Harding County well
gas was also found to have a composition well re-
moved from atmospheric (Phinney et al., 1978). These
20Ne-enriched components were attributed to exotic
primordial rare-gas components in the Earth, possibly
representing solar neon. In contrast, Kyser and Rison
(1982) speculated that 20Ne enrichment in the anal-
ysed samples might be due to mass fractionation of
neon from an original mantle composition similar to
that of the atmosphere. They compared a compilation
of mantle-derived neon analyses with neon data from
geothermal gases in Japan (Nagao et al., 1979). These
gases display a mass-fractionation trend (Fig. 11.18),
which is explained by preferential diffusion of light
neon through the soil to the sampling sites.

Elevated 20Ne abundances were also found in dia-
monds (Fig. 11.19) by Honda et al. (1987) and Ozima
and Zashu (1988; 1991). These analyses disproved the
20Ne-‘enrichment’ model of Kyser and Rison, since

Fig. 11.18. Comparison of mantle samples (●), and
mass-fractionated geothermal gases (◦), on a neon
three-isotope diagram. After Kyser and Rison (1982).

Fig. 11.19. Neon isotope data for diamonds compared
with the signatures of other solar-system components.
(The solar-wind composition was determined by analy-
sis of lunar soil.) For data sources, see the text.

diamonds are in situ solid samples of the mantle. There-
fore, Ozima and Zashu reversed the mass-fractionation
argument of Kyser and Rison, suggesting that dia-
monds sample a solar neon reservoir in the Earth,
whereas the present-day atmosphere has been depleted
in 20Ne by mass fractionation. They argued that bom-
bardment of the early Earth by radiation caused the
massive blow-off of a primitive solar-type atmosphere,
leaving a residue enriched in heavy neon.

Fractionation of the proposed magnitude between
mantle and atmosphere should be accompanied by
fractionation of the non-radiogenic isotopes of argon,
krypton and xenon. Therefore, it should be possible to
test the atmospheric-fractionation model by isotopic
analysis of the heavy rare gases. However, two fac-
tors make such tests difficult to perform. Firstly, the
heavier rare gases respond to fractionation effects to
a lesser degree; and secondly, the heavy rare gases
are more likely to be recycled back into the mantle,
masking the effect of any mantle–atmosphere fraction-
ation of such gases. This subject will be re-examined
below.

Additional insights into terrestrial neon systemat-
ics have been sought from the analysis of subma-
rine basaltic glasses. Sarda et al. (1988) demonstrated
the existence of a MORB correlation line passing
through the atmosphere point, which has been con-
firmed by several subsequent studies (e.g. Marty, 1989;
Hiyagon et al., 1992; Moreira et al., 1998). This array
(Fig. 11.20) can be explained by three-component mix-
ing of solar-type, atmosphere-type and nucleogenic
neon, as discussed below.
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Fig. 11.20. Compilation of MORB neon data (●) on
a three-isotope plot. A and B represent the ‘plan-
etary’ neon compositions seen in some meteorites. Af-
ter Hiyagon et al. (1992).

Sarda et al. (1988) also determined neon isotope
ratios in several Loihi glasses, which fell within er-
ror of the atmospheric ratio. They believed that these
signatures represented a genuine primordial-mantle
signature, consistent with this reservoir being the prin-
cipal source of atmospheric neon. However, subse-
quent analyses of submarine basalt glasses from Loihi
and nearby Kilauea revealed a wider range of neon
isotope ratios, stretching from the atmospheric com-
position towards 20Ne-enriched compositions (Honda
et al., 1991; Hiyagon et al., 1992). The enriched end
of this array approaches the solar-wind composition,
but the array has a slope intermediate between the
pure mass-fractionation line and the MORB correla-
tion line (Fig. 11.21). In order to explain these results,
Honda et al. and Hiyagon et al. attributed all neon in
the Earth’s interior to mixing between solar and nu-
cleogenic isotopes. The sloping arrays of MORB and
OIB were then attributed to variable atmospheric con-
tamination of this solar-plus-radiogenic mantle neon,
whereas the Loihi neon samples originally analysed by
Sarda et al. (1988) were attributed almost entirely to
atmospheric contamination.

Allègre et al. (1993) attempted to reinstate the ‘plan-
etary model’ for neon in the deep mantle by invoking

Fig. 11.21. Compilation of Hawaiian neon data on a
three-isotope plot: (◦) = Loihi; (●) = Kilauea. The MORB
array is shown by a dashed line. After Hiyagon et al.
(1992).

a new mechanism to explain high 20Ne/22Ne ratios of
solar type in the Earth’s mantle. They attributed these
signatures to the subduction of cosmic-dust particles
accumulated in deep-sea sediments. These dust parti-
cles become implanted with neon from the solar wind
during their exposure in space. Analysis of this mate-
rial in the atmosphere and in deep-sea sediment reveals
20Ne/22Ne ratios spanning the range between atmo-
spheric and solar compositions (e.g. Nier and Schlut-
ter, 1990). Matsuda et al. (1990) suggested that these
particles could survive the ‘noble-gas subduction bar-
rier’ and deliver cosmic (solar) neon to the deep man-
tle. This could explain the high 20Ne/22Ne ratios of
submarine glasses without having to invoke solar-type
primordial neon in the Earth. However, experimental
studies by Hiyagon (1994) suggested that neon would
be completely extracted from cosmic dust within three
years at 500 ◦C, which is insufficient to sustain this
model.

Ozima and Igarashi (2000) also rejected the ‘solar-
neon’ model. Their argument was based on the distri-
bution of data in a histogram of 20Ne/22Ne ratios from
MORB, OIB and diamonds (Fig. 11.22). They argued
that, since the distribution tailed away to nothing at
the solar-wind composition, solar neon could not be a
major component of the terrestrial rare-gas inventory.
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Fig. 11.22. Histogram of neon isotope data for MORB
(hatched); diamonds (stipple) and OIB (clear) to show
the distribution of data between the atmospheric and
solar-wind values. After Ozima and Igarashi (2000).

However, it should be noted that the tailing effect in
Fig. 11.22 is mainly due to OIB data. The MORB dis-
tribution is essentially flat, indicating relatively equal
mixing of solar and atmospheric neon in these samples.
The distribution of OIB data in Fig. 11.22 is mainly
a historical artefact, representing the great difficulties
encountered in excluding atmospheric contamination
in earlier work. However, improved methods to combat
atmospheric contamination have gradually been devel-
oped, as seen in recent data presented by Harrison et al.
(1999) while the paper by Ozima and Igarashi was un-
der revision. These new neon isotope data from Iceland
reached 20Ne/22Ne ratios above 13.5 for the first time,
overlapping with the solar-wind composition.

Further evidence from Iceland in support of the
solar-neon model was provided by Dixon et al. (2000)
and Moreira et al. (2001). For the first time, these stud-
ies revealed a correlation steeper than the L–K line on
the three-isotope plot, falling within error of the mass-
fractionation line between atmospheric and solar neon
(Fig. 11.23). This discovery provides important sup-
port for the two-reservoir model for terrestrial noble
gases (section 11.1.4), because it implies that the Earth
does contain an essentially primordial neon reservoir.

11.2.3 Neon and helium

Following widespread acceptance of the solar-neon
model for the Earth, neon and helium isotope data can
now be placed in a unified model. This is because he-
lium does not suffer significant atmospheric contami-
nation, while atmospheric contamination of neon can

Fig. 11.23. Neon three-isotope plot showing new Ice-
land data, some of which lie within error of the mass-
fractionation line between atmospheric and solar neon:
(●) = olivine; (◦) = glass. After Dixon et al. (2000).

be corrected using the three-isotope plot. Relationships
between neon and heavy rare gases will be discussed
in the next section.

One way of correcting for atmospheric neon contam-
ination is to calculate the slopes of data arrays on the
three-isotope plot by forcing a regression line through
the atmospheric composition. The gradient of this re-
gression line is then equal to the ratio δ 20Ne/δ 21Ne.
Poreda and Farley (1992) used this notation to com-
pare the neon compositions of various mantle sources,
categorised according to 3He/4He ratio (expressed as
R/RA). The results of this analysis are presented in
Fig. 11.24. In addition to data from Loihi and MORB,
new data were obtained from ultramafic xenoliths from
Réunion and two different localities in the Samoan
islands, which were found to define neon isotope arrays
with slopes intermediate between those for Hawaii and
MORB (Staudacher et al., 1990; Poreda and Farley,
1992). Overall, the data suggest a correlation between
neon and helium isotope ratios, which can be explained
by the addition of a nucleogenic–radiogenic neon–
helium component to a variably degassed primordial
component.

An alternative way of correcting for atmospheric
neon contamination is to project data away from
the atmosphere point to the solar 20Ne/22Ne ratio,
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Fig. 11.24. Correlation of neon and helium isotope sig-
natures in mantle sources, expressed as histograms of
δ 20Ne/δ 21Ne, categorised by R/RA ratio. Different OIB
samples are distinguished by hatching. After Poreda
and Farley (1992).

whereupon the neon data are presented as normalised
21Ne/22Ne ratios. Porcelli and Wasserburg (1995b)
used this notation to compare neon and helium data for
depleted mantle, lower-mantle plumes, and meteorites
(representing the initial Earth). These reservoirs form
an approximately linear growth curve on a diagram
of 21Ne/22Ne ratio against 4He/3He ratio. This is con-
sistent with the common progenitors U and Th, which
produce radiogenic helium and nucleogenic neon. Por-
celli and Wasserburg (1995b) also argued that the linear
Ne–He growth curve is consistent with a steady-state
model for mantle rare gases.

The atmospheric-contamination model successfully
explains the neon isotope arrays in submarine glasses,
but it brings us back to the problem of explaining the
origin of the atmospheric neon signature itself. Most
workers now support the hypothesis that fractionation
of neon occurred during the burn-off of an early ter-
restrial atmosphere of solar composition (as proposed
by Ozima and Zashu, 1988; 1991). This question was
re-evaluated by Pepin (1997), who argued that a giant
impact in the early history of the Earth would have

fractionated all rare-gas isotope ratios, including those
for neon and the heavy rare gases. Nevertheless, he
argued that atmospheric burn-off powered by extreme
ultra-violet solar radiation was still necessary in order
to explain the observed atmospheric neon signatures.
An alternative model proposed by Marty (1989) is that
the atmosphere was formed by late accretion of gas-
rich meteorites with planetary neon (e.g. neon A in
Fig. 11.20). These could have been accreted to the sur-
face of the Earth subsequent to the formation of the
mantle with a solar neon budget.

11.3 Argon

Initial, ‘excess’ or ‘inherited’ argon is normally re-
garded as a problem to be avoided in K–Ar and Ar–Ar
dating (section 10.1.2). However, the isotopic compo-
sition of this argon can be used as a powerful geo-
chemical tracer, especially alongside other rare-gas
data.

Atmospheric contamination is a much more serious
problem in the isotopic analysis of ‘heavy’ rare gases
than it is for helium and neon. Atmospheric helium
has a very low abundance due to its complete escape
from the atmosphere, and even atmospheric neon is
believed to have been depleted significantly in the at-
mosphere by intense solar irradiation. Furthermore, the
neon three-isotope plot allows atmospheric contamina-
tion to be monitored. On the other hand, the heavy rare
gases (argon, krypton and xenon) have accumulated in
the atmosphere over the Earth’s history, and correc-
tions for atmospheric contamination are much more
difficult. Because of this problem, the first clear evi-
dence for inherited argon was provided by the analysis
of beryl, whose ring-type structure accommodates un-
usually large quantities of initial argon, swamping the
effects of atmospheric contamination. ‘Excess’ argon
was first found in beryl by Aldrich and Nier (1948)
and studied in more detail by Damon and Kulp (1958).
The latter workers discovered Archean beryls contain-
ing more than 99% of excess argon and with 40Ar/36Ar
ratios as high as 105.

11.3.1 Terrestrial primordial argon

The 40Ar contents of beryl were observed to decrease
over geological time (Fig. 11.25), leading Damon and
Kulp to propose extensive early degassing of the Earth
in the Archean, decreasing exponentially towards the
present. The beryl data shown in Fig. 11.25 were also
used by Fanale (1971) to support a more extreme model
of catastrophic early degassing of the Earth. He argued
that they were not consistent with models of constant
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Fig. 11.25. Histograms of the argon content of beryl
samples grouped by age to show the decrease in mea-
sured 40Ar contents with time. After Damon and Kulp
(1958).

degassing intensity through the Earth’s history, such as
that proposed by Turekian (1964).

Schwartzman (1973) supported the early-degassing
model using Ar isotope data from the 2.7-Byr-old Still-
water complex. Because this is a basic magma it can
yield more direct information about the Archean man-
tle than beryl-bearing pegmatites with a potentially
large crustal input. A Stillwater pyroxene had an excess
40Ar/36Ar ratio of at least 17 900, corresponding to a
calculated maximum 36Ar/Si ratio of 3 × 10−11 for the
2.7-Byr-old mantle source. The ratio of atmospheric
36Ar to mantle silicon at the present day is 1 × 10−10,
so the Earth was apparently outgassed to at least 70%
of its present extent by the end of the Archean.

Ocean-floor basalt glasses are an important source
of information about the rare-gas budget of the present-
day mantle because the high water pressure at the site
of eruption retains initial magmatic argon in the sam-
ple (section 10.1.2). Furthermore, rapid quenching re-
duces contamination by atmospheric argon dissolved
in seawater. In contrast, the crystalline cores of basalt
pillows are largely outgassed of magmatic rare gases
and contaminated with atmospheric gases during crys-
tallisation (Fisher, 1971).

Hart et al. (1979) used the maximum 40Ar content
of 3 × 10−6 ml/g in ocean-floor basalt glasses as an

estimate of the present-day 40Ar concentration in the
upper-mantle (UM) source. By subtracting this value
from the average 40Ar concentration in the Bulk Sili-
cate Earth (estimated from its K abundance) and com-
paring this with the total 40Ar budget of the atmosphere
and crust, Hart et al. were able to calculate the mass
of mantle which must have been be outgassed. This
calculation is shown in equation [11.1], where square
brackets denote concentrations:

mass of mantle outgassed =
40Aratm +40Arcrust

[40ArBSE] − [40ArUM]

[11.1]

Using this equation, a potassium abundance of
660 ppm in the Bulk Silicate Earth implies that only
25% of the total mass of the mantle need be outgassed.

Hart et al. proposed that the upper mantle was also
thoroughly degassed of 36Ar, so that subsequent radio-
genic 40Ar production generated high 40Ar/36Ar ratios
of up to 16 000. In contrast, the lower mantle was not
significantly degassed of argon, such that radiogenic
40Ar production was swamped by the primordial com-
ponent, allowing only a modest rise in 40Ar/36Ar ratio
above the atmospheric value. Hart et al. noted the simi-
larity of these model predictions to the 40Ar/36Ar ratios
observed in ocean-floor glasses from ridges and man-
tle plumes, respectively (Fig. 11.26). This suggested
to them that these data were not seriously perturbed by
atmospheric contamination.

The concept of a relatively less degassed or ‘un-
degassed’ mantle reservoir with respect to heavy rare
gasses was strongly contested by Fisher (1983; 1985).
He argued that the low 40Ar/36Ar ratios measured in
plume environments were a result of atmospheric con-
tamination. This argument was initially aimed at data
on xenolithic inclusions in lavas (e.g. Kaneoka and
Takaoka, 1980). These appeared to contain primordial
argon and helium, but were subsequently shown to be
contaminated by atmospheric argon and cosmogenic
helium (section 11.1.2). Submarine glasses may be
more resistant to such effects, but the interpretation
of these data has nevertheless provoked intense con-
troversy.

Experience has shown that all mantle-derived rare-
gas samples are contaminated to some extent by atmo-
spheric gases. Therefore, it is necessary to take strin-
gent experimental precautions to minimise as far as
possible the extent of this contamination. Samples and
equipment are thoroughly baked before analysis, and
frequent blanks are determined to verify the effective-
ness of these procedures. It may be possible to de-
rive a mantle signature from a contaminated sample by
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Fig. 11.26. Histograms of early 40Ar/36Ar data for MORB
and OIB, showing contrasting ranges of isotope compo-
sition. After Hart et al. (1979).

extracting argon from the sample in separate aliquots,
which could sample isotopic heterogeneities within the
sample. One approach is to perform the rare-gas analy-
sis by step heating (e.g. Staudacher and Allègre, 1982).
This procedure is demonstrated for a MORB sample
in Fig. 11.27. Absorbed atmospheric rare gases are re-
leased in the low-temperature heating steps, allowing
an estimate of the severity of contamination effects to
be made. Another approach (Hart et al., 1983) is to
do separate experiments by thermal degassing and by
crushing. The latter method releases gases from vesi-
cles, which may have undergone less (but sometimes
more) contamination than the rock matrix. Staudacher
et al. (1986) used both step heating and crushing to
carry out the most rigorous search for sample contam-
ination.

In other early work on this subject, there were at-
tempts to use elemental rare-gas ratios (e.g. 4He/40Ar)
to distinguish between atmospheric and primordial sig-
natures in MORB and OIB samples (e.g. Hart et al.,
1983; 1985). However, it has become apparent that el-
emental fractionation of rare gases can occur during
several phases of the evolution of the samples, includ-
ing partial meting, magmatic differentiation and so-
lidification. Hence, it appears that isotope signatures

Fig. 11.27. Plot of measured argon isotope ratio against
extraction temperature for MORB glass, showing heavy
atmospheric contamination of the low-temperature
(<1000 ◦C) fractions. After Staudacher and Allègre
(1982).

are the only reliable discriminant between atmospheric
and primordial signatures, and even these can be mis-
leading.

In an attempt to resolve these components in the ar-
gon isotope signatures of MORB and OIB samples,
Allègre et al. (1983) and Staudacher et al. (1986)
compared argon and helium isotope ratios in glasses
from ocean ridges and from the Hawaiian plume. Loihi
Seamount gave the highest 3He/4He ratios for uncon-
taminated mantle-derived materials (presented in in-
verted form as the 4He/3He ratio in Fig. 11.28). Since
this helium signature of Loihi glasses is regarded as
primordial, Allègre et al. interpreted the low argon iso-
tope ratio in these samples as likewise indicative of an
un-degassed mantle source. In Fig. 11.28, the MORB
field has a forked shape, attributed by Staudacher et al.
(1986) to mixing with primordial and atmospheric he-
lium reservoirs. Both mixing branches exhibited very
strong curvature, which was attributed to the very low
argon content of the degassed MORB reservoir, rela-
tive to both the atmosphere and plume reservoirs. In
contrast, a dunite xenolith from Loihi lay far off the
MORB–plume mixing line. The argon signature of this
sample is consistent with a source in oceanic litho-
sphere. The high 3He content of this sample cannot be
cosmogenic (as for some other xenoliths), since it is
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Fig. 11.28. Plot of helium versus argon isotope ratio
for submarine glasses from MORB and plume environ-
ments. Mixing lines for various 3He/36Ar ratios in Loihi
relative to MORB sources are shown. After Staudacher
et al. (1986).

Fig. 11.29. Plot of 40Ar/36Ar ratio against 87Sr/86Sr
ratio for submarine basalt glasses, suggesting coherent
mixing between MORB and OIB source mantle. Labels
indicate the 36Ar/86Sr ratio in the MORB end-member
relative to OIB for various mixing lines. After Allègre
et al. (1986).

submarine; therefore, it was attributed to diffusion of
helium from the host magma into the xenolith before
eruption.

Allègre et al. (1983) observed that MORB glasses
also fell on reasonable mixing lines between degassed
and un-degassed (plume) sources on a plot of 40Ar/36Ar
ratio against strontium isotope ratio (Fig. 11.29). They
argued that these mixing lines had a different tra-
jectory from what would be expected from surficial
contamination processes, and therefore that the iso-
tope data were indicative of processes in the mantle
source. However, because rare gases may be decou-
pled from lithophile-element systems, the trajectory of
mixing lines might not be a reliable indicator of the
end-member compositions.

Patterson et al. (1990) argued that helium isotope
systematics in Loihi glasses might also be decoupled
from argon, due to the extreme difference in He/Ar
ratio between the end-members (as demonstrated, for
example, by the hyperbolic form of proposed mixing
lines in Fig. 11.29). They pointed out that seawater
has between two and four orders of magnitude more
36Ar than Loihi glasses, but two orders of magnitude
less 3He. Hence, argon isotope ratios in Loihi mag-
mas might have been contaminated by seawater with-
out affecting their helium signature. In MORB glasses,
variable contamination of this kind generates correla-
tions between 40Ar/36Ar ratio and 1/36Ar abundances,
indicative of simple mixing between atmospheric and
mantle argon (Fisher, 1986). However, Loihi data do
not display such a correlation. Hence, the atmospheric
contamination model is hard to evaluate critically in
plume environments.

Farley and Craig (1994) made a new examination
of this problem, using helium and argon measure-
ments in olivine phenocrysts from a tholeiitic plume
basalt. In this sample from the Juan Fernandez hot-
spot, Farley and Craig were able to demonstrate a pos-
itive correlation between 4He and 40Ar abundances re-
leased from fluid inclusions by crushing of phenocrysts
(Fig. 11.30a). This correlation line is inconsistent with
significant atmospheric contamination involving these
isotopes, since the atmosphere has negligible 4He.
Therefore, the correlation must be attributed to vari-
able gas inventories sampled from a mantle source with
constant 4He/40Ar ratio.

In contrast, Farley and Craig observed no correla-
tion between 4He and 36Ar abundances (Fig. 11.30b).
Therefore, they argued that 36Ar abundances must
have been perturbed by atmospheric contamination.
However, since even gas-rich samples showed this be-
haviour, analytical blank was an unlikely cause. In-
stead, Farley and Craig attributed the effect to con-
tamination of the magma by seawater argon within
the oceanic crust. Hence, they argued that the mantle
source sampled by the Juan Fernandez hot-spot had a
minimum 40Ar/36Ar ratio equal to the maximum ob-
served 40Ar/36Ar ratio of 7700. However, this does not
place strong constraints on the argon isotope ratio of
the lower mantle (un-degassed reservoir) because the
Juan Fernandez plume may have been contaminated
with radiogenic argon during its ascent through the
MORB source.

If this seawater-contamination model is correct,
it casts doubt on the reliability of basaltic glasses
in general as samples of primordial argon from the
lower mantle. However, it does not disprove the ‘two-
reservoir’ model for mantle rare gases; it simply
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Fig. 11.30. Plots of gas release (10−9 cc/g) during crushing of olivine phenocrysts from a Juan Fernandez basalt:
(a) 4He against 40Ar and (b) 4He against 36Ar, showing effects of atmospheric contamination. Modified after Farley
and Craig (1994).

implies that the 40Ar/36Ar ratio of the deep mantle
cannot be determined directly. In this situation, neon
isotope evidence may help to narrow the range of pos-
sible values by acting as a monitor for atmospheric
contamination.

11.3.2 Neon–argon

Starting from the ‘atmospheric-contamination’ model
for neon, Farley and Poreda (1993) suggested that
20Ne/22Ne ratios could be used to monitor and correct
atmospheric contamination in other rare gases such as
argon. However, because the end-members will have
different rare-gas abundance ratios (e.g. Ne/Ar), mix-
ing will generate hyperbolic rather than linear arrays,
leading to somewhat greater uncertainty in the calcu-
lation of uncontaminated end-members.

In order to constrain the curvature of mixing lines,
Farley and Poreda first examined Ne–Ar isotope sys-
tematics in MORB glasses (Fig. 11.31a). Two sources
of data were used. Solid symbols represent directly
measured data from Hiyagon et al. (1992), whereas
open symbols represent less-accurate argon data calcu-
lated indirectly from Marty (1989). Mixing lines were
calculated between the atmosphere point and the best
estimate (at the time) of terrestrial primordial neon and
argon. These were based on the composition of plane-
tary neon (20Ne/22Ne = 12.5) and the highest 40Ar/36Ar

ratio (near 30 000) measured in a volatile-rich ‘popping
rock’ from the Mid-Atlantic Ridge (Staudacher et al.,
1989). The very high volatile contents of these magmas
were thought to render them relatively immune to at-
mospheric contamination. Using these end-members,
most MORB analyses lay between mixing lines with
22Ne/36Ar ratios (r ) of 0.06 and 0.6 in atmospheric
relative to mantle components.

The OIB data set (Fig. 11.31b) can be modelled in
a similar way. However, from the slightly different
Ne/Ar ratios in OIB and MORB, Farley and Poreda
estimated that simple two-component mixing between
plume and atmospheric rare gases should fall between
mixing lines with relative 22Ne/36Ar ratios of 0.07 and
0.7. Many of the Samoan samples in Fig. 11.31b have
radiogenic argon signatures similar to the MORB data.
However, the Samoan plume had already been shown
to have a radiogenic neon isotope signature (section
11.2.3). Therefore, these data should be excluded from
a search for the composition of the primordial argon
reservoir. On the other hand, by fitting the mixing
curves to the OIB samples with lowest argon isotope ra-
tio, Farley and Poreda calculated a ‘revised’ 40Ar/36Ar
ratio for primordial terrestrial argon, with a value of
about 3500. This compares with the 40Ar/36Ar ratio
of 400 proposed by Allègre et al. (1983). The higher
value would then imply substantial radiogenic argon
growth in this ‘primordial’ reservoir.
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Fig. 11.31. Plots of neon versus argon isotope compositions in submarine glasses, showing possible mixing lines
due to atmospheric contamination: (a) MORB (open symbols = indirect measurements) and (b) OIB (open symbols =
Samoa). Modified after Farley and Poreda (1993).

The neon–argon diagram forms the basis of on-
going efforts to pin-point the argon isotope compo-
sitions of pristine mantle sources. However, new ar-
gon data for the ‘popping rock’ from the Mid-Atlantic
Ridge (Burnard et al., 1997) showed that even this very
volatile-rich sample had suffered severe atmospheric
contamination. Burnard et al. released the gases from
vesicles in a section of rock 0.3 mm thick, using short
pulses from a Nd : YAG laser. They found that 40Ar
abundances in individual vesicles were well correlated
with 4He and CO2, indicating a mantle-derived source.
In contrast, 36Ar abundances were generally poorly
correlated with these other quantities, leading Burnard
et al. to suggest that perhaps none of the measured 36Ar
was mantle-derived. This seems to be a rather extreme
interpretation, because a cluster of 40Ar/36Ar ratios was
observed at a value of about 40 000. Nevertheless, this
places a new lower limit on the 40Ar/36Ar ratio of the
MORB source.

This new 40Ar/36Ar ratio for the MORB source was
supported by additional studies of the argon–neon sys-
tematics of the popping rock, using gases extracted
by stepwise crushing (Moreira et al., 1998). This work
yielded a good correlation line consistent with previous
MORB data on the neon three-isotope plot, which was
attributed to mantle–atmosphere mixing. However, an
excellent hyperbolic mixing line was also observed on
the argon–neon isotope diagram (Fig. 11.32), which

Fig. 11.32. Argon–neon isotope plot, showing a de-
termination of the argon isotope ratio of the MORB
source. Open points were omitted from the calculation
of the mixing line because they had high argon blanks.
After Moreira et al. (1998).

allows the most accurate determination yet of the ar-
gon isotope ratio of the MORB source. From the inter-
section of the mixing line with the solar composition
(rather than the planetary neon composition used by
Farley and Poreda), a 40Ar/36Ar ratio of 44 000 was
determined.
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Since the work of Farley and Poreda (1993), several
new studies have been performed on argon–neon iso-
tope systematics in OIB glasses. Most of the data fall
fairly close to the mixing line observed by Farley and
Poreda. However, if the mixing line is extrapolated to
a solar neon isotope ratio (20Ne/22Ne = 13.8) rather
than the neon-B planetary value (20Ne/22Ne = 12.5),
it necessarily implies that the 40Ar/36Ar ratio of the
plume source will be more radiogenic.

Valbracht et al. (1997) performed such a study on
glassy pillow rims and olivine phenocrysts, collected
from water depths of 3–5 km on Loihi seamount. The
best results were obtained by step heating, and reached
20Ne/22Ne ratios as high as 13. These authors plotted
argon isotope data against the 21Ne/22Ne ratio, but the
result is equivalent to using the 20Ne/22Ne ratio. Two
mixing lines were drawn, with the minimum and max-
imum curvatures that could fit the data. Using a so-
lar 21Ne/22Ne ratio of 0.41 (calculated from the three-
isotope plot), the inferred 40Ar/36Ar composition of the
plume source is between 2500 and 6000.

In a somewhat different approach, Marty et al.
(1998) were able to sample plume-type rare gases from
380-Myr-old carbonatites in the Kola region of north-
ern Russia. Neon and argon were extracted from a va-
riety of rock types by crushing, and defined an array on
the neon three-isotope plot with a slope slightly lower
than that for Loihi. On a neon–argon isotope plot the
data define an array with 20Ne/22Ne ratios as high as
12. Extrapolation to the solar neon composition led
to estimated 40Ar/36Ar ratios between 5000 and 6000,
depending on the curvature of the mixing line drawn
through the data. These results clearly show the impor-
tant role of deep-mantle plumes in carbonatite mag-
matism, as well as supporting the argon isotope com-
position of the plume source obtained from ocean
islands.

Additional argon–neon isotope data were obtained
by Trieloff et al. (2000) from sub-glacially erupted
basalt glasses from Iceland and volatile-rich dunite
xenoliths from Loihi. These sample suites defined ar-
rays slightly steeper than previous Loihi data on the
neon three-isotope plot, but on the neon–argon plot
(Fig. 11.33) the results were similar to previous work.
The upper ends of these data arrays (20Ne/22Ne = 12.5)
fell within error of the neon-B composition, leading
Trieloff et al. to suggest that this was the composition
of ‘solar neon’ in the Earth. However, subsequent data
(section 11.2.2) have exceeded this value, showing that
the Earth contains true solar neon with 20Ne/22Ne ratios
as high as those in the solar wind. Using this value to
determine the argon isotope composition of the plume
source leads to a 40Ar/36Ar ratio of about 7000 for

Fig. 11.33. Neon–argon isotope plot for Icelandic sub-
glacial basalts (●) and Loihi dunites (◦), showing mix-
ing lines between atmospheric and plume-source (solar)
rare gases. Modified after Trieloff et al. (2000).

Iceland. On this occasion the Loihi data indicated a
higher 40Ar/36Ar ratio of about 15 000.

Unfortunately these data leave the argon isotope
composition of the plume source in a certain amount
of doubt. It is demonstrably higher than that of air and
lower than that in the MORB source, but a precise value
remains elusive. The steady-state model of Porcelli and
Wasserburg (1995b) predicts that the 40Ar/36Ar ratio of
the (lower-mantle?) primordial rare-gas source should
be about one-third of the upper-mantle value. Given a
40Ar/36Ar ratio of about 45 000 for the latter reservoir,
a ratio between 5000 and 15 000 may be reasonable for
the lower mantle.

11.3.3 Argon-38

In principle, 38Ar data could be combined with 36Ar
and 40Ar data to make a three-isotope system ana-
logous to that of neon. Unfortunately, 38Ar is about five
times less abundant than 36Ar, which is itself a very rare
isotope. Furthermore, the total variation between atmo-
spheric and solar compositions is only 5%. Therefore,
until recently, no 38Ar/36Ar ratios had been observed
that were distinct from the air composition. Two re-
search groups have recently claimed to find such devi-
ations (Valbracht et al., 1997; Pepin, 1998). However,
in a third study of comparable methodology (Kunz,
1999) no such deviations were found, so these positive
signals remain disputable.

Valbracht et al. (1997) observed a weak correla-
tion between 38Ar/36Ar ratios and 20Ne/22Ne ratios
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Fig. 11.34. Plots showing claimed variations of 38Ar/36Ar
ratio in mantle-derived samples: (a) MORB samples on
the argon–neon plot; and (b) MORB and OIB samples
on the argon three-isotope plot. Error bars are 1σ . After
Pepin (1998).

in Loihi glasses, which they interpreted as a mix-
ing line between atmospheric and solar rare gases.
Niederman et al. (1997) also presented 38Ar/36Ar data
for MORB glasses from the East Pacific Rise (EPR),
but did not discuss the data in detail, believing them to
be within error of the atmospheric composition. How-
ever, Pepin (1998) pointed out that the EPR argon data
define a relatively strong correlation with neon isotope
data, between the atmospheric and solar compositions
(Fig. 11.34a). Pepin also plotted the Loihi and EPR
data on the argon three-isotope plot (Fig. 11.34b), on
which mixing lines are linear. On this plot, both MORB
and OIB data display a fan between the predicted mix-
ing lines from atmospheric argon to upper- and lower-
mantle sources.

Kunz (1999) pointed out a problem with the EPR
data on the argon three-isotope plot, which is that
these data lie not on the mixing line to MORB sources,
but below that line, trending towards OIB. This could
be attributed to contamination of the MORB source
with plume material, but some of the EPR data lie

surprisingly close to the atmosphere–plume-source
mixing line to be explained in this way. Therefore,
Kunz argued that these analyses are simply MORB
samples with heavy atmospheric contamination, and
that the low 38Ar/36Ar ratios (which have large error
bars) are products of analytical noise. Furthermore, in
a test for variations of 38Ar/36Ar ratio in the popping
rock sample from the Mid-Atlantic Ridge, Kunz found
no data outside error of the atmospheric composition,
even though 20Ne/22Ne ratios were as high as 12.5.
Therefore, the suggested variations in 38Ar/36Ar ratio
remain unproven.

11.4 Xenon

Xenon is a heavy rare gas with nine stable isotopes.
Reynolds (1960) first demonstrated variations in the
meteoritic abundance of 129Xe, which had been pro-
duced from the extinct nuclide 129I (section 15.3.1). In
addition, the four heaviest isotopes are fission prod-
ucts of both 238U (Wetherill, 1953), and the extinct
nuclide 244Pu (Kuroda, 1960). It is convenient to ratio
xenon isotope abundances against 130Xe, which is non-
radiogenic and is also shielded from spallation produc-
tion. Hence, xenon isotope data are usually presented
on a plot of either 134Xe/130Xe or 136Xe/130Xe (ura-
nogenic and plutogenic xenon) against 129Xe/130Xe
(iodogenic xenon), as shown in Fig. 11.35.

11.4.1 Iodogenic xenon

Because Xe is a tracer for two extinct nuclides, mete-
orite ‘xenology’ is a powerful tool for studying the con-
densation of the solar system (Reynolds, 1963). How-
ever, ‘terrestrial xenology’ is also a powerful tool for
understanding terrestrial differentiation (Staudacher
and Allègre, 1982). The first evidence for excess 129Xe
in the Earth (relative to atmospheric xenon) was found
in CO2 well gases from Harding County, New Mexico
(Butler et al., 1963). This evidence has such far-
reaching implications, that numerous subsequent stud-
ies have been devoted to Harding County well gases
(e.g. Hennecke and Manuel, 1975; Phinney et al., 1978;
Staudacher, 1987).

Studies of xenon isotope data from granitic rocks
(Butler et al., 1963) showed that, unlike the heavy
xenon isotopes, 129Xe is not generated in significant
amounts (relative to non-radiogenic xenon) by fission
or neutron-activation reactions (Fig. 11.35). Therefore
Butler et al. concluded that the excess 129Xe in mantle-
derived gases must have been due to decay, soon af-
ter the formation of the Earth, of extinct 129I. The
presence of this extinct nuclide (t1/2 = 16 Myr) in the
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Fig. 11.35. Plot of fissiogenic 134Xe/130Xe ratio against
iodogenic 129Xe/130Xe ratio for granites and well gases
analysed prior to 1978. Modified after Staudacher and
Allègre (1982).

Earth demonstrates that its accretion must have oc-
curred within a few million years of meteorites, which
also commonly display 129Xe anomalies (section
15.3.1).

Further advances in terrestrial xenology required the
well-gas data to be put into the wider perspective of ma-
jor terrestrial reservoirs. Technical developments, al-
lowing the xenon analysis of submarine glasses, made
this possible. In early work, Staudacher and Allègre
(1982) found correlated enrichments of 129Xe and other
heavy xenon isotopes in MORB glasses. This was con-
firmed by Staudacher (1987), who showed that the
most 129Xe-enriched well-gas analyses lay on the same
correlation line as MORB (Fig. 11.36a). Well-gas and
MORB compositions were also coherent on a plot of
40Ar/36Ar ratio against 129Xe/130Xe ratio (Fig. 11.36b).
This provides strong evidence that the Harding County
well gases sample an upper-mantle reservoir similar to
the depleted MORB source.

Staudacher and Allègre (1982) argued that the ex-
cess 129Xe in MORB (relative to a Bulk Earth with
atmospheric xenon) could be explained by degassing
of the upper mantle very early in the Earth’s history.
Primordial rare gases including 130Xe would also have
been lost to the atmosphere, while 129I still remained in
the mantle. The high I/Xe ratios generated by this pro-

Fig. 11.36. Plots of (a) 136Xe/130Xe ratio and (b)
40Ar/36Ar ratio against 129Xe/130Xe ratio for MORB
glasses, compared with other terrestrial components.
After Staudacher (1987).

cess would allow the small amount of 129I remaining
in the upper mantle to generate measurable excesses in
129Xe after its decay. Hence, upper-mantle degassing
must have occurred much earlier than lithophile de-
pletion (by crust formation), although these two pro-
cesses seem to affect roughly similar fractions of
the mantle. These data will be discussed further in
section 11.4.2.

Additional evidence for the xenon isotope evolution
of the upper mantle has been obtained from the analysis
of ‘coated’ diamonds (Ozima and Zashu, 1991). The
coats of these diamonds contain relatively large rare-
gas contents, and are thus suited to isotopic analysis.
Ozima and Zashu found xenon isotope ratios identical
to the MORB correlation line (Fig. 11.37), suggest-
ing that the same evolution processes gave rise to the
mantle sources of MORB and diamonds. In the light
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Fig. 11.37. Plot of 136Xe/130Xe ratio against 129Xe/130Xe
ratio for coated diamonds, compared with the MORB
correlation line of Staudacher (1987): (◦) = cores; (●) =
coats. The dashed line shows the result of uranogenic
production from a 2-Byr-old source. After Ozima and
Zashu (1991).

of neon and argon isotope evidence (sections 11.2 and
11.3), the MORB array is best attributed to atmospheric
contamination of magmas with radiogenic xenon. Sim-
ilarly, Ozima and Zashu attributed the diamond array
to mixing between a radiogenic xenon source and at-
mospheric xenon contamination (represented by the
cores).

Analysis of xenon isotope compositions in glasses
from Loihi Seamount and the Reykjanes Ridge gave
results within error of atmospheric rare gases, but the
origin of this signature was widely disputed. Allègre
et al. (1983) and Hart et al. (1983) attributed it to a less-
degassed mantle source, in which radiogenic 129Xe and
40Ar are swamped by large primordial rare-gas con-
tents. Alternatively, Ozima et al. (1985) proposed that
atmospheric xenon is recycled into the deep mantle,
whereas Patterson et al. (1990) argued that the xenon
isotope ratios of Loihi glasses (together with argon ra-
tios) are due to atmospheric contamination, introduced
directly into plume magmas from seawater.

Poreda and Farley (1992) suggested that the rela-
tively shallow ocean depths at which Loihi basalts had
erupted allowed much of the magmatic gas content to
be lost, making them very susceptible to contamina-
tion by rare gases in seawater. To avoid these prob-
lems, Poreda and Farley analysed two suites of very
volatile-rich harzburgite xenoliths from the Samoan
hot-spot, which are more resistant to atmospheric con-
tamination. The helium and neon isotope signatures
of these rocks were somewhat more radiogenic than
those for Loihi (section 11.2.3), but still well below the
levels in MORB. Therefore, these samples clearly con-

tain a large plume-derived component. Xenon isotope
ratios were found to be elevated by up to 6% relative
to the atmospheric point, providing the first evidence
for a non-atmospheric xenon signature from the lower
mantle.

Using this evidence for non-atmospheric xenon in
plumes, Porcelli and Wasserburg (1995a) extended the
steady-state helium model of Kellogg and Wasserburg
(1990) to xenon. They argued that the radiogenic signa-
ture of upper-mantle xenon (relative to the atmosphere)
is not a residue of early degassing of the Earth, as had
previously been proposed, but is the result of input
from the lower mantle, along with minor in situ pro-
duction. The supply of rare gases from lower to upper
mantle was attributed to mass transfer in plumes. A
fraction of the plume is degassed at the hot-spot, but
the bulk is mixed into the upper mantle. In this mass-
transfer model, rare gases are not fractionated from
one another, so they are all thought to have the same
upper-mantle residence time of about 1.4 Byr.

Since the upper mantle is argued to be in steady
state, it bears no memory of its early history. Hence,
variations of 129Xe/130Xe ratio in the upper mantle
(attributed to extinct iodine) are explained solely by
mixing of lower-mantle and atmospheric xenon. The
atmosphere is at the unradiogenic end of the MORB
array, and must therefore have been outgassed from the
Earth before a substantial amount of the iodine bud-
get had decayed. However, Porcelli and Wasserburg
suggested that some of the atmosphere was probably
contributed by late accretion of volatile-rich material
after degassing of the deep Earth. In contrast to this
composition, the lower mantle is predicted to be at the
radiogenic end of the MORB range.

Experimental confirmation that the xenon isotope
composition of the plume source has a radiogenic
signature resembling that of MORB came from new
analyses of Loihi and Iceland samples (Trieloff et al.,
2000). These were the first Loihi data to be clearly dis-
tinct from the atmospheric composition, and extended
half-way up the MORB array (Fig. 11.38). These data
therefore confirm the similarities between rare-gas sig-
natures of the plume source and the upper mantle, pro-
viding strong support for the steady-state model of Por-
celli and Wasserburg (1995a). However, the evidence
continues to support the two-reservoir model for terres-
trial rare gases by maintaining the need for a primordial
rare-gas reservoir in the deep Earth, at the same time as
a strongly degassed upper mantle. It remains unknown
whether the primordial rare-gas reservoir is located in
the deep mantle or the core. However, Jephcoat (1998)
suggested that heavy rare gases could actually be in the
solid phase at lower mantle pressures.
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Fig. 11.38. Comparison of new data from Loihi (◦) and
Iceland (●) with the location of the MORB array (+)
on the xenon three-isotope plot. Modified after Trieloff
et al. (2000).

11.4.2 Fissiogenic xenon

Variations in fissiogenic xenon are more complex than
variations in iodogenic xenon because there are com-
ponents from fission of both extinct plutonium and ex-
tant uranium. The early work by Butler et al. (1963)
and Hennecke and Manuel (1975) suggested that some
fissiogenic xenon in Harding County well gases was
plutogenic. However, more precise analysis by Phin-
ney et al. (1978) showed that the excess abundances
of 131Xe, 132Xe and 134Xe relative to 136Xe in well
gas are a better match to the calculated isotope pro-
duction from spontaneous fission of 238U rather than
244Pu (Fig. 11.39).

The heavy xenon isotope signatures in diamonds can
also be used to test for plutogenic or uranogenic pro-
duction, as demonstrated above for well gases. Ozima
and Zashu (1991) showed that production from 238U
yields the best fit to the xenon data on diamond coats,
which in turn places a tight constraint on the time of
formation of these coats. Uranogenic xenon (unlike
iodogenic and plutogenic xenon) grows in the mantle
over the Earth’s history. Therefore, if the rare gases
in diamonds have been isolated from the silicate up-
per mantle for the past few billion years, they should
have developed less 136Xe than young MORB sam-
ples (dashed line in Fig. 11.34). The fact that MORB,
diamond coats, and well gases all lie on the same ar-
ray (if not a coincidence) suggests that all of these

Fig. 11.39. Plot of excess abundances of xenon isotopes
in well gas relative to the atmosphere, ratioed against
excess 136Xe. The data (●) are compared with modelled
production of fissiogenic xenon from 238U and 244Pu.
After Phinney et al. (1978).

samples were formed relatively recently in geological
time. This presents a problem, since other studies have
indicated ancient formation ages for diamonds (sec-
tion 4.2.1). However, it is possible that old diamond
cores were overgrown by younger coats shortly before
or during kimberlite magmatism (about 100 Myr ago).

Ozima et al. (1985) showed that fissiogenic xenon
data can be evaluated in a more quantitative manner on
a plot in which two different fissiogenic xenon isotopes
are ratioed against 130Xe. Any one of 131Xe, 132Xe or
134Xe can be compared with 136Xe, but the last two
isotopes are usually compared because they have the
best analytical precision. These isotopes are plotted
in Fig. 11.40, from a re-evaluation of published data
by Tolstikhin and O’Nions (1996). The errors on the
MORB data available at the time this plot was drawn
were too large to resolve these components reliably,
but it appeared that MORB xenon resembles well-gas
xenon in having a uranogenic signature. More recently,
xenon isotope analysis of carbonatites from Brazil and
Canada gave a signature that was distinctly uranogenic
(Sasada et al., 1997). However, new analyses of MORB
by Kunz et al. (1998) suggested a mixture of ura-
nogenic and plutogenic xenon.

The evolution of fissiogenic and iodogenic xenon
in the steady-state model of Porcelli and Wasserburg
(1995a) is shown in Fig. 11.41. In response to de-
cay of iodine and plutonium, it is thought that lower-
mantle xenon evolved from an initial solar or planetary
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Fig. 11.40. Plot of two fissiogenic xenon isotopes, ra-
tioed against 130Xe, to compare data for well gas (●)
and MORB (◦) with alternative uranogenic and pluto-
genic production routes. The δ 136Xe diagram above
shows the 95% confidence envelope for the best-fit
regression of MORB data (dashed lines), relative to
the alternative production routes. After Tolstikhin and
O’Nions (1996).

Fig. 11.41. Conceptual model showing the evolution of
fissiogenic xenon in the Earth, sub-divided into pluto-
genic and uranogenic components: (◦) = hypothetical
compositions. After Porcelli and Wasserburg (1995a).

composition to the hypothetical composition of
present-day lower mantle (P). In the steady-state
model, xenon escaping from the lower mantle is sup-
plemented by decay of uranium in the upper mantle,
and then mixed with subducted atmospheric xenon, to

reach the upper-mantle composition (D). The MORB
xenon array is then attributed to mixing between D and
the atmosphere, due to contamination of magmas at the
sea floor.

Plume sources should define a similar array of gen-
tler slope, between the atmosphere and P. However, this
prediction cannot yet be tested reliably, due to the dif-
ficulty of obtaining definitive non-atmospheric xenon
signatures from hot-spots. The available data for plume
sources (Fig. 11.38) do not appear to support the model,
since all data appear to be collinear with the MORB
array. However, two processes may act to homogenise
the plume and MORB signatures: firstly, ongoing con-
tamination of the upper mantle by plume material; and
secondly, contamination of ascending plumes by en-
trainment of upper-mantle xenon. It should also be
borne in mind that many plume sources (e.g. Samoa)
contain recycled lithospheric material, almost certainly
including subducted atmospheric xenon.

Further uncertainties in fissiogenic Xe systematics
arise from the findings of Meshik et al. (1995), who
suggested that variations in the relative abundances of
heavy xenon isotopes could be due to open-system con-
ditions during the β decay of uranium fission products.
High-temperature conditions could allow preferential
escape of some short-lived intermediates, affecting the
isotopic composition of xenon isotopes, which are the
final decay products. In the light of all the above prob-
lems, fissiogenic xenon systematics remain in consid-
erable doubt.

11.4.3 Solar xenon

The non-radiogenic light isotopes of xenon are po-
tentially very useful for unravelling the mysteries of
terrestrial xenology. These isotopes should be usable
in the same way as the non-radiogenic neon isotopes
to assess the relationship between atmospheric xenon
and primordial xenon in the Earth. However, because
of the low abundances of the light isotopes, analyti-
cal errors have prevented their application until fairly
recently.

Well-gas 128Xe data presented by Caffee et al. (1988)
provided the first evidence for a correlation between
the iodogenic 129Xe/130Xe ratio and the non-radiogenic
128Xe/130Xe ratio. This implies that the atmosphere and
the (upper) mantle reservoir sampled by well gases
exhibit relative fractionation of xenon isotopes, in a
manner analogous to neon. These systematics were
investigated in more detail by Jacobsen and Harper
(1996), Tolstikhin and O’Nions (1996) and Caffee et al.
(1999), as illustrated in Fig. 11.42. By showing that
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Fig. 11.42. Plot of non-radiogenic 128Xe/130Xe ratio
against iodogenic 129Xe/130Xe ratio, showing the evo-
lution of mantle and atmospheric xenon and their mix-
ing in well gases. Modified after Jacobsen and Harper
(1996).

the Earth’s mantle is slightly enriched in 128Xe relative
to the atmosphere, the data support the model of Pepin
(1991), who argued that the atmosphere has undergone
mass fractionation of xenon relative to an original solar
composition.

It is generally agreed that the compositions of solar
xenon, the present-day Earth’s atmosphere, and well
gases in Fig. 11.42 can be related by mass fractiona-
tion and by iodine decay but there is some disagree-
ment about the order of events. This author proposes
to follow the ‘classical’ view that the order of events
was (1) accretion of the Earth, (2) early degassing,
(3) atmospheric fractionation and (4) decay of iodine
deep in the Earth.

Ozima and Igarashi (1989) suggested that mass frac-
tionation occurred during accretion (and therefore be-
fore degassing). However, the distinct solar compo-
sition of the Earth’s mantle seems to rule out this
model. Similarly, Caffee et al. (1999) suggested that
substantial decay of iodine occurred before accretion.
However, this would require extreme variation in the
I/Xe ratios of accreted components in order to cre-
ate large inherited xenon isotope heterogeneity be-
tween the mantle and atmosphere. This also seems
unlikely. Therefore, the best explanation (as shown in
Fig. 11.41) is that the atmosphere was degassed af-
ter only minor decay of iodine in the Earth and then
underwent mass fractionation.

The analysis of additional non-radiogenic light
xenon isotopes by Caffee et al. (1999) provided further

Fig. 11.43. Plot of non-radiogenic xenon isotope sys-
tematics, showing that well gases lie on a mixing line be-
tween atmospheric and solar xenon. After Caffee et al.
(1999).

support for the ‘solar-xenon’ model by revealing a
correlation between 124Xe/130Xe and 128Xe/130Xe ra-
tios (Fig. 11.43). This array, formed entirely by non-
radiogenic xenon isotopes, trends from the atmo-
spheric composition towards the solar-wind compo-
sition. This confirms that the Earth’s mantle has a so-
lar xenon signature, and continues to suggest that the
atmosphere underwent mass fractionation of xenon,
probably from a combination of giant impact and solar
radiation (section 11.2.2).

In conclusion, much progress has been made in un-
derstanding terrestrial xenology. The overall pattern of
degassing of the early Earth, the evolution of the plume
source, and upper-mantle buffering now constitute a
fairly robust model. However, many details remain to
be worked out.
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Allègre, C. J., Staudacher, T. and Sarda, P. (1986). Rare gas sys-
tematics: formation of the atmosphere, evolution and structure
of the Earth’s mantle. Earth Planet. Sci. Lett. 81, 127–50.
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12 U-series dating

The intermediate nuclides in the U–Pb and Th–Pb de-
cay series have very short half-lives in comparison with
their parents, and are usually ignored in the Pb iso-
tope dating methods. However, their short half-lives
make these nuclides useful for dating Pleistocene ge-
ological events that are too old to be well resolved
by the radiocarbon method and too young to be well
resolved by decay schemes with long half-lives. The
manner in which U-series nuclides can fill this ‘dat-
ing gap’ is shown in Fig. 12.1. Generally they are
most useful for dating events of similar age to their
half-life.

12.1 Secular equilibrium and
disequilibrium

A distinctive property of the U-series nuclides that sets
them apart from other isotope dating schemes is that
the radiogenic daughters are themselves radioactive.
Hence, in a uranium-bearing system that has remained
undisturbed for a few million years, a state of ‘secu-
lar equilibrium’ becomes stablished between the abun-

Fig. 12.1. Diagram showing the dating ranges of vari-
ous nuclides within the three U-series decay chains to
demonstrate their utility. After Potts (1987).

dances of successive parent and daughter nuclides in
the U and Th decay chains, such that the decay rate
(or ‘activity’) of each daughter nuclide in the chain is
equal to that of the parent:

Activity = λ0n0 = λ1n1 = λ2n2 = λN nN [12.1]

where λ0 is the decay constant and n0 is the number of
atoms of the original parent, λ1 and n1 are the decay
constant and abundance of the first daughter, and so
on. It follows that the abundance of each nuclide will
be directly proportional to its half-life (i.e. inversely
proportional to its decay constant). The relevant parts
of the decay chains are shown in Fig. 12.2.

During geological processes such as erosion, sedi-
mentation, melting, and crystallisation, nuclides in the
decay series can become fractionated relative to one
another, due to variations in their chemistry or the
structural site they occupy. This results in a state of
secular disequilibrium. Such a situation can be utilised
in two different ways as a dating tool, called, respec-
tively, the ‘daughter-excess’ and ‘daughter-deficiency’
dating methods.

In the daughter-excess method, a deposit is formed
with an excess of the daughter beyond the level which
can be sustained by the abundance of its parent nu-
clide. Over time, the excess or ‘unsupported’ daughter
decays back until secular equilibrium with its parent is
restored. If the original fractionation can be estimated,
the age of the deposit can be calculated by the progress
of decay of the excess.

In the daughter-deficiency method, chemical frac-
tionation during the formation of a deposit causes it
to take up a radioactive parent but effectively none of
its daughter. The age of the deposit can then be deter-
mined by measuring the growth of the daughter, up to
the point when its abundance is within error of secular
equilibrium of the parent.

Using high-precision mass-spectrometric data (sec-
tion 12.2.1) the useful dating range of U-series nuclides
may be up to seven half-lives, but other factors may im-
pose lower limits. Table 12.1 summarises some of the
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Fig. 12.2. Part of the chart of the nuclides, in terms of Z against N, to show species in the Th- and U-series decay
chains and their half-lives. Useful species are indicated by double boxes. In early research on decay-series nuclides,
some species were given special names (e.g. 230Th = ionium). However, these are now obsolete.

more important U-series dating methods. Note that,
in this chapter, all nuclide abundances are given as
activities unless stated otherwise.

12.2 Analytical methods

As noted above, the atomic abundance of a U-series
nuclide in secular equilibrium is proportional to its

half-life. Therefore, the very variable half-lives of the
U-series radionuclides cause them to have extreme
abundance ratios. Until recently, this discouraged
mass-spectrometric determination of U-series nuclides
for dating purposes. In contrast, species in secular
equilibrium have equal activities (by definition), so
radioactive counting is an obvious method for their
determination. Counting techniques utilising β and γ
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Table 12.1. U-series dating methods

Method Measurement t1/2, kyr Range, kyr Application

Daughter excess
234U–238U 234U decay 245.3 <1500 Coral
230Th 230Th decay 75.7 <500 Deep-sea sedimentation rates
231Pa 231Pa decay 32.8 <200 Ditto
210Pb 210Pb decay 0.022 <0.1 Recent sedimentation

Daughter deficiency
230Th–234U 230Th accumulation 75.7 <500 Marine and fresh-water carbonate, volcanics
231Pa–235U 231Pa accumulation 32.8 <200 Closed-system test for 230Th
226Ra–238U 226Ra accumulation 1.6 <10 Ditto

particles are not favoured because of the low energies
of β transitions and the complexity of γ-ray spectra
(Yokoyama and Nguyen, 1980). Therefore, the tradi-
tional technique for measurement of U-series nuclides
has been α spectrometry.

Because of the very short range of α particles in
matter, samples to be counted are made into a thin film
and placed under vacuum in a gridded ion chamber
(a type of gas-ionisation chamber with a short dead-
time). If the potential applied between cathode and
anode is within a certain range, the electrical pulses
generated by α-particle emission will be proportional
in size to the kinetic energy of those particles. The out-
put is then fed to a multi-channel analyser in order to
register count rates as a function of energy level. This
allows the α particles from different decay transitions
to be distinguished as separate ‘peaks’ in the energy
spectrum. To obtain 1σ counting errors of 1%, total
counts of 104 are required on each peak (σ = √

n).
To achieve this, counting times of at least a week are
required for most natural samples. Recoil effects grad-
ually contaminate the counter over time with U-series
nuclides, raising its background. Hence the counter has
a finite effective life, which is shortened if higher-than-
normal count rates are measured.

Because α counting only measures the abundances
of atoms that actually decay during the measurement
period, it is a very inefficient measurement technique,
especially for long-lived nuclides. In contrast, mass
spectrometry offers the opportunity of counting ev-
ery atom in the sample, and is therefore much more
sensitive. In the case of U-series nuclides, mass spec-
trometry offers approximately an order-of-magnitude
improvement, both in sensitivity and in precision, and
has therefore largely replaced α spectrometry as a
measurement technique. However, these advances also
throw the emphasis of U-series dating work back onto
sample collection and preparation, since open-system

behaviour of samples becomes more obvious with im-
provements in analytical precision. These problems
will be discussed below.

Given the low abundances of the U-series nu-
clides to be measured in natural materials (in the
part-per-trillion to part-per-million range), chemical
purification is essential, both for α counting and for
mass spectrometry. This normally involves dissolution
of the sample in HNO3 (carbonates) or HF (silicates)
followed by anion-exchange separation (section
2.1.4). Anion exchange is also used to separate
between U and Th. Since chemical extractions are not
expected to give a 100% yield, the sample is ‘spiked’
before chemistry with a known quantity of artificially
enriched isotopes, allowing an isotope-dilution deter-
mination of isotope abundances in the sample (section
2.4). In α-counting analysis, short-lived radioactive
species were usually chosen as spikes. For example,
a widely used U–Th spike was 232U(t1/2 = 72 yr),
which had been allowed to generate its daughter
228Th (t1/2 = 1.9 yr). The short half-life of the latter
nuclide meant that it reached secular equilibrium
with its parent within about twenty years (Ivanovich,
1982a). For mass spectrometry, the longer-lived
isotopes 229Th and 236U, with half-lives of about 6 kyr
and 70 kyr, respectively, are preferred.

A pre-requisite to precise and accurate dating with
U-series nuclides is the availability of good half-life de-
terminations. However, the attainment of secular equi-
librium allows these half-lives to be determined rel-
ative to the very-well-constrained 238U half-life. For
example, the half-life of 234U can be determined very
accurately relative to that of 238U, by measurement of
the 234U/ 238U ratio on a sample in secular equilibrium,
such as uraninite ore. Using this technique, De Bièvre
et al. (1971) determined a value of 244.6 ± 0.7 kyr by
α spectrometry, which was revised to 245.3 ± 0.14 kyr
by mass spectrometry (Ludwig et al., 1992). The latter
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result was confirmed by Cheng et al. (2000), who de-
termined a value of 245.25 ± 0.49 kyr.

The 230Th half-life can also be determined by anal-
ysis of uraninite in secular equilibrium, using a mixed
229Th–236U spike. However, this determination has a
larger uncertainty because it incorporates the errors
of spike calibration, based on gravimetric U and Th
standards. (Many laboratories calibrate their spikes
against uraninite, which would lead to a circular ar-
gument in this case.) Meadows et al. (1980) deter-
mined a half-life of 75.4 ± 0.6 kyr from α count-
ing, which was revised to 75.69 ± 0.23 kyr by mass
spectrometry (Cheng et al., 2000) using four dif-
ferent types of sample considered to be in secular
equilibrium. Fortunately, the two half-life determi-
nations increased by a similar proportion (on mov-
ing from the α-counting to the mass-spectrometric
values), so the overall effect on calculated ages is
small.

12.2.1 Mass spectrometry

Uranium-series dating by mass spectrometry was one
of the missed opportunities of 1970s isotope geology,
since the analytical equipment available at that time
was equal to this task, but was not applied until the late
1980s. This omission can be explained by a commu-
nications gap between workers in the two fields, and
by exaggerated estimates of the problems which might
be posed by large nuclide-abundance ratios. The gap
was closed in two stages, by Chen et al. (1986), who
performed the first precise mass-spectrometric analy-
sis on 234U, and by Edwards et al. (1987), who made
the first 230Th measurements. These workers showed
that mass-spectrometric U-series dating offered great
improvements in precision over the best α-counting
determinations.

Edwards et al. avoided the difficulty of measuring
large 238U/ 234U ratios by measuring 235U/ 234U ratios
instead. Since the 238U/ 235U ratio has a constant value
of 137.88 in normal rocks, the conversion is simple.
Furthermore, by analysing pure corals with a low detri-
tal 232Th content (see below), it was possible to obtain
a 232Th/ 230Th atomic abundance ratio as low as 1.1
(compared with typical ratios of over 250 000 in sili-
cate rocks). These techniques allowed Edwards et al.
to determine the age of a typical Pleistocene coral to
a precision of 123 ± 1.5 kyr (2σ ), compared with an
α-counting determination of 129 ± 9 kyr.

Thorium has a relatively high ionisation poten-
tial. Therefore TIMS analysis of this element is rel-
atively inefficient. Li et al. (1989) used the conven-
tional double-filament technique employed for Nd

Fig. 12.3. Plot of ionisation efficiency for Th isotope
analysis against the total amounts of Th loaded on sin-
gle Re filaments. The typical sample size of clean corals
is shown. After Edwards et al. (1987).

isotope analysis (section 2.2.1), with a very hot centre
filament to promote the formation of Th metal ions.
This method is not very demanding of chemical purity
but is relatively inefficient. Edwards et al. loaded both
U and Th (separately) onto graphite-coated single rhe-
nium filaments, and analysed them as the metal species.
This method is more efficient for very small samples,
but the ionisation efficiency drops rapidly as the size
of sample increases (Fig. 12.3), from 0.1% with very
small samples to 0.001% with large samples. This is
due to a failure to make proper contact with the heated
metal filament as the size of the sample load increases.
Asmerom and Edwards (1995) described a new method
for loading Th as the fluoride. When used with a normal
double-filament technique, this method improved the
ionisation efficiency of large thorium samples (such as
igneous rocks). Using the new method, a 200-ng Th
sample had an ionisation efficiency of 2 × 10−4, an or-
der of magnitude better than had been achieved with
the previous technique (Fig. 12.3).

Ionisation problems are avoided using an ICP
source, which achieves nearly complete ionisation of
all elements (section 2.2.2). As a result, MC-ICP-MS
seems likely to supersede TIMS for Th analysis (sec-
tion 2.5.3). It also has the capability of performing in
situ U-series analysis of uranium-rich samples using
the laser microprobe (Stirling et al., 2000). However,
sampling of the plasma by the mass spectrometer is
only about 1% efficient, so MC-ICP-MS offers only
a moderate advantage over TIMS. Therefore, TIMS
analysis is expected to find continued use for some
time into the future.
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12.3 Daughter-excess methods

12.3.1 234U dating of carbonates
238U decays via two very-short-lived intermediates to
234U (Fig. 12.2). Since 234U and 238U have the same
chemical properties, it might be expected that they
would not be fractionated by geological processes.
However, Cherdyntsev et al. (1965) and Cherdynt-
sev (1969) showed that such fractionation does occur.
In fact, natural waters exhibit a considerable range in
234U/ 238U activities from unity (secular equilibrium) to
values of 10 or more (e.g. Osmond and Cowart, 1982).
Cherdyntsev et al. (1961) attributed these fractiona-
tions to radiation damage of crystal lattices, caused
both by α emission and by recoil of parent nuclides. In
addition, radioactive decay may leave 234U in a more
soluble +6 charge state than its parent (Rosholt et al.,
1963). These processes (termed the ‘hot-atom’ effect)
facilitate preferential leaching of the two very-short-
lived intermediates and the longer-lived 234U nuclide
into groundwater. The short-lived nuclides have a high
probability of decaying into 234U before they can be
adsorbed onto a substrate, and 234U is itself stabilised
in surface waters as the soluble UO2+

2 ion, due to the
generally oxidising conditions prevalent in the hydro-
sphere.

The variety of weathering conditions prevailing
in the terrestrial environment leads to very variable
234U/ 238U activity ratios in fresh water systems. How-
ever, the long residence time of uranium in seawater
(>300 kyr, Ku et al., 1977) maintains the seawater
234U/ 238U ratio within narrow limits, corresponding to
an activity ratio of about 1.14 (Goldberg and Bruland,
1974). A major uranium sink in the oceans is calcium
carbonate, with which uranium is co-precipitated. This
is deposited in shallow water by marine organisms, and
in deep water as an authigenic mineral (i.e. by direct
chemical precipitation). At the time of deposition,
this material takes on the ‘daughter-excess’ 234U/ 238U
activity ratio of seawater, but once isolated, the excess
decays away until secular equilibrium with the parent is
regained (Fig. 12.4). Given an estimate of the original
234U/ 238U fractionation, and given subsequent closed-
system behaviour, the system can be used as a dating
tool until it returns to within analytical error of secular
equilibrium.

Unfortunately, many problems are encountered in
the practical application of this method. As noted
above, the variable uranium isotope fractionations ob-
served in fresh-water systems preclude its application
there. In addition, pelagic sediments are ruled out by
open-system behaviour of uranium after deposition

Fig. 12.4. Plot of 234U/ 238U activity against time, show-
ing the return to secular equilibrium after isolation
from seawater. Arrows show the amplification of an-
alytical errors as the system approaches equilibrium.

(Ku, 1965), while mollusc shells also tend to take up
uranium after deposition (Kaufman et al., 1971). How-
ever, the method has been applied with reasonable suc-
cess to the dating of corals (e.g. Thurber et al., 1965).

The decay of excess 234U can be expressed by the
fundamental decay equation [1.5]. Although this equa-
tion was derived in section 1.4 for atomic abundances,
it is also true for activities (on dividing both sides by
the decay constant, e.g. λ 234U):

n

λ
= n0

λ
e−λt [12.2]

A = A0e−λt [12.3]

In order to date a carbonate sample by the decay of
excess 234U (Fig. 12.4), we can substitute into [12.3]
to yield

234UX
present = 234UX

initial e−λ234t [12.4]

where ‘X’ signifies excess activities above secular
equilibrium and ‘initial’ signifies the activity at the
time of precipitation.

As noted above, all nuclide quantities in this chap-
ter will be presented in terms of activities (unless
stated otherwise). However, absolute activities are not
as readily measurable as activity ratios, so it is con-
venient to divide through by 238U activities. However,
because of the very long half-life of 238U, the activity
of 238Upresent is the same as that of 238Uinitial. So

(234UX
/

238U)present = (234UX
/

238U)initial e−λ234t [12.5]

Since these quantities are in the form of activities, the
excess 234U/ 238U activity is equal to the total activity
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ratio minus one (that part corresponding to secular
equilibrium). So( 234U

238U

)total

present

− 1 =
[( 234U

238U

)total

initial

− 1

]
e−λ234t

[12.6]

Hence, if we assume that the initial activity ratio of
the sample is given by present-day seawater, we can
calculate the age of a coral simply by measuring its
present-day activity ratio. Chen et al. (1986) showed
that modern seawater in the Pacific and Atlantic Oceans
has a homogeneous 234U/ 238U activity ratio, with val-
ues of 1.143 and 1.144, respectively. Given the >300-
kyr residence time of uranium in seawater (Ku et al.,
1977), this gives us a strong expectation that the
activity ratio should have been close to this value
within the 1.2 Myr theoretical dating range of the
method. This was indeed demonstrated by more recent
work (Henderson, 2002), which indicated a 234U/ 238U
activity ratio of 1.145 for the last 350 kyr. This value
is often expressed as δ (excess 234U), with a value of
145 per mil (Fig. 12.4).

Because the seawater 234U/ 238U ratio is relatively
close to secular equilibrium, a small error in the 234U
measurement leads to a large error in the calculated
age (Fig. 12.4). Hence, the 230Th-deficiency method
(section 12.4) yields more precise ages below 400 kyr.
However, using mass-spectrometric analysis, the 234U
method allows the possibility of dating back to 1 Myr
with tolerable precision. This was demonstrated by
Ludwig et al. (1991), who used 234U to date sub-
merged coral terraces off NW Hawaii. Comparison
of 234U ages with terrace depth led to a subsidence
curve that is approximately linear for the last 500 kyr,
at a rate of 2.6 mm/yr (Fig. 12.5). Small undulations
on the subsidence curve represent the calculated effect
of eustatic sea-level fluctuations. These cause devel-
opment of coral terraces by periodically neutralising
subsidence (to create a sea-level ‘stand’) and then ex-
acerbating subsidence, to drown the reef.

The good fit of data points to a linear subsidence
model in Fig. 12.5 provides evidence of the reliability
of the 234U/ 238U dating method, including the closed-
system assumption for uranium systems in coral. This
is attributed to the good preservation of submarine
coral systems. In contrast, coral that has suffered fresh-
water percolation is very susceptible to open-system
behaviour. For example, Bard et al. (1991) found that
many coral specimens over 50 kyr old that had been
dated by 230Th at the Lamont laboratory had calculated
initial 234U activities above the seawater value of 1.14
(Fig. 12.6). These corals come from raised terraces on

Fig. 12.5. Plot of terrace depth against mass-
spectrometric 234U age for corals off NW Hawaii,
showing the good fit to a cooling subsidence curve
(modulated by eustatic variations). After Ludwig et al.
(1991).

Fig. 12.6. Plot of initial 234U/ 238U activities in Barbados
coral terraces, against calculated 230Th ages, to show
apparent initial ratios above the seawater value of 1.15.
After Bard et al. (1991).

the island of Barbados, which is undergoing net tec-
tonic uplift with time.

Since the evidence from Hawaii is consistent with
a constant 234U activity in seawater (at least for the
past 500 kyr), the high apparent initial ratios found
by Bard et al. must be attributed to open-system be-
haviour of uranium. Unfortunately this sub-aerial re-
distribution of uranium will also affect the 230Th ages
calculated from these samples. For example, the sam-
ple with an apparent age of 528 kyr in Fig. 12.6 comes
from a lower terrace on Barbados, and hence must be
younger than the samples with apparent ages of 230 and
418 kyr.
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12.3.2 234U dating of Fe–Mn crusts

Another application of 234U is to the dating of ocean-
floor ferromanganese crusts. These crusts grow over
long periods of time on the ocean floor, and provide
very useful archives of past seawater chemistry if they
can be dated accurately. In the first U-series dating
study on this material, Chabaux et al. (1995) anal-
ysed two crusts dredged from 1900 m depth on a West
Pacific seamount. For both crusts, the 234U and 230Th
daughter-excess methods gave consistent growth rates
of about 7.6 and 6.7 mm/Myr, respectively (Fig. 12.7).
This suggested that closed-system conditions were pre-
served, and that initial uranium and thorium isotope
ratios remained constant (within error) during the 150-
kyr period of deposition.

A problem with the sampling of Fe–Mn crusts is that
the outer surface can be abraded during dredging oper-
ations, preventing a determination of the absolute age
of the crust from its growth rate. This is specifically
a problem with the 230Th method, because the initial
thorium isotope ratio of seawater is variable. There-
fore, in the absence of an ‘initial-ratio’ determination
from the surface of the crust, an absolute date is not
possible. On the other hand, the initial 234U/ 238U ratio
of seawater is constant in space and time. Therefore, it
should be possible to use 234U to determine the origi-
nal growth surface of the crust by projecting the excess
234U activity back to the known seawater composition
(Fig. 12.7b).

Fig. 12.7. The use of 230Th/232Th and excess 234U activi-
ties in a ferromanganese crust to determine the growth
rate and the zero-age surface of the crust before abra-
sion. Modified after Chabaux et al. (1995).

Fe–Mn crusts are quite porous and have very slow
growth rates. Therefore, there was concern that diffu-
sion could cause open-system behaviour of U-series
nuclides in the crust after deposition. The work of
Chabaux et al. (1995) appeared to allay these fears,
but subsequent work by Chabaux et al. (1997), Neff
et al. (1999) and Henderson and Burton (1999) has
confirmed that diffusion of U is a problem in Fe–Mn
crusts. These later studies gave Fe–Mn growth rates
of 7–19 mm/Myr, based on measurements of excess
234U, but only 3–4 mm/Myr based on excess 230Th.
The discrepancy between these growth rates, espe-
cially for the very high value of 19 mm/Myr, must
be explained by diffusional re-distribution of uranium.
By comparing the observed decay profile of 234U
with a theoretical decay curve based on excess 230Th
dates, Henderson and Burton were able to calculate
effective diffusion coefficients for uranium in various
Fe–Mn crusts (e.g. Fig. 12.8). These values were in the
range from 10−6 to 5 × 10−8 cm2/yr.

Henderson and Burton argued that the magnitude
of U diffusion in the crust must be controlled by the
ability of uranium to be exchanged from the solid
crust into pore water within the crust. Hence, the
diffusion coefficient must be dependent on the par-
tition coefficient of uranium between seawater and the
Fe–Mn crust. The solubility of U in surface water
has already been discussed. In contrast, thorium is
said to be ‘particle-reactive’, meaning that it is read-
ily adsorbed onto the surface of detrital grains, and
has a very short residence time in natural waters.

Fig. 12.8. Plot of 234U activity (parts per mil above sec-
ular equilibrium) against depth in an Fe–Mn crust from
the North Atlantic. The measured 234U ‘decay curve’ is
compared with the predicted decay curve for zero dif-
fusion. After Henderson and Burton (1999).
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Table 12.2. Partition and diffusion coefficients in Fe–Mn crusts

Crust/seawater Diffusion coefficient
Element partition coefficient in crust, cm2/yr

Particle-reactive species
Th 2.0 × 109 2 × 10−12

Nd 2.6 × 108 2 × 10−11

Pb 1.6 × 108 3 × 10−11

Be 4.0 × 107 1 × 10−10

Hf 5.2 × 106 9 × 10−10

Os 1.7 × 105 3 × 10−8

Conservative species
U 4.0 × 103 1 × 10−6

Sr 2.1 × 102 2 × 10−5

Thus, uranium has a seawater residence time exceed-
ing 300 kyr, whereas thorium has a seawater residence
time more than 1000 times shorter than this.

Using these principles, Henderson and Burton
estimated the diffusion coefficients of other
elements from their relative concentrations in
the crust and in seawater. This calculation places
these species into two groups (Table 12.2; Henderson,
personal communication). Uranium, together with
strontium, has a relatively large diffusion coefficient
in crusts, which is consistent with these elements
being non-particle-reactive, and hence conservative in
seawater. At the other extreme, thorium has a partition
coefficient about six orders of magnitude lower than
that of uranium, which is consistent with it being
the most particle-reactive of its group. In addition,
other members of the particle-reactive group also
have sufficiently low diffusion coefficients in Fe–Mn
crusts that they can be considered immobile. This
is encouraging for the use of Fe–Mn crusts as an
inventory of the past seawater signatures of these
tracers (sections 4.5, 5.6, 9.3 and 14.3). However, it
is concluded that the 234U method is not reliable for
dating this material.

Another area where excess 234U activity data
would be very useful is in the dating of planktonic
foraminifera, since these are the basis of the sea-
water oxygen isotope record (section 12.4.2). How-
ever, forams have low U contents (typically 20 ppb),
which tend to be swamped by the U contents of
ferromanganese diagenetic overgrowths. Henderson
and O’Nions (1995) showed that dithionite solution (a
reducing agent) could be used to clean recent forams
in order to recover normal seawater uranium isotope
ratios. However, a test on 2-Myr-old forams detected
excess 234U activities above the seawater value, which

must have been introduced from pore waters after
sedimentation. This suggests that forams do not remain
a closed system for uranium, and therefore cannot be
used for dating or to constrain the uranium isotope
evolution of seawater.

12.3.3 230Th sediment dating

The differing behaviour of uranium and thorium in sea-
water causes U/Th fractionation during the formation
of various types of sediment, leading to systems out of
secular equilibrium. As noted above, 238U decays via
two very short-lived intermediates to 234U in seawater.
This in turn decays to 230Th, but the latter is almost
immediately adsorbed onto the sediment surface. Be-
cause it is preferentially enriched on the sediment sur-
face, relative to its (234U) parent, 230Th is ‘unsupported’
and out of secular equilibrium. However, after isolation
from the sediment–water interface, this unsupported
230Th begins to decay back to secular equilibrium with
its parent. Hence, this method should allow the dating
of sedimentary deposition.

Adsorption of thorium onto detrital grains is so much
more effective than adsorption of uranium that, for
young sediments, the uranium-supported component
(i.e. the component in secular equilibrium) can be ef-
fectively ignored. In other words,

230Thexcess ≈ 230Thtotal [12.7]

Therefore we can use the method as a dating tool by
means of the simple decay equation

230Thpresent = 230Thinitial e−λ230t [12.8]

Since the 230Th excess method is used to study sedi-
mentation, it is convenient to formulate t in terms of
sediment depth, D (in a core), and sedimentation rate,
R:

t = D/R [12.9]

If we substitute this into [12.8] and take the natural log
of both sides, we obtain

ln 230ThP = ln 230ThI − D(λ230/R) [12.10]

This corresponds to the equation for a straight line:

y = c − xm [12.11]

Hence, if the natural log of the present-day 230Th ac-
tivity is plotted against depth in the core, the sedimen-
tation rate can be obtained from the reciprocal of the
slope (the solid line in Fig. 12.9):

R = −λ230
D

ln 230ThP − ln 230ThI
[12.12]
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Fig. 12.9. Schematic plot of log 230Th activity (decays
per minute/gram) against depth, to show behaviour ex-
pected in a core formed by a constant sedimentation
rate. Solid line = young sediments; dashed line = older
sediments with U-supported 230Th.

Although the effects of U-supported 230Th may
be negligible near the sediment surface, this compo-
nent becomes increasingly important as the system
approaches secular equilibrium with increasing burial
depth (dashed line in Fig. 12.9). Two possible sources
of U-supported 230Th may be present. Authigenic min-
erals such as calcite contain no 230Th at the sediment
surface, but their uranium budget generates 230Th until
this reaches secular equilibrium with the parent. This
fraction is best removed physically by mineral separa-
tion. On the other hand, detrital grains contain 230Th
that is in secular equilibrium with 234U and 238U, even
at the sediment surface. This fraction is removed by
subtracting 234U activity (in secular equilibrium with
the 230Th daughter) from total 230Th activity (e.g. Ku,
1976). This leaves the ‘excess’ 230Th activity of the
clay fraction:

230Thexcess = 230Thtotal − 234U [12.13]

The corrected (excess) activities determined in this way
are substituted into [12.10] and [12.12] above to deter-
mine sedimentation rates. Since the concentration of
230Th in the oceans is expected to be constant through
time, and the adsorption process is expected to be of
constant efficiency, the initial concentration of 230Th in
the detrital-sediment fraction should be constant. Then,
if the bulk sedimentation rate (R) remains constant
with time, excess 230Th activity will decrease as a log-
arithmic function with depth. Figure 12.10a shows data
from a Caribbean core that fit this model (Ku, 1976),
yielding a linear fit (of log activity against depth). The
regression slope yields a sedimentation rate R of 25 ±
1 mm/kyr for the last 300 kyr.

Fig. 12.10. Plots of (a) excess 230Th activity and (b) excess
231Pa activity against depth in a sediment core, yielding
two independent estimates of the average sedimenta-
tion rate. After Ku (1976).

Within the decay chain of 235U, the species 231Pa
(protactinium) is another particle-reactive species that
behaves very similarly to thorium in seawater. There-
fore it also develops excess activities at the sediment
surface relative to its parent isotope of uranium. 231Pa
has a half-life of 32.76 kyr (Roberts et al., 1969), and is
therefore used in an analogous way to 230Th. However,
because the parent (235U) has a much lower abundance
than 238U, analytical errors are larger. Therefore, 231Pa
is usually used only as a concordance test for 230Th
dates, to check that the dating assumptions have been
upheld. This application is shown in Fig. 12.10b.

12.3.4 230Th–232Th

Unfortunately, not all cores yield such good results
as that in Fig. 12.10, because 230Th and 231Pa are
sometimes variably diluted in sediments. Picciotto and
Wilgain (1954) suggested that this problem could be
avoided by using 232Th as a reference isotope to nor-
malise for variable absolute levels of adsorbed Th.
They justified this approach on the basis that 230Th
and 232Th (t1/2 = 14 Byr) are chemically identical, so
they should be removed from seawater at the same
rate. Because 232Th has such a long half-life, it suffers
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no significant decay within the dating range of 230Th.
Therefore, if we assume that initial 230Th/ 232Th ac-
tivities at the sediment surface remain constant at any
given locality through time, we can divide both sides
of equation [12.8] by 232Th (where X signifies excess
activities):( 230ThX

232Th

)
present

=
( 230ThX

232Th

)
initial

e−λ230t [12.14]

On applying this to the activity versus depth plot, we
obtain

ln

( 230ThX

232Th

)
P

= ln

( 230ThX

232Th

)
I

− D
λ230

R
[12.15]

Picciotto and Wilgain pointed out that, for this
method to work, effectively all of the Th in the sed-
iment must have been chemically precipitated, rather
than being detrital. However, 30% or more of the total
232Th budget in a pelagic sediment is normally within
the detrital phases (Goldberg and Koide, 1962). Con-
sequently, Ku et al. (1972) argued that the effect of
dividing by 232Th is similar to the effect of dividing
by the detrital (non-carbonate) fraction in the analysed
sample. If the detrital fraction in the sediment is con-
stant then this does not cause a problem, but if it varies
with depth, this will perturb the initial 230Th/ 232Th
ratios and hence lead to erroneous ages and sedimen-
tation rates. This problem is illustrated in Fig. 12.11
using data for a core from the Mid-Atlantic Ridge.

Fig. 12.11. Thorium isotope results from the ZEP 15 core (Mid-Atlantic Ridge), showing interpretations of sedi-
mentation history using (a) the 230Th/ 232Th method and (b) the simple 230Th method. After Ku (1976).

The 230Th/ 232Th plot (Fig. 12.11a) yields an age for
the 12-cm-deep horizon (arrowed) that is more discor-
dant from the 14C age of 17 kyr than the simple 230Th
plot (Fig. 12.11b).

In order to reduce the perturbing effect of the detrital
component on 230Th/ 232Th ages, Goldberg and Koide
(1962) used a technique by which authigenic minerals
and adsorbed Th were leached from the detrital com-
ponent with hot hydrochloric acid. This led them also
to adopt a different correction for U-supported 230Th.
On the assumption that no detrital 230Th component
was leached, they excluded the component in secular
equilibrium. Instead they corrected for U-supported
230Th in the authigenic (carbonate) component, which
is expected to grow with time. This is equivalent to the
230Th daughter-deficiency method, and will be dealt
with in detail below (section 12.4.1). If the immediate
parent (234U) is assumed to be in equilibrium with 238U
(an approximation) then the growth of U-supported Th
is given by equation [12.25]. This is subtracted from
total 230Th activity to determine excess 230Th:

230Thexcess = 230Thtotal − 238U(1 − e−λ230t ) [12.16]

Ku (1976) argued that this method also had drawbacks,
since thorium leaks from detrital phases during the acid
leaching. Hence, it is concluded that normalising with
respect to 232Th can sometimes improve 230Th data, but
sometimes has a degrading effect. Therefore, it tends
to be used on an ad hoc empirical basis.
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Fig. 12.12. Plot of excess 230Th activity (on a log scale) against depth in core 23059 from the Norwegian Sea. The
regression line indicates the average sedimentation rate. After Scholten et al. (1990).

12.3.5 230Th sediment stratigraphy

In view of the difficulties described above, the 230Th
dating method should probably be regarded as semi-
quantitative in most circumstances. However, 230Th
data may be a powerful tool for stratigraphic corre-
lation of Quaternary sediments. An example of this
application is provided by the study of Scholton et al.
(1990) on a 5-m core from the Norwegian Sea near
Jan Mayen (Fig. 12.12). In general, excess 230Th ac-
tivity data from this study fitted an average decay curve
equivalent to a sedimentation rate of 1.9 cm/kyr. This
is in reasonable agreement with the rate of 1.6 cm/kyr
calculated from oxygen isotope stratigraphy. However,
the data display large short-term variations superim-
posed on the mean decay curve.

Traditionally, variations of this type have been at-
tributed to changes in sedimentation rate. However,
this is clearly impossible for some segments of core
23059, which define a positive slope of excess activ-
ity against depth (opposite to the effect of radioactive
decay). In order to examine these short-term activity
variations, Scholten et al. corrected the data for ra-
dioactive decay since burial (using the mean decay
curve), and then ratioed these initial (excess) 230Th
activities against 232Th to correct for variable carbon-
ate contents. The resulting values display variations
with depth that are correlated with δ 18O (Fig. 12.13).
Scholten et al. attributed these variations to the influ-
ence of climatic factors on the 230Th deposition rate.
Climatic changes affect the productivity of plankton,
and hence the amount of sinking organic matter.

Biogenic particle fluxes were argued by Mangini and
Diester-Haass (1983) to control the downward flux of
radionuclides off NW Africa, and hence 230Th activity
variations in sediment cores. Therefore Scholten et al.
argued that the low initial excess 230Th/ 232Th activity

Fig. 12.13. Comparison of the depth dependences of
excess initial 230Th/ 232Th ratio and δ 18O in core 23059.
Numbered intervals are stages based on 18O stratigra-
phy. Stages 1 and 5 represent the Holocene and the
120–130-kyr interglacials. After Scholten et al. (1990).

ratios in isotope stages 2 and 6 (Fig. 12.13) were due to
a widespread reduction of biogenic paleo-productivity
during these cold periods. This regional climatic con-
trol of radionuclide deposition allows the opportu-
nity of correlating 230Th variations between different
sites in an ocean system. Similar results may be ob-
tained using 231Pa/ 230Th activity ratios (Kumar et al.,
1993) and using the cosmogenic isotope 10Be (section
14.3.4).

The rapid adsorption of 230Th onto particulate mat-
ter makes it a very useful oceanographic tracer. Hence,
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Fig. 12.14. Plot of total 230Th activity as a function of
depth in waters off Cape Hatteras (◦) and north of
Puerto Rico (●). After Cochran et al. (1987).

several studies have been directed at understanding its
behaviour in seawater, including its ocean residence
time. The activity of 230Th in North Atlantic seawater
was determined by Cochran et al. (1987) by pumping
large volumes of seawater, at various depths, through
a filter system designed to scavenge 230Th. Two pro-
files showed increasing activity with depth, both on
particulates and in solution (Fig. 12.14). High levels
of dissolved 230Th at depth were attributed to attain-
ment of sorption equilibrium between particulates and
seawater. In addition, riverine supply of 230Th causes
slight enrichment in shallow seawater off Cape Hat-
teras, but makes a negligible contribution to the total
230Th inventory.

Yu et al. (1996) used these results to make a new
estimate of the 230Th residence time in North Atlantic
seawater. This value can be determined from the 230Th
inventory per unit volume of water (n = activity/λ230),
divided by the supply flux per unit volume. Since river-
ine supply of 230Th is considered insignificant, the sup-
ply flux is equal to oceanic 234U decay. Hence, in terms
of activities:

τ Th-230 = 1

λ230

230Th
234U

[12.17]

Using profiles of activity against depth, Yu et al. es-
timated an average 230Th activity of 0.65 dpm/m3 in
the North Atlantic at 25 ◦N. This compares with a 234U
activity of 2700 dpm/m3, which is constant throughout
the oceans due to the long residence time of uranium.
Plugging these values into the above equation gave a τ

value of only 26 yr, much shorter than had previously
been estimated.

12.3.6 231Pa–230Th

Similarities between the chemistries of Pa and Th
prompted Sackett (1960) and Rosholt et al. (1961) to
suggest their use in conjunction as a dating tool. Three
factors suggested that the adsorbed initial 230Th/ 231Pa
activity ratio should be a constant (∼11) defined by
the production ratio of the two species: firstly, the iso-
tope ratio of their parents is relatively constant in sea-
water (as demonstrated by the concordance of 231Pa
and 230Th dates); secondly, they are both adsorbed
rapidly compared with their half-lives; and thirdly, the
direct river-borne contribution of 231Pa and 230Th to the
oceans is negligible (Scott, 1968). In this case, equation
[12.8] can be divided by the corresponding equation for
protactinium, yielding( 230Th

231Pa

)excess

P

=
( 230Th

231Pa

)excess

I

e−(λ230−λ231)t [12.18]

Equation [12.18] can then be solved for t by assuming
the initial (production) ratio to be 11. The early work
of Sackett (1960) and Rosholt et al. (1961) appeared
to bear out the assumption. However, subsequent work
has yielded variable excess 230Th/ 231Pa activities at
the sediment surface. Sediments often have surface ra-
tios much higher than 11 (e.g. Sackett, 1964), while
manganese nodules may have ratios much lower than
11 (e.g. Sackett, 1966). Hence, it is concluded that
variable fractionation between 231Pa and 230Th occurs
during sedimentation, rendering the method useless as
a dating tool.

The variable fractionation between 231Pa and 230Th
can now be explained by the different seawater resi-
dence times of these species. Because of its extremely
particle-reactive behaviour, very little 230Th can be
transported laterally (advected) before it is scavenged
and sedimented. In contrast, 231Pa can be advected by
ocean currents before it is scavenged in locations with
a high flux of sinking particles. As a result, 230Th/ 231Pa
ratios vary across ocean basins, normally with high ra-
tios in the centre of the basin, where sedimentation
rates are low, and low ratios near the margins, where
sedimentation rates are high (Yang et al., 1986).

Yu et al. (1996) proposed that the different seawater
residence times of Pa and Th should allow their activity
ratios to be used as monitors of ocean circulation. For
example, the present-day Atlantic Ocean is dominated
by a ‘conveyor belt’ that transports North Atlantic
Deep Water (NADW) southwards to the Antarctic.
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Fig. 12.15. 231Pa/ 230Th activity ratios for the South Atlantic and the Southern Ocean, showing values both above
and below the production ratio of 0.09: (a) present day and (b) last glacial maximum. 231Pa/ 230Th values: (◦) =
below 0.1; (●) = 0.1–0.2; (�) = over 0.2. After Yu et al. (1996).

Radiocarbon evidence (section 14.1.6) suggests that
NADW has a residence time of 200–300 yr in the At-
lantic. Comparison of this value with the ocean res-
idence times of 231Pa and 230Th indicates that about
50% of 231Pa, but only 10% of 230Th produced in
the Atlantic will be exported to the Southern Ocean.
These predictions were supported by activity measure-
ments on (recent) core tops from ocean-floor sediment
(Fig. 12.15). These data are presented in the reciprocal
form (231Pa/ 230Th), and reveal an average activity ratio
of only 0.06 in the Atlantic, but 0.17 in the Southern
Ocean (relative to a production ratio of 0.09).

Yu et al. made the critical observation that sediments
deposited at the time of the last glacial maximum had
exactly the same distribution pattern of 231Pa/ 230Th
activity ratios (Fig. 12.15b) as present-day sediments.
From this observation they concluded that the ocean
conveyor belt operated at a very similar rate during
the glacial maximum. This result cast doubt on the
widely favoured model in which the conveyer belt was
thought to have partially or completely ceased during
the last glacial maximum (section 14.1.7). Hence, it
was critically important to evaluate the result obtained

by Yu et al., to see whether the conclusions were robust,
or whether factors other than ocean currents could have
produced similar patterns at the present day and during
the last glacial maximum.

The circulation model of Yu et al. (1996) made a
prediction that could be tested, as one way of assess-
ing its robustness. Because the high 231Pa/ 230Th ra-
tios in sediments from the Southern Ocean were at-
tributed to high sedimentation rates from Circum-Polar
Deep Water (CPDW), it should be expected that sed-
iment 231Pa/ 230Th ratios should decrease again near
the Antarctic shore, where sedimentation rates are
low.

Walter et al. (1997) tested this expectation by
collecting a much larger set of data from waters
and sediments right across the Antarctic Circum-
polar Current (ACC), which extends from 50◦ S to
60◦ S, and is equivalent to the range of CPDW. Their
data (Fig. 12.16a) showed that high ratios of excess
231Pa/ 230Th in sediments continued south of 60◦ into
the Weddell Sea, despite the low sedimentation rates
in this area near the Antarctic continent. However,
analysis of suspended particulates revealed very high
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Fig. 12.16. Plot of excess 231Pa/ 230Th activity ratios as a
function of latitude across the Southern Ocean, show-
ing values increasing towards the Antarctic coast: (a)
recent sediments and (b) particulate matter in water.
After Walter et al. (1997).

231Pa/ 230Th activity ratios in this zone (Fig. 12.16b),
which were related to the presence of biogenic opal.
Therefore, Walter et al. suggested that biogenic opal
was much more effective at scavenging Pa than clay
minerals. Hence, it is concluded that 231Pa/ 230Th ra-
tios can be influenced by sediment type, so that they
are a less reliable measure of paleo-productivity and
ocean circulation than had previously been expected
(Luo and Ku, 1999; Chase et al., 2002).

The short ocean residence time of 230Th also makes
this tracer useful in constraining the deposition fluxes
of other species such, as 10Be, with longer residence
times. Frank et al. (1995) illustrated this approach in a
study of sediment stratigraphy from the Weddell Sea,
Antarctica. Samples were collected at intermediate
water depths to avoid contamination by resuspended
sediment (>1500 m below the surface and >500 m
above the sea floor). Both 10Be abundances and ex-
cess initial 230Th activities exhibited large variations

Fig. 12.17. Plots of normalised fluxes of excess 230Th and
10Be against normalised sedimentation rate to show
similar correlation lines for the two nuclides: (◦) =
glacial, isotope stages 2, 5d and 6; (●) = interglacial,
stages 1, 5e and 7. After Frank et al. (1995).

in concentration between glacial periods (stages 2, 4
and 6) and interglacials (stages 1, 5e and 7).

Frank et al. calculated average burial fluxes for
each climatic stage, using initial radionuclide abun-
dances, dry bulk density and sedimentation rate. These
fluxes were positively correlated with sedimentation
rate (Fig. 12.17), and varied by more than an order of
magnitude. Since 230Th activities vary to the same ex-
tent as the abundance of 10Be, these variations cannot
be attributed principally to boundary scavenging of ad-
vected nuclides (although this may play some role). In-
stead, Frank et al. attributed the variations to sediment
transport. High radionuclide fluxes during interglacial
periods were attributed to focussing of ‘marine snow’
(radionuclide-bearing diatoms) by strong bottom cur-
rents. Low radionuclide fluxes during glaciations were
attributed to ‘bulldozing’ of sediments by grounded
ice shelves, which replaced young (isotopically hot)
sediment by old (isotopically dead) material.
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12.3.7 210Pb

Within the 238U decay chain, the daughter product of
226Ra is the rare gas 222Rn. This escapes into the atmo-
sphere from the whole land surface. However, 222Rn
has a half-life of only three days, and is followed by
four intermediates with half-lives of minutes to sec-
onds, ultimately yielding longer-lived 210Pb. This is
estimated to remain in the upper atmosphere for a
few days, before the majority returns to the surface
in precipitation. Thereafter, unsupported 210Pb decays
away with a half-life of 22.3 yr. The use of 210Pb
to date accumulation of snow was first suggested by
Goldberg (1963). However, it can also be used to date
very recent fresh-water and marine sedimentation (e.g.
Krishnaswamy et al., 1971; Koide et al., 1972) because
210Pb has an aqueous residence time of only a year or
two before adsorption onto sediment.

If the 210Pb concentration in newly precipitated snow
or sediment remains more or less constant with time
at a given locality (as expected), then the system will
behave in exactly the same way as the 230Th excess
method. We can then use 210Pb activity at the present-
day surface to determine initial 210Pb, and solve for the
age of a buried ice or sediment sample:

210Pb = 210Pbinitial e−λ210t [12.19]

As with 230Th, if we plot the log of 210Pb activ-
ity against depth, the slope yields the sedimentation
rate. The first application of the method was to snow
chronology (Crozaz et al., 1964). The calculated sed-
imentation rate of snow at the South Pole in water
equivalents (6 ± 1 cm/yr) compared well with a rate
determined from yearly ‘ice varves’.

The short half-life of 210Pb also makes it ideally
suited to the dating of historical-age sediments. For
example, the method has become important in studying
the history of heavy-metal pollution of coastal waters
and lakes. Bruland et al. (1974) used the method in a
study of metal pollution of the Santa Monica basin off
Los Angeles. A log plot of total 210Pb activity against
depth (Fig. 12.18) yields a linear fit at shallow depths,
but the profiles flatten out at about 8 cm depth due to
the effect of 210Pb supported by 226Ra. However, this
can be corrected by subtracting 226Ra activity, yielding
excess 210Pb activities:

210Pbexcess = 210Pbtotal − 226Ra [12.20]

When the data are plotted in this form, the usable range
of the method is extended to about 150 yr. For the Santa
Monica basin the corrected (excess) 210Pb data yield a
sedimentation rate of 0.7 mm/yr (Fig. 12.18).

Fig. 12.18. Plot of 210Pb activity against depth in recent
sediments of the Santa Monica basin. Solid symbols:
total 210Pb activity, including 226Ra-supported fraction.
Open symbols: excess 210Pb only. After Bruland et al.
(1974).

A particularly appropriate application of the 210Pb
method is to studies of anthropogenic Pb contami-
nation of sediments. Shirahata et al. (1980) applied
the method to a remote sub-alpine pond in Yosemite
National Park, in order to assess the regional atmo-
spheric fallout of Pb from car exhausts. A sedimenta-
tion rate of 0.6 mm/yr was calculated from 210Pb data
(Fig. 12.19). Bioturbation of the sediment was ruled out
because all bomb-produced radionuclides remained
within about 2 cm of the sediment surface. Total Pb
concentrations in the sediment were found to have in-
creased four-fold over the past hundred years, and this
change was accompanied by a change in 206Pb/ 207Pb
ratio from a natural local value of 1.15 to an exotic
value of 1.2 . The latter was typical of the sources of
Pb ore used in the USA for the manufacture of leaded
gasoline (section 5.6.1).

Despite these achievements with the 210Pb method,
caution must be exercised in the interpretation of data,
since some studies (e.g. Santschi et al., 1983; Benoit
and Hémond, 1991) have shown that 210Pb can be re-
mobilised from the surfaces of sediment grains into
sediment pore waters, and thence into the overlying
water column. Benoit and Hémond showed from the-
oretical modelling that re-distribution of 210Pb could
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Fig. 12.19. Plot of excess 210Pb activity against depth
in a sub-alpine pond from Yosemite National Park,
California. After Shirahata et al. (1980).

occur by pore-water diffusion, without the need for
particle reworking.

12.4 Daughter-deficiency methods

12.4.1 230Th: theory

The tendency described above for thorium to become
adsorbed onto clay minerals leads to low Th levels in
groundwaters, in contrast to their moderate U levels.
Thus, when biogenic or authigenic calcite is formed,
it tends to contain appreciable U concentrations (a few
ppm) but negligible Th. This leads to a situation in
which 230Th is strongly deficient relative to its parent,
234U. The subsequent regeneration of 230Th can then
be used as a dating tool.

The first application of this ‘230Th-deficiency’ tech-
nique was made as early as 1926 by Khlapin, who
used short-lived 226Ra as a measure of 230Th activity.
Khlapin (1926) assumed that the 234U parent taken up
by calcite was itself in secular equilibrium with 238U
and that Th uptake was negligible. Under these condi-
tions, we can treat 230Th production from 234U as if it
were derived directly from 238U. To calculate the net
accumulation of 230Th, we must then subtract the frac-
tion which has decayed to 226Ra. On substituting into
the relevant Bateman equation [1.13], the abundance
(not activity) of 230Th after time t is given as follows:

n 230Th = λ238

λ230 − λ238
n 238UI(e

−λ238t − e−λ230t )

[12.21]

where I signifies the initial ratio. These abundances
may easily be converted into activities by dividing by
the relevant decay constants:

230Th

λ230
= λ238

λ230 − λ238

238UI

λ238
(e−λ238t − e−λ230t )

[12.22]

Now, on cancelling out λ238 and multiplying both sides
by λ230,

230Th = λ230

λ230 − λ238

238UI(e
−λ238t − e−λ230t ) [12.23]

However, because of the very long half-life of 238U rel-
ative to the other species, its activity is effectively con-
stant over time. Therefore initial 238U activity can be
approximated by 238U, e−λ238t is approximately 1 and
λ230 − λ238 is approximately λ230, which then cancels
out to yield

230Th = 238U(1 − e−λ230t ) [12.24]

Finally, dividing through by 238U activity yields the
decay equation which can be used for dating:

230Th
238U

= 1 − e−λ230t [12.25]

However, it was noted above that 234U and 238U activ-
ities in natural waters are very rarely in secular equi-
librium. This introduces a complication into the decay
equation, since there is an extra contribution to 230Th
activity by excess 234U, until the latter has decayed
away. 230Th production by excess 234U(X) is given by
an equation analogous to [12.23]:

230ThX = λ230

λ230 − λ234

234UX
I (e−λ234t − e−λ230t )

[12.26]

However, excess 234U activities can conveniently be
measured only as a ratio against 238U. Therefore we
divide both sides of [12.26] by 238U activity. This is
effectively constant over time, due to the long half-life
of 238U, so that present and initial 238U activities are
interchangeable:

( 230Th
238U

)X

= λ230

λ230 − λ234

( 234U
238U

)X

I

(e−λ234t − e−λ230t )

[12.27]

But, the excess activity ratio is equal to the total activity
ratio minus one (corresponding to secular equilibrium).
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Fig. 12.20. Th–U isochron diagram for systems containing no 232Th. Labelled, steeply dipping lines are isochrons;
lateral lines are growth lines. The error bar shows the typical uncertainty for α spectrometry. After Kaufman and
Broecker (1965).

So( 230Th
238U

)X

= λ230

λ230 − λ234

[( 234U
238U

)
I

− 1

]

× (e−λ234t − e−λ230t ) [12.28]

We can substitute [12.6] into this equation in order to
convert initial 234U/ 238U activities into the present-day
measured activities (P):( 230Th

238U

)X

= λ230

λ230 − λ234

[( 234U
238U

)
P

− 1

]

× e−λ234t − e−λ230t

e−λ234t
[12.29]

The final term simplifies to yield( 230Th
238U

)X

= λ230

λ230 − λ234

[( 234U
238U

)
P

− 1

]

× (1 − e−(λ230−λ234)t ) [12.30]

Finally, on adding the 230Th production from equilib-
rium and excess 234U ([12.25] and [12.30]), we obtain

230Th
238U

= 1 − e−λ230t

+ λ230

λ230 − λ234

( 234U
238U

− 1

)
(1 − e−(λ230−λ234)t )

[12.31]

This equation could be used directly to solve ages,
but it has become normal procedure to rearrange it by

multiplying through by the 238U/ 234U ratio. This yields

230Th
234U

= 1 − e−λ230t

234U/ 238U
+ λ230

λ230 − λ234

×
(
1 − 1

234U/ 238U

)
(1 − e−(λ230−λ234)t )

[12.32]

This equation was plotted as an isochron diagram
(Fig. 12.20) by Kaufman and Broecker (1965). Effec-
tively, the calibration line for 234U/ 238U activity = 1
(secular equilibrium) yields the age in terms of 230Th
build-up, while the near-vertical isochron lines apply
the correction for non-equilibrium U isotope compo-
sitions. As can be seen on the diagram, this correction
is unnecessary for samples less than about 30 kyr old.
The maximum dating range of the 230Th method is
about 300 kyr by α counting, but this may be extended
to over 400 kyr by mass spectrometry.

12.4.2 230Th: applications

The 230Th–234U method is applicable to the dating of
any closed-system carbonate that is free of contamina-
tion by initial detrital thorium. It can provide far better
precision for coral dating than the 234U–238U method
alone. This is illustrated in Fig. 12.21 by a compi-
lation of high-precision α-spectrometry data for un-
recrystallised corals (Veeh and Burnett, 1982). It can be
seen that typical measurement errors in 234U/ 238U ratio
lead to age uncertainties of over 100%, whereas errors
in 230Th/ 234U ratio lead to age errors of only 10%.
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Fig. 12.21. Plot of 234U/ 238U versus 230Th/ 234U activity
ratio for un-recrystallised coral data with 2σ errors bet-
ter than 5% . The heavy near-horizontal curve shows the
decay path starting from present-day seawater. Vertical
lines are isochrons. After Veeh and Burnett (1982).

Fig. 12.22. Comparison of mass-spectrometric 230Th
ages of living corals with historical ages based on an-
nual growth bands. After Edwards et al. (1988).

The precision of 230Th coral dating has been fur-
ther enhanced by the mass-spectrometric method, as
demonstrated by the analysis of live reef-forming
corals from the Vanuatu arc, east of Australia (Edwards
et al., 1988). In these specimens, 230Th ages were
compared with historical ages based on yearly growth
bands. The latter are about 1 cm wide, and can be accu-
rately counted in specimens at least 200 yr old. 230Th
ages were determined with errors as low as ±3 yr (2σ ),
and were in excellent agreement with the historical
age of the corals (Fig. 12.22). 230Th dating of corals
between 9000 and 40 000 yr old has been used very
effectively to calibrate the radiocarbon timescale (sec-
tion 14.1.5).

One of the most important applications of 230Th dat-
ing is in the study of Pleistocene (Quaternary-age) cli-
matic variations associated with glacial cycles. These
cycles caused periodic variations in the global ice
mass at the expense of seawater, and therefore left
two types of record. The first is the direct variation
of sea-level through time, while the second is an in-
direct record of sea-level variations, due to the frac-
tionation of oxygen isotopes as various amounts of
seawater were converted into ice. These oxygen iso-
tope variations can be seen in marine and terrestrial
carbonate deposits, as well as in ice records. The 230Th
(daughter-deficiency) method can be used to date both
of these climatic records: direct sea-level variations
and oxygen isotope variations recorded in terrestrial
carbonates. These dates can then be used to test the
third main record of Quaternary climatic variation, the
so-called SPECMAP record of marine oxygen isotope
variations.

The SPECMAP model (Imbrie et al., 1984) at-
tributes Pleistocene glacial cycles, recorded as the
oxygen isotope variations in marine forams, to vari-
ations in the intensity of solar radiation. This is based
on the theory of Milankovitch (1941), who suggested
that changes in Pleistocene climate were largely due
to changes of ‘insolation’ in the northern hemisphere
caused by variations in the Earth’s orbit. Because the
Earth’s orbital variations can be precisely calculated
and projected back in time, it is possible to model in-
solation variations back though several million years.
Then, if the Milankovitch theory is correct, these or-
bital variations can be used to ‘tune’ the climatic record
of oxygen isotope variations in order to date glacial cy-
cles precisely (‘Milankovitch forcing’).

Reef-building corals provide a useful record of past
sea-level variations, because sea-level highs during in-
terglacial periods become marked by coral terraces
that are stranded when sea-level falls again. In general
there is a good correlation between sea-level highs and
northern-hemisphere insolation, providing support for
the Milankovitch theory. However, α-counting dates
revealed inconsistencies at the beginning of the last
interglacial, (marked by high sea-level stage 5e in the
stable isotope record). Ages for this sea-level stand
spread over a very large range, from 120 to 140 kyr,
causing it to be divided into two sub-parts. However,
this uncertainty was partly due to the large size of the
error bars on α-counting ages, which were almost of
equal magnitude to the duration of glacial cycles.

This problem is illustrated in Fig. 12.23 by compar-
ing α-spectrometry dates with the calculated insola-
tion curve at the time of the last interglacial (stage 5e).
A 129-kyr coral terrace date is correctly centred on
the insolation high, corresponding to an interglacial.
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Fig. 12.23. Plot of solar insolation against time, to com-
pare the duration of glacial cycles with analytical uncer-
tainties for mass-spectrometric and α-counting U-series
ages. Dates shown are for coral terraces from the last
interglacial (oxygen isotope stage 5e). After Edwards
et al. (1987).

However, two other α-counting dates on coral ter-
races, from the Huon Peninsula of Papua New Guinea
(Bloom et al., 1974), were situated between two inso-
lation highs, on the intervening insolation low. Mass-
spectrometic dates on the same samples were in all
three cases within 2σ error of the α-counting deter-
minations, but are now centred unequivocally on the
insolation high at 127 kyr (Edwards et al., 1987).

Another approach for constraining Pleistocene sea-
level variations is 230Th dating of speleothems (sta-
lactites, stalagmites etc.) from submarine caves. These
formations grow during periods of low sea-level stand,
when they are exposed sub-aerially to percolating cal-
careous solutions. When sea-level rises and they be-
come drowned, growth stops, and an erosional hiatus
occurs. The densely crystalline form of speleothem de-
posits is conducive to good closed-system behaviour,
so this material is ideal for U-series dating. There-
fore, drowned speleothem and coral terraces form a
complementary couple for Pleistocene sea-level stud-
ies. The first mass-spectrometric dating study on such
material was performed by Li et al. (1989) on a
sample from 12 m depth in a Bahamas ‘blue hole’.
A detailed sequence of U-series age determinations
on the 12-cm-thick flowstone showed that carbonate
deposition had occurred over 280 kyr (Fig. 12.24).
Within this period, there were four internal hia-
tuses corresponding to sea-level stands above −12 m

Fig. 12.24. Pleistocene sea-level curve for the Bahamas
(dashed lines), based on U-series ages on drowned
speleothems: (●) = mass-spectrometric data; (�, �) =
speleothem and coral terrace ages determined by α
spectrometry. After Li et al. (1989).

(relative to present-day sea-level). These data sup-
ported the orbitally tuned SPECMAP record in sug-
gesting that the last interglacial began after 140 kyr
ago.

Winograd (1990) challenged this evidence on the
grounds of apparent conflict with the older α-counting
ages from coral terraces (Bloom et al., 1974). How-
ever, Lundberg et al. (1990) showed that, if careful
attention is paid to the quoted analytical error limits
of the α-counting and mass-spectrometric data, then
there is no conflict between the speleothem and coral
ages. In other words, the α-counting ages on coral ter-
races are consistent with sea-level rise after 140 kyr
when their large error bars are taken into account. In
this connection, it is important to remember that the
1σ error limits traditionally quoted for α spectrometry
correspond to only 68% confidence that the ‘true’ age
is within the quoted limits. Therefore, all such error
limits should be doubled to generate (more realistic)
2σ error limits (95% confidence), which is the accepted
practice in other fields of isotopic dating.

Speleothems can also be used as inventories of past
atmospheric oxygen isotope variations, which are also
linked to glacial cycles. These records are well suited
to dating by the 230Th (daughter-deficiency) method.
Hence, climatic variations can be dated by measuring
δ 18O signatures and U-series ages on the same cave
deposits. For example, Winograd et al. (1992) per-
formed a combined U-series and stable-isotope study
on the calcite lining of a water-filled cavern in Nevada
(USA) called Devils Hole. The results of this study sug-
gested similar glacial cycles to the SPECMAP oceanic
record, but, like the data of Bloom et al. (1974), the



12.4 Daughter-deficiency methods 343

Fig. 12.25. Comparison of various lines of evidence for
the onset of the last interglacial, based on Devils Hole,
northern-hemisphere insolation and the SPECMAP
oxygen isotope record. After Zhao et al. (2001).

warming trend associated with the last interglacial
(about 140 kyr ago) appeared to precede the increase in
solar insolation which should have driven this warm-
ing (Fig. 12.25). This led Winograd et al. to question
the SPECMAP model.

In response to these difficulties, numerous expla-
nations have been proposed. One possibility was that
the Devils Hole age measurements were biased by a
breakdown in the dating assumptions. For example,
Edwards and Gallup (1993) suggested that the incorpo-
ration of unusually large amounts of initial 230Th from
the water reservoir in the Devils Hole fracture system
could bias the ages in an unforeseen manner. How-
ever, this possibility was excluded by additional dating
work (Edwards et al., 1997), which demonstrated con-
cordance between 230Th and 231Pa ages for two Devils
Hole calcites.

Another suggestion (Imbrie et al., 1993), was
that the mis-match between the Devils Hole and
SPECMAP chronologies was caused by a more com-
plex relationship between δ 18O and paleoclimate in
continental groundwater than in seawater. This sugges-
tion prompted new dating measurements on the Huon
Peninsula coral terraces which first began this debate.
The new data (Esat et al. 1999) suggested that the main
peak of high stand VII occurred 130 kyr ago, but that
an earlier but probably smaller sea-level rise occurred
beginning about 140 kyr ago. Because this earlier sea-
level rise was lower, it was not recorded in the Bahamas
blue-hole stalagmite at −12 m depth (Fig. 12.24), and
the two records are therefore not in contradiction. The
Devils Hole signal apparently records the earlier event,
but this was followed by a glacial re-advance similar to
the Younger Dryas event of the last deglaciation (13 kyr
ago). Subsequently, deglaciation resumed, with the be-
ginning of the last interglacial (sensu stricto) about
130 kyr ago.

This work was confirmed by more detailed sampling
of coral terraces from Barbados (Gallup et al., 2002).
The occurrence of sea-level rise in two stages with
a retreat in between suggests that this warming event
was quite complex, possibly with more than one orbital
forcing mechanism. This may therefore explain the dif-
ficulty in accurately modelling the causes of glacial ad-
vance and retreat, as discussed by Karner and Muller
(2000).

12.4.3 230Th: dirty calcite

Because fossil bones may be encased by subsequent
tufa deposits, U-series analysis of such material has
been very useful for dating Pleistocene human and
animal remains (e.g. Schwarcz and Blackwell, 1991).
However, the most interesting tufas are often impure,
for the very reason that, if they contain bones, they
will probably contain other detrital material. This in-
troduces initial 230Th, which, if not corrected for, may
cause serious errors in calculated ages.

In cases where detrital contamination is minor, the
same laboratory technique may be used as for clean
material: the sample is leached with dilute nitric acid
in an attempt to dissolve the carbonate fraction without
disturbing the detrital component. This may diminish
the contamination to a level at which it is swamped
by other errors. However, the detrital component is not
usually inert in nitric acid, but often contains a certain
fraction of loosely bound uranium and thorium which
is removed by the leaching process. The extent of this
leakage may be monitored by measuring the activity of
232Th. If this reaches a level of more than a few per cent
of 230Th activity then it may be necessary to correct the
carbonate data for leaching of radionuclides from the
contaminating detrital phase (Ku and Liang, 1984).

U-series data for dirty calcites are best visualised on
an isochron diagram. The most common form involves
ratioing both 230Th and 234U against 232Th (Fig. 12.26).
If all U and Th isotopes are leached from the residue
with equal efficiency then a cord joining the leachate
and residue points can be interpreted as an isochron
line. The slope will then yield the 230Th/ 234U ratio of
the carbonate component, which can be used to cal-
culate the sample age in the same way as for clean
material (Fig. 12.20).

Przybylowicz et al. (1991) performed leaching
experiments on artificial mixtures of pure calcite
speleothems and mud in order to test the reliability
of the leaching method in dating dirty calcites (e.g.
Fig. 12.26). The results show that residues are dis-
placed slightly (occasionally substantially) above the
array of leachate compositions. This is probably due
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Fig. 12.26. U–Th isochron diagrams showing results from leaching artificial mixtures of calcite and mud with 5–7-M
nitric acid: (●) = leachates; (�) = residues from leaching; numbers indicate the percentage of mud in the sample.
Diagram (b) is a blow-up of the lower left corner of (a). After Przybylowicz et al. (1991).

to slight preferential leaching of uranium relative to
thorium from the detrital phase during the leaching
process, and may yield apparent ages somewhat below
the true value. Schwarcz and Latham (1989) argued
that this problem could be diminished by regressing
leachate analyses alone. In this case it is no longer
necessary to assume a lack of differential isotopic frac-
tionation during the leaching process. Isotopic frac-
tionation is permitted, provided that the amount of
such fractionation is the same in all samples. This
has the effect of shifting the isochron line sideways
in Fig. 12.26b but not changing its slope.

A similar type of correlation diagram can also be
used to correct the 234U/ 238U ratio for detrital contam-
ination. Figure 12.27 shows these data for the experi-
ment described above. However, this is less important,
since the 230Th age is only weakly dependent on the
234U/ 238U ratio in samples less than 300 kyr old.

An application of the ‘leach–leach’ technique to dat-
ing natural mixtures is shown in Fig. 12.28 for con-
taminated travertines that enclose the ‘Mousterian cul-
tural layer’ at Tata, Hungary (Schwarcz and Skoflek,
1982). Regression of four leachates leads to an age of
101 ± 4 kyr for carbonate enclosing the cultural layer,
which is bracketed between the ages of 78 ± 5 and 118
± 37 kyr in overlying and underlying clean travertine
layers.

In order to achieve a high-precision result from the
leach–leach technique it is desirable to leach three or
more samples with variable detrital contents from the
horizon to be dated. However, under these circum-
stances it is possible that different samples might un-
dergo variable degrees of isotopic fractionation during

Fig. 12.27. Correlation plot to correct for detrital per-
turbation of uranium isotope ratios in impure carbon-
ates: (●) = leachates; (�) = residues. After Przybylowicz
et al. (1991).

leaching. This problem can be avoided by total diges-
tion of a suite of variably contaminated samples from
the same deposit. If they all contain the same detrital
component (i.e. have the same initial 230Th/ 232Th ra-
tio) and have remained as closed systems, then they
will define a perfect isochron line.

Bischoff and Fitzpatrick (1991) tested the relative
performance of the total-dissolution, leach–leach and
leachate–residue methods on a series of artificial mix-
tures of natural detritus and carbonate. (They also
tested the effect of leaching with various strengths of
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Fig. 12.28. 230Th/ 232Th versus 234U/ 232Th isochron di-
agram for leachates of contaminated travertine from
Tata, Hungary. Ellipses portray correlated error limits.
Modified after Schwarcz and Latham (1989).

acid.) Typical results showed that the total-dissolution
method was superior to the other two techniques for
artificial mixtures (Fig. 12.29). The total-dissolution
method is also more versatile, in that it can be applied
to the dating of any type of Pleistocene material with a
homogeneous initial ratio and showing closed-system
behaviour (Luo and Ku, 1991). However, it may be
difficult to obtain a large enough range of detrital–
carbonate variations to define a good regression line.
Furthermore, in the pursuit of such a range of mix-
tures, samples with variable initial ratios may be anal-
ysed. Therefore, the total-dissolution, leach–leach and
leach–residue methods may all be viable alternatives
for dating dirty calcite in different circumstances.

One problem with the data presentation in
Figs. 12.26 and 12.27 is that the two variables become
very highly correlated as the 232Th fraction diminishes
in size. The large error bars should therefore be rep-
resented by elongated error ellipses (e.g. Fig. 12.28)
rather then rectangular error boxes. Similarly, a regres-
sion program utilising correlated errors should be used
to calculate isochron slopes.

An alternative isochron presentation, utilised by
Kaufman (1971) but not shown here, involves plot-
ting the 230Th/ 234U ratio against 232Th/ 234U. On this
‘Th–U’ isochron diagram, the age of the sample is
represented by the intercept on the y axis, and increas-
ing detrital contamination is indicated by displacement
away from the y axis. Similar plots have been used
more widely in U-series studies of silicate systems

Fig. 12.29. U–Th isochron diagram showing tests of
different dating approaches on artificial mixtures of
carbonate and detritus: (�) = whole-rock (total disso-
lution); (◦) = leachate; (+) = residue. After Bischoff and
Fitzpatrick (1991).

(section 13.1.2.). Th/U isochrons offer some advan-
tages over the more popular U/Th isochron presenta-
tion because Th/U isochrons minimise the problem of
error correlation between the variables. To show how
Th/U isochrons yield the composition of the detrital-
free component in a dirty calcite system, Ludwig and
Titterington (1994) plotted synthetic data in three di-
mensions. They also presented a maximum-likelihood
method for calculation of the best-fit isochron, an ap-
proach already applied to some other isotopic systems
(section 2.6.2).

12.4.4 231Pa

The build-up of 231Pa in carbonates can be used as a
dating tool in a way analogous to 230Th. The immedi-
ate parent of 231Pa (231Th) is assumed to be always in
equilibrium with its parent (235U) due to its short half-
life of 26 h. Hence, the age relationship is analogous
to the simple form of equation [12.25] for build-up of
230Th:

231Pa
235U

= 1 − e−λ231t [12.33]

Because 235U is so much less abundant than 238U,
measured α-counting rates for 231Pa and its daughters
are twenty times lower than for 230Th. Since counting
statistics are the major source of uncertainty in U-series
dating, the 230Th method has been much preferred to
231Pa as a practical dating tool. However, the 231Pa
technique is potentially valuable as a concordance test
for 230Th dates, and the two systems can be used to-
gether to date partially open systems (section 12.5.1).
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Mass spectrometry potentially offers the same ad-
vantages for 231Pa analysis as for 230Th, involving an
order-of-magnitude improvement in precision. How-
ever, a problem encountered in this work is the lack of
any long-lived nuclides for use as spike isotopes. Apart
from 231Pa, with a half-life of 32.76 kyr, the most long-
lived isotope of protactinium is 233Pa, with a half-life
of 27.4 days. This must be prepared anew every few
months and must be repeatedly calibrated so that its
concentration is known on the exact day of its analy-
sis!

Two methods of preparing 233Pa are in use. The first,
described by Pickett et al. (1994), involves periodically
‘milking’ 233Pa from a solution of 237Np. This is done
by ion-exchange chemical separation, but it must be
done under a stringent radiological protection regime
because the parent isotope is very highly active. An
alternative method, described by Bourdon et al. (1999),
is much less hazardous. This involves periodic neutron
activation of 232Th in a reactor, to produce 233Th. This
short-lived species (half-life 22 min) then decays into
233Pa. Because the parent (232Th) has low activity, the
ion-exchange purification can be done under normal
laboratory conditions, after allowing short-lived by-
products of the activation process to die away.

12.5 U-series dating of open systems

12.5.1 231Pa–230Th

Because the 231Pa and 230Th (daughter-deficiency) dat-
ing methods share a common parent element (ura-
nium), they form a single U–Th–Pa system that is

Fig. 12.30. Concordia diagrams for the U–Th–Pa system: (a) against 238U and (b) against 234U. Concordia curves are
shown for a variety of δ 234U values. After Cheng et al. (1998).

analogous to the U–Pb dating system. This similar-
ity was first discussed by Allègre (1964), who showed
that the U–Th–Pa system can be studied using the same
‘concordia’ diagram as that used for U–Pb zircon dat-
ing (section 5.2). The significance of this observation
is that a combination of U–Th and U–Pa analyses can
be used to date systems that have been partially opened
during their history, rather than just as a concordance
test to check for closed-system behaviour.

Because the U–Th–Pa system involves three differ-
ent elements, rather than two, it is necessarily more
complex than the U–Pb system. However, this does
not have a large effect on the method in practice,
because the daughter nuclides Th and Pa are largely
immobile, and behave essentially as if they were the
same element. On the other hand, the principal cause
of open-system behaviour is the mobility of uranium,
which is the common element between the two sys-
tems.

Despite the fact that the U–Th and U–Pa sub-systems
have the same parent element, the U–Th–Pa system
is more complex than the U–Pb system because the
parent uranium isotopes (234U and 235U) can undergo
fractionation in the environment (section 12.3.1). As a
result, the U–Th–Pa system actually gives rise to a fam-
ily of curves in a concordia diagram. This complication
was ignored in the analysis of Allègre (1964) and in
later studies by Kaufmann and Ku (1989) and Kauf-
mann et al. (1995), but was treated in the more detailed
discussion of Cheng et al. (1998). As a result, two dif-
ferent concordia diagrams can be plotted, one involv-
ing the ultimate parent (238U, Fig. 12.30a) and one in-
volving the immediate parent (234U, Fig. 12.30b). On
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each of these diagrams, concordia curves can then be
shown for different 234U/ 238U activities, presented in
the form of δ 234U. For reference, it should be remem-
bered that δ 234U = 0 signifies secular equilibrium,
while δ 234U = 150 is the uranium isotope composi-
tion of seawater, corresponding to a 234U/ 238U activity
ratio of 1.15.

The final complicating factor in the U–Th–Pa sys-
tem, relative to U–Pb, is the fact that the daughter
products are themselves radioactive. Indeed, this is
actually the feature which makes the combined sys-
tem useful for dating partially open systems in the age
range 0–200 kyr. It is the return of 230Th and 231Pa
activities to secular equilibrium with their parents, at
different rates, which allows age information to be
recovered from partially open systems. As a result,
when the concordia diagram is plotted (Fig. 12.30),
the curvature is in the opposite sense to that of the
U–Pb concordia, with the longer-lived nuclide (230Th)
along the x axis and the shorter-lived (231Pa) on the y
axis.

Uranium gain is probably the most important type
of open-system behaviour in U–Th–Pa dating, and
causes the data points to move towards the origin in
a similar way to Pb loss in the U–Pb system. The
simplest scenario is a single episode of U gain. This
forms a linear array through the origin at the time of
open-system behaviour, and the array then rotates as
the system ages under closed-system conditions. The
result at the present time is a discordia array simi-
lar to a U–Pb discordia (Fig. 12.31). The upper in-
tercept with the concordia line then gives the true
age of the system. However, the lower intercept only
gives the age of U gain for the special case in which
δ 234U = 0 (secular equilibrium of parent uranium
isotopes).

The case of continuous open-system uranium gain
is more complex, and gives rise to a curved ‘discor-
dia’ array. However, as in the case of U–Pb dating, the
upper end of this continuous U-gain line is relatively
straight and can give a fairly precise upper intercept
age. A special case of this scenario is ‘linear uptake’
of uranium through the life of the system, which is
shown on the 234U–Pa–Th diagram in Fig. 12.32. As
for U–Pb dating, the best estimate for the upper in-
tercept age is obtained by having a suite of samples
with variable degrees of U gain, but with some sam-
ples near the concordia (minor late U gain). However,
a minimum estimate of the upper intercept age can be
calculated by dividing the U–Pa equation [12.33] by
the U–Th equation [12.32], as suggested by Ivanovich
(1982b). The resulting Pa–Th age is analogous to a
207/206 lead age.

Fig. 12.31. 234U–Pa–Th plot showing the evolution of a
discordia line generated by a single episode of uranium
mobility. After Cheng et al. (1998).

Fig. 12.32. U–Pa–Th plot showing a discordia line gener-
ated by continuous uranium uptake. after Cheng et al.
(1998).

12.5.2 ESR–230Th

Some of the most interesting applications of U-series
dating involve human bones and cultural deposits, but
these materials are notorious for their open-system
behaviour of U-series isotopes, as well as their small
sample size. In the past, the ages of this type of material
were based on speleothem deposits that pre-dated and
post-dated a ‘cultural’ layer (e.g. Schwarcz, 1989).
However, with the advent of mass-spectrometric
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U-series analysis, 230Th ages can be used in combi-
nation with electron spin resonance (ESR) to obtain
reliable dates for teeth (Grün et al., 1988; Grün and
McDermott, 1994). Human teeth are not dated directly,
but human bones are often found in deposits with large
numbers of bovoid teeth (from the cow family). The
relatively large size of these teeth provides sufficient
material for ESR and U-series dating.

Both 230Th (daughter-deficiency) and ESR dating
are based on U-series isotopes, but in different ways.
ESR measures the accumulation of trapped electrons
at defect sites, caused by the time-integrated radiation
dose experienced by the sample, mainly derived from
238U. (For reviews of ESR dating see Jonas (1997) and
Rink (1997).) On the other hand, 230Th dating mea-
sures the return of this nuclide to secular equilibrium
with 238U, via its daughter product 234U. In both cases,
a dating signal is derived largely from a common par-
ent (238U), and in both cases the dating signal itself is
largely immobile (trapped electrons versus 230Th nu-
clides). On the other hand, the dating signal has a dif-
ferent half-life in the two methods: infinite for trapped
electrons but 72.5 kyr for 230Th. Therefore, the com-
bined ESR–230Th method can be used to date systems
that are partially open to uranium mobility in a similar
way to the U–Th–Pa dating system.

Actually, ESR–230Th dates are based on a system
that is almost completely open to uranium, because
the entire uranium inventory of a tooth is acquired af-
ter deposition (live teeth have essentially no uranium).
However, experience has shown that the U-uptake his-
tory of a tooth can be approximated by three types of
model, termed early uptake (EU), linear uptake (LU)
and recent uptake (RU), as shown in Fig. 12.33. Of
these three models, early uptake is the best scenario for
dating because it approximates a case of closed-system
evolution, whereby the age of the tooth is essentially
the same as that of the uptake event that occurred soon
after burial. In this case, the ESR and U-series (230Th)
ages will be concordant. On the other hand, a recent-
uptake scenario is the worst for dating because the
U-series method cannot see back any further than the
recent uranium-enrichment event. ESR dating can give
a useful date in these circumstances only if the majority
of the radiation dose experienced by the tooth comes
from the sedimentary environment outside the tooth.
Linear uptake is the approximation which represents
all scenarios between these two extremes. It generates
relatively large uncertainties, but may be susceptible to
analysis if a large enough data set is available. In detail,
the uptake histories of three uranium reservoirs must be
considered: tooth enamel, tooth dentine, and surround-
ing sediment. The ESR measurement is made on the

Fig. 12.33. Schematic illustration of different uptake
models experienced by buried teeth.

Fig. 12.34. Plot of apparent ESR and U-series ages for
enamel (●) and dentine (◦) samples of bovoid teeth
from Israel, assuming an early-uptake model. Error bars
are 1σ . After Grün and McDermott (1994).

enamel and dentine, and its signal is a time-integrated
function of the radiation dose from the three reservoirs.

An example of age concordance between U-series
analyses and ESR ages is provided by a study of bovoid
dental fragments associated with the skeletons of early
modern humans (Fig. 12.34). In this case, agreement
between most of the U-series and ESR dates indicated
that uranium uptake occurred soon after deposition.
Hence the U-series ages confirmed ESR dates for the
appearance of early modern humans at least 100 kyr
ago in Israel (McDermott et al., 1993). Two points in
Fig. 12.34 (samples a and b) display markedly lower
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U-series ages relative to their ESR ages, outside the
limits of error. These are indicative of a model of
approximately linear uptake (Grün and McDermott,
1994).

Grün et al. (1988) proposed a complex parametric
calculation to model the uptake history of a tooth us-
ing the relative ESR and U-series ages of open-system
samples. They demonstrated the effectiveness of this
technique on samples from Hoxne, England, which
have very young U-series ages relative to their ESR
ages, and are therefore indicative of relatively recent U
uptake. However, Grün and McDermott (1994, p. 123)
admitted that ‘The mathematical formulation of these
steps is very complex and we have not yet been able
to establish a rigorous error calculation procedure’.
Therefore, for practical purposes, a simpler method
used by Rink et al. (2001) may be adequate. These
authors categorised the uptake model (Fig. 12.35) us-
ing the ratio between the U-series age and the ESR
age calculated from an early-uptake model. They then
interpolated between the different uptake models to
obtain a best estimate of the age of the tooth.

An alternative approach might be to plot a concordia
diagram of the 230Th/ 234U ratio against the ESR age.
The upper intercept of this concordia diagram should

Fig. 12.35. Categories of uranium-uptake model based
on the ratio between apparent U-series and ESR ages
(calculated assuming early uptake for both systems).
After Rink et al. (2001).

give the approximate age of the tooth, in a similar way
to the U–Th–Pa and U–Pb concordia diagrams. Unfor-
tunately, the quality of experimental data has not yet
been adequate to demonstrate this approach.
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13 U-series
geochemistry of
igneous systems

U-series dating of sedimentary rocks was discussed in
the previous chapter. These isotopes can also be used
as dating tools for igneous rocks; however, their appli-
cation as isotopic tracers is probably more important.
The short half-lives of the decay-series nuclides make
them ideally suited to studies on magma segregation
from the mantle and magma evolution in the crust,
since these processes operate over similar time peri-
ods. With a half-life of 75.4 kyr, 230Th is by far the
most important of these geological tracers, and will
be the main focus of this chapter. However, attention
will also be paid to other shorter-lived isotopes used in
conjunction with thorium. Note that all isotopic abun-
dances of U-series nuclides referred to in this chapter
are expressed as activities, unless specifically stated
to be atomic.

Until recently, all U-series measurements on igneous
rocks were made by α spectrometry, as for sedimen-
tary rocks (section 12.2). Following the application of
mass spectrometry to U-series dating of carbonates,
it was quickly applied to igneous systems (Goldstein
et al., 1989). However, analysis of 230Th in silicate
rocks is made more difficult by their very large atomic
232Th/230Th ratios. For example, a basalt with a typical
Th/U concentration ratio of 4, and in secular equilib-
rium, will have a 232Th/230Th atomic ratio of 240 000.
For a single-sector mass spectrometer with an abun-
dance sensitivity of 1 ppm at 2 a.m.u. (section 2.3.1),
the 232Th peak will then generate a peak tail at mass
230 which is one-quarter of the size of the 230Th peak.
Normally, the abundance sensitivity is improved us-
ing an energy filter (e.g. Cohen et al., 1992; section
2.3.1). However, McDermott et al. (1993) showed that
relatively accurate 230Th data can be obtained without
a filter if the exponentially curved baseline shape is
carefully interpolated under the 230Th peak.

In addition to 230Th, there are five shorter-lived nu-
clides in the U and Th decay schemes that may be use-
ful in the study of igneous systems. These are shown
in Fig. 12.2, but for convenience they are summarised
here. The equilibration times shown (tEq) represent the

maximum useful range of each species, on the assump-
tion that its activity will be within error of secular equi-
librium after five half-lives. Each arrow represents a
decay transition, but only nuclides relevant to volcanic
systems are shown.

238U > > > > 230Th > 226Ra > > > > > > 210Pb > > > 206Pb
t1/2, yr 75 200 1600 22
tEq, yr 400 000 8000 100

235U > > 231Pa > > > > > > > > > 207Pb
t1/2, yr 34 300
tEq, yr 170 000

232Th > 228Ra > > 228Th > > > > > > > 208Pb
t1/2, yr 5.77 1.91
tEq, yr 30 10

Disequilibrium between short-lived nuclei in vol-
canic rocks was discovered very early (e.g. Joly, 1909),
but has only recently been the subject of detailed study.
210Pb was observed to be out of secular equilibrium
with 230Th in ocean-island lavas by Oversby and Gast
(1968). This demonstrated the occurrence of Th/Pb
fractionation within 100 yr of eruption. However, the
chemistry of Pb is so different from the other nuclides
that it is difficult to use in petrogenetic interpretations.
It will not be discussed in detail here. 228Ra and 228Th
can be used to measure even shorter-period changes in
magma chemistry, but have only rarely been found out
of isotopic equilibrium.

Of the other short-lived nuclides, 226Ra has been the
most widely used. It has traditionally been measured by
radioactive counting (sometimes via its shorter-lived
decay products), but despite its short half-life, recent
advances have allowed its measurement by mass spec-
trometry (e.g. Cohen and O’Nions, 1991). This permits
226Ra abundances in the femtogram range (10−9 ppm)
to be determined to better than 1% precision. 231Pa
abundances in igneous rocks are too low to measure by
α spectrometry because of the low abundance of the
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parent isotope, 235U. However, with the application of
mass spectrometry, 231Pa measurements are also pos-
sible in the femtogram range. Hence this nuclide also
shows promise as a useful geochemical and chrono-
logical tool (Goldstein et al., 1993).

13.1 Geochronology of volcanic rocks

In some ways, U-series systems in igneous rocks are
simpler than carbonates, because 234U and 238U are
always effectively in secular equilibrium. On the other
hand, igneous systems are more complex than pure
carbonates in that they invariably contain initial Th at
the time of cooling. Hence, a U–Th isochron diagram
must normally be used to date igneous rocks by the
230Th method.

13.1.1 The U–Th isochron diagram

After time t , the net 230Th activity in a silicate sample is
the sum of 230Th growth from U decay and the residue
of partially decayed initial 230Th. In other words, we
sum equations [12.8] and [12.24]:

230ThP = 230ThI e
−λ230t + 238U(1 − e−λ230t ) [13.1]

It is convenient to divide through by 232Th, whose ac-
tivity is effectively constant between t initial and the
present:( 230Th

232Th

)
P

=
( 230Th

232Th

)
I

e−λ230t +
238U

232Th
(1 − e−λ230t )

[13.2]

This is the equation for a straight line, and is plot-
ted on a diagram of 230Th/232Th activity ratio against
238U/232Th activity ratio (Fig. 13.1) which is analo-
gous to the Rb–Sr isochron diagram. As with the Rb–
Sr system, a suite of co-genetic samples of the same
age defines a linear array whose slope yields the age.
However, because the 230Th daughter product is itself
subject to decay, this leads to more complex isotope
systematics.

The evolution of igneous systems on the U–Th
isochron diagram depends on their composition with
respect to a state of secular equilibrium. Samples in
secular equilibrium must, by definition, have equal
230Th and 238U activities. Hence, they must have equal
230Th/232Th and 238U/232Th activity ratios in Fig. 13.1.
Such samples lie on a slope of unity in this dia-
gram, called the ‘equiline’ by Allègre and Condomines
(1976).

Now, considering a suite of rock or mineral samples;
at the time of their crystallisation they have variable
U/Th ratios but a constant (initial) 230Th/232Th activity

Fig. 13.1. Isotopic evolution of igneous rocks on the
230Th/232Th versus 238U/232Th isochron diagram. Sym-
bols: (◦) time t = 0; ( ) samples after elapsed time t;
(●) samples after effectively infinite time (t � 1/λ).

ratio, forming a horizontal line in Fig. 13.1. The point
of intersection of this array with the equiline must by
definition remain invariant, since it starts its closed-
system evolution already in secular equilibrium.
However, all other samples in the suite evolve with
time. Those to the right of the invariant point are
daughter (230Th) deficient relative to 238U, and 230Th
therefore builds up with time. They move vertically up-
wards until they also reach the equiline (secular equi-
librium). Those to the left of the equiline have daugh-
ter (230Th) excess relative to the parent. They move
vertically downwards with time until they reach the
equiline. The more initial thorium that is present, the
higher the intersection between the initial composi-
tion and the equiline. Conversely, when no initial Th is
present (as in pure carbonates), evolution begins along
the x axis. Hence, in a co-genetic suite that has not yet
reached secular equilibrium, the initial Th isotope ratio
is given by the intersection of the isochron array with
the equiline. It is not the intercept on the y axis.

The U–Th isochron method was first applied to the
dating of igneous minerals by Cerrai et al. (1965) and
subsequently tested by Kigoshi (1967). Kigoshi used
the method to date three igneous rocks of different
ages: a Cretaceous granite (effectively of infinite age),
a 35.7-kyr-old pumice (dated by 14C on a wood inclu-
sion) and a lava of historical (effectively zero) age. His
results (Fig. 13.2) demonstrated the method to be ef-
fective. The old granite samples lie on the equiline, the
pumice samples yield a U–Th isochron age of 38 kyr,
and the historical lava yields a zero slope.
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Fig. 13.2. 230Th/232Th versus 238U/232Th isochron dia-
gram for three suites of leachates from whole-rock sam-
ples. After Kigoshi (1967).

To achieve a high-precision age from the U–Th
method, a reasonable spread of 238U/232Th activity ra-
tios is needed within each sample suite. Kigoshi carried
over the leaching techniques of carbonate dating in or-
der to maximise this spread of U/Th activity ratios.
However, this is a potentially dangerous technique,
since in the leaching process disequilibrium may be
introduced between different parents and daughters in
the decay series. For example, 230Th may be preferen-
tially leached relative to 238U from radiation-damaged
lattice sites, yielding spuriously old ages. This is called
the ‘hot-atom effect’, which also gives rise to variable
234U/238U ratios in natural waters (section 12.3.1).

Taddeucci et al. (1967) avoided the complexities of
the ‘hot-atom’ effect by using conventional physical
separation and total dissolution of minerals to date five
rhyolitic tuffs from the Mono Craters of California.
However, U–Th dates on phenocryst–glass pairs did
not display good agreement with other methods. For
example, the hornblende–glass pair gave an apparent
U–Th age of only 1 kyr, whereas K–Ar dating yielded
an age of about 7 kyr and 14C dating of undisturbed lake
sediments near the volcano gave a minimum eruptive
age of 2.2 kyr.

Allègre (1968) subsequently showed that separated
phenocryst phases from one of the rocks studied by
Taddeucci et al. defined an isochron age of 25 kyr
(Fig. 13.3). The implication of these results is that
the different analytical methods are dating different
events. U–Th ages on phenocryst minerals proba-
bly date their crystallisation in a magma chamber,
whereas the K–Ar method dates the time of eruption (if
outgassing of volatiles during eruption was effective).
The hornblende–glass age is meaningless, since these

Fig. 13.3. 230Th/232Th versus 238U/232Th isochron dia-
gram for hornblende–olivine–quartz phenocryst assem-
blages and glass matrix from a Mono Craters rhyo-
lite (California), showing isotopic discordancy between
phenocrysts and glass. After Allègre (1968).

two systems did not close at the same time. The dis-
cordance between dating methods is therefore caused
by the relatively long residence period of magma in
the chamber, after phenocryst formation.

In contrast to the Mono Craters case, Allègre and
Condomines (1976) and Condomines and Allègre
(1980) were able to achieve good linearity of phe-
nocryst and whole-rock points in dating studies of
the Irazu volcano (Costa Rica) and Stromboli vol-
cano (Italy). This implies that, in these systems, phe-
nocryst growth only briefly preceded eruption. On the
other hand, Capaldi and Pece (1981) claimed to find
gross Th isotope disequilibrium between different min-
eral phases in modern lavas from Etna, Vesuvius and
Stromboli. This led Capaldi et al. (1982) to completely
write off the U–Th method as a dating tool. However,
in repeat analyses of the samples from the same Etna
and Vesuvius lavas, Hémond and Condomines (1985)
were unable to find mineralogical disequilibrium of Th
isotope ratios. This suggests that Capaldi et al. (1982)
over-reacted when they dismissed the method. It is true
that there are quite a number of instances in which Th
isotope disequilibrium has been found on a mineralogi-
cal scale (Capaldi et al., 1985). However, if phenocryst
phases are screened by petrographic examination to
exclude entrained xenocrysts then many young lavas
can yield accurate U–Th crystallisation ages (e.g. Con-
domines et al., 1982).

The analysis of zircon as a mineral phase for U–Th
dating was proposed in very early work (e.g. Cerrai
et al., 1965), but not exploited much due to the low
abundances of zircons in most rocks. However, the high
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uranium content of zircons often generates high U/Th
ratios, which can yield good isochron fits. Hence, there
has been renewed interest in U–Th dating of zircons
with the development of mass-spectrometric methods
for the analysis of small samples.

Condomines (1997) used conventional TIMS analy-
sis to demonstrate the usefulness of U–Th zircon anal-
ysis on a young trachytic rock in the Puy de Dôme
area of France. In this sample, the zircon analysis lay
on the same isochron as several other mineral phases,
and the isochron slope was consistent with the known
age of eruption from other methods. However, more
commonly, U–Th dating of zircon has produced more
complex age relationships. For example, Charlier and
Zellmer (2000) found that zircon fractions from a rhy-
olite in the Taupo Volcanic Zone (New Zealand) gave
variable whole-rock-zircon ages, depending on the size
fraction of the zircon analysed. This suggested that the
zircon grains were probably zoned, with cores about
27 kyr older than the age of eruption, overgrown by
rims only 2 kyr older than the age of eruption.

Problems of internal zircon heterogeneity can be
avoided by using in situ micro-analysis. This was first
demonstrated by Reid et al. (1997), using the ion
microprobe to analyse zircons from the Long Valley
Caldera (California). Zircons were analysed from two
domes, one 115 kyr old and one less than 1 kyr old,
located a few kilometres apart. Each zircon analysis
was combined with the whole-rock composition to de-
termine a two-point isochron that Reid et al. termed a
‘zircon model age’. These model ages were somewhat
scattered, due to a combination of relatively large ana-
lytical errors and some geological scatter. However,
it was observed that the average zircon model age
for the two domes was the same (Fig. 13.4), despite
their different eruption ages. This suggests that the two
domes might be sampling the same relatively long-
lived magma chamber, which cooled through the zir-
con saturation temperature about 230 kyr ago, causing
the crystallisation of a crop of zircon grains that subse-
quently remained entrained in the viscous magma. In
view of the ability of ion-microprobe analysis to anal-
yse many grains from complex heterogeneous systems,
this would appear to be a technique with strong poten-
tial for studying the evolution of shallow felsic magma
chambers.

13.1.2 Ra–Th isochron diagrams

In view of its short equilibration time of 8000 yr, 226Ra
is useful in studies of geologically rapid magmatic
processes. However, a disadvantage is the lack of a
longer-lived radium isotope to normalise against, in

Fig. 13.4. Comparison of ‘zircon model ages’ in two
domes of different eruption ages from the Long Valley
Caldera, California. Open symbols were omitted from
the calculations of averages. Errors are 1σ . After Reid
et al. (1997).

order to exclude chemical fractionation. Williams et al.
(1986) proposed that this problem might be overcome
by using barium as a proxy for a stable radium isotope.
For this to be useful, the two elements must have sim-
ilar distribution coefficients, so that they behave in the
same way during partial melting and crystal fraction-
ation.

If barium is an accurate analogue for stable ra-
dium, the Th–Ra/[Ba] method can be used in conven-
tional isochron dating of magma-fractionation events.
Reagan et al. (1992) applied this method to the dating
of anorthosite phenocrysts in phonolitic magmas of
Mount Erebus volcano, Antarctica. The data are used
here to demonstrate the use of the Th–Ra/[Ba] isochron
diagram for radium (which is analogous to the U–Th
isochron diagram). This is based on the equation

(226Ra)P

[Ba]
= (226Ra)I

[Ba]
e−λ226t +

230Th

[Ba]
(1 − e−λ226t )

[13.3]

where square brackets denote concentrations. This is
analogous to equation [13.2] for the U–Th system.
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Fig. 13.5. Th–Ra/[Ba] isochron diagram for anorthosite–
glass pairs from the 1984 and 1988 phonolite eruptions
of Mt Erebus, Antarctica. After Reagan et al. (1992).

Because anorthoclase readily takes up divalent but
not trivalent ions, it has Th/Ba ratios of effectively zero.
The isochron age is then determined by the glass points,
yielding crystallisation ages of about 2.5 kyr for sam-
ples from two recent eruptions (Fig. 13.5). However,
it may be dangerous to rely on two-point phenocryst–
glass ages without other supporting evidence (section
13.1.1). A more complete example of a Th–Ra/[Ba]
isochron was provided by Schaefer et al. (1993) on
the 1985 pumice eruption of Nevado del Ruiz volcano,
Colombia. In this case the glass point was collinear
with three different mineral phases (and the whole-
rock), yielding a best-fit age of 6.1 ± 0.5 kyr. This re-
sult was interpreted as the average age of an extended
period of crystal fractionation, rather than a discrete
magmatic differentiation event.

Ra–Th isotope data can also be presented on an
‘alternative’ isochron diagram that was first used by
Kaufman (section 12.4.3) for dating dirty calcite. We
will take the opportunity here to examine this format
and compare it with the conventional isochron plot, us-
ing data for MORB glasses from the East Pacific Rise
(Rubin and Macdougall, 1990).

If a magma suite is extracted from a source in secu-
lar equilibrium and with homogeneous trace-element
chemistry, then all zero-age lavas should have a con-
stant ratio of 226Ra activity/Ba concentration. This is
equivalent in the alternative isochron diagram to a
straight line through the origin (Fig. 13.6). Distribu-
tion along the line is due to fractionation of 226Ra and
Ba relative to Th, which is presumed to have occurred
during partial melting. The intersection of this zero-age

Fig. 13.6. Ra/Th–[Ba/Th] alternative isochron diagram
for MORB glasses from the East Pacific Rise. For discus-
sion, see the text. After Rubin and Macdougall (1990).

fractionation line with the equiline defines the Ba/Th
ratio of the source (on the x axis). After separation
from the source, magmas evolve vertically towards the
equiline. Since the half-life of 226Ra is much less than
that of the parent (230Th), the latter can be considered
effectively stable over the time periods under consid-
eration (<10 kyr). Therefore, for a theoretical sample
with zero initial thorium, the decay equation is as fol-
lows:

226Ra
230Th

= 1 − e−λ226t [13.4]

Therefore, ages are given by the intersection of
isochrons on the y axis. However, since all samples
have Ba/Th ratios greater than that of the source, iso-
topic evolution is by decay of excess 226Ra. Therefore,
it is convenient to show the ages as isochron lines for
a given source composition (Fig. 13.6).

A problem with this study is that somewhat abnor-
mal U–Th analyses were obtained on the same samples.
However, the radium data have subsequently been con-
firmed by mass-spectrometric 226Ra analysis of MORB
glasses from the Juan de Fuca, Gorda, and East Pacific
ridges (Volpe and Goldstein, 1993). Glasses from the
ridge axis yield excess 226Ra activities up to 2.5 times
greater than the 230Th activity. In contrast, off-axis
glasses from these ridges yield 226Ra/230Th activity ra-
tios of 1.00, as expected from their greater age. This
gives us confidence that radium has not been mobilised
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in these glasses by sea-floor alteration, and that the dis-
equilibrium data reflect processes of generation and
evolution of magma.

13.1.3 U-series model age dating

The application of ‘zircon model ages’ to igneous sys-
tems was discussed in section 13.1.1. However, the
first application of U-series model ages was actually
to the dating of MORB samples. It is not practical to
date these using the U–Th isochron technique, since
MORB glasses have a narrow range of U–Th ratios,
and phenocryst phases are rare. However, the consis-
tency of mass-spectrometric Th isotope data from the
crests of the Juan de Fuca and Gorda ridges prompted
Goldstein et al. (1991) to apply a model age method
as a dating tool for young off-axis MORB glasses.
In this approach the initial activity ratio of the off-
axis samples is estimated by analysing on-axis sam-
ples from the same ridge segment. Goldstein et al.
demonstrated this approach for three ridge segments,
of which two Juan de Fuca ridge segments are shown in
Fig. 13.7.

In order to be sure that these older MORB glasses
remained as closed systems for U and Th, and were not
affected by sea-floor alteration, the samples were sub-
jected to chemical screening, in addition to the normal
processes of hand picking and surface leaching of glass
chips (Goldstein et al., 1989; 1991). Sensitive chemical
screening was provided by boron analysis, since fresh
glasses have boron levels of about 1 ppm, whereas al-
tered glasses have boron contents more than an order of
magnitude higher (Spivak and Edmond, 1987). In addi-
tion, samples were analysed for the 234U/238U activity,
since alteration may cause this ratio to increase or de-
crease (Macdougall et al., 1979). However, this test is
probably less sensitive, since seawater has a 234U/238U
activity ratio only slightly above unity.

Goldstein et al. (1991) compared model U–Th ages
from samples on both sides of the ridge axis with the
spreading rate determined from magnetic data. Gener-
ally, the fit was found to be quite good, although some
asymmetry is apparent in the U–Th ages. Because the
two ridges have the same sense of asymmetry, it is
possible that this is a real feature of the spreading ge-
ometry. However, there are presently insufficient data
for one to be confident of this interpretation. On the
other hand, complexity in the age structure of the ridge
is suggested by low apparent U–Th ages just below
the summit of the Endeavour segment (open symbols
in Fig. 13.7). Goldstein et al. attributed these ages to
young lavas that had erupted near the ridge summit and
flowed down over its flanks.

Fig. 13.7. Plot of U–Th model ages compared with dis-
tance from the axis of the Juan de Fuca ridge, East
Pacific: (a) the Endeavour segment and (b) the Southern
segment. Magnetically determined spreading rates are
shown by dashed lines. Open symbols indicate abnor-
mally young ages. After Goldstein et al. (1991).

Volpe and Goldstein (1993) showed that, within
a given ocean-ridge segment, 230Th/[Ba] ratios were
constant in lavas of different ages (below 10 kyr). This
implies that elemental fractionation effects were con-
stant over this time. Hence, it is also reasonable to as-
sume that constant 226Ra/230Th ratios pertained at the
time of eruption. In this case, 226Ra/230Th ratios can be
used to determine model ages for very young ocean-
ridge basalts, in a similar way to the use of U–Th data.
With this approach, the variation of 226Ra/230Th ratios
in a suite of lavas from the axial valley of the Juan de
Fuca ridge allowed the calculation of relative age dif-
ferences of up to 1200 yr between different eruptions.

The first precise 231Pa analyses of igneous rocks
were performed by Goldstein et al. (1993) on MORB
glasses from the East Pacific Rise and the Juan de Fuca
and Gorda ridges. On-axis samples yielded 231Pa/235U
activity ratios of up to 2.9, whereas off-axis samples
returned to secular equilibrium over about 150 kyr.
Protactinium data cannot be plotted on an isochron di-
agram because no suitable stable analogue to 231Pa has
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yet been identified. However, Goldstein et al. argued
that, within single ridge segments, U–Pa model ages
could be determined in a manner analogous to U–Th
and Th–Ra model ages. By assuming a zero age in the
sample from each axial valley with highest 231Pa/235U
activity, Goldstein et al. calculated model ages for other
axial and off-axis samples that were within error of
their U–Th model ages.

13.2 Magma-chamber evolution

Just as initial Sr isotope compositions are useful as a
geochemical tracer when using the Rb–Sr method, ini-
tial Th isotope compositions are also a useful product
of the U–Th dating method. One area where they have
proved particularly valuable is in studying magma-
chamber evolution.

In the same way that Th isotope evolution in a
volcanic rock can be used to date crystallisation, Th
isotope evolution between successive eruptions can
be used to date the residence of magma in a chamber.
We can use the same equation as for the rock system,
except that what we input as the ‘final composition’
on the left-hand side is actually the initial Th activity
ratio of a magma at the time of eruption (E), while the
Th activity ratio on the right-hand side of the equations
is the composition of the magma in the chamber at the
time of influx (I), simplistically, from the mantle.
The quantity t then represents the residence time of
the magma batch in the chamber (with all nuclide
ratios in activities):( 230Th

232Th

)
E

=
( 230Th

232Th

)
I

e−λ230t +
238U

232Th
(1 − e−λ230t )

[13.5]

It is best to rearrange [13.5] to gather the exponent
terms in one place:( 230Th

232Th

)
E

=
[( 230Th

232Th

)
I

−
238U

232Th

]
e−λ230t [13.6]

+
238U

232Th

Allègre and Condomines (1976) preferred to refer all
times to the present, introducing T as the age of in-
flux into the chamber and t as the time of eruption.
Then( 230Th

232Th

)
t

=
[( 230Th

232Th

)
T

−
238U

232Th

]
eλ230(t−T ) [13.7]

+
238U

232Th

Just as we make a closed-system assumption in the case
of rock dating, so we must assume that the magma in
the chamber remains a closed system to U and Th dur-
ing its evolution and eruption. This assumption should
not be upset by Rayleigh crystal fractionation, since
the distribution coefficients of U and Th are so low
that both elements normally remain entirely in the
liquid.

13.2.1 The Th isotope evolution diagram

The 230Th evolution of magmas can be shown on U–Th
isochron diagrams, but it is also convenient to display
isotopic evolution on a plot of Th activity ratio against
time (Fig. 13.8). This plot is analogous to the evolution
diagrams of Sr or Nd isotope composition against time
(e.g. section 4.2), but because the half-life of 230Th is
short relative to the time periods under study, the x axis
must be calibrated in log time.

A magma body in secular equilibrium must main-
tain its 230Th/232Th activity ratio. Hence, such evolu-
tion is described by a horizontal line in Fig. 13.8. If
the system undergoes U/Th fractionation (horizontal
displacement from M0 to M or M ′ on the inset dia-
grams) then the 230Th/232Th activity ratio of the magma
will evolve over time to regain secular equilibrium. A
magma enriched in 238U/230Th (to the right of the equi-
line on the inset, with activity M) defines a line of
negative slope on the main diagram. Similarly, a

Fig. 13.8. Schematic diagram of Th isotope evolution
against time for two closed-system magma cham-
bers, displaying (a) daughter deficiency and b) daugh-
ter excess. Insets show U/Th fractionation and sub-
sequent evolution on U–Th isochron diagrams. After
Condomines et al. (1982).
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Fig. 13.9. Schematic illustration of the thorium isotope
evolution of a periodically tapped and re-filled magma
chamber with a constant magmatic U/Th ratio (defined
by the intercept on the y axis). P = present-day Th
activity ratio. After Condomines et al. (1982).

magma depleted in 238U/230Th (activity ratio M ′ on
the inset) defines an evolution line of positive slope on
the main diagram. If we extrapolate the growth lines to
eλt = 0, then we can see from equation [13.6] that the y
ordinate in the main diagram describes the 238U/232Th
activity ratio of the evolving magma.

The U–Th isotope system is a very powerful tool for
studying magma-chamber evolution because the half-
life of 230Th (75.4 kyr) is of the same order of mag-
nitude as the time interval between magma-chamber
events. However, a significant data-base is needed to
unravel the history of most volcanoes, which usually
involve repeated magma injection and eruption events.
A simple scenario of this type is illustrated in Fig. 13.9.
In this case a primary mantle source in secular equilib-
rium supplies (over a period of time) a series of magma
batches that have a constant disequilibrium 238U/232Th
activity ratio generated by the partial melting process
(see below). After a period of magma evolution in a
high-level chamber (sloping line), the chamber is emp-
tied by eruption and re-filled, causing a kick back to the
starting composition. However, in the real world, mix-
ing of magmas of different ages is likely to occur, and
this will generate a more complex pattern of magma
evolution.

Early studies (Allègre and Condomines, 1976; Con-
domines and Allègre, 1980) lacked sufficient data to
resolve the magmatic history of long-lived volcanoes;
hence, their results were ambiguous. However, a later
study by Condomines et al. (1982) provided enough
data to interpret the history of the Etna volcano in
Sicily. Thirteen mineral–whole-rock U–Th isochrons

were determined, together with analyses of recent
lavas. The results were plotted on a Th isotope evo-
lution diagram (Fig. 13.10) and an isochron diagram
(Fig. 13.11).

On the Th isotope evolution diagram (Fig. 13.10)
the Etna data provide evidence for four episodes of
eruption and replenishment of magma, the last three
of which (numbered) tie in with known dates of major
caldera-collapse events. Between these events, small
magma tappings monitor Th isotope evolution in the
high-level chamber. However, 230Th/232Th activities
fall too rapidly during these periods to be explained
by closed-system evolution, given the observed range
of U/Th activity ratios (the hatched band on the left-
hand axis). Therefore, Condomines et al. invoked a
magma-mixing model to explain these steep trends,
suggesting that the sub-horizontal evolution line rep-
resented a deep, long-lived alkali basalt reservoir that
continually supplied magma to higher levels, where a
low-230Th/232Th tholeiitic component was added inter-
mittently.

Initial ratios of lavas at the time of eruption are plot-
ted on a U–Th isochron diagram in Fig. 13.11. The
data suggest mixing between an old magma nearly
in secular equilibrium and a young one substantially
out of equilibrium. Condomines et al. argued that
the low-230Th/232Th-ratio (young) component could
not be a crustal contaminant, since this should be
close to secular equilibrium, whereas Fig. 13.10 in-
dicates it to be far from equilibrium. However, this
does not exclude the possibility of sediment contam-
ination of the mantle source of these magmas. The
straight line (1) represents an instantaneous-mixing
model whereas the curved lines (2 and 3) model pro-
gressive mixing over a time interval. Present-day ra-
tios (of old lavas) are not plotted on Fig. 13.11 because
they do not yield any useful information about magma
evolution.

13.2.2 Short-lived species in magma
evolution

The first detailed application of very-short-lived
species to magma evolution was made by Capaldi
et al. (1976) on the volcanoes of Etna and Stromboli.
However, one of the most interesting applications of
these species is in studying the genesis of carbonatite
magma, as exemplified in Oldoinyo Lengai volcano, in
the East African Rift of Tanzania. The 1960 and 1988
carbonatite eruptions from this volcano were stud-
ied, respectively, by Williams et al. (1986) and Pyle
et al. (1991). Both of these eruptions exhibited strong
disequilibrium between 228Ra (t1/2 = 5.77 yr) and its
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Fig. 13.10. Thorium isotope evolution diagram, showing the history of Etna volcano. Three magma-influx–mixing
events correspond to known episodes of caldera formation, possibly preceded by an earlier fourth event. Symbols
indicate erupted products of different ages. After Condomines et al. (1982).

Fig. 13.11. U–Th isochron diagram showing activity data
for Etna lavas at the time of eruption. The data array im-
plies mixing between an old U-rich magma and a young
U-depleted magma. Symbols are as in Fig. 13.10. After
Condomines et al. (1982).

ultimate parent, 232Th. The 1988 eruption also de-
monstrated 228Th disequilibrium (t1/2 = 1.91 yr);
however, it was not possible to test for this phenomenon
in the 1960 eruption, since the samples had reached
secular equilibrium in the twenty years between sam-
pling and analysis! The so-called ‘1963’ eruption of
Williams et al. (1986) is also excluded from this dis-

cussion because of uncertainty about its eruption age
(Williams et al., 1988).

It is now generally agreed that carbonatites are
formed by the evolution of per-alkaline magmas under
conditions of strong CO2 enrichment, probably in-
volving the segregation of immiscible droplets of car-
bonate magma from a silicate magma host (e.g. Pyle
et al., 1991). The discovery of 228Ra disequilibrium
in the Oldoinyo carbonatites suggests that the segre-
gation process probably occurred shortly before erup-
tion. Over this timescale, 226Ra (t1/2 = 1620 yr) can
be treated effectively as a stable isotope. Therefore
the 228Ra decay equation can be divided by 226Ra to
yield an isochron relation analogous to equation [13.2]
(Capaldi et al., 1976):

( 228Ra
226Ra

)
P

=
( 228Ra

226Ra

)
I

e−λ228t +
232Th
226Ra

(1 − e−λ228t )

[13.8]

The effects of a hypothetical Ra/Th fractionation
event are shown in Fig. 13.12. A reservoir previously
in secular equilibrium (e.g. a long-lived magma body)
becomes enriched in radium relative to thorium, due to
some form of differentiation event. After this enrich-
ment event, excess 226Ra and 228Ra activities decay
away at different rates. 228Th is initially in equilib-
rium with its ultimate parent (232Th), but subsequently
builds to a peak and then decays as it approaches equi-
librium with its immediate parent (228Ra).
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Fig. 13.12. Schematic illustration of the effects of a
Ra/Th fractionation event on the activity ratios of a
system previously in secular equilibrium. After Capaldi
et al. (1976).

Williams et al. (1986) preferred to use the alternative
isochron diagram, on which ages are defined by the in-
tercept on the left-hand axis, using the following equa-
tion, which is analogous to [13.4]:( 228Ra

232Th

)
P

= 1 − e−λ228t [13.9]

This activity ratio is plotted in Fig. 13.13a against
226Ra/232Th activity. The zero-age line passes through
the origin and represents a Ra/Th fractionation line.
The slope of this line is the 228Ra/226Ra activity ratio,
which is equal in turn to the 232Th/238U activity ratio,
since 226Ra and 228Ra are in separate decay chains. For
Oldoinyo Lengai, this ratio was found to be unity. Ra-
dioactive decay of a system located on the fractionation
line causes it to move vertically downwards towards the
equiline and permits an age to be assigned.

The initial activity of the 1960 carbonatite is plotted
on Fig. 13.13a. If this magma is attributed to a single
instantaneous event that caused Ra/Th fractionation,
it follows that this event occurred seven years before
eruption. However, more complex models are also
possible. For example, if segregation occurred in two
events, 228Ra formed in the first event might decay
before the second event (Fig. 13.13a). In this case, the
time from the second event to eruption is less than seven
years. Alternatively, carbonatite segregation might
have occurred over a period of time. In Fig. 13.13b, this
process is modelled by drawing Ra/Th growth curves
for different rates of Ra enrichment in the carbonatite
magma (relative to the conjugate silicate liquid). These
growth curves are then calibrated by determining
the time necessary for enrichment of the effectively
stable 226Ra isotope. A simple model of constant

Fig. 13.13. Ra–Ra–Th isochron diagrams showing al-
ternative models to explain the 1960 carbonatite of
Oldoinyo Lengai: (a) involving one or two discrete Ra/Th
fractionation events and (b) involving a continuous
radium-enrichment process of specified intensity and
duration. After Williams et al. (1986).

enrichment rate yields a calculated duration of this
process for the 1960 magma of about 18 yr, if this was
occurring immediately prior to eruption (Fig. 13.13b).

The addition of 228Th data can potentially allow se-
lection between short-term differentiation models such
as those outlined above, because of its dependence
on very recent events. These data were collected by
Pyle et al. (1991) for the 1988 carbonatite of Oldoinyo
Lengai, but, due to analytical difficulties, Ra/Th activ-
ity ratios could not be measured. Therefore, the advan-
tage of the combined systems was lost.

Capaldi et al. (1976) attempted to use the 228Ra and
228Th systems to study the recent eruptive history of
Mt Etna. However, Condomines et al. (1995) showed
that these systems were in secular equilibrium in all
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Fig. 13.14. Evolution of 210Pb/226Ra activity ratios as a
function of time in Merapi volcano, Java. After Gauthier
and Condomines (1999).

Etna lavas. They also found that 210Pb was in secular
equilibrium with its parent (226Ra) in all Etna lavas
except the 1991 and 1992 flows. However, Gau-
thier and Condomines (1999) found significant 210Pb
disequilibrium in lavas from Merapi volcano in
Java, Indonesia. Between 1984 and 1992, the ini-
tial 210Pb/226Ra activity ratio of erupted products de-
creased from unity (secular equilibrium) to a value of
0.75 (Fig. 13.14). This decrease was attributed to de-
gassing of radon, which is the immediate daughter of
226Ra, and is the only gaseous species in the 226Ra–
210Pb decay chain (Fig. 12.2a). This radon probably
escaped from a shallow magma chamber under oth-
erwise closed-system conditions. A major eruption in
1992 marked the end of this period of closed-system
evolution, as new magma was added to the chamber
and gradually mixed with its contents, bringing them
progressively back to secular equilibrium.

13.3 Mantle-melting models

Volcanoes located on continental crust often exhibit
complex 230Th evolution patterns, probably because
mantle-derived magmas become trapped during their
rise through low-density sialic basement. In contrast,
oceanic volcanoes might be expected to exhibit simpler
behaviour, since oceanic crust is easily punctured by
rising magma. Therefore, oceanic volcanics provide a
window to study Th isotope fractionation processes in
the mantle.

The first detailed U-series measurements on oceanic
volcanics were made by Oversby and Gast (1968)
on recent ocean-island lavas. This study revealed dis-
equilibrium between isotopes of the ultra-incompatible
elements, radium and thorium. Oversby and Gast
suggested that these fractionations were probably

Fig. 13.15. Plot of erupted (initial) Th activity ra-
tios against time for Piton de la Fournaise volcano
(Réunion Island), showing that the magma composition
has remained constant over time, within error. After
Condomines et al. (1988).

inherited from a melting event in the mantle source
of the magmas. 230Th activities were observed to be
higher than 238U activities, suggesting that thorium
was a more incompatible element than uranium. This
conclusion was supported more than ten years later
(Condomines et al., 1981) in studies of MORB magma
genesis (see below).

In view of the short half-life of 226Ra, Oversby and
Gast attributed disequilibrium of this species to rapid
ascent of ocean-island magmas from the source area
(<10 000 yr). This conclusion has also been supported
by radium analysis of MORB (section 13.3.5). In ad-
dition, the rapid ascent of ocean-island magmas has
been confirmed by studies of their Th isotope chemistry
over time. For example the volcanoes of Mauna Kea
(Hawaii), Marion Island (SW Indian Ocean) and Piton
de la Fournaise (Fig. 13.15) all have constant initial
230Th/232Th ratios (within error) over the last 250 kyr
(Newman et al., 1984; Condomines et al., 1988). This
suggests that transport of magma from the melting zone
to the surface probably occurred within a few thousand
years, without storage in a deep crustal reservoir that
would have perturbed the observed ratios. Therefore,
the calculated initial Th isotope ratio for each eruption
is probably very close to the source value.

13.3.1 Melting under ocean ridges

Mid-ocean ridges present the minimum crustal thick-
ness which must be traversed by ascending mantle-
derived magmas. Therefore, in this environment we
should have the best opportunity to see back through
the processes of magma evolution during ascent,
to study source processes and chemistry. However,
some workers (e.g. O’Hara and Mathews, 1981) have
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suggested that MORB magmas spend many eruptive
cycles in periodically re-filled, periodically tapped
magma chambers under the ridge, which then grossly
perturb the incompatible-element and isotopic signa-
tures of the product magmas. In this case, they argued,
it would be almost impossible to ‘invert’ the data (see
section 7.2.3) to reconstruct the source chemistry.

The short half-life of 230Th has provided a power-
ful tool to test these models of MORB magma evo-
lution. In the first detailed study of MORB samples,
Condomines et al. (1981) found that fresh, young crys-
talline basalts and glasses from the ‘FAMOUS’ area on
the Mid-Atlantic Ridge (37 ◦N) had a narrow range of
230Th/232Th and U/Th activity ratios. Because these
samples were all less than 5 kyr old, their present Th
activity ratios can be taken as initial ratios at the time
of eruption.

When plotted on a U–Th isochron diagram, the FA-
MOUS data fall well to the left of the equiline, show-
ing them to be far from isotopic equilibrium. This
U–Th disequilibrium must have been inherited dur-
ing the melting process (Fig. 13.16), because U and
Th are both ultra-incompatible elements, and cannot
be fractionated from each other during Raleigh crys-
tallisation in a magma chamber. If the residence time of
magma in such chambers lasted more than a few tens of
thousands of years, U–Th activities would again reach
equilibrium (Fig. 13.16). Because this has not hap-
pened, we can deduce that the transport of magma from
the melting zone to the surface was relatively rapid,
which is not consistent with prolonged evolution in an

Fig. 13.16. U–Th isochron diagram, showing activity ra-
tios in young lavas from the FAMOUS area of the Mid-
Atlantic Ridge, to the left of the equiline. Arrows show
the effects of partial melting and radioactive decay. Af-
ter Condomines et al. (1981).

open-system magma chamber. This conclusion has
subsequently been supported by evidence of isotopic
disequilibrium of even-shorter-lived U-series nuclides
in MORB glasses (section 13.3.5).

In addition to the FAMOUS area, Condomines et al.
(1981) showed that other young ridge basalts and OIB
also fell on the left-hand side of the equiline (Fig.
13.17). Hence, in all of these cases, melts were enriched
in Th/U relative to the source. This implies greater in-
compatibility of Th over U during melting. Allègre and
Condomines (1982) expressed this Th/U fractionation
during melting by the quantity ‘k’:

k = (238U/232Th)magma

(238U/232Th)source
[13.10]

However, it is more useful to express this ratio as its
reciprocal, termed ‘r ’, as used by McKenzie (1985a).
In addition to facilitating the algebra, this formulation
avoids confusion of k with κ (the atomic 232Th/238U
ratio):

r = (238U/232Th)source

(238U/232Th)magma
[13.11]

Since the source is assumed to be on the equiline,
its 238U/232Th activity is equal to its 230Th/232Th activ-
ity. Furthermore, if the analysed sample was extracted
from the source in less than a few thousand years, the
source Th isotope activity is equal to that measured in
the magma:( 238U

232Th

)
source

=
( 230Th

232Th

)
source

=
( 230Th

232Th

)
magma

[13.12]

Hence, by substituting into [13.11], we obtain

r = (230Th/232Th)magma

(238U/232Th)magma
=

( 230Th
238U

)
magma

[13.13]

This is represented in Fig. 13.17 by the gradient
of lines projecting from the origin. Hence we can
determine U/Th fractionation during melting from a
U-series analysis of the magmatic product.

Corroboration of the Mid-Atlantic Th isotope results
came from a similar study on the East Pacific Rise by
Newman et al. (1983). These data lie to the left of the
equiline and fall within error of unaltered basalts from
the FAMOUS area, but with more scatter, particularly
in 238U/232Th activity. Since U and Th are both ultra-
incompatible elements, Newman et al. recognised that
it was very difficult to generate the required U/Th frac-
tionations at the degrees of melting normally expected
for MORB (about 10%). Hence, they suggested that,
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Fig. 13.17. U–Th isochron diagram, showing fields for
MORB and OIB relative to the Th/U fractionation fac-
tor during melting (r ). Modified after Allègre and
Condomines (1982).

under these conditions, a U–Th-rich accessory phase
might be required in order to explain the data.

Thompson et al. (1984) reversed this problem, argu-
ing that the incompatible-element signatures of MORB
rocks, including U–Th disequilibrium data, could be
generated only by very low degrees of mantle melting.
They noted that such an explanation was consistent
with observations for other isotope systems on MORB
glasses (e.g. Cohen et al., 1980), which showed the ob-
served Rb/Sr, Sm/Nd and U/Pb ratios in MORB mag-
mas to be fractionated relative to the ratios required in
the source to generate observed isotope compositions
(see section 6.2.2).

13.3.2 The effect of source convection

This line of argument was developed by McKenzie
(1985a), who performed calculations to determine
the maximum percentage of partial melting that was
consistent with the observed U/Th fractionations. For
this purpose he assumed that Th was perfectly incom-
patible (i.e. its bulk distribution coefficient between
solid and liquid, D, is zero), and that there was no
residence time of magma in a ridge chamber before
eruption. In order to generate a 230Th/238U enrichment
(r ) of 1.25 using a batch-melting model and a D
value of 0.005 for uranium, the maximum degree of
melting permitted was 2%. However, this result is not

Fig. 13.18. Schematic view of a dynamic melting model
for the generation of MORB, involving fast ascent and
mixing of magmas, with slow ascent of the source. After
McKenzie (1985a).

consistent with major-element considerations, which
require MORB to be a large-degree (about 15%) melt
of the mantle. Hence, McKenzie ruled out the simple
batch-melting model for MORB genesis, and adopted
instead the dynamic melting model of Langmuir et al.
(1977).

In the dynamic melting model, melts are extracted
simultaneously from a vertical thickness of perhaps
60 km of mantle (horizontal lines in Fig. 13.18). The
melts ascend quickly to the surface in a conduit, mixing
as they go (solid vertical lines in Fig. 13.18). Mean-
while the source itself moves slowly upwards through
the melting zone (dashed vertical lines). At any given
point the source contains less than 2% melt (termed
the ‘porosity’), but as it moves upwards and melts are
tapped off, the source becomes more and more de-
pleted in incompatible elements. If melts mix equally
from the whole melting zone, the effect of dynamic
partial melting on incompatible-element abundances
is similar to that of batch melting. This is because (in
the extreme case) the source is completely exhausted
of these elements by the time it reaches the top of the
melting zone. In other words, incompatible-element
extraction is 100% efficient. However, for short-lived
nuclides, the two melting models can yield quite dif-
ferent results.

If the rate of mantle upwelling is rapid relative to the
half-life of the nuclide in question (e.g. 230Th), then
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Fig. 13.19. Consequences of very slow mantle upwelling
under the ridge for the Th activity systematics of MORB
magmas. Note that the rate of magma upwelling is very
rapid relative to the 230Th half-life.

this nuclide behaves like a stable element. In that case,
dynamic melting will yield an aggregate melt similar
to that produced by batch melting, and the 15% melt
fraction necessary to explain major-element data can-
not satisfy the Th activity data. However, if the rate of
mantle upwelling is very slow relative to the half-life of
230Th, then 230Th removed from the source at the base
of the melting column is replenished in the source as
it ascends, by decay from residual uranium (which
is less incompatible than thorium). Consequently, as
upwelling progresses, the 238U/232Th activity of the
source increases, but it remains on the equiline. After
extraction of all U and Th from the source (15% to-
tal melt) the 238U/232Th activity of the aggregate melt
(star in Fig. 13.19) will be the same as that of the initial
source, but the 230Th/238U activity ratio (r ) is still the
same as in the first increment of melting at the base of
the melting zone.

In between these two extremes (simple batch and
dynamic melting), it is possible to determine the rate
of mantle upwelling which will yield the observed r
value in MORB, given the bulk distribution coefficients
(D) for U and Th. Williams and Gill (1989) presented
these relationships in diagrammatic form, using the
equations developed by McKenzie (1985a). This infor-
mation is shown in Fig. 13.20. The values of D chosen
by McKenzie (1985a) lead to a calculated mantle up-
welling rate of only 1 cm/yr. In contrast, Williams and
Gill (1989) argued for a much higher D value for ura-
nium (Fig. 13.20). This implies a more rapid rate of
upwelling (about 7 cm/yr).

Fig. 13.20. Diagram showing the relationship between
calculated mantle upwelling rate (cm/yr) and bulk dis-
tribution coefficients (D) for U and Th, assuming a
dynamic-melting model with 2% porosity and yielding
a 230Th/238U activity (r ) of 1.2 in MORB. After Williams
and Gill (1989).

These two different upwelling rates make very
different predictions about mantle processes under
the ridge. A value of 1 cm/yr is less than the rate of plate
motion, which led McKenzie (1985b) to argue that the
melting zone under the ridge is funnel-shaped. Trace
elements are then extracted from a wide swath of man-
tle near the base of the funnel, while major elements
are dominated by the melt extracted from the apex of
the funnel (Fig. 13.21a). Because the trace-element-
extraction zone is larger, this lower domain dominates
the U–Th systematics of the melt, which acts like a
small-degree batch melt of the original mantle source.

In contrast, with the higher upwelling rate of
Williams and Gill (1989), melt extraction occurs from a
vertical slice under the ridge, yielding a result closer to
the simple dynamic model. However, the consequence
is that the 230Th/232Th activity of the erupted prod-
ucts is substantially higher than that of the source (Fig.
13.19), while the 238U/232Th activity is similar to that of
the source. O’Nions and McKenzie (1993) pointed out
that, in this case, the Th/U ratio (κ value) of the source
(sections 6.3.3 and 13.3.7) should be determined not
from the Th isotope ratio of MORB (equation [13.12]
above), but directly from the elemental U/Th ratio of
MORB. Hence, this model predicts that short-lived iso-
topes are fractionated by the melting process under
ridges, but stable incompatible elements are not frac-
tionated under these conditions.

The real situation may be somewhere between the
two extremes described above; however, several lines
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Fig. 13.21. Predicted and observed distributions of
melting zones under a mid-ocean ridge: (a) the model
predicted by Galer and O’Nions (1986); and (b) a cross-
section of the East Pacific Rise based on results of the
MELT seismic experiment. After Forsyth et al. (1998).

of evidence tend to support the slow-upwelling model.
Perhaps the most important piece of evidence comes
from the so-called Mantle Electromagnetic and To-
mography (MELT) experiment, in which geophysical
methods were used to image the distribution of par-
tial melt zones under the East Pacific Rise (Forsyth
et al., 1998). Seismic evidence collected in this exper-
iment showed that the zone of incipient melting under
the ridge extended to depths of over 150 km and to a
width of nearly 800 km, matching the shape of the melt-
ing zone predicted in Fig. 13.21a but having an extent
3–4 times greater in each direction (Fig. 13.21b). Other

lines of evidence in support of slow upwelling with an
extended zone of incipient melting are the continuing
need to explain the trace-element signatures of long-
lived isotopic systems (section 6.2.2) and evidence for
preferential melting in the garnet stability zone, to be
discussed below.

13.3.3 The effect of melting depth

As noted above, 230Th/238U enrichment (increased r ) is
only possible if thorium is more incompatible than ura-
nium. Therefore, to model Th/U fractionation more ac-
curately, it was necessary to refine the determinations
of the crystal–melt distribution coefficients for U and
Th. Since the only mineral phases that host significant
inventories of U and Th are clino-pyroxene (cpx) and
garnet, these minerals have been the focus of attention.

In the first detailed work on this subject, Beattie
(1993a) measured solid/liquid partition coefficients
(D) for cpx that were greater for Th than for U, im-
plying that melting in the spinel peridotite stability
field (above 70 km depth) could not generate the ob-
served Th/U fractionations. On the other hand, Beattie
(1993b) showed that garnet has solid/liquid partition
coefficients that are suitable for generating the ob-
served 230Th/238U enrichments. This was confirmed
by LaTourrette et al. (1993), who determined DTh/DU

values of 0.1 for garnet. Hence, it was concluded that
the Th/U fractionations observed in MORB must orig-
inate from melting at greater than 70 km depth, and
the resulting liquids must be transported to the surface
quickly, before substantial decay of 230Th can occur.

These conclusions were questioned by Wood et al.
(1999), who based their argument on modelling the
pressure dependence of cpx/liquid partition coeffi-
cients for U and Th. With increasing pressure, cpx be-
comes more aluminous, shrinking the size of the M2
cation site where U and Th are housed. This should
favour the smaller uranium ion, causing the ratio of
U/Th partition coefficients between cpx and liquid
to increase with pressure. Wood et al. predicted that
at pressures slightly above 1 GPa (=10 kbar, equiv-
alent to 35–50 km depth) the DU/DTh ratio should
rise above unity, allowing Th/U excesses to be gen-
erated by MORB melting in the spinel peridotite field.
These predictions were confirmed by experimental
work (Landwehr et al., 2001), and their possible con-
sequences are shown in Fig. 13.22.

This plot shows the excess 230Th activity that can
be generated by partial melting of lherzolite in the pla-
gioclase, spinel- and garnet-peridotite stability fields.
These results show that significant Th isotope excesses
can be generated in the spinel-peridotite field, but only
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Fig. 13.22. Predicted excess 230Th activity as a function
of melting depth, based on measured cpx/liquid and
garnet/liquid partition coefficients for U and Th, and as-
suming a very low porosity (incremental melt fraction)
of 0.001%. Note the change in scale on the y axis. After
Landwehr et al. (2001).

at extremely low porosity. In fact, the excess 230Th val-
ues presented in Fig. 13.22 were calculated assuming
a porosity of 10−5, equivalent to a melt fraction of only
0.001%! A somewhat more realistic porosity of 0.1%
yields DTh/DU values for cpx that are 75% as large
as those shown, but these values are still only one-
half the value obtained in the garnet stability field. In
conclusion therefore, these findings do permit limited
Th isotope excesses to be obtained at shallower depths
than the garnet stability field, but melting in the gar-
net zone is still likely to be the major source of such
disequilibrium.

Further light is thrown on the question of melting
depths under ridges by the observation of a relation-
ship between U-series activity ratios and ridge depth.
In a study of MORB glasses from the Azores plateau,
Bourdon et al. (1996a) demonstrated an inverse
correlation between 230Th/238U activity ratio and
depth of water above the axis of the Mid-Atlantic
Ridge. This correlation was subsequently extended
by Bourdon et al. (1996b) to other ridge segments
(Fig. 13.23). However, in view of the great sensitivity
of Th/U disequilibrium to melting porosity, one would
not expect to see the greatest disequilibrium in sam-
ples from the shallowest part of the ridge, which has
the highest melting rate.

The observation of an inverse correlation between
isotope disequilibrium and depth led Bourdon et al.
(1996a; 1986b) to suggest that the main control on

Fig. 13.23. Plot of 230Th/238U activity (‘r ’) for MORB
against depth to the ridge axis: (●) = Mid Atlantic; (�)
= Gorda, JDF; (◦) = EPR; (�) = Australia–Antarctic. After
Bourdon et al. (1996b).

Th/U disequilibrium across the Azores plateau must
be the depth at which melting is initiated. If melt-
ing is initiated at greater depths, the longer melting
column leads to greater overall melt fractions, but
the longer melting interval within the garnet zone in-
creases Th/U disequilibrium. Bourdon et al. attributed
the greater melting depth across the Azores plateau to
increased heating associated with the mantle plume.
An alternative explanation is enhanced contamination
of the mantle by eclogite or garnet pyroxenite from the
plume (Hirschmann and Stolper, section 9.2.4). How-
ever, Bourdon et al., argued that this could not account
for the Azores observations, since Th/U excesses do
not correlate with isotopic or trace-element evidence
for source enrichment.

Data from Iceland constitute an exception to the
generally good correlation between ridge depth and
isotopic disequilibrium, since they lie well below the
main trend. However, Iceland obviously represents an
extreme example of plume contamination of a ridge,
since the ridge actually emerges above sea-level.
Therefore, Bourdon et al. attributed this anomalous
behaviour to the much larger upwelling velocity under
Iceland. This was confirmed by a more detailed study
of Iceland and the Reykjanes Ridge (Peate et al., 2001).
Data for Iceland itself were again found to lie well be-
low the main array. However, samples from greater
than 1km depth on the Reykjanes Ridge south of Ice-
land exhibited a positive correlation between excess
Th activity and depth, consistent with the rest of the
MORB array.
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Fig. 13.24. Plot of 230Th/238U activity (‘r ’) against
232Th/238U activity (or Th/U concentration, κ) to show
sub-linear arrays for various ocean-ridge and ocean-
island suites, lying between the fields for spinel lher-
zolite and garnet pyroxenite melts. After Sigmarsson
et al. (1998).

13.3.4 The effect of source composition

The relative importance of source composition ver-
sus melt fraction as a control of isotope disequi-
libium has continued to be a matter of debate.
Sigmarsson et al. (1998) investigated this question by
plotting 230Th/238U activity ratios (‘r ’ values) against
232Th/238U activity ratios. The latter can be converted
toκ by multiplying by the ratio of the half-lives (3.134).
The κ value is, in turn, almost identical to the overall
Th/U weight ratio. This plot (Fig. 13.24) is actually
equivalent to the Th–U ‘alternative-isochron’ plot (sec-
tion 12.4.3) which was also used for presenting Ra–Th
isotope data (section 13.1.2); however, that is not the
purpose here. Sigmarsson et al. argued that the corre-
lation between r values and κ values showed that Th
isotope disequilibrium is caused by variations in source
composition. However, since the apparent κ value can
itself be fractionated by the melting process, this could
be a circular argument.

A more conclusive determination of the effect of
source composition on U-series disequilibrium is to
compare Th isotope data with long-lived isotope tra-
cers that are known to be affected by source vari-
ations. Lundstrom et al. (1999) made such a study on
the East Pacific Rise in the vicinity of the Siqueiros
Fracture Zone, north-west of the Galapagos Islands.
From trace-element data and long-lived-isotope signa-
tures (Sr–Nd) they identified magmas from an enriched
source (E-MORB), a depleted source (D-MORB),
and mixtures between these components (N-MORB).

Fig. 13.25. Plots of isotope data for the axial graben of
the East Pacific Rise (●) compared with D-MORB and E-
MORB samples from the Siqueiros Fracture Zone (◦): (a)
Th activity ratios and (b) Th activity as a function of Sr
isotope ratio. Modified after Sims et al. (2002).

These three types of sources also gave rise to dis-
tinct differences in Th isotope disequilibrium, with
E-MORB exhibiting excess 230Th activities, whereas
D-MORBs were essentially in secular equilibrium
(Fig. 13.25a). Hence, Lundstrom et al. concluded that
E-MORBs were sampling garnet-bearing veins that
were distributed in a source with ‘marble-cake’ struc-
ture (section 6.1.5), whereas D-MORBs sampled the
garnet-free peridotite ‘host’. N-MORBs were then at-
tributed to mixing between these two end-members.

Unfortunately, further study of this area (Sims et al.,
2002) suggested that melting processes were more
complex than had previously been realised. Sims et al.
analysed a suite of samples collected from the ax-
ial graben of the East Pacific Rise, just north of
the Siqueiros Fracture Zone studied by Lundstrom
et al. (1999). On the plot of Th isotope disequilibrium
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‘r ’ (230Th/238U activity) against κ , they found that
their axial graben samples lay on the mixing line be-
tween the E-MORB and D-MORB of Lundstrom et al.
(Fig. 13.25a). However, on a plot of Th isotope dis-
equilibrium (‘r ’) against long-lived isotope tracers,
they found that the axial graben samples did not lie
on mixing lines between the E-MORB and D-MORB
end-members defined by the Siqueiros Fracture Zone
(Fig. 13.25b). Sims et al. therefore concluded that vari-
ations of U-series isotope activities were due to poly-
baric melting of a homogeneous source, rather than to
mixing between melts from compositionally distinct
sources.

This interpretation is problematical because it con-
tradicts nearly twenty years’ work on the origin of
Pacific MORB, which suggested that the homogeneous
signatures of long-lived isotope tracers are due to mix-
ing of magma under the ridge, rather than to the sam-
pling of a homogeneous mantle source (section 6.1.4).
However, a re-examination of the Sims et al. paper sug-
gests that basalts from the Lamont Seamounts (Fornari
et al., 1988) are a much better indicator of the nature
of D-MORB in the axial graben segment studied by
Sims et al. than are the basalts of the Siqueiros Frac-
ture Zone. Firstly, the Lamont Seamounts are much
closer to the study area than the Siqueiros Fracture
Zone, and secondly, Pb isotope data from the axial
graben samples actually form an array that falls within
the larger envelope of the Lamont Seamount array
(not shown here). The Lamont Seamounts have Sr iso-
tope signatures indicative of a more depleted source
(Fig. 13.25b), which would much better explain the
compositions of the axial graben samples by mixing
with E-MORB. Hence it appears that, as proposed by
Lundstrom et al. (1999), axial graben samples of the
East Pacific Rise are indeed the products of mixing
between isotopically heterogeneous magmas from a
‘marble-cake’ or ‘plum-pudding’ mantle.

13.3.5 Evidence from short-lived species

Observations of 226Ra/230Th disequilibrium in MORB
place even tighter constraints on melting models be-
neath ridges than those provided by Th/U data. Mea-
sured 226Ra/230Th activity ratios in MORB glasses are
as high as 2.5, despite the short (8000 yr) equilibration
time of 226Ra. In principle, the dynamic melting model
of McKenzie (1985a) can explain the Ra–Th data at
very low porosities, assuming a Ra distribution coef-
ficient of zero, because it assumes instantaneous melt
extraction from all levels in the melting column. In this
model, most of the radium must come from the base
of the melting column, because ultra-incompatible

Fig. 13.26. Reverse plot of 230Th/226Ra versus 230Th/238U
activity ratios, showing a correlation for OIB magmas
that is consistent with a simple melting model. After
Chabaux and Allègre (1994).

elements are very efficiently extracted at low degrees
of melting. Chabaux and Allègre (1994) showed that
this model is applicable to OIB, whose small 226Ra
excesses may be preserved in a rapidly upwelling
plume. This generates a positive correlation between
226Ra/230Th and 230Th/238U activity ratios, which is ex-
pressed as an inverse correlation on the ‘reverse’ plot
of 230Th/226Ra versus 230Th/238U activity ratio used by
Chabaux and Allègre (Fig. 13.26).

Unlike OIB magmas, it seems unlikely that MORB
melts can ascend from 80 km depth with sufficient ve-
locity to avoid decay of the excess 226Ra inventory of
the magma. Therefore, Spiegelman and Elliott (1993)
proposed that small melt fractions cannot easily es-
cape from the base of the melting zone, but only as-
cend slowly to the surface by a mechanism they termed
equilibrium porous flow (EPF). They proposed that this
process was also accompanied by an increase in the
porosity of the melting system, from a value of zero at
the base of the melting column to a maximum of about
0.5% at the top of the melting column. This model has
the effect of holding back the complete release of Th,
which can then decay to Ra as the source ascends. The
226Ra extracted from these shallower levels in the melt-
ing column can then reach the surface without undergo-
ing significant decay. This model gives mathematically
acceptable solutions to the Th–U and Ra–Th data, but
it is questionable whether melt extraction can begin at
the porosities of less than 0.1% required in this model.
An alternative approach (Rubin and Macdougall, 1988;
Qin, 1992) is to invoke disequilibrium melting.

A disequilibrium melting model differs from all of
the models discussed above, in which the inventory of
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trace elements within each mineral grain undergoing
melting is believed to be homogenised by diffusion
before any melt is removed from the surface of the
grain. Hence, in an equilibrium melting model, ultra-
incompatible elements can be stripped out from the
entire grain by very small degrees of melting. However,
Qin argued that, if the melting rate is of the same order
of magnitude as the volume diffusion rate of cations in
mineral grains (e.g. garnet and cpx), then incompatible
elements will be stripped out from grains in layers, like
the shells of an onion.

Qin (1992) argued that disequilibrium melting is al-
most unavoidable in the generation of 226Ra excesses,
since the secular equilibration time of this nuclide
(8000 yr) is comparable to the diffusional equilibra-
tion time of 104 yr for cations in a mineral grain at
the temperature of basaltic melting (section 6.1.2).
Qin took this argument further, by suggesting that dif-
fering rates of volume diffusion for different cations
could cause diffusional fractionation of U-series nu-
clides and other incompatible-element couples. How-
ever, this overlooks the fact that the source spends a
minimum of 100 kyr in the melting zone, for a 50-km-
deep melting zone upwelling at 5 cm/yr. These figures
suggest that disequilibrium melting cannot be main-
tained over the whole depth of the melting column
under ridges, but might occur at the base of the col-
umn in such a way as to hold back complete release of
ultra-incompatible elements into the melt.

Kelemen et al. (1995) took a different approach, by
examining the petrology of ophiolite complexes for
evidence of the type of magma-flow mechanisms that
might have occurred under ocean ridges. They sug-
gested that the dunite pods which make up 5%–15%
of the Oman ophiolite (Fig. 13.27) were formed by
the partial equilibration of basic magmas with upper-
mantle harzburgite, causing the replacement of pyrox-
ene by olivine. Hence, these pods seem to represent
‘fossilised’ melt conduits, up which magma migrated
by porous flow and possibly also by channel flow. Ev-
idence for porous flow is provided by the pervasive re-
placement of pyroxene, which requires magma–wall-
rock interaction. On the other hand, evidence of fo-
cussed channel flow is provided by the occurrence of
chromitite rafts within the dunite pods. Because of the
relatively low solubility of Cr in basaltic melts, Kele-
men suggested that the chromitites must have scav-
enged Cr from over 300 times their own mass of liquid.
This implies that the dunite pods experienced time-
integrated melt/rock ratios over 300, which is consis-
tent with a function as magma conduits.

Evidence that places tighter constraints on the
alternative models of dynamic partial melting (channel

Fig. 13.27. Reconstruction of the magma conduit sys-
tem under a mid-ocean ridge, based on the distribution
of dunite pods in the Oman ophiolite. Streamlines show
the direction of solid-state flow of the peridotite source
material. After Kelemen et al. (2000).

flow) and EPF (porous flow) comes from a compari-
son of excess 226Ra and 230Th activities. Beginning
with the work of Volpe and Goldstein (1993), it was
observed that 226Ra/230Th activity ratios appeared to
be inversely correlated with 230Th/238U activities in
MORB. However, because of the very short half-life of
226Ra, it could not be proven that the 226Ra/230Th ac-
tivity ratios measured in the early studies were initial
ratios at the time of eruption. In contrast, the samples
analysed by Lundstrom et al. (1999) and Sims et al.
(2002) from the axial graben of the EPR provided the
first conclusive evidence of initial 226Ra/230Th activity
ratios. These samples were collected by submersible
rather than dredge (used in most previous studies).
This allowed very young samples to be precisely se-
lected from the narrow axial graben, in part from an
eruption that was actually in progress on the sea floor
in 1992. In addition, Po–Pb dating of other samples
also indicated ages of less than 200 yr (Rubin et al.,
1994).

An inverse correlation between 226Ra/230Th and
230Th/238U activity ratios from the axis of the EPR
(Fig. 13.28) suggests that these magmas were pro-
duced by mixing between D-MORB and E-MORB
end-members with distinct origins. The latter have
large 230Th excesses but little excess 226Ra, indicat-
ing an origin from deep melting in the garnet zone,
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Fig. 13.28. Plot of 226Ra/230Th versus 230Th/238U activ-
ity ratios to show an inverse correlation in MORB, at-
tributed to mixing between D-MORB and E-MORB melt-
ing products: (●) = EPR; (�) = JDF–Gorda; (◦) = Siqueiros
Fracture Zone. After Sims et al. (2002).

whereas the former have large 226Ra excesses, but little
excess 230Th, implying a shallow origin from a source
that did not lose its radium inventory at depth. Hence,
Lundstrom et al. (1999) suggested that E-MORB were
derived principally by a channel-flow melting process,
whereas D-MORB were generated by a porous-flow
melting process. These two processes must have been
going on at the same time under the ridge, and could
simply reflect heterogeneity in the melting process.
For example, garnet-pyroxenite veins melt preferen-
tially to form 230Th-enriched E-MORB melts. These
rise to the surface along channels that begin as zones
of porous flow (hence extracting a 226Ra-enriched
D-MORB fraction from their wall-rocks). As melt fo-
cussing increases, a few of the zones of porous flow
probably evolved into open magma conduits (Kelemen
et al., 2000).

13.3.6 Evidence for mantle upwelling rates

Lundstrom et al. (1998) argued that if most MORBs
are the result of mixing between more depleted and
less depleted sources, the average amount of Th iso-
tope enrichment (‘r ’) observed on a ridge segment
might not be a fundamental property of that ridge, but
could merely reflect the chance selection of more or
less depleted samples. For example, the correlation be-
tween ridge depth and the average ‘r ’ value on a ridge
segment (Bourdon et al., 1996a; 1996b) should be

Fig. 13.29. Plot of the slope of the 230Th ‘disequilibrium
trend’ against half the spreading rate (i.e. the model
upwelling rate), showing a positive correlation for vari-
ous ridge segments in the East Pacific Rise. Subsequent
work (Lundstrom, 2003) has added more points near the
origin. After Lundstrom et al. (1998).

expected to be a very noisy correlation. On the other
hand, Lundstrom et al. argued that the slope of the ‘dis-
equilibrium trend’ on the U–Th isochron (‘equiline’)
diagram might be a more fundamental property of a
particular ridge segment.

When Lundstrom et al. (1998) plotted the slope
of this U–Th ‘disequilibrium trend’ against the half-
spreading rate for seven ridge segments, they observed
a good correlation for all examples except the Azores
plateau (Fig. 13.29). They attributed this correlation
to the effect of mantle upwelling velocity. Thus, on a
fast-spreading ridge, the limited time for Th ingrowth
during the ascent of the source through the melting
zone leads to limited excess Th, whereas on the slowly
spreading ridges the slow ascent of the source allows
maximum Th ingrowth. This appears to support the
EPF model, whereby Th ingrowth is the main source of
isotopic disequilibrium. However, on the equiline dia-
gram, most of the disequilibrium trends pirot round the
E-MORB field, rather than the D-MORB end-member
proposed by Lundstrom et al. (1998), so their argument
is not conclusive.

Analysis of both protactinium and thorium allows
the effects of the mantle upwelling rate to be eval-
uated at the same time as the effect of source com-
position (Fig. 13.30). Bourdon et al. (1998) used this
figure to compare the degrees of source enrichment
and upwelling rate in MORB with different plume
sources. Plumes exhibit a lower 231Pa/230Th activity
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Fig. 13.30. Plot of excess 231Pa versus 230Th activity to
compare MORB (●) with various ocean islands: (◦) =
Hawaii; (�) = Iceland; (�) = Grande Comore. Lines rep-
resent constant 231Pa/230Th activity ratios (in boxes) and
are labelled with upwelling rates in cm/yr, modelled as-
suming a melting porosity of 0.1% and an integrated
melt fraction of 4%. After Bourdon et al. (1998).

ratio than does MORB, which is attributed to a greater
fraction of garnet in their sources. However, plume-
derived lavas appear to reflect more variable upwelling
rates, even within a single hot-spot. For example,
Hawaii and Iceland have very variable upwelling rates,
from about 2 to 30 cm/yr. On the other hand, the Grande
Comore plume exhibits a more consistent but lower
upwelling rate coupled with an enriched source. In
a more detailed study of the Hawaiian plume, us-
ing combined Pa–Th analysis, Sims et al. (1999) cal-
culated upwelling rates as high as 20–80 cm/yr for
Kilauea and Mauna Loa, but only 2–6 cm/yr for
Hualalai and Mauna Kea. They attributed these vari-
ations in upwelling velocity to the radial distances of
these volcanoes from the centre of upwelling, which
is believed to lie under the southeast coast of the main
island.

13.3.7 Evidence from Th–Sr and Th–U
mantle arrays

U-series isotopes can be used in conjunction with long-
lived isotope systems such as Rb–Sr and U–Pb to
yield additional information about long-term mantle-
enrichment processes. However, before examining the
question of long-term mantle evolution, it is important
to re-examine the mantle-melting process using a com-
bination of U–Th and Rb–Sr evidence.

Condomines et al. (1981) first demonstrated that
MORB and OIB samples formed a strong mantle ar-
ray on a Th activity ratio versus Sr isotope ratio plot

Fig. 13.31. Comparison between the strengths of Th–Sr
isotope mantle arrays based on (a) 238U/232Th activities
and (b) 230Th/232Th activities, plotted against (atomic)
Sr isotope ratios for MORB (◦) and OIB (●). After Con-
domines and Sigmarsson (2000).

that is analogous to the Nd versus Sr isotope man-
tle array. Downward displacements of data from this
array can be caused by prolonged magma evolution
in the crust, as seen in Iceland and in the Canaries.
On the other hand, some altered ocean-floor basalts
from the FAMOUS area of the Mid-Atlantic Ridge fall
above the Th–Sr isotope array due to contamination
with 230Th-enriched seawater. If these types of samples
are removed from the data array, we can then examine
the residual data to see whether 230Th/232Th activities
or 238U/232Th activities (Fig. 13.19) are better corre-
lated with Sr isotope ratios. This can help to test the
alternative models of dynamic melting and EPF.

If Th isotope ingrowth during source upwelling is the
principal origin of excess Th activities, the Th/U (κ)
value of the source should be best determined from the
238U/232Th activity ratio of the products (Fig. 13.31b).
On the other hand, if U/Th fractionation during partial
melting in the garnet zone is the principal origin of
excess Th activities, the κ value of the source should
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best be determined from the 230Th/232Th activity ratio
of the products (Fig. 13.31a). Both of these U-series
activity ratios are compared with the Sr isotope ratios
of MORB and OIB samples in Fig. 13.31. The best
correlation is observed in Fig. 13.31a, which supports
the dynamic melting (garnet-source) model rather than
the ingrowth (EPF) model. However, most of the corre-
lation line is defined by OIB rather than MORB, so the
test is strictly relevant only to OIB. Since most plumes
exhibit greater upwelling rates than MORB, the EPF
model is not in any case expected to provide a good fit
to plumes.

U–Th isotope data yield an ‘instantaneous’ κ value
for the source; in other words the value pertaining in
the source at the time of volcanism. However, we can
also calculate a ‘time-integrated’ κ value for a given
reservoir, such as the upper mantle, from Pb isotopes
(section 6.3.3). The ‘time-integrated’ ratio is the av-
erage ratio over the Earth’s history for a sample from
that reservoir. OIB lie on a ‘mantle array’ (Fig. 13.32)
between MORB and the U–Th geochron (representing
the Bulk Earth). It is thought that the enriched plumes
sampled by OIB buffer the MORB reservoir, which has
a relatively short Pb residence time (section 6.3.3).

Williams and Gill (1992) proposed that one of the
enriched reservoirs which buffers the U–Th systemat-
ics of OIB and MORB is sub-continental lithosphere.
They argued that the signature of this component is ex-
emplified by alkali basalts from Nyamuragira volcano
in Eastern Zaire and Gaussberg volcano, Antarctica
(see also Williams et al., 1992). Both of these volca-
noes display low 230Th/232Th activity ratios, yielding

Fig. 13.32. Plot of time-integrated κ (Pb) against instan-
taneous κ (Th) for oceanic and continental (●) volcanics
in the mantle array, together with the Craters of the
Moon volcanic field (◦), which lies off the array. After
Reid (1995).

instantaneous κ values of about 5, well above the
Bulk Earth value, but within the mantle array de-
fined by oceanic volcanics (Fig. 13.32). In contrast,
basalts from the Craters of the Moon volcanic field
(Idaho) fall far from the mantle array of OIB sam-
ples (Reid, 1995). This cannot be explained by crustal
contamination or in situ decay, but can be explained
by a uranium-enrichment event that was too recent
to affect Pb isotopes, yet sufficiently ancient for 234U
to decay to 230Th. This enrichment event may have
been caused by CO2 metasomatism associated with the
Yellowstone Plume. A similar model was proposed by
Williams and Gill (1992) to explain less extreme U
enrichment of the source of Nyiragongo volcano.

13.3.8 Evidence for crustal melting and
contamination

Work on Icelandic lavas by Sigmarsson et al. (1991)
has shown that Th isotope data can also be used to
investigate the genesis of felsic rocks in oceanic
environments. Two alternative models for these rocks
involve either direct fractionation of mafic magmas or
partial melting of pre-existing mafic crust. However,
because of the young age of this crust, conventional
radiogenic tracers such as Sr and Nd cannot resolve
these models. In contrast, the short half-life of 230Th
may allow the solution of this problem.

Rift-zone tholeiites from Iceland are displaced to
the left of the equiline by partial melting, but after
0.5 Myr, when their excess 230Th activity has decayed
back to secular equilibrium, they are displaced down-
wards to a different range of Th activity ratios on the
equiline (Fig. 13.33). Consequently, historical-age fel-
sic melts produced by anatexis of Icelandic crust will
have a lower 230Th/232Th activity than will direct mag-
matic differentiates of juvenile basic magma. Sigmars-
son et al. found that dacitic volcanics from the Hekla
volcano in southern Iceland had 230Th/232Th activities
too low to be derived from contemporaneous mantle-
derived magmas (horizontal single arrows), but con-
sistent with the melting of older crust (double arrow).
Hekla rhyolites were then modelled by magmatic frac-
tionation of the dacite melts (Fig. 13.33).

Th isotope studies of volcanic systems in Iceland
have also been able to show the effect of contami-
nation of basic magmas by crust a few million years
old (Hémond et al., 1988; Sigmarsson et al., 1992).
In major volcanic centres, where the oxygen isotope
composition of the pre-existing crust has been over-
printed by meteoric hydrothermal convection, Th ac-
tivity ratios also correlate with δ 18O. An example of
this behaviour is shown in Fig. 13.34 for contaminated
quartz tholeiites from the active rift zones of Iceland.
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Fig. 13.33. U–Th isochron diagram showing the devel-
opment of distinct Th activity ratios for Icelandic mantle
and crust. These show that the dacitic and rhyolitic mag-
mas from Hekla volcano are formed by crustal melting.
After Sigmarsson et al. (1991).

Fig. 13.34. Diagram of Th activity ratio against δ 18O
(relative to SMOW), showing the effect of contami-
nation of mafic magmas by young crust: (●) = olivine
tholeiite; (◦) = quartz tholeiite. After Hémond et al.
(1988).

13.3.9 Sources of continental magmas

The evidence that excess 230Th activities require the
presence of garnet except at very low melting porosities
(section 13.3.3) has provided a basis for understand-
ing U-series systematics in young continental lavas.
Asmerom and Edwards (1995) demonstrated this ap-
proach in comparing young (<10 kyr) basalts from the
Pincate volcanic field of the Basin and Range province
in Mexico, with the ‘San Francisco’ volcanic field of
the Colorado Plateau.

Nd isotope and geochemical data are consistent
with an asthenospheric origin for basalts of the Basin
and Range, but a lithospheric origin for those of the
Colorado Plateau. U-series analysis was performed to
see whether basalts from these different sources would
possess different 230Th signatures, reflecting melting at
different depths. The results showed that magmas re-
garded as asthenospheric had excess 230Th activities
typical of MORB magmas (r = 1.2–1.35), whereas
those attributed to lithospheric melting had no excess
230Th activity (r = 0.99–1.02). Two possible explana-
tions for equilibrium 230Th/238U activity ratios are large
degrees of mantle melting or slow ascent to the surface.
However, both of these possibilities were ruled out by
the observation of large excess 231Pa activities in these
rocks (231Pa/235U activity = 2.0). Melting in the spinel-
peridotite field can generate excess 231Pa, but can-
not generate significant excess 230Th activity (section
13.3.3). Therefore Asmerom and Edwards suggested
that alkali basalts of the Colorado Plateau were prob-
ably generated by shallow melting of sub-continental
lithosphere within the spinel-peridotite field, whereas
Basin and Range magmas were produced by deeper
asthenospheric melting in the garnet field (Fig. 13.35).

Subsequent work (Asmerom et al., 2000) widened
this study to include two samples from the Rio Grande
Rift (RGR). The Zumi Band tholeiite is on the margin
of the RGR and is attributed to a lithospheric source un-
der the Colorado Plateau, whereas the Potrillo basalts
are located in the southern central part of the RGR and
attributed to an asthenospheric source. U-series data

Fig. 13.35. Plot of excess 231Pa versus 230Th activity,
showing distinct signatures in lithospheric (●) and as-
thenospheric (◦) magmas from the western USA; T =
tholeiite. Curves show the result of simple batch melt-
ing of spinel or garnet peridotite using reasonable par-
tition coefficients. After Asmerom et al. (2000).
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(Fig. 13.35) are consistent with these predictions. All of
the alkali basalts have large excess 231Pa activities con-
sistent with small-degree melting and rapid ascent of
magma. In contrast, the tholeiite has a smaller excess,
due to either a larger degree of melting or slower ascent.
On the other hand, excess 230Th activities are again
grouped according to source type, with the astheno-
spheric suite yielding large excess activities, whereas
the lithospheric suite yields data within error of the
equiline.

13.4 Subduction-zone processes

Subduction-related magmatism is one of the most com-
plex environments of magma genesis, since there are
numerous potential sources of magmas and fluids in
the subducting slab, the mantle wedge, and the over-
lying arc crust (section 6.6). In this situation, evidence
from U-series data can provide additional constraints,
especially on the timing of fluid metasomatism and
magma genesis.

13.4.1 U–Th evidence

The first comprehensive study of Th isotope system-
atics in subduction-related magmas was undertaken
by Hémond (1986). This work revealed a distribution
clustering near the equiline on the U–Th isochron di-
agram, but with strong departures from the Th–Sr iso-
tope mantle array.

The incoherent behaviour of Th–Sr isotope system-
atics suggested more complex processes at subduction
zones, compared with ridges and plumes. With addi-
tional work (Gill and Williams, 1990; McDermott and
Hawkesworth, 1991) systematic variations began to
emerge on the U–Th isochron diagram (Fig. 13.36),
where continental arcs tend to lie on the U-depleted
side of the equiline, whereas oceanic arcs lie to the U-
enriched side. High elemental U/Th ratios (low Th/U
ratios) have long been known in the island-arc tholei-
ite series (Jakes and Gill, 1970), so the distribution of
these data to the right of the equiline is not surpris-
ing. This effect is seen clearly in oceanic arcs such
as Tonga and the Marianas, but is small or absent for
associated back-arc volcanics. For these reasons, the
effect is best explained by U metasomatism from the
subducted slab into the melting zone in the overlying
mantle wedge.

The slab-derived uranium flux can be seen most
clearly when the overlying wedge is LIL-depleted (e.g.
Tonga, Marianas), but in arcs with a more enriched
wedge, the uranium flux may be swamped by U and Th

Fig. 13.36. U–Th isochron diagram, showing represen-
tative data for subduction-related magmas:∗= average
crust. After Hawkesworth et al. (1991).

Fig. 13.37. Plot of 238U/230Th activity (= U/Th fraction-
ation from the equiline) against total Th content of
arc volcanics. Open symbols are from the Tonga and
Marianas arcs. After McDermott and Hawkesworth
(1991).

derived from normal partial-melting processes. Hence,
continental arcs, underlain by enriched mantle litho-
sphere, tend to exhibit U/Th behaviour similar to that
of within-plate basalts. This effect can be seen by plot-
ting the 238U/230Th activity ratio (1/r in section 13.3.1)
against the total Th content of the rock (Fig. 13.37),
thus showing that arcs with strong U/Th enrichment
are characterised by low total Th contents (McDermott
and Hawkesworth, 1991).

Magmas to the right of the equiline in Fig. 13.36
must reflect U/Th fractionation shortly before
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Fig. 13.38. Plot of 10Be/9Be ratio against 238U/230Th ac-
tivity ratio in the Southern Volcanic Zone of the Andes,
showing correlated enrichments. The open circle indi-
cates a sample that has been perturbed by contamina-
tion in the continental crust. Modified after Sigmarsson
et al. (1990).

eruption, in order to preserve isotopic disequilibrium.
Independent evidence for the role of slab-derived flu-
ids in this process comes from correlated 10Be/9Be and
238U/230Th ratios in the Southern Volcanic Zone of the
Andes (Sigmarsson et al., 1990). Because 10Be is a
cosmogenic isotope, it can only be introduced into the
melting zone of arc magmas by subduction of ocean-
floor crust and sediment (section 14.3.6). Therefore, a
positive correlation between 10Be/9Be and 238U/230Th
ratios suggests a similar location for uranium enrich-
ment of arc magmas.

Several of the Southern Volcanic Zone samples have
238U/230Th activity ratios close to the equiline (in com-
mon with other continental arcs), but these all have
elevated levels of cosmogenic beryllium (Fig. 13.38).
Therefore, if we project the array in Fig. 13.38 back
to zero cosmogenic beryllium, we can estimate the
238U/230Th activity of the wedge-derived component in
subduction-related magmas. This has a value of 0.8–
0.9, which is typical of asthenosphere-derived mag-
mas from ocean ridges. This implies that the type of
decompression melting seen at ridges (due to mantle
diapirism) also occurs to some extent under arcs. This
model is supported by 231Pa data, which reveal Pa/U en-
richments resembling MORB in most arcs (Pickett and
Murrell, 1997). These 231Pa/235U enrichments can be
explained by mild mantle upwelling (about 1 cm/yr),
and may reflect gravitational instability in the source
caused by fluid metasomatism (Turner, 2002).

A second distinct feature of subduction-related mag-
mas on the U–Th isochron diagram is the exten-
sion of some arc suites to 232Th-enriched composi-
tions towards the origin (e.g. Philippines, Indonesia,

Fig. 13.39. Plot of κTh against κPb to show correlated
high values in some arcs and in ocean-floor sediments
(●). Fields for OIB, MORB, altered MORB and marine
sediments are shown for reference. After McDermott
and Hawkesworth (1991).

Fig. 13.36). Because these suites lie close to the
equiline, it appears that U/Th fractionation was rel-
atively ancient. This is confirmed on a plot of κPb

against κTh in Fig. 13.39. Correlated increases in these
values must reflect ancient U–Th fractionation events,
since κPb is controlled by long-lived U and Th isotopes.
The best explanation of these data is contamination of
arc magmas by partial melts of subducted sediments,
which have appropriate compositions on both the U–
Th isochron diagram and the κ–κ diagram (McDermott
and Hawkesworth, 1991). Some sediment inevitably
escapes the melting process, and is then recycled into
the deep mantle.

Processes of fluid metasomatism and sediment con-
tamination in arcs can be summarised on a Th activity
versus Sr isotope plot (Fig. 13.40). On this diagram, the
Aeolian arc defines a horizontal array that is consistent
with two-component mixing between normal depleted
mantle and subducted sediment. In contrast, Tongan
data trend upwards towards altered MORB and marine
carbonate, whence the U-enriched fluid flux is proba-
bly derived. A final note must be made regarding the
Nicaraguan data. These have very high 230Th contents,
reminiscent of a metasomatised source, but actually
fall on the U-depleted side of the equiline (Fig. 13.36).
This unusual signature is probably best attributed to a
source that suffered U metasomatism some time prior
to magma generation.
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Fig. 13.40. Th–Sr isotope diagram showing possible mix-
ing models to explain the departure of arc magmas
from the mantle array of MORB and OIB compositions
(shaded). After McDermott and Hawkesworth (1991).

Authors of recent studies on arc lavas have attempted
to put tighter limits on the timing of fluid influx and
magma genesis in the mantle wedge. Evidence relevant
to the timing of fluid influx came from new studies by
Turner et al. (1997) and Elliott et al. (1997) on the
Tonga–Kermadec and Marianas arcs. These new data
sets revealed low positive slopes on the U–Th isochron
diagram, especially when the lower bound to each data
set was considered (Fig. 13.41). This lower bound is
believed to be most indicative of the typical time from
fluid metasomatism of the mantle source to the time of
eruption. In contrast, individual data points lying above
the line are attributed to magma batches that had longer
residence times in crustal magma chambers. The lower
bounds to each data set gave slope ages of 30, 50 and
30 kyr, respectively, for the Tonga, Kermadec and Mar-
ianas arcs, suggesting that processes of magma genesis
and ascent in oceanic arcs are quite rapid. However,
because of its half-life of only 1600 yr, 226Ra analysis
offers the opportunity of seeing even more short-term
processes in arc magmas.

13.4.2 Ra–Th evidence

Early work on the Ra–Th systematics of arc lavas (Gill
and Williams, 1990) revealed large 226Ra excesses in
many lavas, with a weak positive correlation between

Fig. 13.41. Data arrays from the Tongan arc (●) and Ker-
madec arc (◦) on a U–Th isochron diagram, showing
arrays with possible age significance. After Turner et al.
(1997).

226Ra and 230Th enrichment. This led Gill and Williams
to speculate that 226Ra enrichment might be linked to
subduction-related fluids. However, results of subse-
quent studies (e.g. Chabaux and Allègre, 1994) were
equivocal. Furthermore, the discovery of tight correla-
tion lines on the U–Th isochron diagram, implying that
fluid enrichment occurred about 30 kyr ago, suggested
that any 226Ra introduced by subduction-related fluids
would have decayed away before eruption. Therefore,
Turner et al. (1997) suggested that the 238U and 226Ra
excesses in arc magmas were due to separate processes:
the former due to enrichment of the mantle wedge by
subduction-related fluids, and the latter from the sub-
sequent melting of this metasomatised mantle.

A study on several different volcanic centres from
the Lesser Antilles arc (Chabaux et al., 1999) reversed
this interpretation by showing that variations between
226Ra/230Th and 238U/230Th activity ratios were well
correlated, suggesting that both 238U and 226Ra en-
richment were caused by the subduction-related fluids
themselves. This model was confirmed in a study of
the Tonga–Kermadec arc (Turner et al., 2000), which
showed that the largest 226Ra excesses were found in
the most depleted basalts with the highest Ba/Th ratios
(Fig. 13.42). Turner et al. also found that, as the sil-
ica contents of the magmas increased, 226Ra excesses
declined, reflecting increasing residence times in dif-
ferentiating magma chambers.

Evidence that 226Ra enrichment is caused by fluid
metasomatism is problematical because the earlier
U–Th evidence from the Tongan arc suggested that
fluid enrichment occurred about 30 kyr ago. To over-
come this problem, Turner et al. suggested that
multiple fluid injections could have invaded the mantle
wedge (Fig. 13.43). According to this model, an earlier
event would have introduced both 238U and 226Ra into
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Fig. 13.42. Plot of Ba/Th weight ratio against 226Ra/
230Th activity ratio for Tongan lavas, showing a posi-
tive correlation between 226Ra enrichment and a trace-
element indicator of subduction-related fluids. Open
symbols are attributed to decay of 226Ra in long-lived
magma chambers. After Turner et al. (2000).

Fig. 13.43. Plot of excess activities of 226Ra and 238U
against time to show the two-stage metasomatism pro-
posed to explain the enrichment of Tongan lavas in
U-series nuclides by subduction-related fluids. After
Turner et al. (2000).

the wedge, but the latter nuclide soon decayed away.
Meanwhile, as 226Ra was decaying in the wedge, it
was being replenished in the Th-rich subducting slab.
Therefore, when a second episode of fluid metasoma-
tism occurred, the replenished inventory of 226Ra was
again released into the mantle wedge. On this second
occasion the metasomatic event was quickly followed
by the extraction of a basaltic melt, which therefore
picked up 238U from the first event and 226Ra from the
second event.

Further confirmation of the role of fluid metasoma-
tism in causing 226Ra enrichments was provided by
the observation of a positive correlation with ber-
yllium isotope ratios in Andean lavas (Fig. 13.44).

Fig. 13.44. Plot of atomic beryllium isotope ratio against
226Ra/230Th activity ratio for lavas from the Southern
Volcanic Zone of the Andes. Open symbols are thought
to have lost their excess 10Be and 226Ra during a complex
magmatic history in the crust. After Sigmarsson et al.
(2002).

Since cosmogenic 10Be can originate only from sub-
ducted pelagic sediment (section 14.3.6), the correla-
tion with 226Ra provides strong evidence for the ori-
gin of these enrichments in subduction-related fluids
(Sigmarsson et al., 2002). However, Sigmarsson sug-
gested that the data arrays with shallow slopes on the
U–Th isochron diagram might be mixing lines pro-
duced by a multi-stage extraction of fluids from the
slab, rather than isochrons dating the first stage of a
two-phase process of fluid metasomatism.

As well as throwing more light on the timing of fluid
metasomatism, 226Ra evidence from arc basalts also
provides new constraints on the rates of ascent of basic
magmas. This is because the process of fluid metaso-
matism must occur at nearly 100 km depth, since the
fluids are released by pressure-induced breakdown of
amphibole in the subducting slab (section 6.6). In con-
trast, it is widely argued that 226Ra enrichments under
ocean ridges occur at quite shallow depths, due to in-
growth in the upwelling mantle source as a result of
equilibrium porous flow (section 13.3.5).

To investigate these constraints in more detail,
Turner et al. (2001) measured Ra–Th activities in seven
additional arc systems, for comparison with the Ton-
gan data. It was found that these other arc systems
display behaviour similar to that of the Tongan arc, but
less extreme in magnitude. Thus the other arcs also
displayed positive correlations of initial 226Ra/230Th
activity ratios with 238U/230Th activity and with Ba/Th
weight ratio, and inverse hyperbolic relationships with
silica content. These findings confirm that 226Ra en-
richments in arcs are a general product of metasoma-
tism by slab-derived fluids, but they also place tight
constraints on rates of magma ascent, suggesting that
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primary subduction-related magmas probably rise at
rates approaching 1 km/yr from their mantle source at
about 100 km depth. This implies that these magmas
rise through open channel-ways rather than by melt
percolation. However, it is not known whether this
behaviour is peculiar to fluid-rich subduction-related
magmas, or whether MORB melts might also ascend
more rapidly than had previously been thought.
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Allègre, C. J. and Condomines, M. (1976). Fine chronology
of volcanic processes using 238U/230Th systematics. Earth
Planet. Sci. Lett. 28, 395–406.
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14 Cosmogenic nuclides

The Earth undergoes continuous bombardment by cos-
mic rays from the galaxy. These are atomic nuclei
(mainly protons) travelling through interstellar and in-
terplanetary space at relativistic speeds. The net flux
of cosmic-ray energy intercepted by the Earth is low,
and roughly equivalent in intensity to visible starlight.
However, the energy of each particle is very high, aver-
aging several billion electron volts (the kinetic energy
of a gas molecule at 10 000 K is about one electron
volt). Cosmic rays can therefore interact strongly with
matter.

Cosmic rays generate unstable nuclides in two prin-
cipal ways: by direct bombardment of target atoms
(causing atomic fragmentation or ‘spallation’), and by
the agency of cosmic-ray-generated fast neutrons. The
latter are produced by the collision of cosmic rays with
target molecules and slowed by further collisions to
thermal kinetic energies. These ‘thermal’ neutrons are
able to interact with the nuclei of stable atoms, caus-
ing transformations to radioactive nuclei. The ‘cosmo-
genic’ nuclides thus produced can be used as dating
tools and as radioactive tracers.

Terrestrial cosmogenic nuclides (‘TCN’) are pro-
duced in two principal sites. The first is the atmosphere,
where cosmic rays interact with nitrogen, oxygen and
rare gases. The resulting ‘atmospheric cosmogenic nu-
clides’ include radiocarbon and other cosmogenic iso-
topes such as 10Be, 36Cl and 129I that are useful as
environmental tracers. The second site of production
is within the surfaces of terrestrial rocks, termed in situ
production. These nuclides, including 26Al, 10Be and
36Cl, are useful for dating the surface exposure of rocks.

The measurement of cosmogenic nuclides falls into
two developmental stages. Early work, almost entirely
on 14C, was by radioactive counting. More recently, ac-
celerator mass spectrometry (AMS) has revolutionised
the field of cosmogenic nuclides, allowing 14C mea-
surement on very small samples and allowing the utili-
sation of several other cosmogenic nuclides for the first
time.

14.1 Carbon-14

The collision of cosmic-ray-produced thermal neu-
trons with nitrogen nuclei has a reasonable probability
of generating radiocarbon by the n, p reaction:

14
7N + n → 14

6C + p

Oxidation to carbon dioxide follows rapidly, and this
radioactive CO2 joins the carbon cycle. It may be ab-
sorbed photosynthetically by plants, or may exchange
with CO2 in water and ultimately be deposited as car-
bonate.

14C decays by β emission back to 14N with a half-
life of about 5700 yr. Hence, atmospheric 14C activity is
the result of an equilibrium between cosmogenic pro-
duction, radioactive decay (and exchange with other
reservoirs). During their lifetime, living tissues will
exchange CO2 with the atmosphere, and hence remain
in radioactive equilibrium with it. However, on death
this exchange is expected to stop, whereupon 14C in the
tissue decays with time. If the initial level of 14C activ-
ity in a carbon sample at death (A0) can be predicted,
and if it has subsequently remained a closed system,
then by measuring its present level of activity (A), its
age (t) can be determined. This can be expressed as the
radioactive-decay law (from equation [1.5])

A = A0e−λt [14.1]

The idea of using radiocarbon as a dating tool was
conceived by W. F. Libby, for which he received the
Nobel Prize for Chemistry in 1960. The early his-
tory of the field is described by Kamen (1963), and
a twenty-five-year review was given by Ralph and
Michael (1974). Taylor (1987) has written an account
of its archaeological applications.

The Earth’s magnetic field deflects incoming
charged particles so that the equatorial cosmic-ray flux
is four times less than the polar flux (Fig. 14.1). There-
fore, one of the first questions which Libby and his
co-workers investigated was whether the present-day
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activity of 14C was uniform over the Earth’s surface. No
latitude dependence was found in modern wood (An-
derson and Libby, 1951), and the average specific activ-
ity found was 15.3 disintegrations per minute per gram
of carbon (dpm/g). Hence, geographical homogenisa-
tion of 14C in the atmosphere (before its uptake by
plants) appears to be a justifiable assumption.

More recent evidence for the rate of homogenisa-
tion of atmospheric 14C came from atmospheric nu-
clear explosions. Figure 14.2 shows the levels of 14C
at various locations around the world after the addition
of excess 14C from atmospheric tests (Libby, 1970).
World-wide atmospheric homogenisation occurs after
only two or three years. The recovery rate of the Mojave
Desert samples after 1965 suggests that the timescale

Fig. 14.1. Plot of cosmogenic neutron flux as a func-
tion of latitude to show the geographical variation in
cosmic-ray intensity. After Simpson (1951).

Fig. 14.2. Excess (bomb-produced) atmospheric 14C measured at various latitudes round the world, during and
after the peak of atmospheric nuclear testing. The regression line shows the result of carbon exchange with
seawater. After Libby (1970).

for buffering of the atmosphere by surface ocean water
is somewhat longer (17 yr), but this is still very short
relative to the half-life of 14C.

Libby (1952) also assumed that the atmosphere had
a constant 14C activity through time, as a result of equi-
librium between constant rates of production and de-
cay. Hence, the 14C activity of recent organic tissue
was taken to be equal to the ‘initial’ activity of carbon
samples formed in the past. A closed-system assump-
tion was also argued, on the basis that complex organic
molecules cannot exchange carbon with the environ-
ment after death. (However, such exchange can occur
in many carbonates, making them less reliable as dat-
ing material.) The above-mentioned assumptions were
supported (Arnold and Libby, 1949) by a good concor-
dance between 14C dates and historical ages for a suite
of test samples (Fig. 14.3). These ages were based on a
14C half-life of 5568 ± 30 yr obtained from a weighted
mean of the four most precise laboratory counting de-
terminations, all of which clustered closely around the
mean.

In the natural reduction of CO2 to carbon by photo-
synthesis, and during laboratory preparation for anal-
ysis (e.g. combustion of carbon to CO2), isotopic frac-
tionation between carbon isotopes can occur. This is
due to the weaker bonding, and hence greater reac-
tivity, of the lighter isotope (section 2.2.3). In order to
assess the fractionation between 14C and 12C in natural
and laboratory processes, Craig (1954) proposed that
the 13C/12C ratio of samples be measured by mass spec-
trometry. Because fractionation is mass-dependent,
14C/12C fractionation will be twice as great as
13C/12C fractionation. The latter is normally expressed
relative to the PeeDee belemnite (PDB) standard
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Fig. 14.3. Plot of 14C activity in archaeological samples
of known age, relative to the predicted decay curve
based on modern wood and a half-life of 5568 yr. After
Libby (1952).

(Craig, 1957):

δ 13C =
(

(13C/12C)sample

(13C/12C)PDB
− 1

)
× 103 [14.2]

This fractionation factor can be directly converted
into a correction to the 14C age using Fig. 14.4 (Mook
and Streurman, 1983). In this diagram, normal δ 13C
compositions for various types of sample are shown.
Because ‘modern wood’ is established as the refer-
ence point for calibrating the efficiency of 14C counting
equipment, age corrections must be applied relative to
this type of material (Fig. 14.4), which has a normal or
‘calibration’ value of δ 13C = −25 per mil (relative to
PDB). In marine carbonates, this effect is offset by the
400 yr 14C age of ocean surface water, which must be
subtracted from measured ages (section 14.1.6).

14.1.1 14C measurement by counting

The development of the radiocarbon method went hand
in hand with the development of low-level count-
ing techniques. The specific activity of 14C is small,
yielding a maximum count-rate of 13.6 decays per
minute per gram (dpm/g) for modern wood, but only
0.03 dpm/g for a sample 50 kyr old. Furthermore, the
maximum β energy is low (156 keV), so that, in a solid
source of non-zero thickness, a significant fraction of

Fig. 14.4. Carbon isotope fractionation effects in vari-
ous materials, and necessary corrections to calibrated
14C ages for C3 plants (wood). Carbonates are hatched.
After Mook and Streurman (1983).

Fig. 14.5. Components in passive and active screening of
a CO2 gas counter. After Mook and Streurman (1983).

emitted β particles would be absorbed by other carbon
atoms in the sample.

Libby’s early determinations of 14C activity were
made on samples of solid carbon using a ‘screen-wall’
Geiger counter. However, this method was soon re-
placed by the analysis of CO2 in a gas counter (de
Vries and Barendsen, 1953). CO2 is very readily pre-
pared, and in the gas counter there is no risk of losing
counts (due to absorption) before the β particles reach
the detector.

Unfortunately the natural background level of activ-
ity which will be measured by a gas counter (cosmic
rays and gamma emission from natural materials) is
far larger than the level of activity from the sample
itself. Hence, two screening techniques are used
(Fig. 14.5). The first involves a thick wall of material
which itself has a low level of activity (e.g. ‘old’ lead).
The second component is an array of geiger tubes
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arranged immediately round the gas proportional
counter. The geiger tubes are electronically connected
in anti-coincidence to the proportional counter. If a
high-energy particle such as a cosmic ray enters the
shielding, it will trigger the geiger tubes at almost the
same time as the proportional counter, and the two
signals will cancel out. The dramatic effects of these
shielding techniques on the counting background
were demonstrated by Ralph (1971) using a counter
filled with ‘dead’ CO2 made from anthracite coal.
Count rates (dpm) were as follows:

No shielding 1500
Shielded by iron and mercury 400
Shielded and with anti-coincidence

counters turned on 8

Subsequently to Libby’s work, his dating assump-
tions and half-life value have been re-examined. How-
ever, it was decided to continue to publish radiocar-
bon ages using Libby’s atmospheric composition and
half-life (Godwin, 1962). These are called ‘conven-
tional ages’. Correction factors are subsequently ap-
plied to determine a true ‘historical’ age. We will now
re-examine two of the most important assumptions.

14.1.2 The closed-system assumption

Loss of carbon from a system during its geological
lifetime is not usually a problem in radiocarbon dat-
ing. However, contamination with extraneous environ-
mental carbon may be a major problem. To exclude
such contamination, rigorous sample-preparation pro-
cedures have been developed.

When dating wood or charcoal for archaeological
purposes, the objective is to determine the time when
the tree was cut down. Hence, it is only necessary
to exclude post-mortem exchange with the environ-
ment. For this, an acid–alkali–acid leaching treatment
referred to as the AAA treatment was found to be ef-
fective (Olsson, 1980). The three steps are as follows:

(1) Leach with 4% HCl at 80 ◦C for 24 h to remove
sugars, resins, soil carbonate and infiltrated hu-
mic acids.

(2) Leach with up to 4% NaOH at up to 80 ◦C for
at least 24 h to remove infiltrated tannic acids
(this step also removes part of the lignin).

(3) Repeat step (1) to remove any atmospheric CO2

absorbed during the alkali step.

The overall process removes about 50% of the original
carbon.

When dating tree rings for calibration studies (see
below), the objective is quite different. In this case

it is essential to sample only material laid down in
the year of growth corresponding to the annual ring.
This requires that all material deposited during the sub-
sequent life of the tree (e.g. lignin) must be leached
away. This is accomplished by inserting a step (1a)
into the above procedure, in which the wood chips are
bleached by progressive addition of an almost equal
weight of sodium perchlorate powder in dilute acetic
acid at 70 ◦C. The procedure removes up to 75% of the
carbon, leaving a residue of pure cellulose for analysis
(Mook and Streurman, 1983).

When dating bones, all of the inorganic carbonate
fraction must be removed by leaching with very dilute
HCl, because this fraction invariably exchanges carbon
with groundwater. The organic carbon fraction in the
bone is in the form of collagen, which is resistant to
post-mortem exchange. Various methods for the treat-
ment of bones are described by Olsson et al. (1974).
Leaching with acid has also been shown to improve the
accuracy of radiocarbon ages on corals (see below).

14.1.3 The initial-ratio assumption

As radiocarbon measurements became more precise,
systematic age discrepancies between historical ma-
terial and radiocarbon dates began to suggest that the
level of 14C activity in the atmosphere had varied with
time. The first evidence for such temporal variations in
14C activity was provided by Suess (1955), who found
that twentieth-century wood was 2% depleted in ac-
tivity relative to nineteenth-century wood. This was
attributed to dilution of radioactive carbon by ‘dead’
carbon introduced into the atmosphere by burning fos-
sil fuel (nuclear tests later drove the equilibrium in the
other direction by adding 14C to the atmosphere). Sub-
sequently, de Vries (1958) found that late-seventeenth-
century wood had about 2% higher activity than
nineteenth-century wood. These two ‘anomalies’ are
sometimes called the ‘Suess’ and ‘de Vries’ effects.

The discovery of secular variations in 14C activity
has elicited various models attempting to explain these
variations. Forbush (1954) observed that the eleven-
year cycle of sunspot activity was inversely correlated
with cosmic-ray intensity. This is because high levels
of solar activity (marked by increased sunspot activity)
cause an increase in the solar wind of ionised particles,
which extends the Sun’s magnetic field and deflects
galactic cosmic rays away from the Earth. Calculations
by Oeschger et al. (1970) suggest that the stratospheric
cosmic-ray flux may be nearly doubled at solar minima,
relative to maxima.

Because historical records for sunspot frequency are
available, this provided a means of predicting past
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cosmic-ray intensity, and hence 14C production, over
the last few hundred years. Stuiver (1961) performed
these calculations and suggested that a sunspot mini-
mum in the late seventeenth century could explain the
‘de Vries effect’, namely the 14C activity maximum at
that time. This was confirmed by Stuiver (1965) using
more detailed 14C data (Fig. 14.6).

Extension of the 14C activity curve to well be-
fore the time of Christ revealed large long-term vari-
ations, in addition to the short-term effects attributed
to changes in solar cosmic-ray modulation (Suess,
1965). Elsasser et al. (1956) had predicted that if the
strength of the Earth’s magnetic field displayed secular
variations, as suggested by Thellier (1941), then this

Fig. 14.6. Plots of sunspot activity and relative 14C ac-
tivity, expressed as �, parts per mil, to show coherent
anti-correlation in the eighteenth and nineteenth cen-
turies. A best-fit curve is drawn using two 14C data sets
(early error boxes and later bars). After Stuiver (1965).

Fig. 14.7. Plot of age deviation between ‘conventional’ radiocarbon ages (half-life = 5568 yr) and other age de-
terminations: (a) radiocarbon method using a half-life of 5730 yr; (b) historical timescale; (c) dendrochronology
timescale; and (d) using a half-life of 5730 yr and correction for variations of the Earth’s magnetic field intensity.
After Bucha and Neustupny (1967).

would have affected the paleo-cosmic-ray flux incident
on the atmosphere, and hence 14C production. How-
ever, strong evidence of a causal relationship with the
Earth’s field strength was not established until Bucha
and Neustupny (1967) provided more extensive pa-
leomagnetic intensity measurements. These data re-
vealed sinusoidal variations in the Earth’s magnetic
field strength that matched the sinusoidal deviations
between radiocarbon and absolute ages.

By modelling the effect of paleomagnetic intensity
variations on 14C activity, Bucha and Neustupny were
able to match the deviations between tree-ring and
radiocarbon timescales almost exactly (Fig. 14.7). A
comparison with historically dated wood gave a very
similar result, except that this curve was translated up-
wards by about 100 yr. This can be attributed to the av-
erage time delay between wood growth and utilisation.
Because the model of Bucha and Neustupny linked the
long-time-period deviations between radiocarbon and
absolute ages to variations in the global magnetic field,
it also implied that the deviations should be of a system-
atic world-wide nature. Hence it gave grounds for the
establishment of very precise calibration sequences,
which could then be used for world-wide correction of
‘conventional’ radiocarbon ages to calendar ages.

14.1.4 Dendrochronology

It was quickly realised that the most accurate way
to calibrate the ‘conventional’ 14C timescale for ini-
tial 14C variations was to integrate radiocarbon dates
with tree-ring chronologies. Great efforts have been
expended on this task over the last thirty years.

The longest dendrochronology calibration range has
been achieved using the stunted bristlecone pine. When
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Fig. 14.8. A ‘master’ tree-ring chronology based on living and dead specimens of Bristlecone pine with overlapping
age ranges. The upper chart shows the range of each specimen. The lower chart shows the total number of radii
from which raw data were derived. After Ferguson (1970).

Fig. 14.9. Changes in atmospheric 14C activity during the last 9000 years, presented in the form of isotopic frac-
tionation per mil, based on ‘continuous’ bristlecone pine and ‘floating’ European oak chronologies. The apparent
fit to a sinusoidal function is now known to be coincidental. After Bruns et al. (1983).

this work began the species was known as Pinus aris-
tata. However, the great longevity of some populations
of the bristlecone pine was subsequently recognised by
placing these populations in a new species named Pinus
longaeva. The semi-desert habitat of this tree gives rise
to its great longevity and also permits good preserva-
tion of the dry wood after death. Thus, Ferguson (1970)
erected a continuous master chronology reaching back
over 7000 yr, which was based on several living trees
and seventeen specimens of dead wood from the White
Mountains of eastern–central California (Fig. 14.8).
This suite now extends nearly 8700 yr (to 6700 BC)
and includes the oldest living tree, which is more than
4600 yr old! (Ferguson and Graybill, 1983).

Suess (1970) presented a data set of 315 radiocarbon
measurements for bristlecone pine from Ferguson’s
collection, and used this data set to construct a con-
tinuous calibration curve from 5200 BC to the present.
One of the prominent features of this curve was the

presence of numerous ‘wiggles’, with wavelengths of
100–300 yr, superimposed on the longer-term varia-
tions discussed above. Suess attracted much criticism
because his calibration curve was drawn by eye through
the measured points (with ‘cosmic Schwung’), rather
than using a statistical curve fit. Many other work-
ers, as late as Pearson et al. (1977), maintained that
the second-order ‘wiggles’ identified by Suess were
an artefact of statistical uncertainties in the data and
had no real meaning. However, this was illogical, since
the known ‘de Vries effect’ wiggles of the seventeenth
century AD were of similar magnitude. The reality of
the ‘Suess’ wiggles in the ancient radiocarbon record
(around 3500 BC) was finally established by De Jong
et al. (1979). These wiggles are seen superimposed
on long-term 14C variations in the 9000-yr calibration
curve shown in Fig. 14.9.

Comparatively large (20 per mil) 14C variations bet-
ween tree rings from single sunspot cycles have been
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claimed by some workers (e.g. Baxter and Farmer,
1973; Fan et al., 1986). However, atmospheric 14C vari-
ations on this timescale are not consistent with the ex-
perimental data of Stuiver and Quay (1981). The latter
workers modelled small (4 per mil) 14C variations over
sunspot cycles, which are at the limits of measurement
precision.

The convoluted shape of the calibration curve in-
troduces ambiguities into 14C dating within many pe-
riods, since a single radiocarbon age can correspond
to more than one historical age. These ambiguities
may sometimes be resolved by applying historical con-
straints (see section 14.2.1). Alternatively, they may be
avoided in the dating of wood samples, if a piece span-
ning more than about fifty growth rings can be dated.
This ring sequence then forms a small ‘floating’ cal-
ibration curve, which can be ‘wiggle-matched’ with
the known calibration curve to yield a much more ac-
curate time-span for the growth of the sample wood.
Suess and Strahm (1970) demonstrated this technique
when they dated a floating tree-ring sequence from
Auvernier (Switzerland) against the bristlecone pine
calibration curve (Fig. 14.10). This procedure allowed
the age uncertainties on the Auvernier material to be
reduced from hundreds of years to decades.

In order to obtain the highest-quality calibration
curve, it is desirable to analyse samples represent-

Fig. 14.10. Comparison of 14C data for a wood sample
and the calibration curve to show the application of
‘wiggle matching’. The dashed line is the proposed fit
to the measured data, which are shown with error bars.
After Suess and Strahm (1970).

ing single annual rings. However, the small size of
the bristlecone pine limits the precision which can be
obtained, because of the limited amount of sample for
analysis. Therefore, other work has been devoted to ob-
taining a more detailed calibration curve from larger
trees (e.g. De Jong et al., 1979).

In Europe, the most important tree for detailed cali-
bration purposes is the oak (Quercus petraea). This is
partly because the oak very rarely has missing annual
growth rings. In contrast, the widespread alder may
lack up to 45% of its annual rings (Huber, 1970). The
oak is also ideal because it is a long-lived, large tree that
displays good resistance to decay after death. In North
America, the last 1500 yr of the 14C timescale has been
calibrated in great detail (Stuiver and Pearson, 1986)
using large trees such as the Douglas fir (Pseudotsuga
menziesii) and giant redwood (Sequoia gigantea). This
curve was adopted as a new international standard in
1985 (Mook, 1986). Part of this curve is used below
(section 14.2.1).

Even more exact dates are possible if the floating
chronology comes from an area geographically near to
the calibration chronology. Having ‘wiggle-matched’
the radiocarbon data to obtain historical ages with un-
certainties of a few decades, the widths of the tree-rings
themselves are then matched between the floating and
calibration material, to obtain an exact date. However,
this procedure is only possible if the two chronologies
come from areas with the same weather pattern, thus
giving rise to similar growth variations.

Hillam et al. (1990) used this procedure to date a
Neolithic wooden walkway from Somerset (England)
to the probable year of its construction (3806 BC). This
age is based on the fact that ten timbers had bark sur-
faces with ages of 3807/3806 BC, and must therefore
have been cut down in that calendar year. A single sam-
ple with a bark age of 3800 BC probably represents a
later repair to the walkway. This work suggests that,
as dendrochronologies are completed for more areas
of the world, it should increasingly be possible to date
large wood samples to the exact age of their felling.

In principle, it should also be possible to create a
floating radiocarbon sequence by the analysis of sev-
eral plant macro-fossils (such as seeds) from a soil
sequence. Such a sequence could then be wiggle-
matched to the dendro-calibration to determine a much
more reliable calendar age than is possible from the
calibration of single radiocarbon ages.

14.1.5 Production and climatic effects

Many attempts have been made to extend the cal-
ibrated radiocarbon timescale beyond the limit of
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dendrochronology. Early work was mainly based on
varved lake sediments (e.g. Tauber, 1970) or ice cores
(e.g. Hammer et al., 1986). Sediment varves are usu-
ally caused by a change in the type of minerals being
deposited at different times of the year, but are not as
reproducible as tree-rings. For example, if sediment
from the bottom is stirred up by strong winds and then
redeposited, it may be possible for more than one varve
layer to be deposited in a year. As a result, many dif-
ferent and conflicting calibration lines were proposed,
which largely discredited this approach.

Bard et al. (1990a) took a major step forwards
in extending the radiocarbon calibration using mass-
spectrometric U-series analysis (section 12.2.1). This
method was used to assign absolute ages to Barbados
corals that had previously been analysed for 14C. In
view of uncertainties about closed-system behaviour
in carbonates, the method was tested by analysis of
samples less than 10 kyr old. These gave ages in good
agreement with the dendrochronology timescale, after
applying a 400-yr correction for equilibration of 14C
between atmospheric and surface seawater (the ‘reser-
voir age’).

Results for older samples were presented on a plot
of � 14C activity (relative to modern wood) against U–
Th age (Fig. 14.11). Samples in the range 10–15 kyr

Fig. 14.11. Plot of � 14C activity in corals (relative to
modern wood) against U–Th ages. Shaded curve = den-
drochronological calibration. Inflected curves show the
envelope of 14C activity predicted from geomagnetic
modulation of cosmogenic production. After Bard et al.
(1993).

gave � 14C activities well within error of those pre-
dicted from geomagnetic field-strength data. Samples
older than 15 kyr initially gave more scattered data.
However, repeat analysis of the 14C measurements af-
ter strong acid leaching gave more consistent results
(Bard et al., 1993; 1998).

Because the atmosphere contains only 5% of the
carbon budget of the ocean–atmosphere system, cli-
matic changes might have had a major influence on
atmospheric 14C abundances, modifying the effects of
cosmogenic radiocarbon production. Large effects are
not expected during the Holocene period covered by
the dendrochronological timescale, due to its relatively
consistent climate. However, much larger climatic ef-
fects are expected during the last glacial cycle. There-
fore, the use of U-series dating to extend the calibrated
timescale further back in time allows a test of these
effects on atmospheric 14C abundances.

Mazaud et al. (1991) compared the coral data of
Bard et al. (1990a; 1990b) with a 14C production model
based on an improved geomagnetic intensity record.
The good agreement between the coral data and the
predicted 14C activity curve means that long-term ac-
tivity variations in the atmosphere and hydrosphere can
largely be explained by variable cosmogenic produc-
tion (in response to secular variations in the magnetic
field). Hence, climatic effects, which can affect the 14C
equilibrium between atmospheric and marine carbon-
ate reservoirs, must play a subordinate role. However,
Stuiver et al. (1991) argued that climate could have
a second-order effect on atmospheric 14C/12C activity
ratios by releasing 12C from oceanic carbonate sinks
through changes in ocean circulation.

A continuous record of atmospheric radiocarbon
through the period of the last glacial cycle was obtained
by Beck et al. (2001) from a cave stalagmite, precisely
dated by U-series analysis. The stalagmite records at-
mospheric radiocarbon signatures through the medium
of dead plant material in soils, which provides the ma-
jority of dissolved carbon in cave groundwater. How-
ever, it was necessary to correct for contamination
by a subordinate amount of dead radiocarbon leached
from the limestone wall-rocks of the cave. Never-
theless, comparison with coral-, varve-, and dendro-
chronologies over ranges of several thousand years
gave relatively constant offsets, which could then
be corrected. The results in the period from 30 to
45 kyr ago revealed very dramatic variations of � 14C.
These results were broadly consistent with evidence for
enhanced cosmogenic nuclide production during this
period from 10Be data (section 14.3.4). However, vari-
ation of climatic parameters (in addition to geomag-
netic variation) was necessary in order to explain the
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full magnitude of the enhanced atmospheric 14C abun-
dance peak between 30 and 40 kyr BP.

The most recent climatic event which may have
caused a perturbation in the ocean–atmosphere car-
bon balance is the Younger Dryas event, a brief glacial
re-advance that occurred between 13 and 11.5 kyr BP.
Hence, this event has proved to be a testing ground of
high-precision 14C measurements designed to compare
atmospheric 14C abundances with production rates.
The first of these detailed studies was performed by
Edwards et al. (1993a) using a coral record from
8 to 14 kyr BP. They found a markedly rapid de-
crease in 14C activity between 12 and 11 kyr BP,
which they attributed to dilution of atmospheric 14C
with ‘dead’ carbon as a result of the Younger Dryas
event. Hence, it was argued that climatic changes
could perturb the overall control of the geomagnetic
field on atmospheric 14C activity for short periods of
time.

This problem was further investigated using two new
varved sediment records. The first example is from
Lake Suigetsu, near the coast of central Japan (Kita-
gawa and van der Plicht, 1998). This small fresh-water
lake has a water depth of 34 m, but contains a 75-m-
deep thickness of sediment at its bottom. The sedi-
ment exhibits annual varves about 1 mm thick, formed
by variation from a winter season of dark clay depo-
sition to a spring season of white (siliceous) diatom
deposition. The sediments were cored, and the most
clearly banded section from 10 to 30 m depth exhib-
ited 29 100 varves. From within this section, 250 sam-
ples of windblown plant debris and insect wings were
dated by radiocarbon analysis, allowing this section to
be anchored to the tree-ring calibration curve between
9000 and 11 000 years BP.

The second new calibrated varve section was formed
by sediments in the (marine) Cariaco Basin of the
Caribbean (Hughen et al., 1998). The dated points in
this sediment core showed exceptionally good agree-
ment with the tree-ring calibration curve and with dated
coral samples in the range from 9000 to 12 000 yr
BP (Fig. 14.12). Unfortunately there was some minor
disagreement with U–Th-dated coral determinations
around 13 000 yr BP. However, the Cariaco basin re-
sults agree with Lake Suigetsu data in predicting a
sharp spike in � 14C at this time.

These data were compared with new predictions
of atmospheric radiocarbon production during the
Younger Dryas by Muscheler et al. (2000). This pre-
diction was obtained from a record of 10Be production
from the GISP2 ice core in central Greenland (section
14.3.3) using a box model for radiocarbon exchange
between the atmosphere and oceans. The results were

Fig. 14.12. Radiocarbon measurements for the Cariaco
basin varve section (●), showing excellent agreement
with the dendrochronology calibration line (band) and
U–Th dates on corals (◦). Dotted line = production
model. After Hughen et al. (1998).

in good agreement with predicted variations in � 14C
back to 12 kyr BP, but failed to explain the magnitude
of the observed radiocarbon spike during the Younger
Dryas (Fig. 14.12). Hence, Muscheler suggested that
additional climatic effects were needed in order to
explain the Younger Dryas peak, possibly involving
changes in ocean circulation.

The opposite case was argued by Goslar et al. (2000)
on the basis of varve records from Polish lakes. The ra-
diocarbon data from these lakes are more scattered than
the two examples cited above. However, a large clump
of data was found in the time interval between 13 000
and 12 500 yr PB which lay below the varve record
in Fig. 14.12, but in agreement with U–Th coral data
(open symbols in Fig. 14.12). On this basis, Goslar
et al. argued that the model of radiocarbon produc-
tion based on the 10Be ice-core record was capable
of explaining most of the observed radiocarbon vari-
ation, and therefore that it was not necessary to invoke
changes in ocean–atmosphere partition of 14C due to
ocean circulation. Further modelling by Marchal et al.
(2001) supported the arguments of Muscheler et al.
(2000), but it was admitted that a decisive conclusion
was not yet possible.

14.1.6 Radiocarbon in the oceans

Radiocarbon is a very useful tracer in oceanography
because it allows quantitative estimates of the resi-
dence times of water at various depths, mixing between
different water bodies, and the magnitude of ocean
currents. Radiocarbon evolution in the oceans begins
with ‘ventilation’ of surface water to the atmosphere,
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which allows this water to reach equilibrium with
atmospheric radiocarbon. After a water body moves
away from the surface it can be dated by the decay of
this radiocarbon, and hence its flow path and mixing
history can be traced.

Studies of the radiocarbon budget of the oceans be-
gan in the 1950s at the same time as the first atmo-
spheric nuclear tests, which produced large quantities
of 14C by neutron activation of nitrogen. This ‘bomb’
radiocarbon complicates the interpretation of natural
radiocarbon variations in the oceans, but the entry
of this ‘spike’ of anthropogenic radiocarbon into the
oceans also provides a useful tracer of the very recent
movement of water bodies. However, because the ra-
diocarbon method was in its infancy when atmospheric
nuclear testing began, there was an inadequate data set
of pre-bomb measurements on seawater to provide a
proper baseline to evaluate the magnitude of the bomb
signature. Hence, a full understanding of the early data
sets was not achieved until later studies revealed the
composition of pre-bomb radiocarbon inventories. For
example, the analysis of corals provides a means of
sampling pre-bomb radiocarbon signatures of the sur-
face oceans (Druffel, 1996).

The first major programme for the radiocarbon anal-
ysis of ocean water, called the Geochemical Ocean
Sections Study (GEOSECS) was undertaken in the
mid 1970s, near the peak of bomb radiocarbon in the
atmosphere. Hence, surface water analyses from this
programme provide a dramatic picture of the effects of
ocean currents on the bomb radiocarbon signature (Fig.
14.13). The highest values of bomb radiocarbon were

Fig. 14.13. Radiocarbon variations in surface ocean wa-
ters of the Pacific as a function of latitude, attributed to
atmospheric nuclear tests: (●) = GEOSECS; (◦) = WOCE.
After Key et al. (1996).

found in the sub-tropics, where water has the longest
surface-residence time. In contrast, Antarctic water
was found to have essentially no bomb radiocarbon
signature, which was attributed to strong mixing be-
tween surface water and deep water (e.g. Nydal, 2000).
Comparison of radiocarbon data from the GEOSECS
programme with those from more recent sampling pro-
grammes such as WOCE (in the early 1990s) revealed
a diminution with time of the bomb signature in the
surface ocean (Fig. 14.13), but also a concomitant in-
crease of the bomb signature in the deep ocean (e.g.
Ostlund and Rooth, 1990).

Natural radiocarbon variations in the oceans provide
evidence about ocean circulation on a longer timescale.
The first detailed radiocarbon study of the Atlantic
Ocean was undertaken by Broecker et al. (1960).
After correction for anthropogenic contamination,
tropical waters were found to have a� 14C composition
of −50 per mil (relative to nineteenth-century wood),
equivalent to an apparent 14C age of about 400 yr. As
they flow north, these waters impart the same apparent
14C age to North Atlantic surface water. After mixing
with cold Arctic water, they feed North Atlantic Deep
Water (NADW) with � 14C values beginning around
−70 parts per mil. However, as this deep water moves
southwards, 14C activities fall progressively as the wa-
ter body ages, reaching a � value of −160 in Antarctic
bottom water (Fig. 14.14).

These results are consistent with the established
oceanographic model for the Atlantic (Fig. 4.40). In
this model, tropical waters are transported (advected)
to the North Atlantic, where they cool and, because

Fig. 14.14. Plot of � 14C against latitude, showing the
progressive drop in radiocarbon activity from the North
Atlantic, through the Antarctic mixing zone, to the
Pacific and Indian oceans. After Stuiver et al. (1983).
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of their high salinity, sink to form NADW. This body
of deep salty water flows southwards to the Antarc-
tic, and after mixing with Antarctic bottom water, ul-
timately reaches the Pacific. The role of the Antarctic
Ocean as a mixing zone between young Atlantic water
(NADW) and older deep water from the Pacific and
Indian Oceans was confirmed by the large radiocarbon
data set from the GEOSECS programme (Stuiver et al.,
1983), as shown in Fig. 14.14.

If the change in � 14C from North Atlantic surface
water to Pacific Deep Water were due entirely to ra-
diocarbon decay (at about 11 dpm/century), this would
imply a total age of about 1700 yr since the time when
this water was last at the sea surface. However, the
‘true’ age of a water body, defined as the average time
since the water in that package was at the sea surface,
is considerably less. This is demonstrated by the use of
a general circulation model (Campin et al., 1999). The
results of this modelling for the present-day Atlantic
Ocean are shown in Fig. 14.15. At the top, Fig. 14.15a

Fig. 14.15. Predicted ages of Atlantic water (contoured)
based on a general circulation model for the oceans:
(a) apparent radiocarbon age (in excess of the surface-
water value of 360 yr); and (b) actual water age since
surface residence. After Campin et al. (1999).

Fig. 14.16. World map showing the deep-water ‘ocean
conveyer belt’ connecting major world oceans. Shaded
arrows = surface water currents. After Broecker and
Denton (1989).

shows that the model successfully recreates the radio-
carbon age structure of NADW and the old radiocar-
bon age of Antarctic Bottom Water (AABW). How-
ever, Fig. 14.15b shows that the true age of AABW is
much lower. The difference is due to the presence of
sea ice, which prevents the ventilation of radiocarbon
from Antarctic surface water to the atmosphere. Fur-
thermore, the average mixing time in each individual
ocean basin is much shorter than the radiocarbon age:
about 200–300 yr in the Atlantic, 500 yr in the Pacific,
and only 80 yr in the Antarctic.

14.1.7 The ‘Ocean Conveyor Belt’

The global system of deep-water transport from the
North Atlantic, via the Antarctic, to the Pacific has been
termed the oceanic thermohaline circulation (‘THC’)
or the Ocean Conveyor Belt (Broecker and Denton,
1989). These authors suggested that this thermohaline
circulation (Fig. 14.16) played a critical role in control-
ling climate switches between glacial and interglacial
periods. For example, evidence from elemental trac-
ers suggested that the conveyer belt might have been
‘turned off’ during glacial periods, which would have
tended to amplify the cooling effect in the North At-
lantic by preventing the export of cold NADW and the
import of warm tropical water. Broecker and Denton
also speculated that a similar effect occurred during the
Younger Dryas event, the temporary glacial re-advance
which interrupted the last deglaciation.

Radiocarbon analysis of biogenic carbonates of var-
ious ages can be used to study changes in the operation
of the Ocean Conveyor Belt by comparing the appar-
ent ages of a given water mass at different times. For
example, comparison between the radiocarbon ages of
benthic and planktonic forams in a given deposit allows
the relative radiocarbon ages of local surface and deep
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water bodies to be compared. This work was not pos-
sible until the advent of accelerator mass spectrometry
(see below) because of the small amount of sample
material available. The first study was attempted by
Andree et al. (1985) but was complicated by the ef-
fects of bioturbation because the core under study had
a sedimentation rate of only 1.5 cm/kyr.

Shackleton et al. (1988) avoided these problems by
working on a core from the Central Pacific with a sed-
imentation rate of 10 cm/yr. For each sampled incre-
ment of the core (typically 2–3 cm) the difference be-
tween the radiocarbon ages of benthic and planktonic
forams gave a ‘ventilation age’ for Pacific Deep Water,
representing the time since this water body equilibrated
with the atmosphere at the sea surface. These val-
ues were plotted against the radiocarbon age of sur-
face water, which was determined by subtracting a
‘reservoir age’ of 650 yr (representing the apparent
radiocarbon age of Pacific surface water) from the
‘conventional age’ determined analytically. The data
are compared in Fig. 14.17 with the 1500 yr ventilation
age of for present-day Pacific Deep Water measured in
the GEOSECS programme. The results of Andree et al.
(1986) are also shown for comparison. The ventilation
ages measured by Shackleton et al. were quite variable,
especially during the period of deglaciation 18–12 kyr
BP. However, they argued that it was possible to iden-
tify a ‘glacial mean value’ that was about 500 yr older
than the ventilation age of Pacific Deep Water at the
present day. Subsequent workers have also reported
considerable scatter in ages, but have generally agreed
with this conclusion.

While benthic–pelagic (B–P) ages give a reason-
able approximation to the ventilation age of ocean

Fig. 14.17. Plot of apparent ‘ventilation’ age for Pacific
Deep Water based on differences in radiocarbon ages
between planktonic and benthic forams from a Central
Pacific core: (◦) = data of Andree et al. (1986); (●) = new
data, after Shackleton et al. (1988).

water masses, Adkins and Boyle (1997) pointed out
that there were inaccuracies in this method, particu-
larly when atmospheric radiocarbon abundances were
changing rapidly in response to changing cosmogenic
production. For example, during a period of decreas-
ing atmospheric 14C abundance (as seen for much of
the past 20 kyr), the initial radiocarbon activity of an
old deep-water sample would have been higher (when
that water body was at the sea surface) than the activity
level in surface water by the end of the period of evo-
lution of the deep water body. This causes B–P ages
to under-estimate the true ventilation age of the water
body.

To avoid this inaccuracy, Adkins and Boyle pro-
posed an improved calculation method, which they
termed the ‘projection’ age method. This involves pro-
jecting the evolution line of the deep-water sample
back in time until it reaches the atmospheric evolution
curve (Fig. 14.18). The ventilation age is then calcu-
lated by subtracting the ‘reservoir age’ of surface ocean
water. The method is based on the premise that the prin-
cipal cause of changes in atmospheric 14C abundance is
variation in production, rather than changes in ventila-
tion (since the latter would create a circular argument).
In addition, it must be assumed that mixing of waters
has not occurred. The result of applying this method
to previously determined ventilation ages was a slight
increase in the average ventilation age for Pacific Deep
Water during the last glacial maximum, to a value of
600 yr above the present-day value.

Another consequence of a slow-down in the Ocean
Conveyor Belt would be a reduction in the northward
flow of tropical water to the North Atlantic, causing the
apparent ‘equilibration age’ of North Atlantic surface
water to rise. Bard et al. (1994) attempted to test this

Fig. 14.18. Plot of � 14C against time, to illustrate the
‘projection method’ for calculating ventilation ages of
deep water bodies relative to atmospheric radiocarbon.
After Adkins and Boyle (1997).
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prediction for the Younger Dryas period by compar-
ing the 14C ages of plant fossils and planktonic forams
of this age, marked by the distinctive Vede ash bed.
The difference between terrestrial and planktonic ra-
diocarbon ages would yield the equilibration age for
North Atlantic surface water during the Younger Dryas
period.

Data from four North Atlantic cores gave an av-
erage 14C age 1400 yr older than the terrestrial sec-
tion. However, because the ‘control’ samples of plant
material used to determine atmospheric radiocarbon
abundances did not come from the same cores as
the forams, a 650-yr correction was necessary in or-
der to account for marine bioturbation of the foram
samples (despite the relatively high sedimentation rate
in the core). This left a net age difference of about
750 yr, representing the estimated ‘reservoir age’ dur-
ing the Younger Dryas. It compares with a present-
day reservoir age of 400 yr for the North Atlantic, as
described above. The increased North Atlantic reser-
voir age during the Younger Dryas was attributed by
Bard et al. to reduced ventilation of North Atlantic
surface water to the atmosphere. Some of this differ-
ence could be accounted for by an increase in sea-
ice cover during the Younger Dryas, but the preferred
model of Bard et al. was a reduction in the formation of
NADW.

Deep-sea corals provide an alternative source of in-
formation about the radiocarbon signatures of deep
water masses. These corals are slow-growing solitary
corals that do not rely on symbiotic algae for an en-
ergy source, and can therefore grow outside the range
of reef-building corals, in the deep sea and in polar re-
gions. These corals can offer high-resolution climatic
records because, unlike deep-sea sediments, they are
not affected by bioturbation. As with the B–P method,
ventilation ages from deep-sea coral analysis have been
somewhat scattered (e.g. Goldstein et al., 2001). How-
ever, this may partly reflect the variable ‘reservoir’
ages of surface water, which must be subtracted from
the apparent radiocarbon ages of deep-water corals in
order to calculate the ventilation age. For example,
ventilation ages of very young deep-sea corals from
the South Pacific gave results that were sometimes
in agreement with data for the corresponding water
masses and sometimes not (Fig. 14.19). Agreement
between coral and GEOSECS data was very good for
the sample from 950 m depth, but less good for samples
from 100 and 350 m depth. However, Goldstein et al.
suggested that part of the mis-fit for the shallowest
point may be due to contamination of the coral sam-
ple by bomb radiocarbon in the water mass in which it
grew.

Fig. 14.19. Plot of ventilation age against depth for the
south Pacific, to compare ages for deep-sea corals (●)
with GEOSECS data on seawater (◦). After Goldstein
et al. (2001).

Because of these problems, it is likely that venti-
lation ages from both corals and forams are subject
to considerable sampling ‘noise’. However, averaging
from several different sampling sites can help to over-
come this noise. Using such an approach, Goldstein
et al. (2001) determined that glacial bottom water from
the Last Glacial Maximum (‘LGM’) had an average
ventilation age 350 yr older than that of present-day
bottom waters sampled in the GEOSECS programme.
This supports the proposal of Broecker and Denton
(1989) that the Ocean Conveyor Belt operated at a
slower pace during glacial periods.

14.2 Accelerator mass spectrometry

Mass spectrometry is potentially a powerful alternative
to radioactive counting in the determination of cosmo-
genic nuclides because it utilises every atom of the
nuclide in the sample. In contrast, counting determina-
tions utilise only the small number of atoms which de-
cay during the measurement experiment. If decay rates
are very high (corresponding to half-lives of less than
a thousand years) then counting may be most efficient.
However, for longer-lived nuclides, mass spectrometry
has the ability to out-perform counting.

Cosmogenic nuclides are characterised by very low
abundances, both relative to other isotopes of the same
element and to isobaric interferences from other el-
ements. The first problem is exemplified by the fact
that even modern carbon, with the highest 14C/12C ra-
tio (1.2 × 10−12), would yield a 14C peak too small
to see above the tail of the very large 12C peak in the
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Fig. 14.20. Schematic illustration of the Toronto tandem accelerator, showing typical features of such instruments:
M1–M3, magnetic analysers; E1 and E2, electrostatic analysers; L1–L5, electrostatic lenses; F1–F5, Faraday cups.
After Kieser et al. (1986).

mass spectrum of a ‘conventional’ mass spectrome-
ter used by geologists. Such machines typically have
‘abundance sensitivities’ (peak tail at one mass unit
distance) of 10−6 at the uranium mass, which may de-
crease to about 10−9 at the mass of carbon.

Abundance sensitivity might be improved suffi-
ciently to measure 14C in a ‘conventional’ mass spec-
trometer by increasing the radius of the magnet,
introducing electrostatic filters, and increasing the
accelerating potential and magnet current. The last
two approaches respectively filter and overwhelm the
spread in energies of the ions emitted by the source. Ac-
celerator mass spectrometers usually have all of these
features (Fig. 14.20), but they are not central to accel-
erator mass spectrometry (AMS). In contrast, the three
principal attributes of the tandem accelerators used in
AMS are the positive-ion source, the charge-exchange
process and the very high ion energies achieved (which
allow use of special detectors).

It was suggested by Lal (1988) that the principal
impetus for the development of AMS was the fact that
accelerators became available for this purpose as their
applications in physics diminished. As with many tech-
niques, AMS began as a method looking for an appli-
cation, but quickly took off as a useful tool in its own
right. An alternative method of excluding isobaric in-
terferences is laser-induced resonance ionisation (e.g.
Labrie and Reid, 1981). However, this method has not
lived up to its early promise.

The essence of the tandem accelerator is the initial
acceleration of negative ions by a positive potential
in the megavolt range, followed by charge exchange
of the ion beam, after which positive ions are acceler-
ated back to zero potential. During the charge-stripping
process, isobars of different elements often adopt dif-
ferent charge states, allowing their subsequent sepa-
ration, while molecular-ion isobaric interferences are
destroyed.

Charge stripping may be performed by passing the
ion beam through an electron-stripping gas (e.g. ar-
gon), a thin graphite film, or (in very-high-energy ac-
celerators) a thin metal foil. Experience with carbon
has shown that charge stripping to a 3+ state is often
most effective, since CH2 (the principal molecular-ion
interference) breaks apart rather than forming triply
charged ions (Litherland, 1987). This avoids the need
for a high-resolution magnetic analyser to resolve
molecular ions by their mass defect. By using only
a low-resolution magnetic analyser, the transmission
of the instrument for rare isotopes (e.g. 14C) is max-
imised.

14.2.1 Radiocarbon dating by AMS

Most 14C analyses by AMS are nowadays performed
on solid graphite samples. A typical preparation
method is the catalytic reduction of CO2. In order to
achieve a 14C ion beam of fifteen ions per second from
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modern carbon, an ‘intense’ 12C ion beam of 2 µA
must be generated. This is normally achieved using a
caesium sputter source, which ejects negative carbon
ions by bombarding the sample with Cs+ from an ion
gun. The efficiency of AMS radiocarbon measurement
is illustrated by the fact that it yields the same count
rate from 1 mg of carbon as the β count rate from a
whole gram of carbon. Nevertheless, a 55-kyr-old car-
bon sample yielding a 2-µA 12C beam still has a 14C
count rate of only one ion per minute (corresponding
to a 14C/12C ratio of about 1.2× 10−15).

The determination of 14C (and 26Al and 129I) can
be performed on a ‘low-energy’ tandem accelerator
(Litherland, 1980; 1987), because the direct atomic
isobars of these species (14N, 26Mg and 129Xe) do not
form stable negative ions. Therefore, complete sep-
aration from these species occurs in the source (e.g.
Purser et al., 1977). However, separation of the atomic
14C− ion from the molecular ion 12CH−

2 depends on
the charge-stripping stage of the tandem accelerator.

The sputter source generates an ion beam with vari-
able ion energies. After acceleration to a few tens of
kilovolts, this beam must be ‘cleaned up’ using an elec-
trostatic analyser before the beam is ready for the ac-
celerator. In addition, it is necessary to split the major
and minor ion beams with a magnetic analyser before
the accelerator, in order to minimise scattering of the
14C beam by collision of the 12C beam with gas mole-
cules.

In 14C dating, the most effective charge-stripping
medium is provided by a relatively higher gas pressure
in the central ultra-high-voltage ‘stripping canal’ of the
tandem accelerator (Fig. 14.20). Differential pumping

Fig. 14.21. Multi-channel pulse-height (energy-loss) analysis of radiocarbon samples from an ionisation detector:
(a) modern carbon and (b) 47.4-kyr-old carbon. Typical error bars are shown. After Litherland (1987).

of the acceleration tubes at either end of the tandem
generator can maintain a pressure 5000 times lower
here than in the stripping canal (Litherland, 1987). The
charge-stripping process generates a range of charge
states in the positive-ion beam, such that only about
50% of ions have the selected charge. Therefore, the
accelerator system must be calibrated against standards
of known 14C/12C ratio before unknown samples are
run. Production of 14C3+ using a 3-MV accelerator
is ideal for radiocarbon measurement, but 14C2+ ions
from a 1.4-MV accelerator can also be used (Lee et al.,
1984).

The very high energy of the positive-ion beam at the
collector end of the instrument (normally >1 MeV) al-
lows the use of ionisation counters that can identify
collected ions as well as measuring their abundance.
This is done by measuring the energy loss of the ions
in a ‘collision cell’, in which the ion beam is gradually
decelerated by collision with gas molecules. Differ-
ent kinds of ions lose energy at different rates in the
collision cell. Hence, this provides a final means of
resolving any residual 12C molecular ions in the 14C
beam (possibly generated by recombination after the
accelerator). Figure 14.21 shows that the molecular-ion
beams of 13C and 12C are barely significant in modern
carbon, but dominant in 47-kyr-old carbon.

A good example of the application of AMS to ra-
diocarbon analysis is provided by the dating of the
Shroud of Turin (Damon et al., 1989). This was be-
lieved to be possibly the burial cloth of Christ, although
its sudden appearance in the 1350s raised the probabil-
ity that it was instead a medieval ‘icon’. The advent of
AMS analysis provided the opportunity to determine
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an absolute date on the fabric of the shroud, using a
total of only 7 cm2 (150 mg) of cloth. This was divided
between university laboratories at Arizona, Oxford and
Zürich. A major worry was that the fabric might have
been contaminated during its long history as a relic.
Therefore, a variety of different cleaning procedures
was performed by each group on different sub-samples
of cloth. In addition, each group dated three control
fabric samples of different known ages to form a gen-
eral impression of the between-laboratory reproducibi-
lity.

The results from the three laboratories, which were
collated independently at the British Museum, were
in good agreement. However, the shroud itself yielded
poorer reproducibility than the controls, possibly due
to contamination. The ‘conventional’ radiocarbon age
of the shroud (BP) was translated into a calendar age
using the calibration curve of Stuiver and Pearson
(1986). The 95% confidence limits on the conventional
age were found to bracket an inflection in the cali-
bration curve, which technically creates two possible
calendar-age ranges, AD 1262–1312 and 1353–1384
(Fig. 14.22). However, since the shroud went on view

Fig. 14.22. Translation of the ‘conventional’ radiocar-
bon age for the Shroud of Turin into a calendar age.
Age limits are at the 95% confidence level (2σ ). Of the
two possible calendar-age ranges (shaded), the more
recent is excluded by historical data. After Damon et al.
(1989).

in the 1350s, the latter range can fortunately be ex-
cluded on historical grounds. It is concluded that the
linen of the shroud was derived from cotton that grew
in AD 1290 ± 25 yr, and it is therefore a medieval
artefact.

14.3 Beryllium-10

Cosmic rays interact directly with nitrogen and oxygen
atoms in the atmosphere, causing spallation (fragmen-
tation) into the light atoms Li, Be and B. Amongst
these, one of the nuclides produced is the unstable
isotope 10Be. Cosmogenic 10Be can also be generated
in the surface layer of exposed rocks by in situ produc-
tion. However, this subject will be dealt with in section
14.6.

10Be decays by pure β emission to 10B. It was first
observed in naturally occurring material by radioac-
tive counting (Arnold, 1956). However, even at that
time Arnold recognised that mass spectrometry might
supplant radioactive counting as a method for the de-
termination of 10Be. This is because the relatively long
half-life of 1.51 Myr (Hofmann et al., 1987) makes
counting a very inefficient process for 10Be analysis of
natural samples. For example, McCorkell et al. (1967)
used 1200 tonnes of ice-water to make 10Be (and 26Al)
measurements by β counting on Greenland ice. In con-
trast, Raisbeck et al. (1978) made the first AMS mea-
surement on similar material using only 10 kg of ice-
water.

Analytically, 10Be determination by AMS is simi-
lar to 14C, but involves some additional complications.
Because Be does not form stable negative ions, the
BeO− species must be used, upon which the isobaric
interference of 10BO is a serious problem. This is over-
come by passing the ion beam through an absorber gas
(in front of the detector) whose pressure is adjusted to
stop transmission of 10B. The high ion energy of the
10Be beam generated by AMS allows this species to
pass through to the detector, which consists of a gas-
ionisation counter in front of a surface-barrier detector,
which finally absorbs the ion beam. The first detector
measures energy loss (�E) of the ions as they col-
lide with gas molecules in the chamber (this property
of the ions is inversely proportional to their atomic
number). The second detector measures residual en-
ergy. Using this bivariate discriminant, 10Be ions can
be resolved from all other signals (Fig. 14.23) to yield
a very low background. 10Be contents of samples are
measured relative to added 9Be spike, and normalised
for machine mass discrimination by frequent standard
analysis.
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Fig. 14.23. Plot of �E against E for a typical geological
sample, to show resolution of 10Be from other species.
Dot size indicates the number of counts in each bin
(smallest = one count). After Brown et al. (1982).

14.3.1 10Be in the atmosphere
10Be enters the hydrological cycle by attachment to
aerosols, from which it is scavenged by precipitation.
Consequently, it has a very short (about 1 week to 2 yr)
residence time in the atmosphere and, unlike 14C, is not
homogenised within the atmosphere prior to its fallout.

It was originally intended (Raisbeck et al., 1979)
that 10Be analysis of rainwater would allow accurate
constraints to be placed on the global average 10Be
production rate. However, two factors complicate a de-
termination of the 10Be flux in rainwater. One is the
tendency for comparatively Be-rich soil particulates to
be caught up in the atmosphere and cause secondary
contamination of rain (Stensland et al., 1983). Once
this effect has been removed, individual depositional
events still turn out to have very variable 10Be contents
(Brown et al., 1989).

One way of gauging the effect of soil resuspension
on 10Be abundances is to compare them with 7Be data.
The latter species has relatively similar atmospheric
production rates to 10Be, but much lower levels in
soils due to its very short half-life (53 days). It is mea-
sured by γ counting. An alternative way of assessing
the effects of soil resuspension is to compare conti-
nental and oceanic 10Be deposition rates. Brown et al.
(1989) used both of these approaches in an analysis of

Fig. 14.24. Histograms of 10Be and 7Be concentration in
rainfall from Mauna Loa, Hawaii and Bondville, Illinois,
respectively. The former are weekly rainfall aggregates;
the latter represent individual showers. After Brown
et al. (1989).

10Be precipitation in Hawaii and the continental USA
to test its behaviour at temperate latitudes. Average
10Be contents of Hawaiian rain, in which atmospheric
soil suspension is negligible, are very similar to 7Be
in rain from Illinois in the USA (Fig. 14.24), but in
both cases a few events yield very large relative con-
tents.

The variability of 10Be contents in individual rain
showers makes it difficult to determine accurate annual
fluxes for mid-latitudes. A summary of these data as a
function of latitude (Fig. 14.25) shows the variability of
these estimates (Brown et al., 1992). However, at high
and low latitudes the estimates of annual 10Be flux are
more reproducible. The latter are in good agreement
with a global 10Be flux estimate of 106 atoms/cm2 per
yr based on cosmic-ray intensity as a function of lati-
tude (Lal and Peters, 1967). Therefore, at the present
time, the curve in Fig. 14.25 represents the best avail-
able estimate of the atmospheric 10Be flux.

14.3.2 10Be in soil profiles

Beryllium is partitioned very strongly from rainwater
onto the surface of soil particles such as clay minerals.
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Fig. 14.25. Summary of empirical estimates of annual
10Be flux in rainfall, as a function of latitude. These are
compared with a theoretical production curve based on
cosmic-ray intensity. After Brown et al. (1992).

Fig. 14.26. Plots of 10Be activity as a function of depth
in two soil profiles: (a) Virginia Piedmont, after Pavich
et al. (1985); and (b) Orinoco Basin, after Brown et al.
(1992).

If we assume that 10Be adsorption is perfect, and that a
given soil section is developed by weathering of rock
or rock debris without the addition or removal of sed-
iment during the weathering process, the soil section
should contain a complete inventory of all deposited
10Be that has not yet decayed. This process offers the
opportunity of dating a soil profile by measuring the
total accumulation of 10Be in the section, but it is ap-
parent that there are many assumptions.

The 10Be inventory of a soil profile in Virginia
represents a case where beryllium uptake appears
to be nearly 100% efficient (Pavich et al., 1985).
10Be activities display a smooth decay curve against
depth (Fig. 14.26a), with a total inventory of 9 × 1011

atoms/cm2. We can compare this value with a theoret-
ical inventory, N , assuming 100% uptake over a given
period of time. This is given by the equation

N = q

λ
(1 − e−λt ) [14.3]

where q is the input flux from rainfall and t is the accu-
mulation time. If the profile is infinitely old, relative to
the 1.5-Myr half-life of 10Be, it will reach saturation,
whereupon the input flux from rainfall is balanced by
the rate of decay (λ). Equation [14.3] then simplifies to
N = q/λ. Given an annual deposition flux of 1.3 × 106

atoms/cm2 at this latitude, the saturation inventory will
be 3 × 1012 atoms/cm2, which is three times the ob-
served inventory. The discrepancy can be explained by
loss of 10Be-enriched soil from the top of the profile
by erosion, and its replacement at the bottom of the
profile by weathering of bedrock with no 10Be. Solv-
ing equation [14.3] for t (using the observed inventory)
yields the residence time of 10Be in the profile, which
is 800 kyr.

Very different behaviour of 10Be is demonstrated
by a soil profile from the Orinoco Basin (Fig. 14.26b),
which has a total inventory of only 5 × 109 atoms/cm2.
Assuming an annual 10Be flux for this latitude of 0.4 ×
106 atoms/cm2, we obtain a 10Be residence period in
the soil profile of only 12 kyr (because t is short relative
to the half-life of 10Be, it can be approximated by N /q).
This low value is best explained by ‘breakthrough’ of
10Be from the base of the profile by leaching (Brown
et al., 1992).

Differences in 10Be retention between the two cases
described above can be understood in the light of lab-
oratory experiments on partition of beryllium between
soil and water (You et al., 1989). The results showed
that retention of beryllium on soil particles is strongly
pH-dependent, with distribution coefficients of about
105 under neutral conditions (pH 7), but less than 100
at pH 2. Hence the more acidic conditions in tropical
soils are less favourable for beryllium retention.

In alkaline soils, mobility of beryllium within the
soil profile may be very limited, and under these con-
ditions 10Be may be used as a stratigraphic tool. An
example is provided by a 10Be study of Chinese loess,
in which carbonate-rich conditions yield a pH value of
8 (Chengde et al., 1992). The profile was dated magnet-
ically back to 800 kyr, and represents the products of
wind-borne deposition through varying climatic con-
ditions. Chengde et al. tuned their profile to the Qua-
ternary climatic record provided by sea-floor 18O vari-
ations. They concluded that, during arid periods, rapid
deposition of loess was accompanied by high fluxes
of 10Be adsorbed onto windblown particles. These
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sections were interspersed with wetter periods with
lower depositional fluxes of 10Be.

14.3.3 10Be in snow and ice

Atmospheric 10Be accumulates in snow and ice, but its
half-life is too long to date such deposits. However, it
can be used as a tracer of climatic changes and to under-
stand the processes modulating cosmogenic 14C pro-
duction in the atmosphere. The first detailed study of
this type was performed by Raisbeck et al. (1981a) on
a 906-m-long ice core from the Dome C station, east-
ern Antarctica. This core had been dated on the basis
of oxygen isotope correlations with 14C-dated marine
sediments. A detailed analysis of the top 40 m of core
revealed a 10Be maximum around 1700 AD, which cor-
related with the 14C ‘de Vries effect’ maximum (sec-
tion 14.1.3) and the ‘Maunder’ sunspot minimum at
this time (Eddy, 1976). Consequently these data sup-
ported the model of solar modulation of cosmic-ray
intensity.

Subsequent studies of Greenland ice cores from
the Camp Century and Milcent stations (Beer et al.,
1984) confirmed the 10Be maximum associated with
the Maunder sunspot minimum. In addition, Beer et al.
(1985) performed a Fourier-transform analysis of very
detailed isotopic data from the Milcent core. This re-
vealed second-order 10Be variations with a 9–11-year
cycle time equal to the ‘sunspot cycle’, both before and
during the Maunder Minimum. Hence, Beer et al. con-
cluded that solar activity continues to vary, even when
sunspots are not actually visible.

Investigations of the solar modulation of 10Be pro-
duction were extended to a 1000-year period in a more
recent study of an ice core from the South Pole (Bard
et al., 1997). This section was precisely dated using
twenty impurity layers which were correlated with
known volcanic eruptions. In this section, the peak at
the Maunder Minimum (1700 AD) is seen very sharply,
but similar peaks are also visible at other periods, par-
ticularly around 1050 AD (Fig. 14.27). Measurement
of 10Be in polar ice is a particularly effective way
to study solar modulation of cosmogenic production
because the shielding effect of the Earth’s magnetic
field is reduced at the poles, enhancing the sensitivity
of cosmogenic production to the effects of the solar
wind. Furthermore, these local production effects are
fully transmitted into the ice-core record because 10Be
is not well homogenised in the atmospheric system.
In contrast, the radiocarbon signal from tree-rings is
strongly damped, due to the buffering of atmospheric
radiocarbon abundances by exchange with the oceans.
However, Bard et al. used a box model to unravel these

Fig. 14.27. Plot of 10Be variation in a South Pole ice core
during a 1000-yr period from c. 1900 to 900 compared
with age-corrected 14C levels in tree-rings. After Bard
et al. (1997).

effects in the carbon system and calculate a synthetic
record of ‘undamped’ radiocarbon production. As ex-
pected, this was well correlated with the 10Be record
(Fig. 14.27).

In contrast to the successful use of ice-core mat-
erial to study solar modulation of cosmogenic nuclide
production, attempts to use ice-core records of 10Be to
chart geomagnetic modulation of cosmogenic produc-
tion were much less successful. For example, a recon-
naissance study of the long Dome C core (Raisbeck
et al., 1981a) revealed a strong correlation of 10Be
with δ 18O, which was attributed to the climatic effect
of the last ice age. No significant correlation was ob-
served with geomagnetic field strength, which reached
a minimum value 6000 yr ago and is argued to control
long-term 14C variations. Yiou et al. (1985) suggested
a partial solution to this problem by attributing the 10Be
maximum during the last glaciation to lower precipi-
tation at that time. This would sweep the same amount
of 10Be out of the atmosphere, but concentrate it in
a lower volume of ice, causing the 10Be record to be
compressed.

The long-term Antarctic Dome C data were again
matched by results from Camp Century in Greenland
(Fig. 14.28). Beer et al. (1988) suggested two alter-
natives to explain the lack of correlation between the
10Be and geomagnetic-intensity data. One idea was that
10Be ice-core data are recorded at high latitudes where
the field strength has a weak influence on atmospheric
cosmic-ray intensity. A more radical suggestion was
that the long-term variations in 10Be and 14C activi-
ties are not actually caused by changes in geomagnetic
field, but by a complex interplay of climatic effects and
solar cosmic-ray modulations. However, more recent
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U–Th calibration of the radiocarbon timescale (section
14.1.5) suggests that 14C variations up to 30 kyr old can
largely be explained by variations in the Earth’s mag-
netic field. Hence, the ‘climate’ modulation theory is
now largely discredited (but see section 14.3.4).

It is now realised that the dramatic variations in
abundance of 10Be over the last glacial cycle are almost
entirely a result of variable ice-accumulation rates.

Fig. 14.28. Plots of (a) 10Be and (b) δ 18O variations in
the Camp Century ice core (Greenland) over a depth of
1400 m, corresponding to about 10 kyr. After Beer et al.
(1988).

Fig. 14.29. Compilation plot of 10Be activity (normalised relative to the sediment surface) against burial age (depth)
for five cores from the North Pacific. After Tanaka and Inoue (1979).

Indeed, the method has more recently been used to
chart paleo-accumulation rates in central Greenland,
with a correction for variable atmospheric produc-
tion based on geomagnetic field-intensity data (Wagner
et al., 2001). Such a correction would not be necessary
if all of the 10Be signal were entirely local, since geo-
magnetic field intensity has little effect on cosmogenic
production at the poles. Therefore, in order to study the
effect of geomagnetic modulation of 10Be production,
it is necessary to study equatorial production records
from deep-sea sediments. These records are subject to
perturbation by oceanic currents, but if these effects
are quantified, suitable cores can yield reliable records
of paleo 10Be production (section 14.3.4).

14.3.4 10Be in the oceans

Marine sediments were some of the first materials to
be successfully analysed for 10Be, since they have con-
centrations measurable by β counting. The objective
was to use 10Be as a dating tool for oceanic sedi-
ments. However, early studies, in which 10Be abun-
dances at various depths were simply compared with
theoretical cosmogenic production rates, gave unreli-
able results. A more rigorous study, on paleomagneti-
cally dated sediment cores from the Pacific ocean, was
performed by Tanaka and Inoue (1979). These work-
ers showed that absolute 10Be concentrations varied
from site to site, but that values at a given depth, rel-
ative to the sediment surface, were consistent with a
theoretical decay path (Fig. 14.29). The good agree-
ment between 10Be activities and a reference decay
trajectory suggests that cosmogenic 10Be production
has been constant to within about 30% over the last
2.5 Myr.
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An important application of 10Be as a dating tool
has been in studies of ferromanganese crusts. These
deposits represent an ideal archive for particle-reactive
species in the ocean system, such as Nd and Pb (section
4.5). Because the crusts grow into free space, they are
resistant to contamination by clastic sediment particles,
and can accurately record long-term seawater isotope
variations, provided that their growth rates can be ac-
curately measured. For the past 500 kyr, the dating of
crusts can be performed using U-series isotopes (sec-
tion 12.3.2), but beyond the range of this method, 10Be
is the best technique. This was first applied by Turekian
et al. (1979) and is now used as a standard technique
in oceanographic paleo-tracer analysis (section 4.5.3).

Early studies of the behaviour of stable 9Be in the
oceans suggested that it was one of the class of el-
ements that very quickly precipitate from seawater
(Merrill et al., 1960). This implies that fine particu-
lates are the principal carrier of 10Be. This model was
tested by Tanaka and Inoue (1979) by plotting the 10Be
precipitation rate against the sedimentation rate at var-
ious sites in the Pacific (Fig. 14.30). The good positive
correlation displayed by most of the data suggests that
the particulate model is valid. Therefore, the net 10Be
deposition flux at any given locality is dependent on
the sedimentation rate rather than the cosmogenic flux.
10Be deposition rates are actually seen to vary by a fac-

Fig. 14.30. Plot of 10Be precipitation rate against partic-
ulate sedimentation rate for various Pacific Ocean sites.
The dashed line represents a constant 10Be concentra-
tion in different cores. Arrows show the effect of dilu-
tion by excess clastic material. After Tanaka and Inoue
(1979).

tor of three above and below the theoretically predicted
flux from the atmosphere. These variations in the 10Be
depositional flux at different localities were attributed
by Tanaka and Inoue to the lateral transport (advection)
of fine particulates by ocean currents.

A detailed understanding of the behaviour of 10Be
in the aqueous system requires a consideration of the
oceanic residence time. Merrill et al. (1960) estimated
the residence time of beryllium using equation [14.4]
(Goldberg and Arrhenius, 1958):

residence time = total oceanic inventory

total rate of introduction
[14.4]

This equation holds for a steady-state (equilibrium)
system, which is approximated if the flux is constant
for three residence times. For 10Be the equation can
conveniently be calculated per unit area:

residence time = total water column budget/unit area

supply flux/unit area
[14.5]

Merrill et al. determined a residence time for 9Be at-
tached to particulate matter of only 150 yr, but they
estimated a longer residence time of 570 yr for the dis-
solved beryllium budget.

The first estimate of the soluble 10Be budget of the
oceans was made by Yokoyama et al. (1978) on the
basis of 10Be/9Be ratios in manganese nodules. By as-
suming that these incorporated dissolved beryllium di-
rectly from seawater, and using published 9Be abun-
dances in the oceans, they calculated the dissolved 10Be
budget as 2 × 109 atoms/g. Almost identical concen-
trations were determined by Raisbeck et al. (1980) in
the first direct 10Be determinations on deep ocean wa-
ters, but their estimated residence time (630 yr) differed
markedly from that of Yokoyama et al. (1600 yr) due
to the use of different cosmogenic flux estimates. Rais-
beck et al. used their own estimate of the cosmogenic
10Be flux, which was based on one year’s rain from a
single locality in France, uncorrected for resuspension
of soil. This can now be seen to be an over-estimate.
Using the theoretical production rate of Reyss et al.
(1981), both studies imply a soluble 10Be residence
time in the oceans of about 1200 yr.

Arnold (1958) divided the behaviour of elements
such as beryllium in the oceanic system into three
categories: soluble/sorbed ions; pelagic particulate-
controlled ions; and inshore particulate-controlled
ions. All three types of behaviour can be seen to control
10Be. Despite its tendency to be adsorbed onto particu-
lates, dissolved 10Be has a longer residence time in the
oceans than similar adsorbable species such as 230Th
(section 12.3.2). This difference can be explained by
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Fig. 14.31. Concentrations of dissolved 10Be (atom/g)
and 9Be (picomole) plotted as a function of water depth
in the open ocean of the east Pacific. After Kusakabe
et al. (1987).

the nutrient-like behaviour of beryllium (Measures and
Edmond, 1982). Profiles of dissolved beryllium con-
centration in Pacific ocean water (Fig. 14.31) show
strong depletion near the surface (where beryllium is
adsorbed onto organic matter) but relative enrichment
at depth, due to the breakdown of dead organic mat-
ter (releasing Be) as it falls through the water column
(Kusakabe et al., 1987). These Pacific Ocean data yield
a deep-water 10Be concentration of 2 × 109 atoms/g,
which is in agreement with the earlier results quoted
above. However, Atlantic Ocean water displays a dif-
ferent signature, which may reflect the large river-water
input into this ocean basin.

The behaviour of 10Be in the near-shore environ-
ment is very different from that in the open ocean,
as proposed in Arnold’s model. Sediment cores from
the continental rises off western Africa and western
North America show that 10Be accumulation rates are
at least an order of magnitude larger than the theo-
retical cosmogenic flux (Mangini et al., 1984; Brown
et al., 1985). This is attributed to the advection of large
quantities of 10Be, by ocean currents, into areas of high
deposition. The high deposition rates may be caused
by continental erosion or excess biological production,
and in these localities the transported 10Be is effectively
scavenged and carried to the bottom.

Similar excess 10Be sedimentation rates have been
seen in fresh-water lakes (Raisbeck et al., 1981b). In
this case, soil erosion in the drainage basin which sup-
plied the lake caused the introduction of beryllium-rich
sediment. Lundberg et al. (1983) proposed that the ex-

Fig. 14.32. Plot of 10Be concentration against radiocar-
bon age in oceanic deep water to show the build-up of
10Be along the Ocean Conveyer Belt: (●) = NADW; (◦) =
Pacific deep water. After von Blankenburg et al. (1996).

cess 10Be was introduced dominantly on organic matter
rather than silicate particles, which is consistent with
the nutrient-like behaviour of 10Be proposed for the
oceanic system.

Comparisons between the Be isotope ratios of mod-
ern ocean masses were first made by Ku et al. (1990).
These revealed a consistent global pattern of increasing
10Be/9Be ratio along the Ocean Conveyer Belt, with
values ranging from 0.6 × 10−7 in NADW, through
1 × 10−7 in the Antarctic, to values as high as 1.6 ×
10−7 in Pacific Deep Water (Ku et al., 1990). This trend
is shown in terms of increasing 10Be content with wa-
ter age in Fig. 14.32. The positive trend is due to the
low particulate sedimentation rate from NADW, which
allows 10Be to be advected to the Pacific, and implies
a beryllium residence time similar to the circulation
age of the ocean water masses. The precise residence
time is difficult to constrain because of the different
sources of the two isotopes: 10Be from global rain and
9Be from river water. However, the curve shown in
Fig. 14.32 was modelled assuming a residence time of
600 yr (von Blankenburg et al. (1996).

Beryllium isotope ratios in the 10−7 range are less
extreme than most cosmogenic isotope ratios, offer-
ing the possibility of analysis by conventional (non-
accelerator) mass spectrometry. Such a method was
developed by Belshaw et al. (1995) and applied by
von Blankenburg et al. (1996) to the beryllium iso-
tope analysis of ocean-floor ferromanganese crusts.
Uranium isotope ratios were used to date the surface
layer of the crust in order to apply an age correction
in cases where the original growth surface had been
removed by abrasion (section 12.3.2). Crusts of var-
ious ages (0–300 kyr) gave very consistent initial Be
isotope ratios within each ocean basin, which were also
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consistent with the beryllium composition of overlying
deep-ocean water. This suggests that the oceans have
generally maintained the same circulation pattern over
the past 300 kyr. However, more detailed comparisons
of glacial and interglacial 10Be/9Be ratios are needed
in order to test for any interruptions to the conveyer
belt during glacial maxima.

14.3.5 Comparison of 10Be with other
tracers

Ku et al. (1995) made the first comparison of the abun-
dances of 26Al and 10Be in ocean water. They found
26Al/27Al ratios in surface water that were consistent
with the expected 26Al flux from atmospheric produc-
tion (by spallation of argon). Therefore, contributions
of in situ cosmogenic 26Al from cosmic dust or wind-
blown continental dust do not appear to be significant
in seawater. However, the 26Al/10Be ratio measured in
surface water was an order of magnitude lower than
the atmospheric production ratio. This was therefore
attributed to the much shorter ocean residence time of
26Al.

Wang et al. (1996) compared 26Al, 10Be and 230Th
records in ocean-floor sediments. The authigenic
(seawater-derived) fractions of these nuclides were re-
moved from core samples by leaching with NaOH.
10Be/9Be ratios in the leachates were in good agree-
ment with the composition of overlying (North Pacific)
deep water, whereas 10Be/9Be ratios in the bulk sedi-
ment were 50% lower, due to input from detrital con-
tinental beryllium. The 26Al budget in the sediment
column was also in good agreement with the atmo-
spheric production flux and with 26Al in ocean water
(Ku et al., 1995).

Comparison of authigenic 26Al, 10Be and excess ini-
tial 230Th revealed 26Al/230Th ratios consistent with the
estimated production ratio, but excess abundances of
10Be relative to both the other nuclides (Fig. 14.33).
Hence, it was concluded that 26Al and 230Th have simi-
lar (very short) residence times in ocean water, whereas
the longer residence time of 10Be allows advection of
10Be into the North Pacific, where it is scavenged by
high biogenic production. Similar effects are seen in
the 231Pa/230Th system (section 12.3.6), but the effect
on the 10Be/26Al ratio is larger, due to the longer ocean
residence of 10Be. On the other hand, 231Pa/230Th ra-
tios are easier to measure, so both methods are likely
to be very useful in paleo-oceanography.

Despite the complexities which may be introduced
into 10Be sediment profiles by advection, marine sed-
iments offer a better prospect than snow deposits for
studying variations in paleo 10Be production. To over-

Fig. 14.33. Relative abundances of radionuclides in a
sediment core from the North Pacific, showing ratios
close to the production ratio for 26Al/230Th, but out of
equilibrium with 10Be. After Wang et al. (1996).

come the problem of advection, Lao et al. (1992)
compared 10Be abundances with the U-series nuclides
230Th and 231Pa. These nuclides have similar ocean
chemistry to that of beryllium, but are produced at
a constant rate from uranium in solution. Lao et al.
compared 10Be production at the present day and
20 kyr ago (corresponding to the last glacial maxi-
mum, when the 14C flux was 140% of its present
value). They normalised both 10Be and 231Pa fluxes
against 230Th. However, based on a comparison of
ocean residence times (section 12.3.6), we can best
normalise climatic effects on 10Be deposition by com-
paring the 10Be/231Pa ratio at the present day and
20 kyr ago. After excluding one site with abnormal
chemistry, seventeen sites in the Pacific gave an aver-
age 10Be flux enhancement of 144% during the last
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glacial maximum, in excellent agreement with 14C
data.

Comparisons between the geomagnetic field
strength and 10Be deposition have also been made by
observing their variation over time at a single site.
However, the existence of a direct (inverse) relation-
ship between these variables depends on the neutralisa-
tion of climatic effects. In the absence of U-series data
for normalisation, this may happen only by chance.
Thus, Robinson et al. (1995) observed a good inverse
relationship between 10Be and magnetic intensity in
an 80-kyr-old sediment core from the central North
Atlantic. However, Raisbeck et al. (1994) observed no
such relationship in a 600–800-kyr-old section from
the equatorial Pacific Ocean (beyond the range of the
230Th dating method).

To avoid this type of problem, Frank et al. (1997)
used only 230Th-dated cores to compile a global aver-
age of 10Be inventories for the past 200 kyr. This was
based on nineteen long cores, which covered most of
this age range, supplemented by eighteen shorter cores
covering the last 25 kyr. The global stack of 10Be abun-
dance data (Fig. 14.34a) was then inverted to deter-
mine relative geomagnetic field intensity (Fig. 14.34b),
which was found to correlate very well with a globally
stacked paleointensity record (Fig. 14.34c).

Kok (1999) expressed concern that both the 10Be
and the paleointensity records might still not be

Fig. 14.34. Comparison of a global stack of 10Be paleoin-
tensity data (a, b) with a similar stack of magnetic pal-
eointensity (c), demonstrating the paleomagnetic mod-
ulation of global cosmogenic isotope production. After
Frank et al. (1997).

completely free of climatically induced variations
in sedimentation rate, despite the use of the 230Th
dating method to calibrate the sections. This concern
was prompted by the observation that the mag-
netic paleointensity records exhibit a significant
correspondence to the SPECMAP record of oxygen
isotope variations (Figs. 14.35a, and b). However, two
alternative explanations have since been offered for
this correspondence. The first suggestion (Yamazaki
and Oda, 2002) is that the geomagnetic field intensity
is itself modulated by the Earth’s orbital eccentricity
(which is thought to modulate climatic cycles). In that
case, we would expect to see a correlation between
variations in climate and the measured paleointensity.

Fig. 14.35. Comparison of paleointensity records with
the SPECMAP δ 18O record (dashed line): (a) magnetic
paleointensity from inversion of 10Be data; (b) directly
measured magnetic paleointensity; and (c) normalised
residual 10Be modulation, attributed to solar magnetic
field effects. After Kok (1999) and Sharma (2002).
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However, close examination of Fig. 14.35 shows
that the 10Be-derived magnetic paleointensity stack
(Fig. 14.35a) exhibits a stronger correspondence to
the SPECMAP δ 18O record than does the directly
measured magnetic record. This suggests that it is
the 10Be record, rather than the magnetic record, that
contains a component with a climatic linkage.

Sharma (2002) examined this problem in more de-
tail by extracting a residual 10Be modulation effect,
after subtraction of the geomagnetic modulation. This
quantity was then normalised with respect to its
present-day value, and is plotted in Fig. 14.35c together
with the SPECMAP record. The controversial aspect
of Sharma’s analysis was that he attributed the residual
modulation effect to solar magnetic activity, which he
suggested was also responsible for the 100-kyr glacial
climate cycles during this period. This would then pro-
vide a ‘rival’ explanation for glacial cycles, relative
to the widely accepted Milankovitch model of ‘or-
bital tuning’ (section 12.4.2). The great success of the
‘astronomical timescale’ (section 10.4.2), obtained by
orbital tuning of the oxygen isotope record, makes it
hard to disbelieve the fundamental importance of the
Milankovitch model. However, there may be room for
more than one influence on glacial cycles. Therefore, as
one reviewer commented, Sharma’s model ‘could just
be right’. Unfortunately, it will take time to accumu-
late the high-quality 10Be and paleomagnetic records
needed to test this question further. In the meantime,
it should be remembered that the Earth’s geomagnetic
field is the principal modulating influence on cosmo-
genic isotope production.

14.3.6 10Be in magmatic systems

The most important application of 10Be as a petro-
genetic tracer is in studies of the relationship between
sediment subduction and island-arc volcanism. In a re-
connaissance study, Brown et al. (1982) demonstrated
that 10Be concentrations in island-arc volcanics, in the
range (2.7−6.9) ×106 atoms/g, were generally much
higher than the levels seen in a control group of con-
tinental and oceanic flood basalts. Brown et al. argued
against high-level contamination of the analysed vol-
canics on the grounds that the short half-life of 10Be
renders it extinct in all but surficial deposits, while
10Be levels in rainwater are too low to cause the ob-
served enrichments. In contrast, it has long been known
(e.g. Arnold, 1956) that pelagic sediments have very
large 10Be contents, in excess of 109 atoms/g. Brown
et al. therefore attributed their data to the involvement
of subducted ocean-floor sediment in the genesis of
island-arc magmatism.

Fig. 14.36. Histograms of 10Be abundance in volcanic
rocks: (a) non-arc control group and low-10Be arcs; and
(b) high-10Be arcs. Symbols: A = sample from ‘active’
volcano; H = historic flow; F = fresh sample collected
during or immediately after eruption. After Tera et al.
(1986).

Subsequent studies (e.g. Tera et al., 1986) confirmed
the general observation of high 10Be contents in island-
arc volcanics and low 10Be contents in the non-arc
control group (Fig. 14.36). Detailed studies were also
undertaken to assess the effects of weathering on the
10Be contents of lavas. Samples collected during or
immediately after eruption were shown to contain the
same range of 10Be contents as historical lavas. Con-
tamination of non-arc samples by radiogenic 10Be was
observed only in severely altered samples. The pos-
sibility of in situ cosmogenic production of 10Be in
lavas at depths over 1 cm was also excluded, given the
low 10Be abundances in 16-Myr-old Columbia River
basalts.

A surprising result of the detailed study of Tera et al.
was that several arcs have 10Be levels as low as the max-
imum of 1 × 106 atoms/g in the control group. These
included all samples from the Mariana, Halmahera
(Moluccan) and Sunda arcs. To explain these obser-
vations, Tera et al. suggested four requirements for a
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positive 10Be signal in arc volcanics:

(1) adequate 10Be inventory in trench sediments;
(2) subduction rather than accretion of uppermost

Be-enriched sediments;
(3) incorporation of sediment in the magma source

area;
(4) transport time from sedimentation to magma

source area <10 Myr.

Failure to satisfy any one of these criteria could pre-
clude a positive 10Be signal. However, Tera et al. did
not observe simple correlations between 10Be and geo-
physical parameters such as the age of the subducting
plate.

In an attempt to harmonise their data from differ-
ent arcs, Tera et al. plotted 10Be contents against a
model parameter involving sedimentation rate, sedi-
ment thickness, plate velocity and distance from trench
to magma source. This quantity is specified as

Predicted 10Be abundance = η0s

λh
exp

(
−λl

v

)
[14.6]

where η0 is the abundance of 10Be in the sediment,
s is the Pliocene–Pleistocene sedimentation rate, h is
the sediment thickness, l is the arc–trench gap and v

is the plate velocity. Since the volcanic front is always
located about 100 km above the seismic plane, the arc–
trench gap is inversely proportional to the dip of the
Benioff zone. Using this model, the contrast between
the 10Be-rich Central American data and other arcs
is explained by the high sedimentation rate and steep
subduction angle of the former. However, the Japanese
and Aleutian arcs both have a single 10Be-rich data
point (shown by the dashed ranges in Fig. 14.37) that
does not fit the model.

A further step in rationalising the 10Be systematics of
arc volcanics was achieved by considering the data rel-
ative to non-cosmogenic (9Be) abundances (Monaghan
et al., 1988; Morris and Tera, 1989). Within the differ-
ent minerals of a single rock sample, 10Be is normally
strongly correlated with total Be content (Fig. 14.38),
implying that radiogenic and non-radiogenic Be were
mixed before magmatic differentiation occurred. This
further strengthens the arguments against surficial con-
tamination of the lavas by 10Be, and also argues against
crustal 10Be assimilation by magmas. Finally, the en-
riched Be contents of the groundmass, relative to phe-
nocrysts, show that Be behaves as an incompatible
element during magmatic differentiation.

In contrast to Be mineral systematics, most whole-
rock samples analysed by Morris and Tera did not
show a strong correlation between 10Be and total

Fig. 14.37. Plot of 10Be data for seven arcs against a
model parameter for the efficiency of 10Be supply to
arc magma sources. 10Be signals are modelled for var-
ious bulk percentage sediment contributions to mag-
mas, shown by fanning lines. After Tera et al. (1986).

Fig. 14.38. Plot of 10Be against total Be content for
separated mineral phases, plus whole-rock (WR) and
groundmass (GM) from two young lavas. Samples are
from the Izalco volcano (Central America) and Akutan
(Aleutians). After Morris and Tera (1989).

Be. However, they did exhibit a good correlation be-
tween 10Be/9Be ratios and absolute 10Be abundances
(Fig. 14.39). These findings suggest that most of the
rocks analysed, which were basalts, did not have their
10Be contents perturbed by magmatic differentiation.
However, some andesites lie significantly to the right
of the main trend, including the Japanese and Aleutian
samples with abnormally high 10Be contents in Fig.
14.37 (Tera et al., 1986).



14.3 Beryllium-10 409

Further constraints on the timing of subduction-
related processes were obtained by combining
10Be/9Be and 238U/230Th data. Sigmarsson et al. (1990)
observed that these ratios were correlated in the South-
ern Volcanic Zone of the Andes (section 13.4). Given

Fig. 14.39. Plot of 10Be/9Be ratio against 10Be abun-
dance for basalts (●) and evolved rocks (◦) from var-
ious arc and non-arc environments. After Morris and
Tera (1989).

Fig. 14.40. Plot of 10Be/9Be ratio against elemental B/Be ratio, showing correlation lines for arc volcanics relative
to possible mixing end-members. Numbered ticks denote calculated percentages of slab-derived fluids necessary
to generate the observed arrays by contamination of the mantle source. After Morris et al. (1990).

this correlation, and the much shorter half-life of 230Th,
Sigmarsson et al. suggested that the timescale for de-
hydration, melting and eruption of these arc magmas
was probably less than 20 kyr.

A further step in understanding subduction-zone
processes was achieved by comparing 10Be/9Be and
B/Be ratios in arc lavas (Morris et al., 1990). Several
arcs displayed a strong positive correlation between
these two variables (Fig. 14.40), despite the fact that
the two beryllium isotopes and boron have different
distributions in the subducted slab. 10Be is concen-
trated in the uppermost sediment layers and dimin-
ishes rapidly downwards, 9Be is distributed through-
out the sediment column, whereas B is principally
concentrated in the hydrothermally altered basaltic
crust. Hence, there is no a priori reason why these
three species should display coherent behaviour in
arc volcanics. The fact that they do behave coher-
ently in widely separated volcanoes along the length
of an arc suggested a very thorough homogenisa-
tion mechanism for Be and B during the process of
subduction-related magma genesis. While such a pro-
cess could occur in the solid state, it is easiest to
conceive of the mixing of fluids driven off from dif-
ferent parts of the subducted slab. The convergence
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of all of the correlation lines at the origin points to
complete stripping out of all boron from the subduc-
tion zone, with no long-term residence of this element
in the mantle.

The observed correlation between 10Be/9Be ratio
and elemental B/Be ratio suggests that the latter may be
a useful proxy for the former. This is important because
it widens the applicability of beryllium data. Firstly, the
elemental B/Be ratio can be used as a tracer of the slab
component in arcs with low subduction rates, where
10Be is extinct by the time of eruption. Secondly, ele-
mental ratios can be measured with less-sophisticated
analytical equipment such as ICP-MS. These advan-
tages were demonstrated by Edwards et al. (1993b) in
a study of basaltic lavas from the Indonesian arc. Ed-
wards et al. were able to combine B/Be ratios with other
radiogenic isotope systems in order to specify uniquely
the Pb, Sr and Nd isotope signatures of the slab-derived
component, which was modelled as an 80%–20% mix-
ture of basaltic crust and Indian Ocean sediment. This
signature was also distinguishable from enriched and
depleted reservoirs in the mantle wedge. The use of
elemental B/Be data made these deductions possible
despite the fact that 10Be abundances were at base-
line, showing this nuclide to be extinct in the analysed
lavas.

Fig. 14.41. Analyser segment and output data of an AMS instrument designed for 36Cl determination, showing
the use of time-of-flight analysis to resolve 36Cl from 35Cl and 37Cl, and energy-loss detection to resolve 36Cl from
36S. After Wölfli (1987).

14.4 Chlorine-36

36Cl is analogous to 10Be in its atmospheric produc-
tion, in this case by spallation of 40Ar rather than 14N,
and like 10Be, it is quickly swept from the atmosphere
by precipitation. However, unlike 10Be, 36Cl is not re-
moved from groundwater by adsorption onto particu-
lates, but remains in the aqueous medium as it travels
through geological strata. This fact, coupled with its
relatively short half-life of 0.301 Myr, makes 36Cl po-
tentially very useful in the dating or tracing of Quater-
nary groundwater systems. Cosmogenic 36Cl can also
be generated in the surfaces of exposed rocks by in
situ production. However, this subject will be covered
in section 14.6.

The principal obstacle in AMS analysis of 36Cl is
isobaric interference by 36S. This forms abundant neg-
ative ions and is not removed by the charge-stripping
process. This requires a high-purity chemical separa-
tion before analysis. Residual 36S can be resolved by its
lower energy loss in the gas counter, but this is most ef-
fective at energy levels above 48 MeV, requiring an ac-
celerator of at least 6 MV potential. This rules out 36Cl
analysis with lower-energy (2 MV) tandetrons (Wölfli,
1987). A ‘time-of-flight’ analyser may also be used be-
fore the gas counter (Fig. 14.41) in order to eliminate
peak tailing from the relatively very large 35Cl and 37Cl
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Fig. 14.42. Profiles of anthropogenic 36Cl as a function of depth in various environments: (a) ice (Dye 3 station,
central south Greenland); (b) groundwater (Borden landfill, Ontario); and (c) desert soil (New Mexico). After Gove
(1987) and Fabryka-Martin et al. (1987).

ion beams, which are not adequately resolved by the
preceding magnetic and electrostatic analysers in the
system. Time-of-flight analysis can be performed only
on pulsed ion beams, which are controlled by puls-
ing the sputter source. This analysis relies on the fact
that lighter masses are accelerated to slightly higher
velocities than heavier ones, so that, after traversing a
distance of a metre or so, they arrive at the detector a
few nanoseconds earlier. Hence 36Cl is resolved from
36S, 35Cl and 37Cl (Fig. 14.41).

The first use of 36Cl as a hydrological tracer was
not based on the cosmogenic isotope at all, but on an-
thropogenic bomb-produced 36Cl. This resulted from
seven large nuclear tests conducted on the sea surface
from 1952 to 1958, which caused neutron activation of
marine chlorine. Profiles of anthropogenic 36Cl against
time were determined in a Greenland ice core (Elmore
et al., 1982), in Canadian groundwater (Bentley et al.,
1982) and in a soil profile from New Mexico (Phillips
et al., 1988). All of these measurements revealed a very
sharp spike in 36Cl, with a duration of 15–20 yr (Fig.
14.42). It is expected that anthropogenic 36Cl will be a
useful hydrological tracer in the near future, replacing
bomb-produced tritium as the latter becomes extinct.

As seen for other cosmogenic isotopes, the produc-
tion of natural 36Cl is expected to have varied in the past
due to modulation of the cosmic-ray flux by the solar
wind and the Earth’s magnetic field. The most easily
measured inventories of 36Cl were the ice cores from
Greenland and Antarctica which were also studied for
several other environmental tracers. However, it was

shown that 36Cl and 10Be abundances in these cores
are better correlated with climatic variations than with
past variations in geomagnetic field intensity (e.g. Beer
et al., 1988). This result caused considerable puzzle-
ment at the time, but is not really surprising since the
cosmogenic isotope flux in polar snow is largely of
local (polar) origin, where cosmic-ray intensity is not
significantly shielded by the Earth’s magnetic field.
Therefore, to obtain more representative records of
past changes in global 36Cl production, it was nec-
essary to find a suitable inventory from a non-polar
source. Such an inventory was discovered by Plummer
et al. (1997) in the form of fossil packrat urine from
Nevada.

Packrats obtain all of their water from the desert
plants that they eat, and these plants in turn derive
their water from surface-infiltrated rainfall. Therefore,
the abundant chlorine in packrat urine accurately re-
flects the 36Cl/Cl ratio of recent rainfall. Furthermore,
this urine may be preserved for thousands of years in
underground middens, and can be dated by the radio-
carbon method. Hence, this material provides an ideal
inventory of past cosmogenic 36Cl production. 36Cl/Cl
ratios for packrat urine up to 40 kyr old are presented in
Fig. 14.43, together with a record of past 14C produc-
tion compiled from several sources. The two data sets
are relatively well correlated, especially at the present
day and at the peak of cosmogenic isotope production
about 30 kyr ago. Since geomagnetic modulation is the
principal cause of past 14C variations, it follows that
36Cl production is subject to the same controls.
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Fig. 14.43. Plot of chlorine isotope variation against age
in samples of packrat urine from Nevada, USA. The data
are compared with a normalised curve of radiocarbon
production compiled from several sources. After Plum-
mer et al. (1997).

Following this evidence for the geomagnetic mod-
ulation of global 36Cl production, it was found that
appropriate corrections for the variable accumulation
rates of Greenland snow did yield a record of past 36Cl
variations that was well correlated with geomagnetic
field strength (Baumgartner et al., 1998). This suggests
that a significant fraction of the precipitation in Green-
land is actually derived from more temperate latitudes.
However, the large corrections that must be applied for
variable snow-accumulation rates mean that ice cores
are not reliable as prime records of past cosmogenic
isotope production. Instead, the known variations in
past cosmogenic isotope production may be more use-
ful to calibrate the variable ice-accumulation rates in
these cores (Wagner et al., 2001).

The most important application of cosmogenic 36Cl
(as opposed to anthropogenic 36Cl) is the dating of
ancient groundwater, hundreds of thousands of years
in age. For simple sedimentary aquifers this has been
quite successful, as demonstrated by studies on the
Great Artesian Basin of eastern Australia by Bentley
et al. (1986) and Torgersen et al. (1991). These au-
thors presented a total of five 36Cl transects across the
basin, reaching up to 800 km from the recharge area.
Comparisons were made with average groundwater
ages from hydrological modelling, and three differ-
ent ways of calculating the 36Cl age were examined.
However, the simplest method is probably the most
reliable in most circumstances. This involves calculat-
ing the groundwater age from the total abundance of
36Cl (above secular equilibrium) in an unknown sam-
ple relative to the total 36Cl abundance above secular
equilibrium at the recharge site (where water enters the

Fig. 14.44. Plot of 36Cl groundwater ages for four tran-
sects across the Great Artesian Basin against average
age since recharge based on hydraulic modelling. (◦) =
N–S transects; (●) = E–W transects. Data from Torgersen
et al. (1991).

aquifer):

t = − 1

λ36
ln

( 36Clsample − 36Clequilib

36Clrecharge − 36Clequilib

)
[14.7]

The 36Cl groundwater ages calculated from this
equation are shown in Fig. 14.44 for four transects
across the basin, two approximately N–S and two E–
W, and compared with the predicted age profile from
hydraulic measurements. These results show that the
two N–S transects, which are in the westerly part of
the basin (open symbols), generally have younger 36Cl
ages than predicted. This can be explained by addi-
tional input of water into the system along the length
of the basin, which dilutes old basin water with young
recharge water. On the other hand, the E–W transects
(solid symbols), which span the easterly half of the
basin, generally have older 36Cl ages than predicted.
This implies that basin water tends to accumulate in
this area, provided that these ages were not biased by
in situ radiogenic production (section 14.5).

The ages from the transects are used to calculate a
contour diagram of 36Cl groundwater age in Fig. 14.45,
where the results are compared with streamlines based
on hydraulic measurements. The latter data imply that
water flows mainly in a NE to SW direction across
the basin from Queensland to South Australia. How-
ever, the contour plot shows the presence of old ages
in the middle of the basin, implying that water tends to
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Fig. 14.45. Map of the Great Artesian Basin, showing
(a) groundwater age contours from 36Cl dating and (b)
groundwater flow directions based on hydraulic mod-
elling. After Torgersen et al. (1991).

pool here in what is also the deepest part of the basin.
Coupled with the evidence for younger groundwaters
in the western part of the basin, this implies that a
somewhat radial water flow from basin margins to cen-
tre is imposed on the general NE–SW flow direction
deduced from hydrological modelling.

The 36Cl method has been more problematical in
studying groundwater ages in igneous rocks, due to in-
terference by local radiogenic 36Cl production. These
problems have been evaluated in a case study of the
Stripa granite, Sweden, which has unusually high ura-
nium contents of about 40 ppm. This generates a sub-
stantial neutron flux, which produces 36Cl by the n, γ

reaction on 35Cl. The U content of meta-sedimentary
country rocks (5 ppm) also generates significant, if
much lower, levels of radiogenic 36Cl. Analysis of
Stripa groundwater yields 36Cl/Cl ratios between the
signatures of in situ radiogenic production in the two

dominant rock types (Andrews et al., 1989). These
values are so high that they exceed and swamp nor-
mal cosmogenic 36Cl/Cl ratios. The 36Cl method is
therefore only viable for dating waters in uranium-poor
rocks such as sedimentary aquifers.

14.5 Iodine-129

There are over 100 cosmogenic isotopes with masses
over 40 and half-lives over one year, which are there-
fore potentially useful geochemical tracers or dating
tools (Henning, 1987). However, most of these ele-
ments are metals, and they are not suited to AMS
analysis due to the difficulty of forming negative ions.
One of the few heavy isotopes to have found signif-
icant application is 129I, which is formed in modest
quantities in the atmosphere by spallation of Xe, and
which, being a non-metal, forms good negative-ion
beams.

129I analysis by AMS is relatively straightforward,
since the only isobaric interference (129Xe) does not
form stable negative ions (Elmore et al., 1980). The
principal interference is 127I, which at isotope ratios
above 1012 forms a peak tail that must be removed by
time-of-flight analysis in addition to magnetic and elec-
trostatic analysers. The 129I/127I detection limit under
these conditions is about 10−14.

As in the case of 36Cl, the 129I tracer has been used to
study the entry of anthropogenic material into natural
systems. In a study of a marine sediment core from the
continental slope off Cape Hatteras (North Carolina),
Fehn et al. (1986) found 129I/127I ratios at the sediment
surface that were two orders of magnitude higher than
the relatively constant abundances at depth. This has
been confirmed by more recent studies. For example,
studies of Mississippi delta sediments (Oktay et al.,
2000) gave 129I depth profiles very similar to those for
36Cl. However, 129I also differs from anthropogenic
14C and 36Cl because it is still being released to the
environment at the present day by nuclear reprocess-
ing plants (Fehn and Snyder, 2000). These ongoing
emissions yield 129I/I ratios up to one million times the
natural background (Fig. 14.46).

129I has a much longer half-life (15.7 Myr) than the
other scientifically useful cosmogenic nuclides. It is
therefore applicable to much older systems, but its ge-
ological applications are complicated by the significant
radiogenic iodine production from in situ uranium fis-
sion. This was examined in case studies of the Great
Artesian Basin of Australia and the Stripa granite of
Sweden (Fabryka-Martin et al., 1985; 1989).

Groundwaters in the Great Artesian Basin range up
to about 1 Myr in age on the basis of hydrological and
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Fig. 14.46. Plot of iodine isotope ratio against latitude
for meteoric surface waters, showing signals of anthro-
pogenic iodine from nuclear reprocessing plants. After
Fehn and Snyder (2000).

36Cl evidence (see above), so negligible decay of 129I
is expected. Therefore, in the absence of contamina-
tion by radiogenic iodine or extraneous water sources,
129I/127I ratios should be constant across the basin. An-
alytical data bear out this prediction to a reasonable
extent, which is consistent with the very low uranium
content of the aquifer rocks and the hydrostatic over-
pressure of the artesian basin relative to potential con-
taminant water bodies. Since the near-surface water
is itself old relative to human activity, there is no an-
thropogenic signature. However, excess 129I/127I ratios
(above normal cosmogenic levels) were seen in two
water samples with ages of 150 and 500 kyr. Fabryka-
Martin et al. attributed the latter result to contamina-
tion by radiogenic 129I from granitic basement, which
forms the floor of the aquifer at its distal end. The cause
of the other high value is unknown.

Very different conditions were found in ground-
waters from the Stripa granite, Sweden (Fabryka-
Martin et al., 1989). In this case, radiogenic 129I is
present at levels two orders of magnitude higher than
cosmogenic iodine. The 129I systematics at Stripa can
be seen most clearly when plotted against the 36Cl/Cl
ratio (Fig. 14.47). Except for one shallow-water sam-
ple with a prominent anthropogenic 36Cl signature, the
data form an array trending from estimated meteoric
recharge towards a pure radiogenic component.
This array could result from mixing between two
end-members, but it could also result from variable,
but correlated, production of radiogenic 129I and 36Cl
in the granite, since both are controlled by the uranium
content of the rock. Hence, the main role for 129I is to

Fig. 14.47. Plot of absolute 129I abundance against the
36Cl / total Cl ratio for groundwaters from the Stripa
mine, Sweden. Radiogenic and anthropogenic signa-
tures are shown. After Fabryka-Martin et al. (1989).

gauge in situ radiogenic perturbation of 36Cl ages in
groundwater systems.

14.6 In situ cosmogenic isotopes

14.6.1 Al-26 meteorite exposure ages

Atmospheric production of 26Al is much lower than
that of 14C or 10Be because the progenitor, 40Ar, con-
stitutes only about 1% of atmospheric gases. In situ
production at the Earth’s surface is also low, due to at-
mospheric attenuation of cosmic rays. Consequently,
the first measurements of cosmogenic 26Al were made
in studies of the Moon and meteorites. After the break-
up of their parent bodies, meteorite fragments are ex-
posed to intense cosmic-ray bombardment during their
travels through space, causing substantial 26Al produc-
tion. If these fragments have cosmic exposure ages of
at least a few million years, their surfaces will reach
saturation in 26Al (t1/2 = 0.7 Myr).

After they have fallen to Earth, atmospheric shield-
ing protects meteorite fragments from significant fur-
ther 26Al production, and decay of this inventory can
then be used to determine a terrestrial residence age.
Because the abundances of 26Al in meteorites are com-
paratively high, they do not demand AMS analysis.
Instead, they are measured using non-destructive γ

counting, by putting the whole meteorite fragment into
a large shielded detector. Attenuation of γ particles by
the sample itself is corrected by empirical modelling
(e.g. Evans et al., 1979).
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Fig. 14.48. Histogram of 26Al activities in Antarctic me-
teorites, compared with American ‘falls’. After Evans
et al. (1979).

In the first large-scale survey of Antarctic met-
eorites, Evans et al. (1979) compared the 26Al activities
in these samples with those in ‘falls’ (observed at im-
pact), which have a zero terrestrial residence age. The
falls had a moderately well-defined range of 26Al ac-
tivities for a given compositional class of meteorites
(Fig. 14.48). The outlier from this class can be at-
tributed to a failure to reach 26Al saturation, due to the
short cosmic-ray exposure history of the fragment. In
contrast, Antarctic meteorites ranged to substantially
lower activities, indicating significant terrestrial resi-
dence ages in several cases. Unfortunately, these values
are only semi-quantitative, due to the relatively long
half-life of 26Al and uncertainties in production. The
latter problem arises because of the poor penetrative
capacity of the low-energy cosmic rays which generate
26Al, making the cosmic production rate susceptible to
depth within the fragment.

Although 26Al is a good reconnaissance tool
for terrestrial age determination (e.g. Evans and
Reeves, 1987), 36Cl provides a more precise method
(Nishiizumi et al., 1979). This arises from its shorter
(0.3 Myr) half-life and more accurately known satura-
tion values, due to its generation by penetrative high-
energycosmic rays.However, theanalysis ismore tech-
nically demanding, and must be performed by AMS.
Results of a large 36Cl study of Antarctic meteorite ages
are shown in Fig. 14.49 (Nishiizumi et al., 1989a).

Fig. 14.49. Histograms of calculated terrestrial resi-
dence age for Antarctic meteorites from the Allan Hills
and Yamato Mountains areas, based on the decay of
cosmogenic 36Cl. After Nishiizumi et al. (1989a).

The high quality of terrestrial 36Cl ages for Antarctic
meteorites has led to their use to determine the half-life
of another cosmogenic nuclide, 41Ca. With a half-life
of only 0.1 Myr, this shows promise as a precise dating
tool, but an efficient AMS analysis method has only
recently been developed (Fink et al., 1990). Another
problem limiting the application of 41Ca has been un-
certainty in the half-life. To solve this problem, Klein
et al. (1991) performed 41Ca analyses on aliquots of
Antarctic iron meteorites that had already been dated
by 36Cl measurements. The results revealed a strong
linear correlation between the abundances of the two
species, whose slope corresponds to the ratio of the
half-lives. Taking a 36Cl half-life of 301 ± 4 kyr yields
a precise 41Ca half-life of 103 ± 7 kyr.

14.6.2 Al–Be terrestrial exposure ages

Because of atmospheric attenuation of cosmic rays,
most terrestrial materials have 26Al/27Al ratios less
than 10−14. However, in some aluminium-poor min-
erals such as quartz, the content of (non-cosmogenic)
27Al may be as low as a few ppm. In this case, 26Al/27Al
ratios of 10−11 to 10−13 may be generated after a few
thousand years of exposure to cosmic rays, within the
measurement range of AMS. These data can then be
used to calculate exposure ages of terrestrial rock sur-
faces.
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The principal obstacle to AMS analysis of 26Al is the
formation of sufficient negative Al ions during sputter-
ing, which is only about 25% efficient (Middleton and
Klein, 1987). The metal species must be used rather
than the oxide because the latter suffers a severe inter-
ference from MgO. However, Mg does not form nega-
tive metal ions at all, so there are no isobaric interfer-
ences on the Al metal-ion signal.

The principal application of 26Al as a geochronome-
ter is in the measurement of rock exposure ages. It
would be possible to use this nuclide alone for this
purpose, but in view of the many possible permuta-
tions of exposure and erosion history, the use of two
nuclides with different half-lives provides a more pow-
erful constraint on these models. The normal choice
is to combine 26Al measurements (t1/2 = 0.705 Myr)
with 10Be measurements (t1/2 = 1.51 Myr).

The atmospheric 26Al/10Be production ratio has
been determined as about 4 × 10−3 by sampling from
high-flying aircraft, but the in situ production ratio
in quartz has been measured as 6 (Nishiizumi et al.,
1989b). Because the atmospheric 10Be production rate
is comparatively high, great care must be taken to en-
sure that rock samples to be used for exposure dating
are not contaminated by the atmospheric or so-called
‘garden variety’ of 10Be (Nishiizumi et al., 1986). Be-
cause of its resistance to chemical weathering, quartz is
comparatively resistant to contamination by ‘garden-
variety’ 10Be. This, together with its low 27Al content,
makes it an excellent material for exposure dating. In
quartz, 10Be is derived from spallation of 16O, whereas
26Al is produced by spallation of 28Si and mu-meson
capture by the same species. Most of this production
occurs in the top half-metre of the rock surface, but
limited 26Al production can occur at depths of up to
10 m (Middleton and Klein, 1987).

There are two limiting models for the interpretation
of surface exposure data (e.g. Nishiizumi et al., 1991a).
These are illustrated on a plot of 26Al/10Be ratio against
absolute 10Be abundance (Fig. 14.50). The upper curve
shows the effect of increasing exposure age, for the
case where the erosion rate is zero. The lower curve
shows the effect of various steady-state erosion rates,
for the case where the exposure age is infinite (rela-
tive to the half-lives of 26Al and 10Be). At the point of
saturation (after a few half-lives), the 26Al/10Be ratio
is 2.88. Unfortunately, the limited (factor of two) dif-
ference between the half-lives of 26Al and 10Be causes
only a relatively small separation between the curves
for the two end-member models. This places limits on
the resolving power of the Al–Be method, given the
relatively large analytical errors on the AMS measure-
ments.

Fig. 14.50. Plot of analysed 26Al/10Be ratio against 10Be
abundance (corrected to production at sea-level) for Al-
lan Hills quartz samples, used as a measure of minimum
exposure age and/or maximum erosion rate. After Nishi-
izumi et al. (1991a).

Application of the Al–Be exposure method is
demonstrated in Fig. 14.50 using data from nunataks
of the Allan Hills area of Antarctica (Nishiizumi et al.,
1991a). The results display a range of Al/Be ratios
close to the steady-state erosion curve. However, the
zero-erosion-rate (variable-exposure-age) model can-
not be ruled out. The lowest 26Al/10Be ratio yields
the strongest constraint, representing a minimum ex-
posure age of 1.4 Myr or a maximum erosion rate of
0.24 mm/kyr. Samples to the left of the erosion line
in Fig. 14.50 may be explained by burial under ice for
some period in the past. During times of burial, points
move downwards to the left, due to the greater rate of
decay of 26Al relative to 10Be.

The combination of these two cosmogenic isotopes
can also be used to date sediment burial, as demon-
strated by Granger et al. (2001) in a dating study on
cave sediments from Mammoth Cave, Kentucky. Sed-
iments entered this cave system from the Green River,
a tributary of the Ohio River, which cut down into
a karst landscape. There is a very strong likelihood
that sediments were exposed on the land surface prior
to their transport and deposition in the cave system.
Therefore, quartz grains in the sediment are expected
to have reached steady-state abundances of cosmo-
genic Al and Be, with a 26Al/10Be ratio of about 6
(Fig. 14.51).

After burial in the cave system, radioactive decay
begins, and the samples follow a trend to the lower
left in Fig. 14.51. This allows the dating of sedi-
ments at different levels in the cave system, so that the



14.6 In situ cosmogenic isotopes 417

Fig. 14.51. Plot of analysed 26Al/10Be ratio against 10Be
in sediments from various levels in Mammoth Cave,
Kentucky. Vertical displacements allow the dating of
cave deposits from their burial ages, while the intersec-
tion with the exposure curve indicates an erosion rate of
3 mm/kyr for the sediment source. After Granger et al.
(2001).

down-cutting of the river can be traced against time.
Projection of the decay trend back to the steady-state
line also allows the erosion rate of the surficial sedi-
ment source to be estimated at around 3 m/Myr. The
combination of 26Al and 10Be is particularly suitable
for burial dating because the pre-burial cosmogenic
production of the two nuclides occurs under similar
conditions. Accurate modelling of isotope production
during the surface-exposure history of the sediment is a
pre-requisite to obtaining accurate burial ages (Granger
and Muzikar, 2001).

14.6.3 Chlorine-36 exposure ages

The concept of exposure dating using in situ-produced
cosmogenic 36Cl was suggested by Davis and Schaef-
fer (1955), but could not be effectively applied until
the advent of AMS analysis (Phillips et al., 1986).
Although it was developed after the 10Be and 26Al
methods, 36Cl dating offers several advantages. It is
applicable to a variety of rock types because 36Cl is
generated from three parents (K, Ca and Cl) with dif-
ferent chemistries, while most rocks have low back-
ground levels of chlorine. Furthermore, interferences
by nucleogenic 36Cl are minimal, and contamination

from atmospheric 36Cl is a problem only in severely
weathered material.

The three main sources of in situ cosmogenic 36Cl
are neutron activation of 35Cl and neutron-induced
spallation of 40K and 40Ca. A subordinate source is
from negative-muon capture by 40Ca. The relative im-
portance of these production routes depends on the
relative abundances of K, Ca and Cl in the target
and the degree of shielding by overlying rock. Zreda
et al. (1991) made an empirical study of spallation
production, while Liu et al. (1994) studied the depth
dependence of the neutron-activation reaction. Spal-
lation reactions are caused by fast neutrons, whose
penetration decreases exponentially with depth. How-
ever, activation reactions require (slow) thermal neu-
trons, which are produced when fast neutrons undergo
glancing collisions with substrate atoms. Hence, slow
neutrons reach a peak intensity at about 15 cm depth in
rocks (Fig. 14.52). The occurrence of multiple routes
makes the calculation of total production rates more
complex, but it also offers the possibility of greater
age control, as will be shown below.

The simplest scenario for cosmogenic dating is the
instantaneous transport of rock from below the cosmic-
ray penetration depth to the surface, followed by expo-
sure without shielding by other material (such as snow
cover) and without significant erosion. In this case, all
production routes for 36Cl can be summed. However,
corrections must be made for the latitude dependence
of cosmic-ray intensity and the altitude dependence of
atmospheric shielding.

Fig. 14.52. Calculated production profiles for 36Cl by
spallation and neutron activation (normalised to equal
values at the surface) as a function of rock mass per unit
area. After Liu et al. (1994).
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A relatively simple scenario is provided by surface-
exposure dating of rocks at Meteor Crater, Arizona
(Nishiizumi et al., 1991b). Samples were taken from
the upper few centimetres of large blocks in the ejecta
blanket of the impact. The lithology of these blocks
shows that they were from strata buried at depths of
over 10 m before the impact. On the other hand, their
large size suggests that they were unroofed of any over-
lying ash blanket soon after the impact event. The
surfaces of the sampled ejecta blocks were found to
be coated with ‘rock varnish’, which takes thousands
of years to develop. Therefore, erosion was proba-
bly negligible in the arid climate of Arizona, so 36Cl
abundances translate directly into an exposure age.
Good agreement between 36Cl ages and Al–Be ages
was found, with a consensus of ages around 50 kyr. A
few younger ages (e.g. Monument Rock) may indicate
more recent exposure of these blocks above the ash
blanket.

Another type of simple scenario is achieved in rel-
atively young lava flows, which are instantaneously
exposed at the surface and have not yet suffered sig-
nificant weathering. However, in many geological en-
vironments, erosion is a significant factor. In this case,
a single cosmogenic isotope determination only allows
the solution of exposure age at known erosion rate or
erosion rate at known exposure age. For example, us-
ing a lava flow from Nevada of known age, Shepard
et al. (1995) were able to estimate the weathering rate
from 36Cl/35Cl ratios.

A more complex scenario arises when both the expo-
sure age and the erosion rate of a deposit are unknown.
This applies particularly to rapidly eroding sedimen-
tary deposits. To investigate the constraints which may
be applied to such a system, Zreda et al. (1994) consid-
ered a theoretical model for the erosional exposure of a
deposit with buried clasts. These clasts, initially buried
within the deposit, are gradually exposed at the surface
by erosion of the fine-grained matrix (Fig. 14.53). This
model applies to the problem of dating glacial moraines
from exposure ages of boulders on the moraine surface,
and also to dating meteorite impacts using blocks ex-
posed on the ejecta blanket. Zreda et al. argued that,
if 36Cl dates are available from several different boul-
ders on a moraine or ejecta blanket, the spread of ages
(outside analytical error) could be used to model the
exposure history of the deposit.

To demonstrate these effects, Zreda and Phillips
(1994) modelled 36Cl/Cl ratios for several boulders
buried at depths from zero to 300 g/cm2 (approximately
1.5 m depth in soil of density equal to 2 g/cm3). To-
tal 36Cl production was attributed 50% to spallation
reactions and 50% to neutron activation. The erosion

Fig. 14.53. Schematic illustration of the exhumation of
clasts from a heterogeneous deposit by erosion of the
matrix. After Zreda et al. (1994).

Fig. 14.54. Modelled 36Cl/Cl inventories for rock boul-
ders buried at various depths in an eroding deposit,
showing peak cosmogenic production just below the
surface. After Zreda and Phillips (1994).

rate was set so that the deepest boulder just reaches
the surface at the present day. The modelling results
show a wide range of 36Cl/Cl ratios, both below and
slightly above the growth curve for zero depth (Fig.
14.54). The growth curves for deeply buried boulders
start with slow production, due to the shielding effect
of the overlying matrix. As the boulder approaches
the surface, the rate of production accelerates, but the
total 36Cl inventory remains well below that of a surface
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Fig. 14.55. Histogram of model 36Cl exposure ages for 1000 rock clasts exhumed from depths of up to about 1.5 m
in a deposit with a formation age of 50 kyr. Data for a few samples over-estimate the real age due to greater
cosmogenic production just below the surface. After Zreda and Phillips (1994).

sample. On the other hand, boulders that were initially
subject to shallow burial can actually exhibit greater
total 36Cl production than that at the surface, due to
the peak of neutron-activation production at a depth of
50 g/cm2.

Zreda and Phillips (1994) modelled the erosion his-
tory of ejecta blocks from Meteor Crater, Arizona, in
a similar way. However, in this case the spread of ap-
parent exposure ages was based on 1000 model points
randomly buried from zero to a chosen maximum depth
(Fig. 14.55). The model results were compared with the
actual spread of ages in four blocks at Meteor Crater,
with a mean age of 49.7 ± 0.9 kyr (Monument Rock
was excluded). The best fit was obtained by assuming
burial to a maximum depth of 300 g/cm2 (about 1.5
m), removed at 30 g/cm2 per kyr (0.15 mm/yr), so that
all boulders reached the surface within 10 kyr. Such
modelling cannot yield a unique solution to the ero-
sion process, and the model results should ideally be
compared with a larger set of measured ages. Never-
theless, the modelling does suggest that the four blocks
yield exposure ages close to the estimated time of
impact.

In principle, the use of two spallogenic nuclides (e.g.
10Be and 26Al) allows the deconvolution of exposure
ages and erosion rates. However, as noted above, the
closely spaced trajectories of the constant-erosion and
the constant-exposure saturation lines make the decon-
volution weak (e.g. Fig. 14.50). A more powerful appli-
cation of the 36Cl technique makes use of the neutron-
activation route to 36Cl, in comparison with the purely
spallogenic nuclides (10Be or 26Al). Because spalla-
tion and neutron activation yield peak nuclide produc-
tion at different depths in a geological surface, they
should yield a clear resolution of exposure histories

Fig. 14.56. Plot of analysed 36Cl/10Be ratio against 36Cl
abundance for boulders from glacial moraines of the
Wind River Range, Wyoming. Solid lines indicate ero-
sion rates; dashed lines are exposure-age isochrons. See
the text for discussion. After Phillips et al. (1997).

involving different rates of erosion (Liu et al., 1994).
With this objective in mind, Bierman et al. (1995) de-
scribed a method for isolating the neutron-activation
component of 36Cl, by releasing chlorine from fluid
inclusions within rock samples. However, the method
has not been demonstrated in practice. Alternatively, a
crude assessment of the rate of erosion can be obtained
by simply ignoring spallogenic 36Cl production.

This approach was taken by Phillips et al. (1997) in
a study on glacial deposits of the Wind River Range,
Wyoming. Ten boulders from glacial moraines were
analysed for 36Cl and 10Be, and results are plotted on
the Cl–Be plot in Fig. 14.56. The limits for zero ero-
sion and for infinite age (erosional equilibrium) are
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given, as in the Al–Be plot. However, they are now
much further apart, allowing easy resolution between
the two models. Most of the data lie below the line cor-
responding to 0.5 mm/kyr erosion, indicating that the
surfaces of these boulders are not undergoing signifi-
cant loss by erosion. The boulders were sampled from
six different moraines, and their ages indicate that one
moraine dates from the last glaciation (about 20 kyr
ago), three from the penultimate glaciation (about 130–
100 kyr ago) and two from older glaciations, assum-
ing rapid exposure of the boulders on the moraine
surface.

A different application of the 36Cl method was pro-
posed by Stone et al. (1996), using 40Ca spallation as
a tool for exposure dating of calcite. The abundance
of the target nuclide, together with the relatively low
abundance of chlorine in calcite, makes this an an-
alytically favourable method with great promise for
exposure dating of karst landscapes. For example, two
recent studies (Zreda and Noller, 1998; Mitchell et al.,
2001) used 36Cl abundances in fault scarps to date the
displacement of fault systems in carbonate rocks. In
both cases, 36Cl measurements were made at several
points down the face of the fault scarp. 36Cl accumu-
lation was then used to determine the date when each
sample was first exposed at the surface, allowing a re-
construction of past movement on the fault.
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15 Extinct radionuclides

15.1 Production and decay

An ‘extinct radionuclide’ is understood to be one that
was formed by a process of stellar nucleosynthesis
prior to the coalescence of the solar system, and which
has subsequently decayed away to zero. Most extinct
nuclides have very short half-lives, but a few have
long half-lives in the millions-of-years range. These
may have persisted in solar-system materials at high
enough concentrations to generate observable varia-
tions in the isotopic composition of daughter products.
These parent–daughter pairs are of interest to cosmo-
chemists because they can provide information about
the origin of the solar system and its early history.

The production rate of an arbitrary solar-system nu-
clide as a function of time is shown schematically in
Fig. 15.1. After the ‘big bang’ about 13.7 Byr ago, nu-
cleosynthetic production in stars proceeded at a rate
p, which may be steady or very variable, depending
on the process. However, prior to condensation in the
new solar nebula, it is thought that much or all solar-
system matter was out of nucleosynthetic ‘circulation’

Fig. 15.1. Schematic illustration of the variation in pro-
duction rate (p) of a given nuclide between the ‘big
bang’ and termination of nucleosynthesis, followed by
a period ‘�’ prior to solar-system coalescence. After
Wasserburg (1985).

for a period of time in some form of interstellar cloud.
The time between last nucleosynthesis (‘star death’)
and major condensation (‘glob formation’) is termed �

(Fig. 15.1). Determination of � for various extinct nu-
clides may reveal information about the process which
led to solar-system coalescence. Therefore, it is one of
the major goals of isotope cosmochemistry.

In order to derive useful information from the daugh-
ter products of extinct radionuclides, it is necessary to
study material that has not been significantly reworked
during the life of the solar system. Hence, chondritic
meteorites, which appear to represent most nearly the
original accretion components of the solar system,
are the main objects of study. However, for some nu-
clide pairs, iron and stony meteorites, which were sub-
ject to early planetary differentiation processes, may
also be useful. Cosmic-ray bombardment is one pro-
cess to which meteorites are particularly susceptible.
This can cause nuclear transformations, which must
be excluded as a mechanism for generating daughter-
product anomalies before the latter are attributed to
extinct parents.

Most of the scientifically important extinct radionu-
clides with half-lives over 105 years are shown in
Table 15.1 in order of decreasing stability, and will be
discussed below. Mean lives (1/λ) are quoted in Table
15.1, in addition to half-lives, because they are help-
ful in understanding the production history of extinct
nuclides. The most long-lived of these species is the
extinct p-process nuclide 146Sm (t1/2 = 103 Myr). This
will be discussed briefly for the constraints it can place
on very early terrestrial evolution, rather than solar-
system condensation. However, another p-process nu-
clide (92Nb, t1/2 = 36 Myr) is omitted because of the
relatively weak constraints it provides (Schonbachler
et al., 2002).

15.2 Extant actinides

The age of the universe was estimated at between
12 and 15 Byr, based on application of the Hubble
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Table 15.1. Some important extinct radionuclides

Parent Daughter Decay mode Mean life (Myr) Half-life (Myr) λ (yr−1)

146Sm 142Nd α 149 103 6.7 × 10−9

244Pu Various Fission 119 82 8.5 × 10−9

129I 129Xe β 23 16 4.3 × 10−8

247Cm 235U 3α, 2β 22.5 15.6 4.4 × 10−8

182Hf 182W 2β 13 9.0 7.7 × 10−8

107Pd 107Ag β 9.4 6.5 1.1 × 10−7

53Mn 53Cr β 5.3 3.7 1.9 × 10−7

60Fe 60Ni 2β 2.1 1.5 4.7 × 10−7

26Al 26Mg β 1.0 0.7 9.8 × 10−7

41Ca 41K β 0.15 0.1 6.7 × 10−6

constant to quasar red-shifts, and on the ages of the old-
est stars calculated from nucleosynthetic models (e.g.
Lineweaver, 1999). More recently, evidence from the
anisotropy of the cosmic microwave background has
been used to determine a much more precise age of
13.7 ± 0.2 Byr (Bennett, 2003). Therefore, the age of
the galaxy at the time of solar-system condensation
was about 9 Byr, which is of the same order as the
lifetime of a typical star like the Sun. However, large
stars have much shorter lifetimes, which may even be
less than 1 Myr in duration. Since the solar system coa-
lesced from the debris of ‘dead’ stars, it is theoretically
possible that any given atom in the solar system could
have been processed through only one previous star, or
through numerous previous stars.

This indeterminacy leads to uncertainty in the pro-
duction rate of solar-system nuclides over the life of
the galaxy. This uncertainty is particularly severe for
r-process nuclides, which are generated solely in
the supernova explosions which terminate the life-
histories of large stars (section 1.2.1). Uncertainties
in the production rates of extinct nuclides are a ma-
jor source of uncertainty in the determination of �.
However, the best constraints on long-term r-process
production rates are provided by long-lived ‘extant’
nuclides. Therefore the extant actinides 235U, 238U and
232Th will be examined before discussion of individual
extinct nuclides.

The gulf of unstable nuclides between the end of
the s-process nucleosynthetic ladder and the actinide
elements (section 1.2.2) means that these nuclides can
only be generated by the r-process. The seed nuclei
for this process are clearly the nuclei at the top of
the s-process ladder, but these nuclides, especially Pb,
have small neutron-capture cross-sections, creating a
nucleosynthetic barrier. As a result, the production ra-
tios of the actinides are constrained to be close to
unity. This factor is critical in using them to model

r-process production rates over the lifetime of the
galaxy.

We begin with the abundances of these nuclides in
chondritic meteorites. On normalising with respect to
235U = 1, 238U and 232Th have present-day abundances
of about 138 and 520, respectively, in carbonaceous
chondrites. On correcting for decay to initial abun-
dances at 4.55 Byr and re-normalising with respect to
235U = 1, we obtain lower relative abundances of 3.45
and 8.18 for 238U and 232Th, respectively, but these are
still higher than estimated production ratios (relative
to 235U) of 0.66 and 1.27, respectively (e.g. Broecker,
1986). Therefore, we can use these differences, to-
gether with the different half-lives of the three nuclides,
to test alternative production models. Two of the ex-
treme models are shown in Fig. 15.2 (a and b), and will
be examined.

If all uranium formation were attributed to a single
supernova event (Fig. 15.2a), then we could calculate
the apparent timing of this event by the subsequent de-
cay of short-lived 235U (half-life about 700 Myr) rel-
ative to longer-lived 238U (half-life about 4500 Myr).
The calculation based on uranium isotopes alone may
be somewhat more reliable than that involving tho-
rium, because U/Th ratios could have been fractionated
during solar-system coalescence. The ‘single event’
model leads to a calculated � value of 2.1 Byr be-
fore solar-system coalescence. However, evidence for
the presence of the short-lived actinide 244Pu in the
early solar system rules out a model with such a large
� value.

The other extreme model involves ‘continuous’ su-
pernova production (Fig. 15.2b). Taken to its limit, this
is an impossibility, since each supernova event termi-
nates the evolution of a star, and the scattered debris
must be incorporated into a new star before nucleosyn-
thesis can continue. However, for nuclides with half-
lives of hundreds of millions of years, a supernova
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Fig. 15.2. Schematic illustration of the relationship
between production models and � calculation: (a) a sin-
gle supernova event yielding a maximum value of �;
(b) ‘continuous’ production followed by a short � pe-
riod; and (c) complex variation in production rate (the
‘granular model’). After Wasserburg and Papanastas-
siou (1982).

frequency as low as one per 100 Myr in the production
history of an element will be a close approximation
to continuous production. Under this model, the abun-
dance of an unstable nuclide builds up until it reaches
a level at which the rate of synthesis is equalled by
the rate of decay. This point of saturation is reached
sooner for short-lived than for long-lived nuclides (Fig.
15.3).

The growth curves in Fig. 15.3 can be presented in
the form of isotope ratios (Fig. 15.4) of 238U and 232Th
against 235U. The time at which the curves intersect
the primordial solar-system composition (calculated
above) yields a crude estimate for the age of the galaxy
at solar-system coalescence. By adding 4.55 Byr, we
obtain estimates for the age of the galaxy of 16.5
and 13.5 Byr from Figs. 15.4a and 15.4b, respectively.
Given the many assumptions made, these estimates for
the age of the galaxy agree surprisingly well with the
estimated 13–14 Byr age of the universe, and therefore
provide strong support for the ‘continuous-supernova’
model. With this model, the extant actinides provide a
very poor constraint on the value of �. However, that
is the role of the extinct nuclides.

In between the two extreme models described above,
there is an infinite number of intermediate models in

Fig. 15.3. Contrasting rates of approach of U and Th iso-
topes to the steady-state abundance in a model of ‘con-
tinuous’ supernova actinide production. After Broecker
(1986).

Fig. 15.4. Growth curves for 238U/235U and 232Th/235U
ratios in a ‘continuous’ supernova production model,
relative to the primordial solar-system value. After
Broecker (1986).

which discrete production events of variable size occur
at variable intervals (e.g. Fig. 15.2c). These are termed
‘granular’ models. Ideally, we would like to use the ac-
tinide data to put an upper limit on the ‘granularity’ of
these models. However, the indeterminacy of the sys-
tem prevents the application of precise limits. Many
workers have used rather arbitrary models involving
a combination of ‘continuous’ production and late
‘discrete’ events. However, Trivedi (1977) suggested
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that it was more reasonable to assume that supernova
events occur at regular intervals. He proposed a sim-
ple model in which fifty supernova spikes of equal
size were equally spaced with an interval of 140 Myr
(assuming a galactic age at solar-system formation of
7 Byr). Relative to a theoretical ‘stable’ actinide, this
means that the most recent supernova products would
undergo 50-fold dilution by isotopically ‘cold’ mat-
erial generated in previous events. This model repre-
sents a useful yardstick for comparison with the dilu-
tion factors proposed for extinct nuclides.

15.3 Xenon isotopes

Like terrestrial xenon, meteoritic xenon is an important
isotopic tracer because it is the product of two indepen-
dent decay routes. In addition, non-radiogenic xenon
isotopes are of very low abundance, making radiogenic
xenon from these decay routes easier to detect. Hence,
xenon is a sensitive tracer of extinct radionuclide abun-
dances.

15.3.1 I–Xe

The nuclide 129I has a half-life of 16 Myr, and decays
by β emission to 129Xe (Fig. 15.5). Wasserburg and
Hayden (1955) searched for 129Xe anomalies, but were
unsuccessful. However, 129Xe excesses were eventu-
ally demonstrated by Reynolds (1960), making this
the first extinct nuclide to be ‘found’.

If the excess 129Xe signatures discovered by
Reynolds were due to the decay of now-extinct 129I in
the meteorite samples, it would be expected that stable

Fig. 15.5. Part of the chart of the nuclides in the region of iodine, showing nucleosynthetic production and ra-
dioactive decay routes. Arrows labelled ‘r’ indicate nuclides generated entirely by the r-process.

127I would still be present. Therefore, to test this model,
it was necessary to look for correlations between the
abundance of 127I and excess 129Xe in each sample. To
do this by chemical analysis would have been labo-
rious and inaccurate. However, Jeffrey and Reynolds
(1961) conceived of an elegant means of measuring
the 129Xeexcess/127I ratio in a single mass-spectrometric
analysis. By irradiating whole-rock samples of a me-
teorite with slow neutrons in a reactor, it was possible
to generate the stable isotope 128Xe from 127I by the
following n, γ and β decay reactions:

127I + n → 128I + γ
128I → 128Xe + β + ν̄

Hence, the I/Xe ratio could be determined by isotopic
analysis of xenon alone.

Jeffery and Reynolds made a further technical ad-
vance in their method of sample analysis. Rather than
one-step outgassing of xenon from each meteorite
sample by melting it (to produce a single data point),
they outgassed the sample in a series of increas-
ing temperature steps, admitting each new gas-release
separately to the mass spectrometer for analysis. A
very similar neutron-irradiation and ‘step-heating’
mass-spectrometric method was applied to K–Ar
geochronology five years later, revolutionising it to the
40Ar–39Ar method (section 10.2).

It is convenient to display the xenon isotope data
on a plot somewhat analogous to an Ar–Ar isochron
diagram (section 10.2.3). Jeffrey and Reynolds dem-
onstrated a correlation between 129Xe and 128Xe abun-
dances in the Richardton chondrite, ratioing both of
these against the non-radiogenic isotope 132Xe (e.g.
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Fig. 15.6. Xe–Xe plot for stepwise-degassed samples of
the Richardton meteorite, showing the line of constant
initial 129I/127I ratio. Solid and open symbols indicate
gas fractions released above and below 1100 ◦C, respec-
tively. After Hohenberg et al. (1967).

Fig. 15.6). If the efficiency of the activation process is
calibrated, the excess 128Xe abundance translates into
the abundance of the non-radioactive iodine isotope,
127I. Similarly, because every 129I atom has by now
been converted into 129Xe by radioactive decay, the
excess 129Xe abundance translates into the 129I abun-
dance at the time when meteorite components were
isolated from a common reservoir. Hence, the slope
of any array of data points observed in this diagram
(129Xeexcess/128Xeexcess) has no direct age significance.
Instead, it indicates the initial 129I/127I ratio when the
meteorite cooled to the point at which its minerals be-
came closed to diffusional loss of xenon into space.
Meanwhile, the intercept of the correlation line on the
y axis represents the initial 129Xe/132Xe ratio before
the decay of extinct 129I began.

The slope of the array for the Richardton chondrite
(Fig. 15.6) corresponds to an initial 129I/127I ratio of 1 ×
10−4. Subsequent work on a wide variety of meteorites
has confirmed this value with only small variations.
This suggests that 129I was widely distributed through
the solar nebula (e.g. Podosek, 1970; Wasserburg et al.,
1977; Niemeyer, 1979). Excess 129Xe is also found in
terrestrial rocks and magmas, but in the Earth,129Xe
abundances are not correlated with 127I abundances.
This observation is attributed to the outgassing of

noble gases from a deep Earth reservoir that also once
contained ‘live’ 129I (section 11.4.1).

The 129I/127I ratio calculated from meteorite studies
can be used as a ‘model age’ chronometer to mea-
sure the time interval (�) between last nucleosynthe-
sis and coalescence of the solar nebula. However, as
with model ages in general, several major assumptions
must be made in any attempt to calculate a � value.
In particular, estimates must be made of the following
quantities:

(1) the 129I/127I ratio originally produced by nucle-
osynthesis;

(2) the rate of nucleosynthesis over time, prior to
the � period;

(3) in a granular model, any dilution of the last
addition of radioactively ‘hot’ iodine by ‘cold’
iodine from earlier events.

These questions are best examined by comparing some
extreme solutions that were summarised by Wasser-
burg (1985).

It has traditionally been assumed that iodine is gen-
erated by the r-process (Fig. 15.5). Production ratios
(p127/p129) can be determined only by theoretical cal-
culation; hence there are large uncertainties. However,
they are generally assumed to be near unity. For ex-
ample, values that have been used in the literature
are unity (Wasserburg et al., 1960; Wasserburg, 1985),
1.3 (Cameron, 1962; quoted by Hohenberg, 1969) and
2.9 + 1/ −2 (Seeger et al., 1965; quoted by Schramm
and Wasserburg, 1970).

The model originally conceived by Reynolds (1960)
involved synthesis of iodine with a 129I/127I ratio of
unity in a single event. This would decay to a ratio of
10−4 over about twelve half-lives, yielding a maximum
� value of about 200 Myr (Fig. 15.7a). However, if
all iodine were generated in a single supernova (i.e.
zero dilution of ‘hot’ supernova iodine by ‘cold’ 127I),
then all other r-process elements would need to have
formed at this time, which is incompatible with actinide
evidence (as well as some short-lived extinct nuclides).

The other extreme model assumes that there has been
more or less constant supernova activity throughout
the lifetime of the galaxy. If their products were kept
mixed, then r-process production of solar-system ma-
terial might be regarded as relatively constant (Dicke,
1969). With this model, the total number of atoms of
stable 127I after time T (at the termination of nucle-
osynthesis, Fig. 15.1) is defined as

n127
T = p127T [15.1]

where p is the average production rate. Similarly,
the total number of 129I atoms after time T can be
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Fig. 15.7. Schematic illustration of iodine production
models and consequent � calculation: (a) a single su-
pernova event yielding a maximum value of � (about
200 Myr); (b) constant ‘continuous’ production followed
by a period � of about 80 Myr; and (c) complex variation
in production rate (the ‘granular model’). After Wasser-
burg and Papanastassiou (1982).

approximated as

n129
T = p129/λ = p129 × mean life [15.2]

On dividing [15.2] by [15.1] we obtain(
n129

n127

)
T

= p129

p127

mean life

T
[15.3]

Therefore, assuming a production ratio of unity in a
model in which iodine is formed by frequent and well-
mixed supernovae over a period of 10 Byr, the 129I/127I
ratio when nucleosynthesis is interrupted is 2.3 × 10−3.
This would take nearly five half-lives to decay to a
value of 1 × 10−4, yielding a � value of about 80 Myr
(Fig. 15.7b). However, this model has a major concep-
tual problem. It is very sensitive to the contributions of
iodine from ‘late’ supernovae near the end of the nucle-
osynthetic period. If these form a significant fraction of
the total iodine budget, then they are apt to destabilise
the smooth growth model, giving rise to a ‘granular’
model (Wasserburg and Papanastassiou, 1982), as il-
lustrated in Fig 15.7c.

In reality, consideration of the rate of supernova oc-
currence in the whole galaxy (about one every hundred

years) relative to the size of the galaxy suggests that,
in our corner of the galaxy, a granular model is almost
inevitable, relative to the relatively short half-life of
129I. In this case, the most critical quantity is the dilu-
tion factor for the last addition of hot iodine (129I/127I
≈ 1) by cold or nearly cold iodine from earlier events
(129I/127I ≈ 0). A dilution factor of 100 has been pro-
posed by Cameron and Truran (1977). Coupled with
a production ratio of unity, this would yield a � value
of about 110 Myr. However, as the dilution factor ap-
proaches 104, � can approach zero. Not until the re-
view of Wasserburg (1985) was it explicitly pointed
out that such ‘extreme’ solutions are possible.

In addition to uncertainties about the dilution fac-
tor, there are also questions about the site of nucle-
osynthetic production of 129I. Because iodine is not
greatly separated from the s-process nucleosynthetic
pathway, there remains a possibility that 129I might
be produced in less extreme environments than super-
novae. Furthermore, it must not be forgotten that 127I
is certainly generated by the s-process, so that uncer-
tainties about the relative s- and r-process contribution
to total iodine production are also present. Therefore,
129I cannot place tight constraints on the relative tim-
ing of nucleosynthesis and solar-system condensation
(contrary to early claims). For this we must turn to
other systems. However, 129I may be useful in dat-
ing the very early evolution of solar-system objects
(section 15.3.3).

15.3.2 Pu–Xe
244Pu has a half-life of 82 Myr. The clearest evidence of
extinct 244Pu in meteorite materials is provided by fis-
sion products, most notably a large excess abundance
of 132Xe, 134Xe and 136Xe, which has been matched
to the signature of laboratory Pu fission products (Fig.
15.8). 244Pu is always compared with the abundances of
other actinide elements in drawing conclusions about
solar-system origins.

244Pu is most conveniently ratioed against 238U, but
this involves elemental as well as isotopic abundances,
and the former are susceptible to chemical fraction-
ation after condensation of the nebula. Hence, rep-
resentative analysis has been very difficult. The first
determination of the initial 244Pu/238U ratio, which
was based on meteoritic phosphate (Wasserburg et al.,
1969), gave a value of about 0.035. However, this value
might not be representative of the bulk (whole-rock)
meteorite due to partition effects. Whole-rock analy-
sis of various meteorites has yielded a large range of
values, but the best consensus is for a chondritic value
near 0.007 (Fig. 15.9).
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Fig. 15.8. Histogram of measured meteoritic Xe isotope
abundance ratios relative to 136Xe, compared with ra-
tios observed in laboratory fission products (tie bars).
After Wasserburg and Papanastassiou (1982).

Fig. 15.9. Summary of Pu/U ratios for whole-rock
samples of various meteorites (which are always named
after their discovery site), relative to a model production
ratio. ADOR = Angra dos Reis. After Hagee et al. (1990).

Plutonium data alone are not able to apply tight con-
straints to �, for the same reasons as were given for
iodine. However, if we assume that 129I and 244Pu were
added at the same time, we can use the data together to
constrain �. For example, a continuous model yields
an equilibrium 244Pu/238U ratio of 0.018, which can
decay to 0.007 after a � period of about 100 Myr. This
is in reasonable agreement with the continuous model
for 129I, which yields a � value of 80 Myr. Similarly,

if we take a granular model in which both elements
undergo 50-fold dilution of the last r-process addition
with cold material, both plutonium and iodine yield
� values of about 130 Myr. Both of these results ar-
gue against very late addition of very dilute material
(which was able to explain the iodine data alone). On
the other hand, if 129I is not an r-process nuclide, then
its addition does not have to be accompanied by 244Pu,
and these constraints disappear.

15.3.3 I–Xe chronology

Podosek (1970) used the slightly variable initial
129I/127I ratios of 0.7 × 10−4 to 1.3 × 10−4 measured
in various meteorites to calculate the relative cooling
times of those meteorites, by assuming that ‘hot’ and
‘cold’ iodine sources were homogenised in the solar
nebula. It is not necessary to know the iodine isotope
production ratio or the dilution factor of ‘hot’ by ‘cold’
iodine in the solar nebula for this calculation. However,
to interpret the isotopic variations in terms of cooling
times, it is necessary to assume initial homogeneity
of the 129I/127I ratio in the solar nebula. Crabb et al.
(1982) argued instead that the variations in initial ratio
are due to imperfect mixing of iodine from different
sources (variable dilution factors). More recently, Po-
dosek’s research group has at times felt the evidence
to be equivocal (Bernatowicz et al., 1988), and at other
times argued that the ‘dates’ have genuine age signifi-
cance (Swindle et al., 1991).

To solve these uncertainties, it was necessary to test
the accuracy of I–Xe ages by comparison with absolute
dating methods. Until recently this was not possible
because absolute dating methods (which measure ages
back from the present) were not sufficiently precise to
measure age differences of about 1 Myr in materials
4570 Myr old. However, the availability of new high-
precision Pb–Pb ages (section 5.3.1) has allowed rela-
tive I–Xe ages to be anchored against absolute Pb–Pb
ages and tested for their reliability.

Nichols et al. (1994) began this work by dating
phosphate mineral separates (apatite) from the prim-
itive achondrite Acapulco, whose Pb–Pb age is 4557
± 2 Myr (Gopel et al., 1994). Brazzle et al. (1999)
continued this work by obtaining step-heating I–Xe
ages on apatite separates from three other chondrites
also dated by Pb–Pb. The results gave excellent con-
cordance between I–Xe and Pb–Pb ages (Fig. 15.10),
demonstrating that the relative I–Xe ‘ages’ date real
events. Since iodine is a volatile element, Brazzle et al.
inferred that it could not have been incorporated into
the refractory minerals that were first crystallised from
the nebula. Therefore, it must have been adsorbed onto
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Fig. 15.10. Correlation diagram to test the concordancy
of Xe/Xe and Pb/Pb ages on apatite separates from
chondritic meteorites. Ages are given relative to Aca-
pulco. After Brazzle et al. (1999).

cooling surfaces and subsequently re-distributed into
secondary minerals (e.g. apatite) during very early
post-formation metamorphism. It is this later event that
the I–Xe and Pb–Pb analysis of apatite is thought to be
dating.

In order to test the ability of the I–Xe method to date
primary meteorite condensation, Gilmour et al. (2000)
analysed individual chondrules and clasts from a vari-
ety of ‘ordinary’ (as opposed to carbonaceous) chon-
drites. Subsequently, Whitby et al. (2002) focussed
in more detail on the enstatite chondrites Qingzhen
and Kota Kota. Because the latter two chondrites are
‘unequilibrated’, they have a relatively simple history
that should allow the most precise dating of their pri-
mary condensation. (The step-heating method used for
all I–Xe analyses can exclude the effects of late low-
temperature metamorphism and shock events that most
meteorites have suffered.) On the other hand, the lack
of equilibration of the enstatite chondrites means that
there was less opportunity to homogenise any primor-
dial iodine isotope variations between chondrules. The
analysis of individual chondrules therefore provides
more control on the degree of iodine isotope homo-
geneity in the early solar system than did the earlier
data from whole-rock chondrites.

Results from this study are shown in Fig. 15.11, to-
gether with results from other studies on single chon-
drules, summarised by Swindle et al. (1996). Ages are
quoted relative to whole-rock analyses of the chon-
drite Bjurbole, which has traditionally been used as

Fig. 15.11. Xe/Xe ages for individual chondrules for sev-
eral meteorites relative to whole-rock samples of the
standard Bjurbole. The achondrite Shallowater is shown
for reference. Modified after Whitby et al. (2002).

an irradiation standard. The results show that the me-
teorites Chainpur and Semarkona yield scattered chon-
drule ages, which is attributed to shock disturbance or
aqueous alteration (Swindle et al., 1996). However, the
analyses from Qingzhen, Kota Kota and Allende, to-
gether with most of the new Bjurbole analyses, gave
more consistent results.

Gilmour et al. (2000) and Whitby et al. (2002)
argued that the consensus of chondrule ages similar
to Bjurbole was dating the primary cooling of chon-
drules shortly after their formation, and was not the
result of later re-setting. However, they also noted that
these ages overlap with the achondrite Shallowater.
The latter object also gives consistent I–Xe results,
leading to its recent adoption as a standard for I–Xe
analysis (e.g. Brazzle et al., 1999). Because whole-
rock samples of Shallowater are only 0.6 Myr younger
than Bjurbole, this would imply that the differentia-
tion of small planetesimals (represented by the achon-
drites) was already occurring at the same time as
primary chondrule formation. Comparison with other
extinct nuclide geochronometers may be used to test
this model (section 15.5.2).

More surprising recent results come from the
I–Xe analysis of halite (sodium chloride) from the H
(high-metal) chondrite ‘Zag’. This material yields an
I–Xe age 5 Myr older than Bjurbole and Shallowater,
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implying that aqueous fluids were present on Zag at
an extremely early time. It also implies that the halite
on Zag pre-dates calcium–aluminium inclusions (see
below), which are usually regarded as the oldest solar-
system objects. However, the I–Xe step-heating results
for Zag indicate some disturbance, so the result may be
unreliable as a true indication of age (e.g. Ott, 2000).

15.4 Very-short-lived species

15.4.1 Al–Mg

The nuclide 26Al has a half-life of 0.72 Myr and de-
cays to 26Mg. The search for extinct 26Al was a much
more difficult task than the search for 129I, and was
only made possible by the fall of the Allende carbona-
ceous chondrite in February 1969. Allende is an ag-
glomerate of fine-grained debris and chondrules, but
also contains ‘inclusions’ with a refractory mineralogy,
which appear to be very early condensation products
from the solar nebula. These are normally referred to
as calcium–aluminium inclusions or ‘CAIs’.

Analysis of Mg isotope ratios in minerals separated
from Allende inclusions reveals mass-fractionation-
dependent variations in 25Mg/24Mg ratio. These are
normally of the order of a few parts per mil (Fig.
15.12), but some inclusions (e.g. EK1-4-1 and C1)
exhibit larger effects. These were termed FUN sam-
ples (showing Fractionation and Unknown Nuclear
anomalies) by Wasserburg et al. (1977). Because 27Al

Fig. 15.12. 25Mg/24Mg versus 26Mg/24Mg isotope diagram, showing deviations of Allende inclusions from the
normal solar-system value, in parts per mil (δ). These may be due to mass fractionation in the solar nebula (open
symbols) or decay of extinct 26Al (solid symbols). After Wasserburg and Papanastassiou (1982).

was always a nuclide of comparatively low abundance,
it was at first very difficult to find radiogenic 26Mg
abundances outside error of mass-fractionation pro-
cesses. The first such evidence for radiogenic 26Mg
was demonstrated by Lee et al. (1976). Subsequently,
larger 26Mg anomalies were found by very careful hand
picking of inclusion- and alteration-free plagioclase
grains from the WA Allende inclusion. Because these
grains have very high Al/Mg ratios, they provide the
best chance of finding 26Mg anomalies. This search re-
vealed an excess 26Mg abundance of 97 parts per mil
in one anorthite grain (Lee et al., 1977).

It is most convenient to display Al–Mg data on an
isotope ratio versus element ratio plot somewhat ana-
logous to an isochron diagram (e.g. Fig. 15.13). Hence,
the 26Mg/24Mg ratio is plotted against an Al/Mg ratio.
In a conventional isochron diagram, the ratio plotted on
the abscissa would be 26Al/24Mg. However, since every
26Al atom has been converted into 26Mg by radioactive
decay at the present day, the 27Al/24Mg ratio is plotted
instead. Therefore, the slope of any array of data points
observed in this diagram has no direct age significance,
but indicates the initial 26Al/27Al ratio in the sample
suite at the time when sub-systems were isolated from
a common reservoir. Hence, these arrays will be called
pseudochrons.

The data shown in Fig. 15.13 for separated min-
erals from the Allende EGG-3 inclusion display a good
26Mg/27Al correlation, yielding a well-defined initial
26Al/27Al ratio of 4.9 × 10−5 (Armstrong et al., 1984).
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A similar array for the WA inclusion gave a 26Al/27Al
ratio of (5.1 ± 0.6) × 10−5 (Lee et al., 1977). However,
in the inclusion USNM 3529-26 (Armstrong et al.,
1984), minerals from different parts of the inclusion
gave different initial ratios, with a higher value in the
core (3.8 × 10−5) than the rim (2.3 × 10−5). This spa-
tial variation is best explained by Mg loss, particularly
from the margins of the inclusion, during a later meta-
morphic event. The event may have resulted from the
heat output of 26Al decay itself.

Subsequent studies of Mg isotope ratios in Allende
inclusions have made use of the ion microprobe (SIMS)
for direct analysis of material with very low common-
Mg contents. Analysis of Allende melilites and spinels
by Steele and Hutcheon (1979) gave an initial 26Al/27Al

Fig. 15.13. Plot of δ Mg against Al/Mg ratio for the
Allende EGG-3 inclusion, showing the best-fit line of
constant initial 26Al/27Al ratio with a value of 4.9 × 10−5.
After Armstrong et al. (1984).

Fig. 15.14. Schematic illustration of a model in which solar-system collapse is promoted by a supernova, which also
seeds it with short-lived nuclides. After Wasserburg (1985).

ratio of (2 ± 1) × 10−5, although data on the refractory
mineral hibonite (from the same inclusion) implied a
ratio as high as 8 × 10−5. Nevertheless, these results
are broadly in line with the data on separated minerals.

The great significance of 26Al for cosmochemistry
is its short half-life of 0.72 Myr. Because this is only
4% of the half-life of 129I, its presence in the early so-
lar system constrains a nucleosynthetic event to have
occurred much more imminently before the coales-
cence of the solar system. Classical nucleosynthetic
models (e.g. Arnett, 1969; Truran and Cameron, 1978)
attribute 26Al to explosive carbon burning in the enve-
lope of a supernova, and predict a 26Al/27Al production
ratio of about 10−3. It would take only 3 Myr for this
ratio to decay to the value of 5 × 10−5 found in sev-
eral meteorite samples. Therefore, Lee et al. (1976)
suggested that the observed anomalies were due to
late addition to the solar nebula of freshly synthesised
material from a nearby nova or supernova explosion.
Cameron and Truran (1977) pointed out that such an
explosion in the vicinity of a condensing solar nebula
was a very unlikely coincidence unless the supernova
itself triggered the collapse of an interstellar cloud to
form the solar system. This model is illustrated in Fig.
15.14.

For a time, the ‘supernova-trigger’ model for solar-
system coalescence was widely accepted. However,
spectral data from the High Energy Astronomical Ob-
servatory satellite (HEAO 3) revealed a γ line (Fig.
15.15) due to decay of 26Al from a diffuse galactic
source (Mahoney et al., 1984). An average galactic
26Al/27Al ratio of about 10−5 was determined, which
is remarkably close to that deduced for the early solar
system from Allende inclusions. This high abundance
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Fig. 15.15. Galactic γ-ray spectrum, showing a peak at
1808 keV that is attributed to decay of excited 26Mg,
itself produced by the decay of 26Al in interstellar space.
After Mahoney et al. (1984).

of 26Al in the galaxy means that supernovae, which
are rare, cannot be the principal sources. Indeed, re-
cent experimental studies (Champagne et al., 1983)
suggest that red giants can generate Al with a 26/27
production ratio of unity. Nevertheless, the isotopic
data on Allende inclusions still imply late injection of
26Al into the pre-solar cloud. For example, Wasserburg
(1985) suggested that this injection could be supplied
by rapidly evolving stars within the interstellar cloud
itself, followed by rapid condensation on a roughly
1-Myr timescale (Wasserburg, 1985).

A very different explanation was proposed by Clay-
ton (1975; 1979), who argued that most isotopic
anomalies observed in meteorites, including extinct ra-
dionuclide signatures, are inherited from pre-solar dust
grains. If this model were true for 26Al, then both Al
isotope and Al/Mg ratios would have to be inherited in-
tact from these pre-solar materials. This would in turn
imply that many meteorite mineral phases (e.g. Ca–
Al inclusions in Allende) are also pre-solar. Wasser-
burg (1985) contested this argument on mineralogical
grounds, believing that most or all of the meteorite
phases analysed had crystallised within the solar sys-
tem. Evidence supporting Wasserburg was provided
by the discovery of 26Mg excesses in a clast from
the chondrite Semarkona (Hutcheon and Hutchison,
1989). Hutcheon and Hutchison argued that the min-
eralogy and REE chemistry of the clast were the result
of igneous processes, implying a planetary, rather than
nebular, origin.

All of the samples described above (inclusions and
clasts) are now generally thought to have formed

during solar-system condensation. However, evidence
for the preservation of pre-solar grains in the Murchi-
son carbonaceous chondrite has recently been found.
These grains are composed of silicon carbide, and have
exotic rare-gas signatures that match the abundance
patterns expected in carbon-burning red giants (Lewis
et al., 1990). This means that they have escaped signif-
icant heating during solar-system coalescence. Zinner
et al. (1991) found large excesses of 26Mg in some of
these grains, equivalent to initial 26Al/27Al ratios from
10−5 up to nearly unity. These ratios probably date
from the time of expulsion of the grains, in the solar
wind of a red giant, into interstellar space. Therefore,
one model suggests that the solar wind from such a
star (rather than a supernova) triggered the collapse of
a giant molecular cloud to form the solar system (Nuth,
1991).

A totally different explanation of 26Al signatures that
has been proposed at various times (e.g. Lee, 1978)
is their generation by spallation reactions caused by
intense solar radiation. For example, such irradiation
may have occurred if the sun went through a ‘T Tauri’
stage early in its evolution. However, Shu et al. (1997)
argued that the greatest radiation intensity was reached
at an earlier stage in the Sun’s evolution, as a protostar
still ‘embedded’ in the nebular disc. Lee et al. (1998)
used this model to explain the presence of several of the
very-short-lived species whose traces are observed in
meteorites. This model is discussed further below, in an
examination of the spallogenic nuclide 10Be (section
15.4.3).

Returning to the question of the distribution of 26Al,
recent work by Russell et al. (1996) suggested that ad-
dition of 26Al to the solar nebula was more widespread
than previously thought, and therefore that this and
other radionuclides may have been homogeneously
distributed. Firstly, Mg isotope anomalies were found
in two inclusions from the unmetamorphosed ordinary
chondrites Semarkona and Moorabie. These gave ini-
tial 26Al/27Al ratios of 5 × 10−5, exactly the same
as those found in inclusions from carbonaceous chon-
drites. The observation of consistent ratios in inclu-
sions from different chondrite groups suggests that
these inclusions might have been fairly widely dis-
tributed in the nebula.

Russell et al. (1996) also detected the first evi-
dence for extinct 26Al in Al-rich chondrules (as op-
posed to inclusions) from Inman and Chainpur. The
chondrules gave lower initial 26Al/27Al ratios than the
inclusions, around 1 × 10−5. If the decrease from a
typical CAI value of 5 × 10−5 to a chondrule value of
1 × 10−5 is attributed to decay of 26Al in a homoge-
neous reservoir, the data imply a period of about 2 Myr
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between CAI formation and chondrule formation. This
time span is consistent with U–Pb ages on chondrules
and inclusions (section 5.3.1), thus supporting the hy-
pothesis of a homogeneous 26Al distribution. Simi-
lar results were found by Kita et al. (2000) for two
ferromagnesian chondrules from Semarkona. Al–Mg
pseudochrons gave initial 26Al/27Al ratios in the nar-
row range (6–9) × 10−6, again implying a period of
about 2 Myr between CAI formation and chondrule
formation.

The occurrence of 26Al was finally extended to
achondrites by Srinivasan et al. (1999). These workers
found evidence for a small 26Al signal (26Al/27Al =
7.5 × 10−7) in the eucrite Piplia Kalan, showing that
this nuclide survived into the period of differentiation
of the Eucrite Parent Body, and could have provided
a heat source for the melting of such bodies. The 26Al
signal was actually larger than expected, and suggests
that planetary differentiation could have occurred as
early as 5 Myr after the formation of CAIs, assuming
that there was a homogeneous distribution of this nu-
clide.

15.4.2 Ca–K
41Ca decays to 41K with a half-life of only 0.1 Myr.
Hence, if 41K excesses were found in solar-system
material, they would imply a very late addition of
nucleosynthetically ‘hot’ material to the solar nebula.
Such anomalies might be expected in Allende material
displaying 26Al signatures. Begemann and Stegmann
(1976) sought 41Ca signatures in Allende samples, and
believed that they had found them. However, subse-
quent work by Hutcheon et al. (1984) attributed this
signal to (40Ca42Ca)2+ dimers, creating a peak that
could not be resolved in mass from 41K. Nevertheless,
subsequent work by Srinivasan et al. (1994; 1996) fi-
nally moved 41Ca from a species thought absent to a
species known to have been present in the early solar
system.

Srinivasan et al. looked for 41K, the decay product of
41Ca, in CAIs from the Efremovka CV3 carbonaceous
chondrite. These inclusions were regarded as an ideal
place to search for 41K anomalies because of their un-
usually fresh petrography and the known presence of
26Al anomalies. The pristine nature of the samples is
very important, because 41K anomalies are visible only
at extreme Ca/K ratios, which would be compromised
by re-mobilisation of common potassium.

Srinivasan et al. used the ion microprobe to mea-
sure K isotope ratios in pyroxenes and other high-
Ca phases from four different inclusions. Special pre-
cautions were taken to resolve the 41K signal from

Fig. 15.16. K–Ca pseudochron diagram for pyroxenes
in Efremovka inclusions, indicating a 41Ca/40Ca ratio of
1.4 × 10−8 in the solar nebula at the time of their crys-
tallisation. Three radiogenic points (inset) also lie within
error of the best-fit line: (�) = terrestrial minerals. After
Srinivasan et al. (1996).

interfering molecular ions. 40CaH+ was resolved by
its excess mass at high spectral resolution. On the
other hand, (40Ca42Ca)2+ ions could not be resolved
by mass, but were monitored and corrected via the re-
lated species (40Ca43Ca)2+. The reliability of this cor-
rection is demonstrated by the constant 41K/39K ratios
determined in terrestrial samples with Ca/K variations
spanning nine orders of magnitude. In contrast, Efre-
movka inclusions exhibited a strong correlation be-
tween 41K/39K and 40Ca/39K ratios (Fig. 15.16). If this
correlation results from in situ decay of 41Ca after the
inclusions were formed, its slope corresponds to an
initial 41Ca/40Ca ratio of 1.4 × 10−8. Minerals from
the same suite of inclusions also gave initial 26Al/27Al
ratios typical of other CAIs, around 5 × 10−5.

In principle, the 41K signal in Efremovka inclusions
could be explained by recent cosmogenic production
of 41Ca by cosmic-ray neutrons. However, Srinivasan
et al. cited rare-gas isotope evidence for Efremovka
which indicated a low cosmogenic neutron flux during
the fragment’s 11-Myr exposure history in space. A
second alternative is that 41K was inherited as a ‘fos-
sil’ component from decay of 41Ca in pre-solar grains.
However, this can be ruled out because the correla-
tion between 41K/39K and Ca/K ratios is observed in
grains which clearly crystallised from a liquid. There-
fore, Srinivasan et al. concluded that the 41K signal
could best be explained by the presence of live 41Ca in
the early solar system.

Srinivasan et al. also considered the possibility
that 41Ca was manufactured in the solar nebula by
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bombardment of dust grains with energetic particles
from an early ‘active’ Sun. However, they argued that
this model cannot produce 41Ca and 26Al in their cor-
rect relative abundances. Therefore, the most attrac-
tive model attributes both nuclides to a common nu-
cleosynthetic process immediately before solar-system
condensation. This argument was supported by the dis-
covery of correlated enrichments of 26Mg and 41K
in several grains of hibonite in the three carbona-
ceous chondrites Murchison, Allende and Efremovka
(Sahijpal et al., 1998). The correlations were observed
on a microscopic scale by ion-microprobe analysis,
and therefore imply a common source for the extinct
parents, 26Al and 41K.

If we assume simultaneous injection of 41Ca and
26Al, and we know the production ratios relative to
stable calcium and aluminium, we can solve for both
� and the dilution factor of ‘hot’, freshly injected ma-
terial by ‘cold’ pre-existing material. This is the same
approach as that attempted for the two longer-lived
r-process nuclei 129I and 244Pu (section 15.3.2). Un-
fortunately, similar problems arise here, because the
production ratios are poorly constrained. However, the
half-life of 41Ca is so short (0.1 Myr) that tight con-
straints on � arise from almost any model. In prac-
tice, both supernovae and red giants (asymptotic giant
branch, or AGB, stars) can be made to fit the data, im-
plying a � value of 1 Myr or less, and a dilution factor
of 100 or more.

15.4.3 Be-10

The ‘canonical’ model involving late incorporation of
‘hot’ nucleosynthetic material into the solar nebula has
recently been undermined by evidence for the produc-
tion of 10Be in the early solar system. 10Be is one of
the class of nuclides that cannot be produced by stellar
nucleosynthesis because it is unstable in stars. Hence
production of 10Be is attributed to spallation reactions
involving cosmic rays, termed the ‘x-process’ (section
1.2.2). Evidence for extinct 10Be in the early solar sys-
tem implies that other extinct nuclides might likewise
have had spallogenic origins.

10Be decays to 10B with a half-life of 1.5 Myr. Evi-
dence for the existence of extinct 10Be in the early solar
system was discovered by McKeegan et al. (2000) from
the observation of 10B/11B variations that were posi-
tively correlated with Be/B ratios in melilite grains
from an Allende CAI (Fig. 15.17). The slope of the
array indicated an initial 10Be/9Be ratio of 9.5 × 10−4

at the time of CAI crystallisation, which was much
too high to be explained by cosmogenic production by
galactic cosmic rays. Therefore, McKeegan suggested

Fig. 15.17. Be–B correlation diagram, showing evidence
for the existence of extinct 10Be in an Allende CAI. After
McKeegan et al. (2000).

that 10Be resulted from very intense radiation in the
solar nebula during its early history. This raises the
possibility that the other very-short-lived species such
as 26Al, 41K and 53Mn could also have been produced
in this way. Such models have been proposed before
(e.g. Lee, 1978), but had largely been discarded due to
the success of the ‘late-addition’ model. However, the
observation of 10Be in the solar nebula requires that
this model be re-examined.

One variant of the spallation production model re-
cently proposed for extinct nuclides is the ‘x-wind’
model (Shu et al., 1997; Lee et al., 1998). In this
model, protosolar rock debris in a ‘reconnection ring’
in the stellar accretion disc is irradiated by the proto-
sun, during magnetic ‘reconnection’ events. These
provoke impulsive flares, accelerating energetic par-
ticles to very high speeds so that they are capable of
causing the production of extinct nuclides by spalla-
tion. After irradiation, most of this matter is funnelled
back into the star. However, a sudden decrease in the
solar magnetic field can cause the ‘x region’ to col-
lapse into the zone of irradiated protosolar rock debris,
flinging some of this material out to planetary distances
(Fig. 15.18). This model can also explain the intense,
but short-lived, heating episodes that are need to ex-
plain the high-temperature mineralogy of CAIs, and to
a lesser extent, chondrules (Shu et al., 1996).

There has been extensive debate about the ability
of the x-wind model to explain the abundances of
short-lived extinct nuclides in their correct propor-
tions. For example, Sahijpal et al. (1998) argued that
spallation cannot explain the observed abundances of
26Al without over-production of 41Ca. However, Lee
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Fig. 15.18. Cartoon illustrating the ‘x-wind’ production
of extinct nuclides by irradiation of the solar nebula.
Dots = CAI precursors. R–R = reconnection ring; X =
x-region. After Shu et al. (1997).

et al. (1998) argued that mantling of CAIs with an
Fe–Mg rich covering could enhance production of 26Al
relative to 41Ca and therefore explain the abundances
of all of the short-lived extinct nuclides except 60Fe.
On the other hand, Russell et al. (2001) predicted that
spallation production would produce a heterogeneous
distribution of the very-short-lived extinct species in
meteorites. In theory this should allow the model to be
tested; however, the actual degree of isotope hetero-
geneity is hard to assess.

Further evidence for the existence of extinct 10Be in
the early solar system was provided by Sugiura et al.
(2001) from analysis of CAIs from Allende and Efre-
movka. Each of four inclusions from Efremovka and
two from Allende exhibited positive correlations be-
tween 10B/11B and Be/B ratios in analysed melilite
grains. The slopes of the arrays varied slightly, but
all fell within error of the average 10Be/9Be ratio of
6.2 × 10−4 (Fig. 15.19a). Al–Mg measurements were
made in coexisting anorthite from the same inclusions;
however, these were much more scattered, and fell be-
low the ‘canonical’ 26Al/27Al ratio of 5 × 10−5 which
had previously been observed in many CAIs. This
was attributed to re-equilibration during a later dis-
turbance. Hence, it was suggested that diffusion of B
in melilite must be slower than diffusion of Mg in anor-
thite. However, the strength of the Be–B pseudochron
(Fig. 15.19a) raises the alternative possibility that it
could be a mixing line.

To test the possibility of a mixing line, Sugiura et al.
compared the data on the Be–B pseudochron diagram
with a plot of 10B/11B ratio against the reciprocal of
boron concentration (Fig. 15.19b). The good correla-
tion in the latter diagram shows that the data are indeed
primarily a mixing line between an exotic 10B-enriched

Fig. 15.19. Plots of boron isotope ratio against (a) Be/B
ratio and (b) 1/B concentration to evaluate pseudochron
versus mixing models for aggregate data from six CAI.
Error bars are omitted for clarity. Modified after Sugiura
et al. (2001).

component and common boron. However, because the
quality of the pseudochron correlation was better than
the mixing line, Sugiura et al. suggested that the pseu-
dochron really does represent a signature of extinct
10Be from the early solar system, rather than cosmo-
genic isotope production over the subsequent 4.5 Byr.

Some doubts about the widespread importance of
spallation production come from a recent study of
hibonite grains in the carbonaceous chondrite Murchi-
son (Marhas et al., 2002). In this meteorite, two differ-
ent types of hibonite grain are observed, one of which
has large mass-fractionation anomalies, whereas the
other has extinct-nuclide anomalies. Marhas et al. in-
vestigated the former type, to see whether they would
nevertheless display 10Be anomalies. This was indeed
the case, since 10Be/9Be ratios near 5 × 10−4 were
observed, but no evidence of extinct 26Al or 41Ca was
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observed. Marhas et al. attributed the 10Be anomalies
in these and other CAI minerals to energetic particles
from an early active Sun. However, they attributed the
absence of 26Al and 41Ca anomalies in the analysed hi-
bonites to their crystallisation before the solar nebula
was injected with ‘hot’ nucleosynthetic material by a
nearby stellar source. In addition, 10Be (accompanied
by 26Al and 41Ca) can also be produced in the jets of
heavily irradiated material that are expelled from a su-
pernova after its explosion. Therefore, in view of these
various possibilities, the present author believes that it
would be premature to reject the ‘late-hot-addition’
model in favour of a purely spallogenic model for
short-lived extinct nuclides.

15.5 Short-lived species in planetary
differentiation

Although the very-short-lived species 26Al and 41Ca
are suggestive of very late addition of nucleosynthet-
ically ‘hot’ material to the nebula, they are too short-
lived to demonstrate the survival of such material into
the period of early differentiation into planetesimals
and planets. However, a group of slightly longer-lived
species fulfils this role, and also provides additional
evidence for the type of late nucleosynthetic additions.

15.5.1 Pd–Ag
107Pd decays by β emission to 107Ag with a half-life
of 6.5 Myr. The only objects with Pd/Ag ratios high

Fig. 15.20. Ag isotope versus Pd–Ag diagram showing evidence for extinct 107Pd in iron meteorites. The best-fit
line to seven metal samples from the Gibeon meteorite (●) yields an initial 107Pd/108Pd ratio of 2.3 × 10−5. Open
symbols denote other group IVA iron meteorites. After Wasserburg (1985).

enough to yield measurable variations in the abun-
dance of 107Ag are iron meteorites. The first success-
ful discovery of radiogenic 107Ag was made by Kelly
and Wasserburg (1978) on the Santa Clara meteorite.
They deduced that about 10 Myr might have elapsed
between the last nucleosynthetic event and the coa-
lescence and differentiation of iron-cored small plan-
ets. Subsequent work has revealed radiogenic 107Ag in
several meteorites (Chen and Wasserburg, 1984; 1990),
of which the best data are from Gibeon. These results
yield an initial 107Pd/108Pd ratio of 2.3 × 10−5 (Fig.
15.20). Very similar results were also seen in rela-
tively low-Pd/Ag samples from Canyon Diablo, us-
ing high-precision MC-ICP-MS analysis (Carlson and
Hauri, 2001). Since 107Pd versus Ag correlations are
observed in bodies that have clearly been melted since
accretion of the solar system, the silver isotope signa-
tures must reflect the presence of ‘live’ 107Pd in the
early solar system. They cannot have been inherited
from pre-solar grains (as proposed for other systems
by Clayton, 1975).

15.5.2 Mn–Cr
53Mn decays to 53Cr with a half-life of 3.7 Myr. For
several reasons, this extinct nuclide reinforces the
evidence from 107Pd for the early history of plan-
etary differentiation. Birck and Allègre (1985; 1988)
found correlated variations in 53Cr/52Cr and Mn/Cr
ratios in several meteorites, including Allende,
Murchison, Indarch and the pallasite meteorite Eagle
Station. Since the mixed silicate–iron mineralogy of
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the pallasites indicates a high-temperature origin, the
Mn–Cr isotope systematics must result from in situ de-
cay of 53Mn in a differentiated planetary body. Hence
53Mn provides additional evidence for nucleosynthetic
processes immediately before coalescence of the solar
system.

53Mn is part of the iron group of elements (sec-
tion 1.2), which are thought to be synthesised in large
stars shortly before a supernova explosion. Hence it
was argued (e.g. Rotaru et al., 1992) that a supernova
did indeed briefly pre-date solar-system condensation,
as initially proposed on the basis of 26Al. From the
3.7 Myr half-life of 53Mn, it would follow that such
an event occurred about 20 Myr before planetary dif-
ferentiation. However, there are other possible routes
for the synthesis of 53Mn (Birck and Allègre, 1985).
Furthermore, curium isotope evidence (or the lack of
it; see below) argues against a late r-process addition
to the solar nebula. Therefore, although there is good
evidence for a late nucleosynthetic addition to the solar
nebula, its source remains in doubt.

Although doubts remain about the source of 53Mn,
its half-life of 3.7 Myr gives it great potential as a
chronometer of early solar-system evolution. To test
this potential, Lugmair and Shukolyukov (1998) per-
formed a Mn–Cr study of a large group of achon-
drites of various types. These are essentially all igneous
rocks produced by the very early differentiation of one
or more asteroids. Firstly, Lugmair and Shukolyukov
analysed two ‘angrites’, Lewis Cliff (LEW) and An-
gra dos Reis (ADOR), which are thought to have rapid
and simple cooling histories. Because of their well-
defined Pb–Pb age of 4558 ± 0.5 Myr, these meteor-
ites were used to anchor the Mn–Cr relative dating
method in the same way that the I–Xe method was an-
chored. The method was then tested by analysing the
primitive achondrite Acapulco, which gave a Mn–Cr
age only 3 Myr younger than the angrites, consistent
with its Pb–Pb age of 4557 ± 2 Myr. In addition, the
Mn–Cr and I–Xe ages of Ste Marguerite and Richard-
ton were also in excellent agreement (Gilmour and
Saxton, 2001). Hence, the assumption of initial 53Mn
homogeneity, on which the Mn–Cr dating method is
based, seems well justified for these materials.

Lugmair and Shukolyukov (1998) also analysed a
suite of eight eucrites attributed to a single parent
body that is tentatively identified with the asteroid
Vesta 4. Two of these (Juvinas and Chervony Kut)
gave good internal Mn–Cr pseudochrons, with inferred
ages around 4563–4564 Myr, using the calibration
against Pb–Pb described above. In addition, the com-
plete suite gave an excellent whole-rock pseudochron
with a 53Mn/55Mn ratio (Fig. 15.21) equivalent to an

Fig. 15.21. Mn–Cr pseudochron diagram for whole-rock
samples of achondrites, yielding an initial 53Mn/55Mn
ratio of 4.7 × 10−6 at the time of differentiation of the
eucrite parent body. After Lugmair and Shukolyukov
(1998).

age of 4564.5 Myr using the same calibration. This was
interpreted as the time of differentiation of the parent
body, and is only 3 Myr younger than the Pb–Pb ages
of CAIs (section 5.3.1). This supports I–Xe ages by
indicating that formation and differentiation of plan-
etesimals occurred extremely early.

Three chondrites analysed by Lugmair and
Shukolyukov (1998) were found to lie perfectly on
the angrite pseudochron. However, a detailed study of
individual chondrules from Chainpur and Bishunpur
(Nyquist et al., 2001) gave internal pseudochrons with
slopes indicating an age 10 Myr older than the angrites.
Nyquist et al. attributed this to a Mn/Cr fractionation
event in the chondrite precursors of the early nebula
(due to variations in volatility), rather than as the actual
age of chondrule formation. Therefore the calculated
age of 4568 Myr is reasonable, since it is nearly 4 Myr
older than the Eucrite parent body and is within error
of the Pb–Pb ages of CAIs.

All of these data are summarised on a plot of initial
Cr isotope ratios against Mn isotope ratios determined
from the Mn–Cr pseudochron diagrams (Fig. 15.22).
Moving backwards in time from the top-left corner, the
data suggest that all the achondrite samples (eucrites,
angrites and primitive achondrites) can be derived by
Mn–Cr fractionation from a source that is either the
Eucrite Parent Body (Vesta) or a closely related one.
Some whole-rock chondrites lie on the angrite evolu-
tion line, but Indarch lies below this with a lower initial
Cr isotope ratio, which, however, is consistent with the
Bulk Earth composition. Lugmair and Shukolyukov
(1998) attributed this less radiogenic Cr isotope ratio
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Fig. 15.22. Mn–Cr isotope evolution diagram for the
early solar system. (�) = eucrites; (
) = angrites and
primitive achondrites; (❍) = chondrite whole-rocks; (●) =
chondrule initial ratios. After Nyquist et al. (2001).

to original Mn isotope heterogeneity in the nebula, but
it is easier to explain it by invoking variable Mn/Cr
fractionation in the nebula due to the different volatil-
ities of these two elements (Birck et al., 1999).

The latter model is supported by the new Chain-
pur and Bishunpur chondrule pseudochrons. However,
whole-rock data for carbonaceous chondrites (Birck
et al., 1999, not shown here) are more scattered. In ad-
dition, the Allende inclusion (CAI) analysed by Birck
and Allègre (1985) gives an apparent Mn–Cr age up
to 10 Myr older than its Pb–Pb age. However, these in-
clusions contain many isotopic anomalies, and are the
one clear example of inhomogeneous extinct-nuclide
distribution, so we cannot assume that their Mn isotope
systematics were homogenised with other solar-system
materials. Therefore, more Mn–Cr data are needed
from the very early bodies (carbonaceous chondrites
and inclusions) in order to understand this primitive
stage in the evolution of the solar nebula.

Mn–Cr data also provide evidence about the later
cooling of chondrite parent bodies. This comes from
the observation of 53Mn excesses in carbonate frag-
ments from two chondritic meteorites (Endress et al.,
1996). These poly-crystalline fragments, mostly of
dolomitic composition, are uniformly spread through
the carbonaceous chondrites Orgueil and Ivuna. They
are interpreted as remnants of carbonate veins that
formed during very early aqueous alteration of the me-
teorite parent body. Five dolomite fragments, analysed
by ion microprobe, define a relatively linear array on
the Mn–Cr pseudochron diagram. The slope of this ar-
ray corresponds to a 53Mn/55Mn ratio of 2 × 10−6 at the

time of carbonate crystallisation. The time required to
achieve this ratio, starting from the value of 4.4 × 10−5

in 4567-Myr Allende inclusions, is less than 20 Myr.
This indicates that the carbonaceous chondrite parent
body cooled very rapidly after aggregation to temper-
atures at which liquid water could exist. Other 53Mn
evidence for very early hydrous alteration was found
in the CV3 chondrite Mokoia (Hutcheon et al., 1998).

15.5.3 Fe–Ni
60Fe decays to 60Ni (via 60Co) with a half-life of
1.5 Myr. Shukolyukov and Lugmair (1993a) found
60Ni excesses as high as 50 ε units in the achondrite
Chervony Kut, facilitated by the extremely high Fe/Ni
ratios in this meteorite (up to 350 000). These ratios are
attributed to partition of nickel into the cores of differ-
entiated planetesimals. Whole-rock samples of Cher-
vony Kut displayed a correlation between 60Ni/58Ni
and Fe/Ni ratios, indicating that 60Fe was still alive
at the time of differentiation, with a 60Fe/56Fe ratio
of 3.9 × 10−9. Whole-rock analysis of the achon-
drite Juvinas also generated a pseudochron relation,
but with a lower 60Fe/56Fe ratio of about 4 × 10−10

(Shukolyukov and Lugmair, 1993b). The difference
between these extinct-nuclide abundance ratios im-
plies a difference in closure age of about 4.7 Myr be-
tween the two meteorites, if the parent body had a
homogeneous 60Fe/56Fe ratio.

This evidence points to widespread distribution of
60Fe in the solar nebula, and suggests that this nu-
clide was a major source of heat. Coupled with 26Al,
60Fe would be capable of causing planetary melting
within a few million years of accretion. Furthermore,
the existence of 60Fe in the solar nebula requires a late
supernova contribution, since there is no suitable tar-
get nuclide to produce this isotope by spallation. Lee
et al. (1998) questioned the evidence for extinct 60Fe
in the early solar system, and suggested instead that it
could have been produced by cosmogenic irradiation
of the Eucrite Parent Body before its break-up. How-
ever, more recent work has confirmed the existence of
‘live’ 60Fe in troilites from unmetamorphosed ordinary
chondrites (Tachibana and Huss, 2003). Hence, it now
seems fairly certain that 60Fe was introduced into the
early solar system by late injection from a supernova,
thus reinstating the ‘supernova-trigger hypothesis’.

15.5.4 Hf–W
182Hf decays to 182W (tungsten) by double β de-
cay with a half-life of 9 Myr. Norman and Schramm
(1983) proposed the Hf–W system as an r-process
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chronometer, but its application was delayed by
the technical difficulties of tungsten isotope analy-
sis (which are similar to those for osmium, section
8.1). Harper et al. (1991) and Harper and Jacobsen
(1996) successfully compared W isotope compositions
in the Earth and iron meteorites by N-TIMS analysis,
and these results were verified and extended by Lee
and Halliday (1995; 1996) using MC-ICP-MS (section
2.5.1).

Lee and Halliday presented the combined data set
from the above studies in the form of ε182W values,
representing part-per-10 000 variations in 182W/183W
(Harper and Jacobsen, 1996) or 182W/184W ratio (Lee
and Halliday, 1995; 1996), relative to a terrestrial tung-
sten standard, NIST 3163. Their results gave that ε W
values that were within error of zero in terrestrial lavas,
a lunar mare basalt and bulk powders of the carbona-
ceous chondrites Allende and Murchison (Fig. 15.23).
In contrast, sawn blocks from iron meteorites (as well
as metal phases from ordinary chondrites) had ε values
clustering around ε W of −4.

In principle, these variations could be explained
by invoking cosmogenic production, pre-solar grains,
or live 182Hf in the early solar system. However, the

Fig. 15.23. Measured tungsten isotope values for vari-
ous solar-system objects, relative to a terrestrial tung-
sten standard: (▲) = data of Harper and Jacobsen (1996).
Data from Lee and Halliday (1996).

negative 182W anomaly in iron meteorites is unique
because it represents an isotope deficiency rather than
an enrichment. This makes both cosmogenic and pre-
solar origins for the anomaly quite unlikely, whereas
it can be readily explained by elemental Hf–W par-
titioning while 182Hf was still alive in the early solar
system. Since W is strongly siderophile, whereas Hf is
lithophile, the iron cores of meteorite parent bodies de-
veloped very low Hf/W ratios. Furthermore, evidence
from the Fe–Ni system (section 15.5.3) shows that
these cores formed very early, within about 5 Myr of
chondrite formation. Therefore, iron meteorites should
preserve a nearly primordial ε182W composition for the
solar system. In contrast, 182W growth would continue
in other solar-system bodies until 182Hf became extinct.

Harper and Jacobsen (1996) did not have 182W data
on chondrites to use as a benchmark for solar-system
W isotope evolution. Instead, they estimated the ini-
tial solar-system 182Hf/180Hf ratio from a predicted su-
pernova production ratio of 2 × 10−5. This implied
that the present-day chondritic tungsten composition,
and hence that of the Bulk Earth, was essentially the
same as that of iron meteorites. With this assumption,
the measured excess of four epsilon units in the Bulk
Silicate Earth implied that terrestrial Hf/W fractiona-
tion occurred while 182Hf was still alive, due to very
early core formation. In contrast, Lee and Halliday
(1995; 1996) made direct measurements of W isotope
ratios in two bulk chondrite samples, and found ε val-
ues of +4 relative to iron meteorites, essentially the
same as the Bulk Silicate Earth. This led to the opposite
conclusion from that of Harper and Jacobsen (1996);
namely that the Earth’s core segregated relatively late,
after 182Hf had become extinct.

The small amount of chondrite data analysed by Lee
and Halliday (1995; 1996) implied an unexpectedly
high 182Hf/180Hf ratio of 2.6 × 10−4 in the early so-
lar system. Moreover, more detailed work by Lee and
Halliday (2000) appeared to support this ratio. For ex-
ample, separated metal and silicate phases from the H4
chondrites Forest Vale and Ste Marguerite gave Hf–W
pseudochrons equivalent to initial 182Hf/180Hf ratios
of 1.9 × 10−4 and 1.8 × 10−4, respectively. The pre-
viously analysed whole-rock samples of Allende and
Murchison also plotted near these pseudochrons.

Unfortunately, subsequent work by three different
research groups did not confirm these results. First in-
dications of this discrepancy were obtained by Schoen-
berg et al. (2002a) and confirmed in more detailed
work by Yin et al. (2002) and Kleine et al. (2002). The
latter groups obtained consistent metal-silicate pseu-
dochrons for four different chondrites (Dalgety Downs,
Dhurmsala, Forest Vale and Ste Marguerite), with a
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Fig. 15.24. Hf–W pseudochron for metal–silicate sepa-
rates from two chondrites (❍) and two carbonaceous
chondrites (●). The inset shows the lower part of the
chondrite pseudochron. Dashed line shows the car-
bonaceous chondrite array of Lee and Halliday (2000).
After Yin et al. (2002).

consistent initial 182Hf/180Hf ratio near 1 × 10−4. Both
groups also found that whole-rock carbonaceous chon-
drites plotted on the metal-silicate pseudochrons (e.g.
Fig. 15.24) with ε W around −2. Finally, Yin et al.
also measured a CAI composition lying on the same
chondrite pseudochron, suggesting that a 182Hf/180Hf
ratio near 1 × 10−4 is also the best estimate of the
starting composition of the solar nebula. The steeper
pseudochron obtained by Lee and Halliday (2000) re-
mains unexplained, but new data obtained by Halliday
(2002) were consistent with the results obtained by the
three other research groups. The implications of this
Hf isotope ratio for the � value since last r-process
addition will be discussed further in section 15.7.

A two-point pseudochron between the average chon-
drite composition and the Bulk Silicate Earth (taken to
be ε = 0) yields the 182Hf/180Hf isotope composition
of the Bulk Silicate Earth at the average time of core
formation. This has a value of 1.1 × 10−5, which (when
coupled with a starting composition in the solar nebula
of 1 × 10−4) leads to an average time of terrestrial core
formation around 30 Myr. In contrast, the data of Lee
and Halliday (1995; 2000) implied a minimum age of
core formation around 60 Myr. However, no maximum
age constraint was available, since their chondritic
and Bulk Silicate Earth results were within error.

Similar calculations can be made for the time of
core formation in the asteroid Vesta and for Mars,
using tungsten isotope compositions of the silicate
fractions of these bodies. These can be determined
by analysing the compositions of basaltic achondrites

Fig. 15.25. Plot of estimated times of core formation for
solar-system bodies, compared with their measured or
estimated radii. After Kleine et al. (2002).

or eucrites (both attributed to Vesta) and from SNC
meteorites (attributed to fragments ejected from Mars
during impact events). From these analyses, Kleine
et al. (2002) argued that the times of core formation
in Vesta, Mars and the Earth were consistent with
their planetary radii (Fig. 15.25). The new data are
also consistent with evidence from the Pd–Ag system
for early core formation in the Earth and in meteorite
parent bodies (Hauri et al., 2000).

The estimated formation age of the Moon is also
plotted in Fig. 15.25, but it can be seen that this is the
same as that of the Earth’s core, despite the Moon’s
small radius. This is because most researchers now
agree that the Moon was formed in a giant impact
between the proto-Earth and another planetary body
about the size of Mars (e.g. Hartman, 1986). There-
fore, when speaking of the age of the Moon, we are
estimating the time between CAI formation and this
giant impact.

Lee et al. (1997) carried out several analyses on the
major groups of lunar rocks, including the lunar high-
lands (anorthosite, troctolite and norite), mare basalts,
and so-called KREEP basalts (which are rich in incom-
patible elements). On a Hf–W pseudochron diagram,
these samples display considerable scatter, which is at-
tributed to Hf–W fractionation within each sub-group
after the extinction of 182Hf. For example, the age of
the mare basalts (about 4.2 Byr) is much younger than
the ages of formation of the Moon or the extinction
of 182Hf, but we can recover the approximate compo-
sition of the mare basalt source by averaging all of
the mare data. This average falls close to a three-point
pseudochron for lunar soil, which is expected to be a
relic from very early lunar differentiation. Similarly,
the averages of highland anorthosites, highland mafic
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Fig. 15.26. Hf–W pseudochron diagram for lunar sam-
ples. The regression is based on three lunar soils (●).
Other symbols: (�) = highland rocks; (�) = KREEP and
mare basalts. Data from Lee et al. (1997).

rocks and KREEP basalts are also near to the soil pseu-
dochron, whose slope indicates a 182Hf/180Hf ratio of
5.9 × 10−6.

Lee et al. (1997) interpreted the Hf–W pseudochron
as the age of massive lunar differentiation. This is
thought to represent crystallisation from a lunar magma
ocean formed when the Moon aggregated in Earth or-
bit after the giant impact between the proto-Earth and
the impactor. Modelling of the collision suggests that
the core of the impactor was added to the Earth’s core,
and much of the mantle of the impactor was added
to the Earth’s mantle, but a residue of the impactor’s
mantle was thrown into orbit to form the Moon. Using
the new 182Hf/180Hf ratio of 1.0 × 10−4 for chondrites
leads to an estimate for the Moon-forming giant impact
(54 Myr) slightly younger than the average age of the
Earth’s core, which is the expected order of events.

A final application of the Hf–W method worth men-
tioning is in searching for evidence of the intense ‘early
meteorite bombardment’ that the Earth was subjected
to shortly after its accretion. This bombardment might
be expected to leave traces in Early Archean terres-
trial sediments. Therefore, Schoenberg et al. (2002b)
searched for W isotope anomalies in the oldest (meta-
mosphosed) sediments from Isua in western Green-
land. They claimed to find negative ε W values in
these sediments (relative to all other terrestrial ma-
terials analysed), which can be explained by contam-
ination of the sediments by meteoritic debris, either
from iron meteorites or from chondrites. In particu-
lar, they observed an inverse correlation between ε W
and the logarithm of the Cr/Ti elemental ratio in these
sediments, which is believed to be a good indicator of
contamination by meteoritic material (Fig. 15.27).

Fig. 15.27. Plot of ε W against Cr/Ti ratio (on a log
scale), showing a possible mixing line between terres-
trial sediment (●) and various types of meteorite (❍).
After Schoenberg et al. (2002).

15.5.5 146Sm–142Nd
146Sm is the longest-lived of the extinct nuclides, with a
half-life of 103 Myr. Its extant lifetime of a few hundred
million years would therefore have been long enough
to extend into the period of early differentiation of the
silicate Earth. Therefore, if strong Sm/Nd fractionation
occurred during early crust formation, variations in the
abundance of the daughter product, 142Nd, might be
detected in Early Archean rocks.

142Nd isotope variations were detected during early
studies of the achondrite Angra dos Reis (Lugmair and
Marti, 1977) but their occurrence in terrestrial mate-
rials has been a subject of considerable debate. Be-
cause the variations are so small, they are quoted in
ppm (µ) relative to standard terrestrial Nd. The first
claim of a positive terrestrial 142Nd anomaly was made
by Harper and Jacobsen (1992), based on analysis of
one sample from Isua, western Greenland. However,
other workers (Galer and Goldstein, 1992; McCulloch
and Bennett, 1993) observed only normal 142Nd in
other Early Archean rocks. Therefore, a much more
detailed investigation was carried out by Sharma et al.
(1996).

Sharma et al. analysed three types of sample: nor-
mal Nd, normal Nd spiked with 30 or 57 ppm 142Nd,
and 3.8-Byr-old rocks from Isua, West Greenland. The
latter included one sample with a claimed 32-ppm ex-
cess of 142Nd and one unknown sample. Samples were
run in static mode on a Finnigan MAT 262 machine.
Focus positions were shown to have some influence
on the measured relative abundances of 142Nd; nev-
ertheless, results for the three types of sample were
generally consistent with the predicted 142Nd excesses
(Fig. 15.28). Hence, the existence of 142Nd anomalies
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Fig. 15.28. Histograms of µ 142Nd data for three artifi-
cial standards, compared with two rock samples from
Isua. Data from Sharma et al. (1996).

Fig. 15.29. Plot of ε 142Nd against µ 143Nd for four Isua
samples, only one of which has a clear 142Nd anomaly.
This composition can be explained by a differentiation
event 4.47 Byr ago. After Jacobsen and Harper (1996).

in the Earth was confirmed with a fairly high degree of
confidence.

Jacobsen and Harper (1996) showed that the 142Nd
excess can be used with initial ε 143Nd values to model
early differentiation of the silicate Earth. A simple two-
stage model assumes Bulk Earth evolution until time
T , when Sm/Nd fractionation occurs in some part of
the mantle. The fractionated mantle reservoir is sub-
sequently sampled at the time of magmatism. For the
3.81-Byr-old Isua rocks, this model yields an age of
4.47 Byr for the fractionation event, 100 Myr after
accretion of the Earth (Fig. 15.29). In contrast, 4-Byr-
old samples of Acasta gneiss, with calculated initial
143Nd values (ε[t]) of +3.5, gave no 142Nd anomaly.
However, high ε 143Nd values in these samples may be
metamorphic artefacts (section 4.4.4).

15.6 Absent species

15.6.1 Cm–U
247Cm (curium) decays to 235U with a half-life of
16 Myr. The significance of this species is that, like
244Pu, it is formed by the r-process only, but, unlike
244Pu, it has a comparatively short half-life. Hence the
abundance of 247Cm can theoretically indicate whether
late additions of material to the nebula (called for
above) were r-process products. Since the strongest
evidence for late addition is represented by 26Al and
41Ca anomalies in CAIs, these samples have the best
chance of being enriched in the daughter product of
curium, which is 235U. The search for 247Cm therefore
consists of looking for very small variations in uranium
isotope composition. Unfortunately, 235U is normally
used as an enriched isotope in the determination of U
abundances by isotope dilution, and hence most lab-
oratories are susceptible to artificial perturbations in
this ratio. Perhaps for this reason, numerous claims for
excess 235U have been made, but all are suspect.

In an attempt to resolve this problem, Chen and
Wasserburg (1981) carried out a very careful investi-
gation of U isotope compositions in samples for which
large 26Al signatures had been demonstrated, using a
double 233U/236U spike to correct for mass fractiona-
tion during analysis (section 2.4.2). This study placed a
maximum limit of ±0.4% on uranium isotope variation
in these very favourable samples, from which Chen and
Wasserburg calculated a maximum initial 247Cm/238U
ratio of 1.5 × 10−3.

This value can be compared with the analogous
244Pu/238U ratio, which sets an upper limit on the dilu-
tion factor for late r-process material (section 15.3.2).
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Since inferred initial 247Cm abundances are substan-
tially lower than those of 244Pu, it was deduced that
the late 26Al addition to the solar nebula was not r-
process material. Wasserburg (1985) argued that the
low 247Cm abundance places a strong lower limit on �

(100 Myr, Wasserburg and Papanastassiou, 1982) for
the last r-process addition to the solar nebula. However,
this argument excludes only late heterogeneous addi-
tions of 247Cm to the solar nebula, because it rests on
the observed homogeneity of 235U/238U isotope ratios
rather than their absolute value. Since there is increas-
ing evidence for the homogeneity of extinct nuclide
signatures in different types of samples, this evidence
is quite weak.

15.7 Conclusions

In order to achieve a realistic model for the formation
and early evolution of the solar nebula, it is necessary to
use the results of several extinct-nuclide tracers. In an
early review of the subject, Wasserburg and Papanas-
tassiou (1982) drew attention to the relative similarity
between the ‘hot/cold’ isotope ratios of roughly 1 ×
10−4, 0.5 × 10−4 and 0.2 × 10−4 for iodine, aluminium
and palladium in chondrites. They pointed out that, if
the additions of hot material occurred comparatively
early (e.g. � ≈ 200 Myr), as suggested by Schramm
and Wasserburg (1970), then their different half-lives
would have attenuated the short-lived nuclides to very
different degrees by the time of solar-system condensa-
tion. In contrast, the comparatively similar abundance
ratios actually observed may imply a late addition with
similar degrees of dilution by cold material.

More recent evidence should have narrowed the op-
tions for the origin of the solar system, but a unique
model is still not available. The presence of very-short-
lived species can be explained by the ‘trigger hypothe-
sis’ (Cameron and Truran, 1977; Cameron et al., 1995),
by which a single event caused late injection of nu-
clides into a molecular cloud, and also triggered the
collapse of the cloud. However, it is not clear whether
this event involved a red giant or supernova. On the
other hand, 129I and 182Hf are best explained by a super-
nova, and actinides must be produced in supernovae.
However, more than one type of supernova may be
required to fit all of the production ratios.

Wasserburg et al. (1996) argued that the effective
frequency with which supernovae could contribute to
galactic nuclide production could be much higher than
the one per 100 Myr commonly assumed. In addition,
they suggested that different types of supernovae could
have contributed ‘spikes’ of different nuclides to the

Fig. 15.30. Schematic illustration of a possible scenario
for the formation of new star systems (including the
solar system) in a giant molecular cloud containing su-
pernova remnants (stippled). After Harper (1996).

pre-solar nebula. For example, the low level of 129I
implies an early supernova source (� about 100 Myr).
Wasserburg et al. then grouped 182Hf with a late ac-
tinide addition from a second supernova (� about
10 Myr, but this can increase in the light of new Hf–
W data). Finally, they attributed 41Ca, 26Al and 60Fe
to very late addition, either from a third supernova
source or from a red giant. A model of multiple su-
pernova sources was also proposed by Harper (1996),
who envisaged star birth in a large molecular cloud
with a complex series of injection and mixing events
(Fig. 15.30).

According to the model of Shu et al. (1997) and
Lee et al. (1998), some of the very-short-lived species
(41Ca, 26Al and also 53Mn) could also have been formed
by spallation reactions when the sun was an embedded
protostar. However, this mechanism cannot explain the
presence of 60Fe in the early solar system, so it seems
likely that at least some of the 41Ca, 26Al and 53Mn was
introduced, along with 60Fe, by a late supernova.
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16 Fission-track dating

‘Fission tracks’ are not, strictly speaking, radiogenic
nuclides, but they are the damage tracks left by fis-
sion products, which represent a special kind of ra-
diogenic nuclide. As such, the abundance of fission
tracks in geological materials increases over time in
the same way as the concentration of a radiogenic iso-
tope. Fission-track dating was first developed simply
as a dating tool for general application. However, the
susceptibility of fission tracks to thermal re-setting,
which was originally a disadvantage, has been put to
very good use as a measure of cooling, uplift and burial
processes.

16.1 Track formation

The spontaneous fission of 238U releases about
200 MeV of energy, much of which is transferred to
the two product nuclides as kinetic energy. They travel
about 7 µm in opposite directions, leaving a single
trail of damage through the medium which is about
15 µm long. Fission-fragment tracks were originally
observed in cloud chambers and photographic emul-
sions. Subsequently, Silk and Barnes (1959) produced
artificial tracks in muscovite by irradiating uranium-
coated flakes in a reactor. The resulting fragment tracks
were observed at high magnification under the electron
microscope.

‘Fission tracks’ (Fleischer et al., 1964) are found
only in insulating materials. Fleischer et al. (1965a)
proposed that the passage of the charged fission frag-
ment causes ionisation of atoms along its path by
stripping away electrons (Fig. 16.1a). The positively
charged ions then repel each other, creating a cylindri-
cal zone of disordered structure (Fig. 16.1b). This, in
turn, causes relaxation stress in the surrounding ma-
trix. It is the resulting 100-Å (10-nm)-wide zone of
strain (Fig. 16.1c) which is actually seen under the
electron microscope. Conductors do not display fis-
sion tracks because the free movement of electrons in
their lattice structure neutralises the charged damage
zone.

The ability to generate tracks depends on the mass of
the ionising particle and the density of the medium. In
muscovite, the lowest-mass particle which can gener-
ate tracks by irradiation is about 30 atomic mass units
(a.m.u.). Fission fragments, with masses of about 90
and 135 a.m.u. respectively, are well above this thresh-
old, so they always generate tracks. On the other hand,
α particles, the major product of uranium decay, are
so far below the critical mass that they cannot create
tracks. Neither can they cause track erasure (Fleischer
et al., 1965b).

Price and Walker (1962a) showed that when irradi-
ated material was abraded to expose fission tracks at
the surface, the damage zone could be preferentially
dissolved by mineral acids, leading initially to a very
fine channel only 25 Å wide. However, this could be
enlarged by further chemical etching to yield a wide
pit that was observable under the optical microscope.
Price and Walker (1962b) first discovered ‘fossil’ fis-
sion tracks in minerals, created by the spontaneous fis-
sion of dispersed uranium atoms. They went on to sug-
gest (Price and Walker, 1963) that their density could
be used as a dating tool for geological materials up
to a billion years old. This was verified by Fleischer
et al. (1965a), who obtained dates on artificial and nat-
ural glasses and minerals that were in agreement with
ages obtained by other methods (Fig. 16.2).

Price and Walker (1963) demonstrated that spont-
aneous fission of 238U was the only significant source
of tracks in most natural materials. Induced fission of
235U by natural thermal neutrons can be ignored, as
can cosmic-ray-induced fission of uranium. Spallation
recoils induced by cosmic rays could, in principle, gen-
erate tracks in geological material exposed at the sur-
face for very long periods. This is the principal source
of tracks in meteorites (e.g. Lal et al., 1969), but at-
mospheric shielding reduces their abundance to negli-
gible levels in terrestrial rocks (Fleischer et al., 1975).
Therefore the total production of spontaneous fission
tracks (Fs) per unit volume of rock can be derived from
the general decay equation [1.9]:
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Fig. 16.1. Schematic illustration of the process of formation of a fission track in a crystalline insulating solid. After
Fleischer et al. (1975).

Fig. 16.2. A comparison of ages determined by fission-
track analysis with those from historical or other radio-
metric sources. After Fleischer et al. (1965a).

Fs = λfission

λα

238U(eλα t − 1) [16.1]

The 238U fission decay constant is about 7 ×
10−17 yr−1 (t1/2 = 9.9 × 1015 yr; Naeser et al., 1989).
There is some disagreement as to its exact value, but it
will be seen below that this uncertainty need not enter
into geological age determinations. Fissiogenic decay
is over a million times lower than the α-decay constant
of 238U, so it can be ignored in determining the isotopic
abundance of uranium through time.

After polishing and etching a surface of the material
to be dated, a fraction q of the total tracks will be visible
at the surface. Therefore the measured spontaneous

fission-track density, ρs, will be q Fs:

ρs = q
λfission

λα

238U(eλα t − 1) [16.2]

Price and Walker recognised that the most effective
way of measuring the uranium concentration was to
irradiate the sample with neutrons in a reactor, and
thereby produce artificial tracks by the induced fission
of 235U. From [16.2], the induced track density will be

ρi = q 235Uϕσ [16.3]

where ϕ is the thermal neutron flux per unit volume
and σ is the cross-section of 235U for induced fission
by thermal neutrons. If the sample material, including
uranium concentration and etching procedure, is iden-
tical for these two experiments, then the ratio of track
densities can be used to solve for t , and then q drops
out of the equation and the uranium concentrations are
replaced by the 238U/ 235U isotope ratio of 137.88:

ρs

ρi
= λfission

λα

137.88

ϕσ
(eλα t − 1) [16.4]

This can be rearranged to yield an equation in terms
of t :

t = 1

λα

ln

(
1 + ρs

ρi

λα

λfission

ϕσ

137.88

)
[16.5]

It is possible to determine ϕ and σ directly by using
flux monitors such as iron wire or copper foil. How-
ever, these types of flux monitors might not react to
reactor conditions in exactly the same way as geo-
logical material. Therefore, a better procedure is to
do a fission-track analysis of a standard material with
known uranium concentration. Fleischer et al. (1965a)
used fragments of glass microscope-slides to calibrate
the Brookhaven graphite reactor in this way. However,
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this does not avoid the uncertainty of the 238U fission
decay constant.

To eliminate both the flux term and the decay-
constant term, many workers started to use minerals
dated by K–Ar analysis as internal standards for the
irradiation. Fleischer and Hart (1972) formalised this
system into the ‘zeta calibration’. A sample of known
age is used to calculate ζ by rearranging equation
[16.4] and dividing both sides by the track density ρd

in a given glass dosimeter:

ζ = ϕσ

137.88λfissionρd
= eλα t − 1

λα(ρs/ρi)ρd
[16.6]

To date an unknown sample, the age equation [16.5] is
now modified by substitution of ζ :

t = 1

λα

ln

(
1 + ζλαρsρd

ρi

)
[16.7]

The failure to resolve the decay constant problem can
perhaps be attributed to this method, which trans-
fers the uncertainty into the age determination of the
geological reference material. Use of such material
was recommended for all fission-track dating stud-
ies by a working group of the IUGS Subcommission
on Geochronology (Hurford, 1990). One of the most
well-known of these standards is the 28-Myr-old Fish
Canyon Tuff, Colorado (Naeser et al., 1981; Hurford
and Green, 1983).

16.2 Track etching

Several different types of geological material are suit-
able for the determination of fission-track ages. Flei-
scher and Price (1964a) tested them with various acid
or alkali leaching solutions to determine the most ef-
fective etching treatment for track observation. The
precise progress of the etching process depends on the
composition of the matrix, and the nature, concentra-
tion and temperature of the acid. This can give rise
to a surprising variation in the appearance of etched
tracks in different materials (e.g. Fig. 16.3), and may
affect the accuracy of track counting. These problems
were discussed by Fleischer and Price (1964b) in an
assessment of the fission-track dating of glass.

The geometry of an etched track depends on the
rate of etching down the axis of the track (from its
intersection with the surface), relative to the general
rate of attack of the polished surface (Fig. 16.4a). One
problem in accurate track counting is to distinguish
etched tracks from other features. For example, track
pits in glass are at first pointed, but with increasing
etching time they round out. The optimal etching time

Fig. 16.3. Drawings of etched fission tracks induced
by the same source (252Cf) in various materials: (a) K-
feldspar, (b) soda–lime glass and (c) Lexan polycarbon-
ate. The width of each field is 40 µm. From photographs
by Fleischer et al. (1968).

Fig. 16.4. Schematic illustration of the progress of track
etching: (a) perpendicular and (b) tangential to the sur-
face. After Fleischer and Price (1964b).

is therefore a compromise between the need to make
large enough pits to count quickly, and the tendency for
large round-bottomed pits to be confused with etched
porosity. However, this is not such a problem in mineral
phases.

Another source of uncertainty, both for glass dating
and for mineral dating, is caused by tracks that barely
register in the etched surface. For example, tracks that
are almost tangential to the surface may be completely
erased by etching (Fig. 16.4b). Other tracks might not
have intersected the original polished surface, but are
exposed by the general attack of the surface during
etching. These discrepancies will average out statisti-
cally if large numbers of tracks are counted with iden-
tical spatial geometry (see below), but may cause large
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Fig. 16.5. Diagram to show the dating range for fission-track analysis of various kinds of geological material
according to uranium content. After Wagner (1978).

errors when spatial geometry varies. A more detailed
discussion of track formation and track etching is given
by Fleischer et al. (1975).

Fleischer and Price (1964a) estimated the dating
range of fission-track analysis with various types of
material. Using the criterion that dates of reasonable
precision can be determined only when the track den-
sity is at least 100 per cm2, the lower end of the dating
range can be estimated for various types of material
according to uranium content (Fig. 16.5).

16.3 Counting techniques

Close examination must now be given to the assump-
tions involved in fission-track dating. The first of these,
noted above, is that the induced track count is per-
formed on identical material to that used for the spon-
taneous track count. Several different experimental
methods that attempt to attain this ideal are available.
Different approaches may be best for different types of
sample material.

16.3.1 The population method

This expression was coined by Naeser (1979a), but was
effectively the method adopted by the earliest workers
(e.g. Price and Walker, 1963). The term refers to the fact
that spontaneous and induced tracks are counted in dif-
ferent splits or sub-populations of material, which are
nevertheless assumed to sample the same population.
This depends on the material having a homogeneous

distribution of uranium between the two splits. The
method has proved particularly successful for dating
glass and apatite, but unsuccessful for sphene and
zircon, where uranium distribution is very variable
both within and between grains.

To apply the population method, the sample is sepa-
rated into two splits (Fig. 16.6). One is irradiated with,
thermal neutrons, together with a standard (the flux
monitor). Both spontaneous and induced tracks are
to be registered under spherical (4π ) spatial geome-
try. Therefore, after irradiation of the induced-track
split, both splits are mounted in epoxy resin, ground,
polished and etched under identical conditions. This
reveals an internal surface of the material and also
removes any extraneous superficial tracks generated
by uranium-bearing dust particles. Track densities are
counted in both splits. The induced-track density is
calculated by subtracting the spontaneous-track den-
sity (un-irradiated sample) from the total track density
(irradiated sample).

The population method should be statistically tested
by counting track densities in numerous grains or glass
shards in each split. Alternatively, if a large piece of
glass or mineral is available, it can be cut or cleaved
so that the two faces to be counted are nearly identical
sections through the sample. The latter method was
adopted by Price and Walker (1963) in their analyses of
muscovite. Price and Walker took the extra precaution
of irradiating the split for spontaneous-track counting
in a cadmium box (which screens out thermal neutrons)
so that both splits should be treated as nearly identically
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Fig. 16.6. Schematic illustration of the population
method of fission-track analysis. After Naeser and
Naeser (1984).

as possible prior to etching. However, this precaution
has now been dispensed with.

In the analysis of apatite, pre-irradiation heating of
the induced-track split to erase all spontaneous tracks
by thermal annealing has been found advantageous
(see below). This allows the induced-track density to
be determined directly in the irradiated split. However,
this procedure may be problematical in dating glass
because it may affect the etching properties of the
irradiated split, leading to systematic track-counting
errors.

16.3.2 The external-detector method

In this technique (Fleischer et al., 1965a) the uranium
content of the material to be dated is determined by
inducing counts in an external detector rather than in
the sample material itself. The sample is ground, pol-
ished, etched and counted, after which a sheet of de-
tector material is placed in intimate contact with the
etched surface. This must be done with absolute clean-
liness in order to exclude uranium-bearing dust grains
(see above). The external detector is commonly a

Fig. 16.7. Schematic illustration of the external-
detector method of fission-track analysis, as described
by Naeser (1979a). In this version the counting of spon-
taneous tracks is performed after irradiation, unlike the
sequence described in the text. After Naeser and Naeser
(1984).

low-uranium mica or a plastic such as lexan. After
irradiation, the external detector is removed from the
sample, etched and counted (Fig. 16.7).

The advantage of the external-detector method is
that both spontaneous and induced tracks are gener-
ated by the same sample material. Hence, it is suited
to the analysis of material with a very heterogeneous
distribution of uranium. The main disadvantage of the
method is that the spontaneous and induced tracks are
recorded under different spatial-geometry conditions
(Fig. 16.8). Spontaneous tracks are generated in the
interior of the rock, and can therefore be formed by
uranium atoms both above and below the etched plane
(spherical or 4π geometry). In contrast, tracks induced
in the external detector come out from the surface of the
analysed material and are therefore generated with ap-
proximately one-half the frequency (hemispherical or
2π geometry). Reimer et al. (1970) questioned whether
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Fig. 16.8. Schematic illustration of the difference between 4π and 2π geometry in track formation.

the efficiency of induced-track formation is exactly
50%, or whether small biases are introduced. How-
ever, subsequent experiments (discussed by Hurford
and Green, 1982) showed that the ideal efficiency of
50% is achieved in most cases.

16.3.3 Re-etching and re-polishing

The re-etching technique, described by Price and
Walker (1963), is similar to the external-detector
method in that a sample is irradiated after polishing,
etching and counting of spontaneous tracks. However,
the sample itself is now re-etched and re-counted to
determine the induced-track density by subtraction. As
for the external method, induced tracks are formed with
only 50% efficiency (2π geometry). The disadvantage
of this method is that spontaneous-track pits will be un-
duly enlarged after the second etch, and may obscure
some induced tracks. It is consequently less popular
than the external method.

The re-polishing technique (Naeser et al., 1989) is an
improvement on the re-etching method, and yields re-
sults similar to those obtained with the ‘mirror-image’
population method (Price and Walker, 1963). The sam-
ple is polished, etched and counted for spontaneous-
track density. After irradiation, it is re-polished to a
depth of at least 20 µm to reveal a new internal face with
4π track geometry. This is then etched and counted
to determine the induced-track density by subtraction.
The method has the advantage that both spontaneous
and induced tracks are recorded under identical ge-
ometry, and spontaneous tracks are not over-enlarged
by double etching. Also, surface contamination dur-
ing irradiation is not a problem. The spontaneous
and induced tracks are not generated by exactly the
same sample material, but the two etched surfaces
are so close together that uranium inhomogeneity in
the grain as a whole is unlikely to bias the data

significantly. A disadvantage compared with the nor-
mal population method is that the two etching steps are
performed separately, and may therefore vary slightly
in efficiency.

16.4 Detrital populations

An advantage of the external-detector method of
fission-track counting is the ability to determine a
separate age from each grain of the population (this
also applies to the less widely used re-polishing
method). This capability is useful if a heteroge-
neous age population is suspected, as in the case
of sedimentary rocks with mixed provenance (e.g.
Hurford and Carter, 1991). However, the scatter of
analysis points generated by these kinds of sample can
be a challenge when it comes to presentation of data.

Fission-track results for individual detrital grains
may be presented in histogram form. However, a more
quantitative age estimate is possible if errors are as-
signed to each individual grain determination, so that
the data can be presented as a probability density func-
tion (Hurford et al., 1984). This function is simply the
summation of the Poisson age distributions for each of
the individual grain determinations. Figure 16.9 shows
such a plot for zircons from the reworked El Ocote
tephra deposit in Mexico, which displays a bimodal
age distribution (Kowallis et al., 1986). The younger
peak places a maximum age on the time of sedimentary
reworking, and is in agreement with the estimated bio-
stratigraphic age of associated fossil material. These
results show that application of the population method
to fission-track dating of this tephra would yield a
meaningless average of the two age populations.

A problem with the probability density plot is that
individual data points cannot be distinguished, so some
important but small components in the data distribution
can be buried under other data. To avoid this problem,
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Fig. 16.9. Plot of probability density as a function of
age for fission-track data on detrital zircons from the
reworked El Ocote tephra from Mexico. After Kowallis
et al. (1986).

Galbraith (1988) introduced a kind of isochron diagram
for the presentation of fission-track data measured
on individual grains of a heterogeneous sample. This
‘radial’ plot is designed for fission-track data sets with
a high degree of scatter, due to either mixed detrital
ages or variable cooling ages.

This diagram differs from other isochron plots used
in geology because the two variables plotted are the ap-
parent fission-track age of each grain and the standard
error of each grain age (σ ). These quantities are plotted
in the form of age/σ against 1/σ (Fig. 16.10a). In this
plot, the slope of an array indicates the average age of
the suite of grains analysed, and this age can be indi-
cated on a calibrated arc. In practice, Galbraith argued,
it is more convenient to normalise the average slope to
a horizontal, and plot the y axis on a log scale from +2
to −2 (Fig. 16.10b). The age of any individual point is
then determined by projecting from the zero point on
the y axis, through the data point, to the calibrated arc
of ages (on a log scale).

An alternative data presentation of this type was pro-
posed by Walter (1989). He suggested that additional
assessments of the quality of detrital fission-track ages
could be made if the raw data (spontaneous- versus
induced-track densities) were plotted for each grain.
This also yields an isochron diagram (Fig. 16.11) on
which the slope of each correlation line is proportional
to age. These lines should pass through the origin, cor-
responding to a grain with zero uranium content. The

Fig. 16.10. Variations on the radial plot for presen-
tation of single-grain fission-track data on heteroge-
neous samples: (a) raw data and (b) normalised. After
Galbraith (1988).

linearity of each correlation line can be used to assess
the influence of systematic analytical errors or geologi-
cal disturbance on the reliability of the best-fit ages.
However, this presentation has not been as popular as
the isochron diagram of Galbraith, which has found
wide application to complex fission-track data sets, in-
cluding partially annealed systems, as well as detrital
systems.

16.5 Track annealing

From the very beginning of fission-track studies (Silk
and Barnes, 1959) it has been known that fission-tracks
can fade under certain conditions. This was first seen as
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Fig. 16.11. Spontaneous- versus induced-track isochron
diagram, showing data for individual zircon grains from
the El Ocote tephra. After Walter (1989).

a result of electron bombardment during microscopy.
However, elevated temperatures are the most impor-
tant cause of track fading or ‘annealing’. During this
process the displaced ions within the damage track lose
their charge and return to their normal lattice positions,
after which the track is no longer susceptible to pref-
erential acid attack.

Following experiments on track annealing in mica,
Fleischer et al. (1964) claimed that track annealing
progressed by the accumulated ‘healing up’ of short
segments at random points along the length of tracks.
However, subsequent work on other materials (e.g. on
glass by Storzer and Wagner, 1969) has shown that
the healing process occurs principally at the ends of
each track, causing a regular and progressive short-
ening. As the length of tracks is diminished by heal-
ing, they have a smaller probability of intersecting the
free surface during the etching treatment. Hence, fewer
tracks become etched and the apparent track density
decreases (Fig. 16.12). This correlation between track
length and track density is termed the ‘random-line-
segment model’ (Fleischer et al., 1975).

Early studies showed that different materials have
different degrees of resistance to fission-track an-
nealing (Fleischer and Price, 1964a). In addition, a
temperature–time relationship is found for the anneal-
ing process. The higher the temperature, the shorter
the time required for complete annealing of tracks
in any given material. To examine this behaviour,
Fleischer and Price (1964b) performed laboratory
annealing experiments on the mineral indochinite,
and found that annealing obeyed a Boltzmann’s law

Fig. 16.12. Schematic illustration of the effect of track
shortening on the observed density of etched tracks.
Short and long tracks are of equal abundance, but the
latter have a higher probability of becoming etched.
After Laslett et al. (1982).

relation:

t = AeE/(kT ) [16.8]

where t is the time for track fading, A is a constant, E
is the activation energy, k is Boltzmann’s constant and
T is absolute temperature. Much of the work since
this time has been devoted to determining accurate
Boltzmann-relation annealing curves for various mat-
erials, both by laboratory work and in well-constrained
geological studies.

Detailed laboratory experiments were performed on
apatite and sphene by Naeser and Faul (1969) and on
tektite glass by Storzer and Wagner (1969). The results
showed that annealing is a progressive process. Differ-
ent degrees of track annealing in different materials
each define their own Boltzmann-relation lines on Ar-
rhenius plots of time against reciprocal temperature
(Fig. 16.13). The fan of annealing lines in Fig. 16.13
is evidence for the existence of a range of activation
energies for track annealing within a single type of
material. This implies that, as annealing progresses
(measured in terms of the fraction of tracks lost), it
also becomes progressively more difficult (Storzer and
Wagner, 1969). Hence, when comparing the annealing
properties of different minerals, it is necessary to com-
pare samples with equal fractions of track loss, such as
50% (Fig. 16.13).

Following this line of investigation, Storzer and Pou-
peau (1973) compared laboratory annealing rates (in
the same material) for freshly induced tracks and for
spontaneous tracks that had been partially annealed in
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Fig. 16.13. Arrhenius plot to show the coherent
progress of annealing in sphene (on the left) and ap-
atite (on the right). After Naeser and Faul (1969).

nature. They found that as the temperature was raised
the fresh tracks were initially lost at a much higher rate,
but that at a certain ‘plateau’ temperature the rates of
annealing became equal.

Storzer and Poupeau argued that if both spont-
aneous and induced tracks were subjected to a heat
treatment before counting, then fission-track ages
could be corrected for partial annealing in the environ-
ment. Track counting must be done by the population
method; therefore the sample must have a uniform dis-
tribution of uranium. After irradiation of the induced-
track sample, track-counting analysis is performed by
stepwise annealing of both spontaneous- and induced-
track samples in the laboratory. After each heating step,
a new surface of both samples is polished, etched, and
counted.

Results from this procedure are shown in Fig. 16.14
for a North American tektite. Above a certain threshold

Fig. 16.14. Demonstration of the ‘plateau-annealing’ technique on a North American tektite: (a) apparent fission-
track age as a function of temperature step; and (b) the fraction of induced and spontaneous tracks remaining at
a given temperature (relative to the initial density ρ0). After Storzer and Wagner (1982).

temperature (about 100 ◦C), induced tracks start to
fade, but spontaneous tracks are resistant. There-
fore the apparent fission-track age increases rapidly
with temperature. However, as laboratory heating ap-
proaches the temperature at which annealing occurred
in the environment, spontaneous tracks also start to
fade, and the apparent age therefore reaches a plateau
(Fig. 16.14). Storzer and Wagner (1982) argued that
this ‘plateau-annealing’ technique can yield corrected
fission-track ages in glasses with a precision of ±10%
(2σ ).

16.6 Uplift and subsidence rates

Wagner and Reimer (1972) demonstrated the useful-
ness of apatite fission-track ages for tectonic studies
by applying them to Alpine uplift rates. Subsequently,
Wagner et al. (1977) developed this technique by mea-
suring apatite fission-track ages over a 3000-m range
of vertical relief in the Central Alps. Fission-track ages
on Alpine apatites do not conform to metamorphic iso-
grads or terrane boundaries, but display a strong corre-
lation with topographic relief (Fig. 16.15). They clearly
represent cooling ages from Alpine metamorphism due
to tectonic uplift, and can be used to calculate apparent
uplift rates over the last few million years.

If a ‘freezing-in’ or ‘blocking’ temperature could be
calculated for the Alpine apatites then the uplift rates
in Fig. 16.15 could be converted into cooling rates.
Two problems are faced in this task. The first is that
the laboratory experiments show that blocking occurs
over a range of temperatures. The second is that this
range is itself dependent on the cooling rate. Hence,
the argument is to some extent circular. Wagner et al.
(1977) estimated a temperature for 50% track reten-
tion of 100–120 ◦C, half-way between 0% and 100%
annealing temperatures of 60 and 180 ◦C, at a cooling
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Fig. 16.15. Plot of fission-track ages against topo-
graphic altitude for Alpine apatites, and deduced ap-
parent uplift rates. After Wagner et al. (1977).

Fig. 16.16. Proposed cooling history for various regions
of the Alps, based on time since closure of various radio-
genic mineral systems (whose blocking temperatures
are shown on the right-hand side). After Wagner et al.
(1977).

rate of about 20 ◦C/Myr estimated from Rb–Sr biotite
ages.

By combining apatite fission-track data with biotite
K–Ar and Rb–Sr, muscovite K–Ar, muscovite Rb–Sr
and monazite U–Pb data, Wagner et al. were able to
calculate cooling rates for various regions of the Alps
over the last 35 Myr (Fig. 16.16). These results suggest
that cooling in the Central Alps (Ticino and Gotthard
areas) has been relatively uniform, whereas that in the
East (Bergell) has slowed and that in the West (Simplon
and Monte Rosa) has speeded up during the last few
million years. These conclusions are consistent with

Fig. 16.17. Schematic illustration of the variation of ap-
parent fission-track age with depth in borehole sam-
ples from a sedimentary basin. After Naeser (1979b) and
Naeser et al. (1989).

Fig. 16.15, and suggest that the Alps have undergone
differential geographical uplift over time.

The idea of using a vertical traverse of apatite fission-
track ages to deduce tectonic histories was applied
by Naeser (1979b) to borehole studies of sedimen-
tary basins. Naeser proposed that, in sedimentary se-
quences that are at their maximum burial temperature,
apparent fission-track ages would exhibit a relationship
with burial depth similar to that shown in Fig. 16.17.
At shallow depths, burial heating is insignificant and
fission-track ages reflect the sediment source (detrital
ages). As depth of burial increases, apatites undergo
greater thermal annealing, and display decreasing ap-
parent fission-track ages, until they finally reach a total
annealing zone with zero apparent age. The interval
between zero and total annealing is called the partial-
annealing zone (PAZ).

The upper- and lower-temperature bounds of the
PAZ will depend on the age of the sedimentary basin.
Naeser (1981) collected fission-track age data from
sedimentary basins with various burial rates. By mak-
ing geological estimates of the effective burial (an-
nealing) time in each basin, Naeser was able to make
geological determinations of the Boltzmann lines for
thermal annealing in apatite. These were confirmed
by Gleadow and Duddy (1981) in a study of borehole
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Fig. 16.18. Arrhenius plot for fission-track annealing in
apatite from the Otway Basin boreholes (blocks), other
boreholes (stars), and laboratory experiments (spots
and dashed lines). After Gleadow and Duddy (1981).

data from the Otway Basin of Victoria, SE Australia.
This basin is particularly suitable for fission-track stud-
ies of burial rates because the basinal sediments were
derived from an active volcanic province. Hence, the
sediments entering the basin were essentially of zero
age, with very little older provenance.

The effective annealing time at present-day down-
hole temperatures was estimated from the burial his-
tory of the basin, suggesting that peak temperatures
have been maintained for about 30 Myr. Using these
estimates, annealing properties were determined for
the Otway Basin apatites (Fig. 16.18), which were
consistent with other borehole data (Naeser, 1981). In
addition, the Boltzmann line for 50% annealing was
consistent with results of laboratory annealing experi-
ments. However, the temperature interval between 0%
and 100% annealing was narrower than that predicted
by the divergence of Arrhenius-relation annealing lines
from the laboratory data of Naeser and Faul (1969).

A complicating factor in the analysis of track fa-
ding in apatite is the discovery that annealing tempera-
ture is compositionally dependent (Green et al., 1985).
Fission-track analyses were performed on individual
apatite grains from a single horizon in an Otway drill

Fig. 16.19. Plot of measured fission-track ages in
individual apatites from Otway Group sandstones,
Australia, to show the compositional dependence of
track annealing. After Green et al. (1985).

hole with a present-day temperature of 92 ◦C. These
conditions result from progressive burial over the last
120 Myr. Chlor-apatite grains were found to give re-
sults near the depositional age, whereas fluor-apatites
gave ages as low as zero (Fig. 16.19). Hence, when lab-
oratory and geological annealing processes are com-
pared, it is important that the material in the two types
of experiment is as near compositionally identical as
possible.

Bearing these findings in mind, Green et al. (1985)
argued that Boltzmann lines for different percentages
of track annealing did not have a fan-shaped distri-
bution, but were parallel. This would imply that the
activation energy for track fading was constant for
all tracks in a given sample, and that track fading
would not occur over a temperature interval, as as-
sumed in the plateau method. However, close exami-
nation by Laslett et al. (1987) of the data set of Green
et al. (1985) suggested that Boltzmann lines are di-
vergent, although not to the extent suggested by early
experiments (Fig. 16.20). This conclusion is also sup-
ported by more recent comparisons between laboratory
data for apatite annealing and drill-hole data from the
Otway basin (Green et al., 1989). Hence, using more
sophisticated models for the thermal and burial history
of basin development, the laboratory and drill-hole data
give coherent results.

In the above discussion, geologically well-known
thermal-basin histories were used to calibrate the an-
nealing behaviour of apatite tracks. Given this back-
ground, fission-track data can then be used to study ge-
ologically unknown basins. This evidence is especially
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Fig. 16.20. Interpretation of laboratory annealing data,
showing gently fanning Boltzmann lines that are con-
sistent with field data from the Otway basin. Each line
corresponds to a given percentage of track fading, fit-
ted between each set of solid and open points. After
Laslett et al. (1987).

pertinent to oil fields, because fission-track annealing
occurs over the same temperature range as hydrocar-
bon maturation (Gleadow et al., 1983). For example,
Briggs et al. (1981) used this approach to compare
the thermal histories of two sedimentary basins of the
Tejon oil field, in the San Joaquin Valley of California.
This oil field is divided into two parts by the seis-
mically active White Wolf fault. One part, the Basin
Block, was a Late Tertiary depocentre that underwent
strong subsidence. The other, Tejon Block, was less
depressed. Fission-track analysis of apatite from bore-
holes reveals the different geological histories of the
two blocks (Fig. 16.21).

Naeser et al. (1989) used these data, together with
Boltzmann-annealing lines from other geological lo-
cations, to calculate the thermal histories of the two
blocks. Given geological evidence that the present-
day down-hole temperatures are peak values, the tem-
peratures necessary for total annealing can be used
to calculate effective heating times of about 1 and
10 Myr for the Basin and Tejon blocks, respectively
(Fig. 16.22). These results are consistent with geologi-
cal evidence for much more rapid burial of the Basin
Block, and do not require a perturbation in geothermal
gradient.

16.7 Track-length measurements

Because annealing initially causes shortening of tracks
rather than their complete erasure, the use of etched-
track densities to chart the progress of annealing is

Fig. 16.21. A comparison between fission-track ages
in boreholes from the Basin and Tejon blocks of the
San Joaquin Valley, California. Apatite data (■, �)
give thermal history information while zircon data
(▲, �) yield provenance ages. After Naeser et al.
(1989).

Fig. 16.22. Use of the Arrhenius plot to calculate effec-
tive heating times for the total annealing horizon in
boreholes from the Tejon and Basin blocks, San Joaquin
Valley, California. After Naeser et al. (1989).
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an indirect approach. According to the ‘random-line-
segment model’ of Fleischer et al. (1975) there should
be a linear relationship between track density and aver-
age track length. However, when we only count track
densities, we ignore information about the variation
in track length on either side of the mean value. This
variation in track length can yield additional informa-
tion about the cooling history of a sample, because the
longer the residence time of a sample in the partial an-
nealing zone, the larger the variation in track length
around the mean value. Therefore, fission-track data
can be used more effectively to study the thermal his-
tory of a sample if the apparent age determined from
track density is augmented by study of the length of
etched tracks.

Track-length studies were first carried out in dat-
ing micas (Maurette et al., 1964; Bigazzi, 1967), and
were applied in detail to tektite glasses by Storzer and
Wagner (1969). However, the etching of fission-tracks
in glasses tends to yield circular pits because of the
smaller difference in structure, and hence etching rate,
between tracks and the free surface. Consequently, the
progress of annealing in glasses is accompanied by a
decrease in the diameter rather than length of etched
tracks. Nevertheless, Storzer and Wagner showed that
pit diameter was correlated with pit density in variably
annealed tektite glasses, and were able to use the mea-
surements of pit diameter to correct fission-track ages
for the effects of annealing (Fig. 16.23).

Fig. 16.23. Plot of mean pit diameter against pit density
in variably annealed tektite glass samples, relative to
the original pit size and density before annealing. After
Storzer and Wagner (1969).

Fig. 16.24. Line drawing of high-contrast features in
an etched apatite grain, viewed under dry (non-
immersion) conditions. Four confined tracks are visible
(arrowed). From a photograph by Gleadow et al. (1986).

For mineral samples, track-length data can be col-
lected in two different ways. One is to measure the
apparent lengths of tracks that intersect the etched sur-
face. These are termed ‘projected track lengths’ (e.g.
Dakowski, 1978). The alternative approach is to mea-
sure ‘confined track length’ (Bhandari et al., 1971;
Green, 1981; Laslett et al. 1982; 1984). These are
tracks that do not break the general etched surface,
but become etched by the penetration of acid down
a channel inside the mineral that intersects the track
(Fig. 16.24). The two most common types are termed
‘Track-IN-Track’ (TINT) and ‘Track-IN-CLEavage’
(TINCLE), respectively (Lal et al., 1969; Fleischer
et al., 1975).

Measurement of confined tracks that are horizontal
(parallel to the etched surface) leads to the minimum
bias from the true track length. However, confined
tracks must be counted using fixed selection crite-
ria in order to exclude the possibility of subjective
bias. Laslett et al. (1994) recommended the ‘bright-
reflection’ criterion, which exploits the property that
etched tracks at a low angle to the horizontal (less than
about 15%) show a bright image in reflected light.
In contrast, a criterion that requires tracks to be in
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Fig. 16.25. Illustration of the progress of etching: (a) for
a single track and (b) average track length in Durango
apatite (Mexico) as a function of etching time in 5-M
HNO3 at 21 ◦C. After Laslett et al. (1984).

focus along their entire length is unsuitable because
it causes a higher rejection rate for long tracks than for
short tracks.

Another analytical variable that must be carefully
controlled is the etching time. It is necessary that some
tracks become over-etched to ensure that others are not
under-etched. Since tracks have effectively zero width
before etching, over-etched tracks can be recognised
by their non-zero width, which is almost the same as
the excess length (2�, Fig. 16.25a). The optimum etch-
ing time is determined by experiments on incremental
etching (Fig. 16.25b). The standard etching time of 20 s
used by Laslett et al. (1984) leads on average to 1 µm
of over-etching.

Hejl (1995) identified an additional problem in re-
covering the true length distribution of annealed tracks
from confined track lengths. This is due to the exis-
tence of unetchable gaps in the middle of tracks, a

Fig. 16.26. Technique of double-etching to break
though unetchable gaps in partially annealed tracks.
After Hejl (1995).

phenomenon that appears to be more widespread than
previously realised. Hejl proposed that the true lengths
of confined tracks could be recovered, despite the pres-
ence of unetchable gaps, by a double-etching proce-
dure. This breaks through the ‘unetchable gap’ to pro-
duce a track with a wide middle (doubly etched) and a
narrow extension (beyond the original gap). The to-
tal track length can then be measured (Fig. 16.26).
This procedure would be more difficult on projected
tracks.

A third cause of bias in confined track lengths is
the effect of crystallographic orientation (Green and
Durrani, 1977). Compared with un-annealed apatite
grains, in which track length is effectively equal in all
directions, annealed apatites exhibit less shortening of
tracks parallel to the c axis than in other orientations.
Therefore, in order to see the whole range of track
lengths in an annealed apatite (and thus gain the max-
imum information), the prismatic section, containing
tracks at all angles to the c axis, is observed (Gleadow
et al., 1986).

Laslett et al. (1982) and Gleadow et al. (1986)
compared the results of projected and confined track
lengths in samples with different thermal histories.
They argued that, whereas projected track lengths yield
only subtle indications of different thermal histories,
confined tracks gave clear diagnostic indicators of
thermal history. These can be divided into five types
(Fig. 16.27).

Induced tracks (Fig. 16.27a) are the longest and most
uniform type (16 ± 1 µm, based on several differ-
ent types of sample). Tracks in undisturbed volcanics
and rapidly cooled shallow intrusions are also uni-
form within a single sample (Fig. 16.27b), but there
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Fig. 16.27. Histograms of track length (as a percentage of total sample) for apatites with different types of thermal
history (see the text). Top row: horizontal confined tracks; bottom row: projected tracks. After Gleadow et al. (1986).

is some variation between sample means (about 14–
15.5 µm). This can be attributed to limited annealing
at near-ambient temperatures over periods of tens of
millions of years. Tracks in undisturbed basement ap-
atite (Fig. 16.27c) are somewhat shorter (means of 12–
14 µm), with a skewed distribution attributed to slow
cooling from regional metamorphism. Finally, bimodal
and mixed distributions (Figs. 16.27d and 16.27e) are
attributed to various types of two-stage thermal history,
in which pre-existing tracks were partially erased by a
thermal event between initial cooling and the present.

16.7.1 Projected tracks

The apparent length of these tracks is biased from the
true length distribution by three factors. Firstly, trunca-
tion by the surface reduces apparent length. Secondly,
tracks undergo visual fore-shortening to an extent that
depends on their angle to the surface. Thirdly, more fre-
quent intersection of long tracks with the surface biases
apparent length upwards. Together, these biases cause
the projected track-length distributions in Fig. 16.27
to be severely obscured. However, useful information
can be extracted from these distributions if projected
lengths of spontaneous tracks are ratioed against the
length of projected induced tracks (in a population ex-
periment). In this case the biases are cancelled out.

Wagner (1988) performed this analysis by compar-
ing the percentage of spontaneous tracks that exceeded
a certain length, with the percentage of induced tracks
over this length, to yield the ratio ‘cs/ci’. A value
of 10 µm was initially chosen as a convenient length

cut-off for this analysis. However, Wagner and Hejl
(1991) generalised the above approach by calculating
an apparent fission-track age for all projected track
lengths exceeding a series of cut-off lengths (x) from
zero to 15 µm (at 1-µm intervals). Relative to the con-
ventional fission-track age (x = 0), the normalised age
(t) at various values of x is given as

t = csρs

ciρi
[16.9]

These apparent ages can then be plotted as an ‘age-
spectrum’ diagram. The significant thing about this
diagram is that the cut-off for preservation of fission-
tracks of various lengths is related to temperature, al-
though probably not as a linear function. Hence, the
apparent-age diagram is itself a plot of temperature
against time, if we can calibrate the cut-off length
against temperature. As a preliminary calibration we
can adopt the following points:

(1) A track length of zero should correspond to
the conventional blocking temperature of about
120 ◦C, which marks the upper temperature
limit of the PAZ.

(2) Wagner (1988) assigned a cut-off length of
10 µm to the blocking temperature of 60 ◦C at
the lower temperature limit of the PAZ.

(3) A track length of 15 µm represents the case of
zero annealing, which may be sustained at am-
bient temperatures of about 30 ◦C.

Wagner and Hejl presented fission-track age-
spectrum diagrams for three rocks with different
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Fig. 16.28. Projected track-length age-spectrum dia-
grams for three geological examples: (a) Fish Canyon
Tuff; (b) Alpine (Gotthard Pass) granite; and (c) para-
gneiss from 2353 m depth in the Continental Deep Drill
hole, Bavaria. For discussion, see the text. Modified
after Wagner and Hejl (1991).

thermal histories in order to assess the usefulness of
this diagram (Fig. 16.28). The Fish Canyon Tuff from
Colorado (Fig. 16.28a) shows the effects of rapid cool-
ing through the PAZ, with minimal loss of short tracks,
but some loss of long tracks. Therefore, it has either
suffered a mild thermal pulse since eruption (for which
there is little evidence), or else ambient temperatures
are sufficient to cause some annealing. The Gotthard
Pass granite from the Alps (Fig. 16.28b) shows the
effect of slower cooling through the PAZ, due to a uni-
form but rapid uplift rate. Finally, a paragneiss from the
Continental Deep Drill hole in Bavaria (Fig. 16.28c)

shows the behaviour of a sample that is undergoing
slow uplift, but is still buried. The sample came from
2353 m depth, with an ambient temperature of 70 ◦C,
near the low-temperature limit (i.e. upper depth limit)
of the PAZ.

16.7.2 Confined tracks

Although useful information can be extracted from
projected track lengths, correction of the biases in-
volved in this method has the effect of degrading the
statistical quality of the data. This was demonstrated by
Laslett et al. (1994) in a comparison of the usefulness
of confined and projected track lengths for thermal-
history analysis.

Confined track lengths bear a simpler relationship to
the true track-length distribution, but projected tracks
(also referred to as semi-tracks) are more numerous.
Therefore, Laslett et al. performed simulations to test
the ability of 2000 projected tracks and 100 confined
tracks to recover the true track-length variation in a
mixed population with lengths of 14.5 and 10 µm. The
proportion of shorter tracks (p) was varied in differ-
ent simulations from 20% to 80%. Results showed that
when the shorter tracks made up 60%–80% of the pop-
ulation, both methods could recover the length of these
tracks and the correct value of p with similar error bars
(Fig. 16.29). However, when the proportion of short
tracks fell below 50%, the projected track data were
seriously compromised.

Laslett et al. concluded from this experiment that
a relatively small number of confined-track measure-
ments can more reliably recover the true track-length
distribution than a large number of projected-track
lengths. Hence, it is now generally agreed that con-
fined tracks are superior to projected tracks for thermal-
history analysis.

In order to use track-length analysis to make quanti-
tative interpretations of thermal histories, Laslett et al.
(1987) developed a model to predict the degree of track
shortening after heating episodes of various intensities.
This model was based on isothermal laboratory anneal-
ing experiments on large gem-quality apatite samples
from Durango, Mexico (Green et al., 1986). Arrhe-
nius (temperature–time) relationships were observed
for given fractions of track shortening. These are an-
alogous to the Arrhenius relationships for track density
(e.g. Fig. 16.18).

The isothermal model was extended to more com-
plex thermal histories involving variable temperature
conditions by Duddy et al. (1988), and applied to
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Fig. 16.29. Comparison of the success of projected and
confined tracks to recover the length and the propor-
tion of a population of short tracks amongst a popu-
lation of longer tracks. Error bars indicate 95% confi-
dence limits, except where they are truncated by the
edge of the diagram. After Laslett et al. (1994).

geological timescales by Green et al. (1989). In their
approach, a predicted temperature–time curve is di-
vided into intervals (e.g. 1 Myr each), and after each
interval the degree of shortening of existing tracks is
calculated. At a constant elevated temperature, track
shortening occurs rapidly at first, because the track
ends are least energetically stable, but the rate subse-
quently slows considerably. In addition to the anneal-
ing of old tracks, new track formation is simulated at
10-Myr intervals. Tracks formed at each of these inter-
vals define an evolution path of reduced track length
against time (Fig. 16.30a). The sum of these evolution
paths at the present day forms a histogram of track-
length distribution (Fig. 16.30b).

Green et al. (1989) modelled the track-length distri-
butions expected from several different types of ther-
mal history. This process, of predicting track-length
distributions from thermal-history data, is termed for-
ward modelling. They tested the model results against

Fig. 16.30. Model for fission-track formation and an-
nealing in a subsiding sedimentary basin: (a) progress
of track formation and shortening; and (b) the resulting
distribution of track-length data. Modified after Green
et al. (1989).

data from the Otway Basin, SE Australia. In the
Otway Basin case, the thermal-history problem is over-
constrained because Green et al. had access to full
track-length distributions for a suite of borehole sam-
ples from various depths. Therefore, they were able
to simplify their analysis by discarding the informa-
tion on track-length variation, and comparing only pre-
dicted and measured mean track lengths. This is really
a waste of the track-length method, since it throws
away the useful information about track-length vari-
ation. However, in this case it serves to verify the
model. The result, compared with average measured
track lengths from Otway Basin boreholes, is shown in
Fig. 16.31.

A suite of samples at different depths is not always
available from one locality, but by using the complete
track-length distribution (rather than just the mean),
it should be possible to test alternative thermal histo-
ries using a single sample. However, several different
model thermal histories might generate track-length
distributions that fit the observed data set. Therefore,
it is desirable to test many different solutions in order
to see what range of possible histories can generate
the observed data. The final objective of this process,
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Fig. 16.31. Predicted curve for mean fission-track length
against temperature in the Otway Basin, compared with
measured data points from boreholes. After Green et al.
(1989).

to determine which thermal history best explains the
observed track-length distribution, is termed inversion
modelling (e.g. Corrigan, 1991; Gallagher, 1995).

Because initial track development and subsequent
track shortening are processes subject to random noise,
thermal histories cannot be uniquely determined, but
must be based on probabilities. In practice, thermal
histories chosen at random (the Monte Carlo method)
are used to calculate track-length distributions by for-
ward modelling. The results are then tested against
the observed (or simulated) track-length data. After
a few hundred iterations it is possible to map out a
range of possible thermal histories that are consistent
with the data set. Within this range of possibilities, the
highest probability density defines an optimum, but
not necessarily unique, thermal history (Fig. 16.32).
Relatively well-constrained thermal histories can be
projected back to the last temperature maximum, but
beyond this time the thermal history is very poorly con-
strained (as indicated by the fanning out of the proba-
bility contours at ages over 60 Myr).

A continuing source of uncertainty in such mod-
elling is the extrapolation of laboratory experiments
to geological timescales. Gallagher (1995) compared
three alternative annealing models that had been pro-
posed during the preceding ten years. The first of these
uses the laboratory data of Green et al. (1986), ex-
trapolated by Laslett et al. (1987). The second model
(Carlson, 1990) uses the same data set, coupled with
an ad hoc geometrical model, but has been criticised as
unrealistic in crystallographic terms (e.g. Green et al.,
1993). The third model is based on new laboratory data
by Crowley et al. (1991). Since the models of Carlson
and Crowley et al. diverge on opposite sides of the

Fig. 16.32. Plot of probability density for modelled ther-
mal histories of a sedimentary basin, based on fission-
track data. In this test case the actual thermal history is
known, and is shown for reference (dashed line). After
Corrigan (1991).

Laslett et al. model, the latter still appears to be the
most useful for thermal-history modelling.

16.8 Pressure effects

Recently, Wendt et al. (2002) introduced a further twist
to fission-track analysis by suggesting that the process
of thermal track annealing in apatite is also pressure-
dependent. They performed annealing experiments at
250 ◦C, for a variety of different times and pressures,
on apatite from four geological occurrences. It was
felt that experiments on spontaneous tracks in natural
materials would be less likely to introduce artefacts
into the experiments.

The results of these experiments for two of the sam-
ples used by Wendt et al. are presented in terms of
track-length variations and track densities in Fig. 16.33
(a and b). These two samples were from Canada and
Siberia, and both displayed evidence of slight prior
annealing over their geological history. The results
showed that pressures of 100 and 300 MPa had a dra-
matic effect on the extent of thermal annealing, com-
pared with the behaviour at 0.1 MPa (ambient pres-
sure). The effects were observed both on average track
length (Fig. 16.33a) and on track density (Fig. 16.33b),
and the effect was to reduce the extent of annealing at
higher pressure.

The pressures of 100 and 300 MPa used in these ex-
periments (corresponding to 1 and 3 kbar) are equiv-
alent to depths of about 3.5 and 10 km in the crust.
Comparison of these numbers with the 3.5-km depth
of the Otway Basin, Australia, suggests that these
pressure effects are occurring within the depth range
where apatite fission-track data have been applied to
geological problems. Hence, the evidence suggests that
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Fig. 16.33. Effects of pressure on the annealing of two
natural apatites, expressed in terms of (a) track length
and (b) track density. Each ellipse defines the range of
properties of two different apatites. All experiments
were carried out at 250 ◦C. Data from Wendt et al.
(2002).

pressure effects could have a significant effect on cal-
culated cooling histories. The controversial nature of
this proposal is demonstrated by the scientific discus-
sion that ensued (Earth Planet. Sci. Lett. 215, pp. 299–
316, 2003). Therefore, confirmatory experiments are
clearly needed before wider conclusions are drawn.
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